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PREFACE

The guy on the other end of the phone was
offering me a job! A British government fund-
ed contract to work in the Geological Survey
of Sierra Leone. As a fresh graduate this was an
exciting prospect – a whole unexplored
Archaean craton at my feet. The next three
and a half years were an exciting time. It was
the early 1970s when important new discover-
ies were being made in Archaean rocks in
South Africa and the novel ideas of plate tec-
tonics were still being newly applied to early
Earth history. My position as a survey geolo-
gist provided me with the opportunity to map
several greenstone belts and what seemed like
an endless tract of granite gneisses and at the
same time apply these new ideas in what
appeared to be virgin territory. These were
‘formative’ years which cemented my fascina-
tion with the Archaean, an absorption which
has remained with me over subsequent
decades.

Sierra Leone was followed with a PhD back
home in the UK in which I had the opportuni-
ty to study Archaean lower crust in the
Lewisian Gneisses of northwest Scotland. This
was a classic Archaean terrain and a chance to
develop my skills where giants of Archaean
geology had previously trod and where some of
the principles of unraveling complex Archaean
terrains were first established. This was also
the time when Archaean ‘grey gneisses’ were

being recognized around the world as the
metamorphosed equivalents of TTG magmas
and the essential building materials of
Archaean continental crust. Sure enough the
Lewisian too turned out be made of TTG mag-
mas, albeit metamorphosed to amphibolite
and granulite grade.

Some years later I took a position in the
University of Zimbabwe – another of the
world’s classic areas of Archaean geology. At
the time, Zimbabwe was a relaxed and beauti-
ful country in which to carry out fieldwork. A
whole new region of the world to get to grips
with, a new craton to live on, and a greenstone
belt in the back garden as it were. There were
further bonuses. A second ‘classic’ craton, the
Kaapvaal Craton,  not far to the south, an
Archaean ‘orogenic belt’, the Limpopo Belt,
located between the two, and some great peo-
ple to work alongside.

More recently I have had the opportunity to
work with a team on the Isua Greenstone Belt
in west Greenland and to examine, in a region
of superb exposure, what is perhaps the most
ancient sequence of sediments and lavas pre-
served from the early Earth. This too was a
very fruitful time and turned my thinking to
the question of the origin of life, a particular
emphasis of that multidisciplinary project. In
addition, the great antiquity of these rocks
forced me to begin to think about the earliest
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stages of Earth history and moved me back in
time from the Archaean into the Hadean. 

At about the same time I was also invited to
coordinate a program of research in the Baltic
Archaean Shield together with colleagues 
from the Institute of Precambrian Geology in
St Petersburg, Russia. This research took me
back to problems of Archaean crustal growth
and focused on Archaean sanukitoid magma-
tism. These rather rare and unusual magmas
have provided a new window into Archaean
crust and mantle evolution, and an opportu-
nity to work with scientists from a different 
cultural background, with their particular
insights into the early Earth.

And so, what of this place? This desert.
Oman has provided me with a different sort of
opportunity – a place to read, to think and
reflect, and of course to write. That is not to
say that the geology is irrelevant – far from it.
It is world class - in scientific interest, in
access and in exposure, and the rocks of the
Oman ophiolite provide great analogues for
early Earth processes. But that is another story.

So much for the serendipitous benefits of
one’s career and the influences of many differ-
ent geographies on my thinking. There is more,
for what I have tried to do in this book is be an
advocate for the Earth Systems paradigm and
argue for its importance in understanding the

early Earth. That is not to say that I have pro-
duced a new synthesis, nor a new model for
how the Earth has developed in its earliest
stages. Instead, what has emerged, in the pro-
cess of thinking about the early Earth in this
‘modern’ way, is an agenda. An agenda derived
from thinking about the early Earth by using
the Earth Systems approach. This agenda iden-
tifies what we do not yet know and where we
are to go in future research. It is an agenda of
questions.

Many people have influenced my thinking
over the years – both in their writings and per-
sonality. Here, worthy of mention are those
who have taken the time to read and comment
on chapters – Paul Taylor, Richard Tweedy, Jan
Kramers, Ken Collerson, John Tarney, David
Catling and Euan Nisbet. In addition Kent
Condie and Martin Brasier read and helpfully
commented on the entire manuscript. I am
grateful to all of them. In addition and not to
be forgotten, are generations of students at the
Universities of Zimbabwe, Gloucestershire and
at the Sultan Qaboos University, Oman whose
questions and responses have allowed me to
develop and clarify the ideas presented here.

Hugh Rollinson
Sultan Qaboos University

Muscat

viii PREFACE
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1.1 INTRODUCTION

The Earth is not the planet it used to be. It has
changed substantially since it first formed and
at the present time is still changing. The quest
of this book is to explore the way the Earth
was in its earliest history, in particular during
the first 2 billion years of its 4.6 billion year
life. This knowledge is vitally important, for it
provides essential clues in charting how the
Earth has arrived at its present physical, chem-
ical, and biological state and leads to an under-
standing of the large-scale processes which
bring about change in our planet.

Over the past decade, there has also been a
major change in the way we think about the
Earth. The Earth Systems paradigm is now
strongly influencing contemporary thinking in
the Earth Sciences. Thus, a distinctive feature
of this text is an emphasis on the insights
which the “systems approach” offers into pro-
cesses on the early Earth. In particular we will
explore the linkages that exist between the dif-
ferent parts of the Earth System. So we will
discuss in some detail the interactions that take
place between the Earth’s crust and mantle; its
oceans and atmosphere; its oceans, ocean
crust, and mantle; and between the “Earth” and
life. These are topics of considerable importance
for the modern Earth System, and in seeking to
apply this approach to the early Earth, we shall
discover how the early Earth System operated.

The findings of planetology imply that 
during the first 100 Ma of its life the Earth
must have experienced a number of extreme
changes unlike anything in the recent geologi-
cal past (see Chapter 2, Section 2.4). These 
processes shaped the primordial Earth and
yielded a “starting point” for the Earth
System. What exactly this primordial Earth
looked like is one of the subjects for this book
and it plunges us directly into some of the
biggest scientific questions we might ask. For
example, exactly when and how did the Earth
form, and is it different from the other “terres-
trial” planets? What was the composition of
the earliest atmosphere and oceans? Did they
come from inside the Earth, or were they
acquired from elsewhere within the solar sys-
tem? To what extent had the Earth melted in
its first 100 Ma? What sort of imprint did this
leave on the Earth’s mantle and can we still
see this imprint today? When did the first
crust form? What did it look like, and is it still
preserved, either within the continents or in
the mantle? What were the conditions which
permitted life to form, and how exactly and
where did life begin? These questions have
been asked for a long time, but in recent years
we have begun to obtain some answers.

This book also tracks the changes in the
Earth from its primordial state to the time at
which “modern” processes were established.
Whilst this time is not exactly known there is

1

THE EARTH SYSTEM
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2 CHAPTER 1

evidence to suggest that some modern pro-
cesses were established by the end of the
Archaean, 2.5 billion years ago, maybe earlier.
The change from the primordial Earth toward
the modern Earth over a period of 2 billion
years requires significant interactions between
all the major reservoirs of the Earth system
and understanding these requires insights from
the Earth Systems way of looking at the Earth.

1.1.1 Earth system science
1.1.1.1 The new paradigm
Over the past two decades Earth Scientists
have begun to realize that a reductionist
paradigm provides an incomplete picture of
the Earth. Segmenting the Earth Sciences into
fields such as “igneous petrology” and “car-
bonate sedimentology” with firm boundaries
demarcating these subdisciplines provides
inadequate answers to whole Earth problems.
The new insights of the past two decades have
been prompted by two disparate areas of
research. First, comparative planetology arising
out of the NASA space missions, has forced us
to think about the Earth in the context of our
planetary neighbors. This in turn has con-
tributed to a more “global” view of the Earth.
At the same time scientists studying climate
and the atmosphere have become increasingly
aware that they could not fully explain these
systems by studying them in isolation. They
found that they needed contributions from
other parts of the Earth System to understand
the parts that they were considering. In partic-
ular the scientific elements of the Gaia
hypothesis of James Lovelock have been a
stimulus to this process (e.g. Lovelock, 1988).
These new approaches have caused Earth
Scientists to think beyond the traditional
“boxes” of their specialist disciplines and to
consider the links that exist between their 
particular “box” and other parts of the Earth
System.

Forty years ago, our understanding of how
the Earth works was revolutionized by the the-
ory of Plate Tectonics. This theory, however,
only described the workings of the solid Earth,
with a particular emphasis on the origin of
ocean basins and active mountain belts. In
contrast, Earth System Science is about much

more than simply the solid Earth. Its scope
encompasses the whole of the Earth System –
the deep Earth and surficial processes; it
includes the oceans, the atmosphere, and the
Earth’s diverse ecosystems. It also offers a new
level of integration between the Earth Sciences,
(traditionally the “solid” Earth), Environ-
mental Science and Physical Geography (tradi-
tionally surface processes and ecosystems),
Oceanography, and Atmospheric Science.
Furthermore, Earth System Science has impli-
cations which reach far beyond the way in
which we do science, extending into the realms
of environmental management and policy
(Midgley, 2001).

Hence the philosophy of Earth System
Science is holistic. It argues that we need to
explore the Earth System as an integrated
whole, rather than simply as a series of sepa-
rate entities. As stated above, the reductionist
approach has now been shown to be wanting,
for it is incapable of tackling large-scale issues
such as global change. The new paradigm
encourages interdisciplinary thinking and an
exploration of the processes which link the
different “boxes” (see Fig. 1.1), in order first to
describe, and then to quantify the exchanges
that take place. There is a much greater
emphasis than before on defining reservoirs,
residence times, fluxes, transport mechanisms,
and transport rates (Table 1.1). The Earth
System Science perspective therefore, sets a
new research agenda for Earth Scientists,
Environmental Scientists, Atmospheric Scien-
tists, Oceanographers, and Geomorphologists,
for suddenly the interesting science is that
which is happening at the boundaries of the
once traditional disciplines.

1.1.1.2 The Gaia hypothesis
One area of thought which has had a profound
influence on the evolution of Earth System
Science thinking has been the Gaia hypothe-
sis, popularized by James Lovelock (Lovelock,
1979, 1988). Lovelock, a planetary scientist,
recognized that the Earth is unique amongst
the terrestrial planets in that it possesses an
atmospheric blanket, which, in the words of
the classical Goldilocks narrative, was not too
hot (as is Venus) and not too cold (as is Mars)
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THE EARTH SYSTEM 3

but “just right” for life to exist. Lovelock, fol-
lowing the work of planetary scientists in the
1950s and 1960s, argued that the uniqueness
of the Earth’s atmosphere, as evidenced by its
disequilibrium state, was because the planet
was the host to life. Thus he turned on the
head conventional arguments that state that
the Earth is the home to life because it had a
suitable atmosphere. In other words the atmo-
sphere which we have today was produced by
and is controlled by “life.”

This idea that there is an interaction
between living organisms and the Earth has
given rise to the concept of “self-regulation” in
the Earth System. In his early work Lovelock
likened this to the process of homeostasis –
the process whereby a living organism regu-
lates its internal environment in order to
maintain a stable condition. This caused some
misunderstanding of his ideas, for many
believed that he was arguing that the Earth
was a living organism. The scientific commu-
nity began to back off at this point and a num-
ber of quasi-religious groups weighed in,
hijacking the Gaian concept, taking it away
from its scientific roots in a completely differ-
ent direction. Sadly, this diversion of the
Gaian concept has harmed its scientific credi-
bility. Nevertheless, the ideas promoted by
James Lovelock have had an important impact
on the development of Earth System Science.
Whether or not they are given the Gaian label
is relatively unimportant.

Lovelock’s great insight was to recognize
that life affects the global environment and
profoundly affects surficial processes on the
Earth. Thus when the Earth System is per-
turbed, either from outer space or from the
interior of the Earth, the Earth’s self-regulatory
systems come into play, eventually restoring
the system to its original conditions. This
makes the Earth Surface System resilient to all
but the most extreme perturbations. Lovelock
and subsequent workers have illustrated this
process with a simple model which they called
“Daisyworld.”

Daisyworld is a computer model of a sim-
plified Earth in which variation in the Earth
System is described by one parameter, surface
temperature, which in turn is affected by a 

single property of living matter – its reflectiv-
ity to solar radiation – its albedo (Watson &
Lovelock, 1983). There are a number of versions
of Daisyworld, for it is an evolving model. Here
the version of Kump et al. (1999) is used.
Daisyworld is a world in which there are vast
tracts of white daisies. They grow on grey soil,
which is the only other surface feature of this
Earth model. Daisyworld is subject to a sun
with an increasing luminosity. It might be
thought that an increase in solar luminosity
would lead to an increase in surface tempera-
ture and the daisies would die. What in fact
happens in the model is that, in response to
the increased surface temperature, the white
daisies increase in abundance. The greater pro-
portion of white daisies leads to an increased
reflectivity (albedo) of the Earth’s surface, lead-
ing eventually to a lowering of the surface
temperature. Thus Daisyworld is an example
of a negative feedback loop (Table 1.1) and
illustrates the interconnectedness between life
and the Earth in a manner which regulates the
Earth’s surface temperature. It is therefore a
simplified model for how the Earth’s climate
system works. The important general points
are that first, there can be a realistic coupling
between life and the physical environment and
second that the Earth can behave as a self-
regulating system.

1.1.2 A systems approach to the modern Earth
The application of systems theory to the Earth
recognizes that rather than separating the
Earth into its component parts, there is a focus
on the whole. There is a recognition that nat-
ural systems are open and interact with other
systems outside of themselves and that
through this interaction they acquire new
properties and evolve over time. Earth System
Science views the Earth as a synergistic physi-
cal system, governed by complex processes
involving the solid Earth (crust, mantle, and
core), including its land surface, its atmo-
sphere, hydrosphere (oceans, rivers, and lakes),
cryosphere (ice caps, sea-ice, and glaciers), and
biosphere. The relevant interactions operate
over timescales ranging from milliseconds to
billions of years and on spatial scales from
microns to millions of kilometers. The Earth
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4 CHAPTER 1

Systems approach not only includes solid
Earth processes such as the origin and motion
of continents and the creation and destruction
of ocean basins, but also the origin and evolu-
tion of life and the changing pattern of the
Earth’s climate through time.

The language of systems is briefly summa-
rized in Table 1.1 and these terms are now
increasingly used to describe Earth processes.
Earth System Science places a strong emphasis
on quantifying processes as a prelude to math-
ematical modeling. For example, models of the
Earth’s modern climate system are becoming
increasingly mathematically sophisticated
with the intention of producing three-dimen-
sional global climate models. Similarly, a
major goal of modern geochemistry is to quan-
tify elemental fluxes into and out of major
Earth reservoirs.

This type of approach is possible for pro-
cesses which we can quantify now and in the
recent past, but as we go further back in time
quantification becomes much more difficult.
It is clear that there is a trade off between the
timescale of the model and its mathematical
complexity. For long timescales, of the type
considered in this book, Earth system pro-
cesses can only be satisfactorily defined by
zero-dimensional, box models.

1.1.2.1 Identifying reservoirs and fluxes – box
models for the Earth
Box models are diagrams in which the differ-
ent components, or reservoirs in the Earth sys-
tem are represented as boxes. These are
particularly useful for illustrating processes
which need to be viewed over a long timescale.
Currently there are a number of box models
relevant to the Earth’s surface systems, the
most detailed of which are being developed 
by climate modelers. One example is the Grid
ENabled Integrated Earth system model
(GENIE), which seeks to develop a grid-based
computing framework for the Earth System on
a timescale of tens of thousands of years, to
include the atmosphere, ocean, sea-ice, marine
sediments, land surface, vegetation, soil, and
ice sheets (http://www.genie.ac.uk/).

The importance of timescale in developing
box models is illustrated well by Kump et al.

(1999) in their discussion of the carbon cycle.
They show that the organic and inorganic car-
bon cycles operating on timescales of less than
a century include the atmosphere, biosphere,
the oceans, soil, and marine sediments, but on
a longer timescale (thousands to millions of
years) the additional reservoir of sedimentary
rocks also becomes important, since it con-
tains up to three orders of magnitude more car-
bon than the Earth’s surface reservoirs.

Probably the most comprehensive box
model for the whole Earth is the GERM model
(Geochemical Earth Reference Model, Staudigel
et al. (1998), http://www.earthref.org/), Fig. 1.1.
The purpose of this model is to provide a geo-
chemical reference model for the Earth, similar
to the Preliminary Reference Earth Model
(PREM) used in geophysics (see Chapter 3,
Section 3.1). In detail the model
� divides the modern Earth into a complete set of

geochemical reservoirs, (Fig. 1.1 and Table 1.2);
and will

� provide an internally consistent set of data
describing their chemical and isotopic compo-
sition; and seeks to

� establish values for the chemical fluxes
between these reservoirs over relevant
timescales (ca. 1000 yr to 1 billion yr).
It is this type of model which is most rele-

vant to the systems of the early Earth. For at
this time period the only processes which can
be discerned are those operating over long
timescales and the Earth reservoirs are only
broadly defined.

1.1.2.2 Quantifying fluxes – geochemical
cycles
Where there are exchanges between different
reservoirs in a geochemical box model of the
Earth, and these can be quantified, then these
exchanges may be described in terms of 
geochemical cycles. The basic conditions for
identifying an elementary geochemical cycle
are that the “essential reservoirs must be iden-
tified, their contents estimated and the fluxes
between the reservoirs must be evaluated over
a sufficient length of time compared to the
relaxation time (homogenization time) of the
system” (Albarede, 2003). The basic transport
equations for modeling geochemical cycles are
given by Lasaga and Berner (1998).
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THE EARTH SYSTEM 5

TABLE 1.1 A summary of some of the key terms used in Earth System Science, many of which were first
used in the field of chemical engineering.

System An entity made up of different parts, but which are related. Together the different parts
function as a whole. Individual parts are called components

Reservoir A part of a system, defined in terms of the amount of material contained (either as mass
units or volume). Usually one of the “boxes” in a box model

Flux The amount of energy or matter that is transferred into/out of a reservoir in unit time.
A more general term for this process is Mass Transfer

Feedback loops A linkage between two or more components of a system so that there is a self-perpetuating
mechanism of change. A set of actions produces automatic reactions within the system.
Feedback may be positive, amplifying change, or, negative, diminishing the effects of change.

Steady state The condition when a system is unchanging in time. A reservoir is in a steady state when
the inflow and outflow are equally balanced

Perturbation A temporary disturbance to a system
Forcing A long-term, persistent influence on a system bringing about a disturbance to the system
Residence time The average length of time a substance spends within a reservoir in a steady state with

respect to the abundance of that substance

FIGURE 1.1 A box model for the Earth
System, showing some of the major reser-
voirs and the interactions (white arrows)
between them.

 

The Earth System

Atmosphere

Biosphere

OceansUpper
crust

Lower
crust

Subcontinental
lithosphere

Sediments
Oceanic

crust

Upper mantle

Deep mantle

Core

Oceanic LithosphereOceanic LithosphereOceanic Lithosphere
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6 CHAPTER 1

This definition of a geochemical cycle
demonstrates that recognizing the appropriate
scale of the cycle is vital. Particularly impor-
tant is the timescale. It is clear that on short
timescales catastrophic transfers may take
place between reservoirs which on a longer
timescale would be “smoothed out.” As has
already been noted, the appropriate choice of
timescale is particularly pertinent to a consid-
eration of the carbon cycle (see Kump et al.,
1999), for whether or not the sedimentary rock

reservoir is included, completely alters the
mass balances in the system. The choice of
timescale will also vary for the geochemical
cycle of different elements in the same set of
reservoirs. This is because elements have dif-
ferent residence times in the same reservoir.
An unreactive element will have a long resi-
dence time, whereas a reactive element will be
quickly removed from the reservoir and thus
has a short residence time. Defining the length
scale of geochemical reservoirs is also an

TABLE 1.2 The principal reservoirs in the GERM Earth model (Source http://www.earthref.org).

Atmosphere Stratosphere
Troposphere

Hydrosphere Cryosphere
Lakes
Rivers
Seawater Deep water

Surface water
Hydrothermal
vents

Solid Earth Silicate Earth Continental Lower crust
crust

Middle crust
Upper crust

Oceanic crust Mafic crust Fresh MORB E-MORB
N-MORB

Hydrothermal
systems
Komatiites
Mature oceanic Extrusive
crust rocks

Dykes
Gabbro
section
Transition
zone

Marine Subducted
sediments sediment
Oceanic
plateaux
OIB

Mantle Continental
mantle
Depleted
mantle
Enriched EMI
mantle

EMII
FOZO
HIMU

Core
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THE EARTH SYSTEM 7

important factor in developing models of geo-
chemical cycles. In some cases linked reser-
voirs should be merged and at other times
separated. This may be linked back to the
timescale of a geochemical cycle.

The simplest geochemical cycles are based
around the concept of maintaining a steady
state to satisfy the constraints of mass bal-
ance. More complex cycles incorporate the
dynamic response of the system to perturba-
tion (Lasaga & Berner, 1998). In this case, the
resultant feedback processes are normally
quantified using linear models, but, depending
on which geochemical cycle is being consid-
ered, more complex, nonlinear responses may
be more appropriate.

The key point for an Earth Systems
approach to the Earth is that models of geo-
chemical cycles provide the means whereby
exchange processes can be quantified. This
quantification is element-specific and is a
function of the timescale under consideration.
It provides the basis for calculating the steady
state abundances of particular substances such
as oxygen or carbon dioxide in the atmosphere,
or sulfate in the ocean. Since these abundances
are related to fluxes which relate to biogeo-
chemical and physical processes, we can gain
an understanding of the controls on key vari-
ables in the Earth system.

An issue of particular interest in the early
Earth is the rise of atmospheric oxygen
(Chapter 5, Section 5.3). Figure 1.2 shows 
a box model for the modern steady state oxy-
gen cycle. This model can be used to show
how a modern geochemical cycle might be
used as the basis for understanding fluxes in
the Archaean. For example we can explore
how oxygen levels might have been controlled
in the early Earth – through say a smaller
amount of organic carbon or a greater volume
of reducing gases released from the mantle.
The model also illustrates the importance of
“Earth systems thinking,” since it shows how
mantle processes can influence the composi-
tion of the atmosphere. Other examples of
whole-Earth geochemical cycles – for water,
carbon and nitrogen – are given in Chapter 5
(Section 5.1). These geochemical cycles are
characterized by reservoirs that are large and

broadly defined, and a timescale of mass trans-
fer which is between 106 and 109 years.

1.1.3 Early Earth Systems
If the defining character of modern Earth
System Science is “the need to study and
understand the between-component interac-
tions” (Lawton, 2001), it is now time to

FIGURE 1.2 Box diagram for the modern oxygen
cycle (after Catling & Claire, 2005). The direction
of the arrows show the contributions to and
removal from the atmosphere. The value of the
fluxes is in Tmol/yr (1012 mol). The principal 
contributor of oxygen to the atmosphere is the
burial of organic carbon and pyrite. Oxygen is lost
through continental weathering and through 
reaction with reducing gases from the deep Earth.
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8 CHAPTER 1

enquire how this might be applied to the early
Earth. During its first 100 Ma, perhaps even
within the first 30 Ma, the Earth differentiated
into some of its principal reservoirs – the core,
mantle, oceans, and atmosphere (see Chapter 2,
Section 2.4, and Chapter 5, Section 5.4). Also
at this time a crust formed, initially basaltic 
in composition (Section 4.5, this volume), fol-
lowed some time later by a felsic, continental
crust (Section 1.4). And then, at some stage,
life appeared.

In these very first stages of Earth history it
is likely that the interactions between the
reservoirs were dynamic and extreme. For
example it is possible that there was a strong
interaction between the mantle and a primi-
tive atmosphere during the Earth’s magma
ocean stage whereby the mantle became
hydrated (see Chapter 2, Section 2.4.1). These
likely interactions demonstrate that in some
ways the interconnectedness of the Earth
System was most apparent, and the Earth
Systems approach is most relevant, during the
Earth’s earliest history, in this case within the
first 30–100 Ma.

A central question however, is the extent to
which we can access the Earth system at the
earliest stage of its history. How much infor-
mation is there? It is difficult enough grap-
pling with the modern Earth system, to which
we have good access. Is it possible to know
enough about the early Earth to attempt to
describe the early Earth system? It is the claim
of this book that such an approach is possible.
In the following sections of this chapter we
consider the nature of the geological record 
for the early Earth and examine the data on
which much of what is written here rests.
Furthermore, modern isotope studies show
that the Earth’s mantle preserves a remarkable
record of its earlier history and that events in
the very early development of our planet have
left their fingerprint in the modern mantle.

Inevitably we can only understand the early
Earth in a qualitative rather than quantitative
manner. The best we might hope for is a semi-
quantitative understanding and so, in this
sense, our understanding of early Earth system
will never compete with our understanding of
the modern Earth. Nevertheless, even a better

qualitative understanding of the large-scale
processes and interactions in the early Earth
system is vitally important, for many of the
basic parameters of the early Earth are, at 
present, very poorly defined. For example, in
the case of the first continental crust, we are
not clear on how it formed. In the language of
systems we have not even agreed on the inputs
and outputs. We are still constructing the box
model. The same can be said for most aspects
of the early Earth. Compared with our knowl-
edge of modern geochemical cycles, this seems
rather elementary – but constructing basic
models for the components of the early Earth
is a necessary prelude to understanding the
earliest Earth system. This book does not
therefore provide a sophisticated quantifica-
tion of geochemical fluxes in the early Earth,
but what it does do is set the agenda for such
studies in the future. If we can begin to agree
on the box models, then in the future we have
some hope of beginning to quantify the mass
transfers between them. And if we know what
the “boxes” are, then we shall know where to
look and what to measure. Part of this agenda
is to demonstrate that in the Archaean the
“solid Earth” has an important contribution to
make to our understanding Earth systems pro-
cesses, contrary to the emphasis of much mod-
ern Earth systems science.

Along the way we will discover discrepan-
cies between what observational approaches
and theoretical approaches can tell us about
the early Earth and also many examples of
contested interpretations of the rock record.
Controversy of course is the life-blood of science
and normally leads to an improved under-
standing of a topic. However, where contro-
versial interpretations are still unresolved we
must tread carefully not to build these data
into our models.

This approach requires insights from all
branches of the Earth sciences, although the
reader will detect a bias toward geochemistry,
for this is a particularly powerful tool with
which to explore the early Earth and the
author’s prime area of expertise. An explo-
ration of early Earth Systems is different from
the climate modeling of modern Earth System
Science with its strong societal implications,
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THE EARTH SYSTEM 9

but is still of value, for an “Early Earth perspec-
tive” raises profound philosophical questions
about origins, which we do well to ponder.

1.2 THE NATURE OF THE EARLY GEOLOGICAL

RECORD

How can we know about the early history of
the Earth? What evidence do we have for this
period of Earth history, and how reliable is this
evidence? In this section we review the nature
of the early geological record, enquire about
the types of data that might be extracted from
it and assess the quality of the information
available. Of course in addition to the geologi-
cal record, there is also much information to
be gained about the early Earth from the plan-
etary record. This is discussed in Chapter 2.

The earliest period of Earth history is subdi-
vided into the Hadean and the Archaean. Here,
the Hadean (literally – the hidden period of
Earth history, or for some, the “hellish period”),
is taken to be the period of time between the
formation of the Earth at about 4.6 billion years

and the beginning of the Archaean. However,
the beginning of the Archaean (literally – the
beginning of the rock record), has not been
defined by the International stratigraphic com-
mission (Gradstein et al., 2005). Here, following
common usage, it will be taken as 3.8 Ga, and
the Archaean as the period of time between 
3.8 and 2.5 billion years ago (Fig. 1.3). In this
text billions of years are abbreviated to giga-
years (Ga – 109 years ago) and millions of years
to mega-years (Ma – 106 years ago).

There are few terrestrial materials older
than about 3.8 Ga and so our knowledge of the
Hadean, the first 750 Ma of Earth history,
depends upon a small number of terrestrial
samples, supplemented with inferences from
the study of meteorites and planetary materials
and deductions based upon the distribution of
some radiogenic isotopes in the Earth’s mantle.
In contrast Archaean rocks abound and regions
with rocks dated between 2.5 and 3.8 Ga are
found in most major continents. A map show-
ing their distribution is given as Fig. 1.4.

Regions where Archaean rocks are exten-
sively preserved are known as cratons. This term

FIGURE 1.3 A geological timescale for the 
earliest part of Earth history (partially after
Gradstein et al., 2005).
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10 CHAPTER 1

implies an area of continental crust, normally
made up of crystalline rocks, which has been
stable for a very long period of time. The term
is synonymous with the older term shield.
The names of some of the major cratons are
given in Fig. 1.4 and a typical craton, the
Zimbabwe Craton is illustrated in Fig. 1.5.

1.2.1 Types of Archaean crust
Traditionally Archaean crust has been sub-
divided into two types – granite–greenstone belt
terrains and high-grade gneiss terrains. This
subdivision reflects a major contrast in both
lithological association and metamorphic
grade. Typical granite–greenstone belt terrains
would be the Zimbabwe or Superior Cratons
and a typical high-grade gneiss terrain would

be the North Atlantic Craton. In this book a
slightly different approach is taken to that pre-
viously used in the literature, and Archaean
crust will be classified as one of three types of
lithological association – Archaean greenstone
belts, late Archaean sedimentary basins, and
Archaean granite–gneiss terrains.

Of these, late Archaean sedimentary basins
are the most “modern” in their form and can
be clearly recognized as upper crust. Similarly,
the relatively low metamorphic grade of many
Archaean greenstone belts indicates that they
too represent upper Archaean crust. In con-
trast, Archaean granite–gneiss terrains more
commonly belong to the deeper continental
crust and variously represent middle to lower
continental crust. There are only a few places

FIGURE 1.4 The distribution of Archaean rocks worldwide, showing the principal cratons and regions
where the oldest rocks are preserved. Not all these areas contain exposed Archaean rocks, for some cratons
are now partially covered by younger sediment, or have been reworked during later orogenic events. Not
shown is the Archaean Enderby Land Craton in Antarctica. The dashed lines indicate the rocks of the
North Atlantic Craton now separated by the creation of the Atlantic Ocean.
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THE EARTH SYSTEM 11

in the world where these relationships are
made clear, one of which is the Kapuskasing
structural zone in the southern part of the
Superior province in Canada. This region
shows a west to east transition from a shallow
level of erosion (�10 km) to a deep level of ero-
sion (20–30 km), over a distance of about
150 km, exposing a cross section through
Archaean continental crust. With increasing
depth of erosion the lithologies change from
the metavolcanic rocks of the Michipicoten
greenstone belt, through the midcrustal Wawa
granitoid gneisses, into the granulite facies
gneisses of the Kapuskasing zone, showing a
transition from Archaean upper to lower crust
(Percival & West, 1994).

Later in this chapter, each of the major
Archaean lithological associations – greenstone

belts, late Archaean sedimentary basins, and
granite–gneiss terrains – is examined in detail,
in order to clarify which type of information
each preserves about the early Earth. However,
before we turn to this subject it is worth
reflecting in more detail on the precise nature
of the Archaean geological record.

1.2.2 The Archaean geological record
The Archaean geological record presents par-
ticular problems and poses particular chal-
lenges. Archaean rocks have commonly
experienced long deformation histories.
Frequently they are either metamorphosed
and/or altered, and recovering their original
character requires patient fieldwork, some-
times in very remote locations, and thoughtful
geochemistry. When we come to the earliest
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FIGURE 1.5 The central part of the
Archaean Zimbabwe Craton, showing the
principal geological components: granitoid
gneisses of various ages, greenstone belts,
younger granite intrusions (2.5 Ga granites)
and the late Archaean “Great Dyke.” To the
south the Archaean Limpopo Belt granulites
are thrust onto the Zimbabwe Craton. In
the northwest the craton is partially 
covered by younger sediments. The area of
the map within Zimbabwe is identified on
the inset map.
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history of the Earth we find that our knowl-
edge base is very thin and the only information
is preserved in single mineral grains – zircons
(zirconium silicate grains, ZrSiO4) of Hadean
age, protected in younger Archaean sediments
(see Section 1.4.3).

A very specific challenge in the Archaean
geological record are those rocks which are
without modern counterparts. One example is
the ultramafic rock komatiite, first discovered
as a lava in the Barberton area of South Africa.
At the time of their discovery, in the early 1960s,
ultramafic lavas were thought to be an impos-
sibility. Over the past 30 years we have learned
a great deal about komatiites and they are dis-
cussed in detail in Chapter 3 (Section 3.2.1.2).
Nevertheless, why they are more common in
the early history of the Earth than at the pre-
sent is an important scientific question.

Similarly, banded iron formation (BIF), a
sedimentary rock produced by chemical precip-
itation, is extremely rare in the Phanerozoic
but common in the Archaean and Proterozoic
record. Explaining its origin in terms of the
atmospheric or ocean chemistry of the early
Earth is an important part of recovering the
history of early Earth. This is discussed in
Chapter 5 (Section 5.4.3.2).

1.2.3 Advances in geochronology
A repeated theme, which will be recognized in
the later parts of this chapter, is the impor-
tance of U–Pb zircon geochronology in unrav-
eling the early history of the Earth. It is
impossible to overemphasize the importance
of the recent advances in this field for the
study of the early Earth.

Zircon is an important mineral in
geochronology for it contains a sufficient
quantity of the trace element uranium to pro-
vide a workable chronometer and it is a robust
“time capsule,” which can survive even under
extreme conditions. In the past conventional
zircon dating methods relied on studying
groups of zircon grains, but the method was
unable to take account of the complexities
that may exist within a single zircon grain. 
A major breakthrough came with the develop-
ment, in the early 1980s of a single grain

method, using the Sensitive High Resolution
Ion Microprobe (SHRIMP). The SHRIMP
instrument, developed first at the Australian
National University, allowed the measure-
ment of very precise U–Pb ages from within
individual zircon crystals (Compston et al.,
1982). In fact individual zircon grains, or areas
of grains, as small as 20–30 �m across can now
be dated with a precision of 1–2 Ma, in rocks
as old as 3–4 Ga.

This method is now widely used and is
hugely important in stratigraphy of all geolog-
ical ages. The detailed examination of individ-
ual zircon grains now permits the recognition
of multiple events in metamorphic rocks; the
recognition of different populations of detrital
zircons in Archaean clastic sediments, and of
inherited, xenocrystic zircons or zircon cores
in Archaean granitoids. In fact it is single zir-
con grains, surviving through several cycles of
erosion, sedimentation, and metamorphism,
which are the most ancient terrestrial materi-
als so far discovered (see Section 1.4.3).

1.3 ARCHAEAN LITHOLOGICAL ASSOCIATIONS

Archaean Cratons contain three different
types of lithological association, each of which
provides important information about the
early stages of the Earth System. These associ-
ations are Archaean greenstone belts, late
Archaean sedimentary basins, and Archaean
granite–gneiss terrains. We will consider each
in turn.

1.3.1 Archaean greenstone belts
Archaean greenstone belts are one of the most
important primary sources of information
about surface processes in the early Earth.
Greenstone belts are sequences of volcanic and
sedimentary rocks, in varying states of defor-
mation, which occur as sublinear belts, tens to
hundreds of kilometers long in Archaean
Cratons (Fig. 1.5). They tend to form a striking
physiographic and geological contrast to the
granitoids plutons and gneisses, which most
commonly surround them. Their name comes
from the color of the lightly metamorphosed
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TEXT BOX 1.1 Radioactive dating methods applicable to the early Earth

1. Isochron calculations

An isochron diagram is an bivariate plot of the ratio 
of a radioactive parent isotope to a reference stable
isotope, plotted on the x-axis of the diagram, to the
ratio of the radioactive daughter isotope relative to
the reference isotope plotted on the y-axis, for a suite 
of cogenetic samples. For example, in the Sm–Nd
(samarium–neodymium) isotopic system (147Sm→
143Nd), an isochron diagram plots the 147Sm/144Nd iso-
tope ratio on the x-axis and the 143Nd/144Nd isotope
ratio on the y-axis. In a geochemical system that has
been closed to outside interferences, a suite of samples
which formed at the same time, but which have
slightly different Sm/Nd ratios, will plot on a straight
line, the slope of which is proportional to the age of
the samples (see Box 1.1 Fig. 1). The age of the sam-
ple suite is calculated from the equation

t = 1/λ ln(slope + 1)
where t is the age of the rock in years and � is the

decay constant (the decay constant for the Sm–Nd
system is 6.54 � 10–11 yr–1). The calculated age has
an error, based on the statistical fit of a straight line to
the sample points and the statistical errors in the 

isotopic measurements.The isochron age of an igneous
rock therefore, is the time at which the rock crystal-
lized and the isotopic system became isolated from
that of neighboring rocks.

Isochron age calculations are commonly made for
the Rb–Sr (rubidium–strontium), Sm–Nd (samarium–
neodymium), and U–Pb (uranium–lead) radioactive
systems. They are most commonly applied to whole-
rock systems, that is, a suite of samples thought to
have formed at the same time, such as an igneous plu-
ton or a suite of lavas. Isochron age calculations may
also be made for a suite of minerals in a rock, in which
case they date the time at which the minerals “lost iso-
topic contact” with each other, that is, became closed
systems. This approach can be useful in dating meta-
morphism.

Isochron age calculations are as good as the
assumptions behind them – namely that the samples
all formed at the same time and that they have been
geochemically undisturbed since that time. The best
isochron ages will have errors of a few tens of millions
of years on an age of 2000–3000 million years.

2. Model age calculations

Model age calculations are based, as their name
implies, on a particular model of mantle isotopic evo-
lution. They are a measure of the time when a partic-
ular sample became separated from its mantle source.
They are most commonly used for the Nd-isotopic
system, but increasingly are also being used in the Hf-
(hafnium) isotope system.

A model Nd age is based upon the present-day
measured 143Nd/144Nd and 147Sm/144Nd isotope ratios
in a rock sample.The present-day 143Nd/144Nd isotope
ratio is extrapolated back in time, using the measured
147Sm/144Nd isotope ratio, to the time when it was the
same as that of the mantle. This is effectively “undoing”
the radiogenic ingrowth in that sample of 143Nd over
time. One of the most frequently used mantle models
is that of the depleted mantle (DM).

Graphically the process is illustrated in Box 1.1
Fig. 2. Normally, however the result is calculated from
the measured isotopic ratios in the sample compared
to reference ratios for the depleted mantle.

Model Nd-ages are as good as the assumptions
they are based on, that is, the mantle model used and
the assumption that the sample came from a depleted
mantle source. They work quite well for igneous
rocks. For sediments they can measure the age of the
sedimentary source.
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BOX 1.1 FIGURE 1 Isochron diagram for the
Sm–Nd system showing a suite of 13 samples
which formed at the same time, but which have
slightly different Sm/Nd ratios. The calculated age
for the 13 samples is 3,540 � 30 Ma.
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TEXT BOX 1.1 (Cont’d)

3. U–Pb (uranium–lead) zircon ages

There are a number of ways of obtaining U–Pb ages on
zircons, but in the last two decades the use of the ion
microprobe has become the method of choice. Zircon
(zirconium silicate, ZrSiO4) is a common mineral in
granitic rocks, often abundant as a detrital mineral in
clastic sediments and a rare accessory mineral in mafic
rocks and some metamorphic rocks. The frequent
occurrence of the mineral zircon, and its resilience to
later thermal events that would reset other isotopic
systems are the reasons for its frequent use in studies
of the early Earth.

Zircons are analyzed in an ion probe using the
technique of secondary ion mass spectrometry in
which a small area (20 �m in diameter) of a zircon
grain is bombarded by high-energy ions and this leads
to the ejection, or sputtering, of both neutral and
charged species from the zircon grain. Of interest are
the charged ions of U and Pb and these are filtered
and analyzed according to their mass. Of particular

interest are 206Pb, the decay product of 238U and 207Pb,
the decay product of 235U.

The results are plotted on what is known as a
Concordia diagram (see Box 1.1 Fig. 3), a graph of
206Pb/238U and 207Pb/235U ratios, showing the locus of
agreement of U–Pb ages obtained in the two U-Pb
decay systems (238U and 235U). Analyses which plot
on the Concordia curve indicate the time of crystal-
lization of the grain. Analyses which plot off the
Concordia are interpreted in terms of late Pb-loss
from the grain, most normally as the result of a sub-
sequent thermal event which affected the rock.

U–Pb ages on zircons yield a wealth of data.
Granitic igneous rocks can be dated for their time of
crystallization, metamorphic rocks for the time of zir-
con growth, and sediments provide information about
their igneous sources. In addition, the crystallization
history of individual grains in igneous rocks can yield
information about source materials or mixing pro-
cesses involving older rocks, as illustrated in Box 1.1
Fig. 3. In some cases the precision is excellent, yielding
error limits of a few mega-years on zircons 2000 to
3000 Ma old.

BOX 1.1 FIGURE 2 The evolution of the
depleted mantle with respect to 143Nd/144Nd over
geological time. The model depleted mantle
neodymium age (TNd

DM) is the time at which the
143Nd/144Nd ratio of the sample is the same at
that in the depleted mantle. 0.1
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BOX 1.1 FIGURE 3 U–Pb Concordia curve showing
the compositions of individual analyses as error ellipses.
The data, which are for a single grain, show that the
grain has a core which is about 3,350 Ma old and a rim
which is about 2,700 Ma old. The rim has experienced
subsequent lead loss, giving rise to a series of discordant
points on the Concordia diagram. This lead loss reflects
a later thermal event at about 1,000 Ma.
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THE EARTH SYSTEM 15

basalts which are inevitably present and which
were described by an earlier generation of field
geologists as “greenstones.” Greenstone belts
are sometimes known as “supracrustal belts,”
or as “schist belts,” because of their high state
of deformation. They were originally impor-
tant as a source of metals, in particular gold
and nickel, but now they are equally valued as
the source of scientific knowledge about the
early Earth. A map of a typical greenstone belt,
the Barberton Belt is given in Fig. 1.6 and its
stratigraphy is summarized in Fig. 1.7.

The most comprehensive recent review of
greenstone belt geology is by De Wit and
Ashwal (1997) who discuss all the major
aspects of greenstone belt geology and provide
descriptions of greenstone belts from all the

major cratons. More than 260 greenstone belts
have been recognized world wide (Table 1 of
De Wit & Ashwal, 1995), although the details
of many are poorly known. Some, however
have been studied intensively and have
become important sources of information
about the early Earth. Some examples of these
are listed in Table 1.3.

The greenstone belts of interest here
formed between 3.8 and 2.5 Ga, although they
are not unique to the Archaean and many
Proterozoic and Phanerozoic examples are also
known. Within individual cratons greenstone
belt ages may vary by as much as 1 billion
years (e.g. the Kaapvaal Craton), but normally
the time span is much shorter, of the order 
of only a few hundred million years. Most

FIGURE 1.6 A geological map of the Barberton greenstone belt in South Africa, showing the main geological
components (after De Ronde & De Wit, 1994).
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16 CHAPTER 1

greenstone belts have short histories, less than
100 Ma, many less than 50 Ma, but a few pre-
serve a long history. The Barberton greenstone
belt in South Africa, preserves over 300 Ma 
of Earth history (Figs. 1.6 and 1.7), raising

questions about whether there are major time
breaks in this succession and if so, how the dif-
ferent parts of the succession might relate to
each other.

1.3.1.1 The environment of formation of
greenstone belts
Originally all Archaean greenstone belts were
thought to have similar stratigraphic succes-
sions and represent a similar environment of for-
mation. Now it is known that this is not the case
and a large number of different types of green-
stone belt have been recognized with differing
stratigraphic successions, representing many dif-
ferent environments of formation (see Table 1.4).

However, arriving at this understanding has
not been straightforward, for establishing the
stratigraphic succession of a greenstone belt is
fraught with difficulty. Often critical contacts
are obscured and the deformed state of most
greenstone belts means that many geological
relationships are ambiguous. Seismic and grav-
ity studies of greenstone belts suggest that in
many cases true stratigraphic thicknesses have
been overestimated by a factor of 2 or 3 (De
Wit & Ashwal, 1995). Many fierce debates
have taken place over precise stratigraphic
relationships in greenstone belts, see for exam-
ple Myers (2001) and Fedo et al. (2001) on the
structure and stratigraphy of the Isua 
greenstone belt in west Greenland, and the
debate between Blenkinsop et al. (1993) and
Kusky and Kidd (1992) over whether or not

FIGURE 1.7 Stratigraphic succession of the
Barberton greenstone belt, South Africa (after De
Ronde & De Wit, 1994).
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TABLE 1.3 Examples of greenstone belts used in this text as important sources of information about the
early Earth.

Greenstone belt Country Craton Age (Ga) Features

Abitibi Canada Superior 2.7 Very large/diverse stratigraphies/exploration
driven by mining

Belingwe Zimbabwe Zimbabwe 2.7 Unconformable on the craton/very well
preserved komatiites/study driven by
academic interests

Barberton South Africa Kaapvaal 3.45 One of the first to be studied in detail/
study driven by academic and mining interests

Kalgoorli Australia Yilgarn 2.7 Abundant komatiites/exploration driven by 
nickel mining interests

Isua Greenland North 3.8 Oldest greenstone belt/may preserve evidence 
Atlantic for ancient life/initial interest was driven by

mining/more recently by academic interest
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there is a major thrust in the Belingwe 
greenstone belt succession. Discussions of this
type may be entertaining (at a distance) but are
not trivial, for these competing observations
have major implications for a correct under-
standing of Archaean tectonic processes.

Detailed zircon chronologies from some
individual greenstone belts now show that
they have very long histories, with significant
chronological gaps. A good example is the
Barberton greenstone belt (see Fig. 1.7). When
these age differences are associated with 

TABLE 1.4 Key lithological associations recognized in Archaean greenstone belts (modified from Eriksson
et al., 1994).

Principal Depositional Basin Tectonic
Tectonic setting lithologies system configuration elements

Volcanic basin Mafic/ultramafic Individual Not preserved May be thrust
volcanic rocks volcanoes; bound at site of

shallow water, emplacement
chemical-biogenic,
evaporitic;

Arc – Forearc Conglomerate– Fan delta and Elongate between Bounded by thrust 
sandstone–mudrock/ submarine fan or volcano plutonic complex on one side;
turbidite/ironstone/ ramp and may be deformed 
chert/tuff metasedimentary/ into a lithotectonic

ophiolitic elements complex
Arc – Interarc Calc–alkaline Individual Outer margins pass Local structures

volcanic/ volcanoes; to forearc and around tectonic
plutonic/mafic subaerial and backarc elements elements
volcanic; pyroclastic subaqueous fans;

chemical-biogenic,
evaporitic, and
pelagic

Cratonic Sedimentary and Fluvial and fan Elongate between Fixed position
extensional bimodal mafic/felsic delta or cratonic margins listric or back-

volcanics submarine fan; or active and stepping normal
shallow to deep remnant arcs faults;
marine shelf; intrabasinal
subaerial and transfer faults
subaqueous
volcanic centers

Stable Shelf Chemical-plagic �/� Chemical and Regionally or Not seen; thermal
siliclastic siliciclastic interregionally relaxation and

platform or tabular eustatic change
fluviodeltaic; tidal 
and delta channels

Compressional Conglomerate– Alluvial fan, Elongate, wedge Extra- and intra
foreland sandstone–mudrock/ fluviodeltaic; shaped against, basinal thrust

turbidite/ shallow marine; between or on faults; may be
ironstone/volcanics submarine fan or thrust sheets divided into separate

submarine ramp compartments
Collisional Breccia– Alluvial fan, Elongate, wedge Longitudinal, strike-slip 
Graben conglomerate- fluvial, fan delta; shaped between or oblique slip faults 

sandstone–mudrock/ shallow to deep bounding faults; and various intra
mafic–felsic volcanic marine; enclosed or open basinal faults

lacustrine; in to marine basin
volcanic basins
subaerial to
subaqueous fan
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differing lithological assemblages it raises the
possibility that individual greenstone belts
may be composed of accreted fragments which
have formed in diverse tectonic settings. A
related issue, the subject of ongoing debate, is
the extent to which greenstone belts can be
correlated across a given craton. One school of
thought sees greenstone belt terrains as
accreted fragments of crust of diverse prove-
nance and age, whereas there are others who
believe that greenstone belts represent frag-
ments of a former, stratigraphically contigu-
ous depositional basin, now disrupted through
deformation. This can be seen in the contrasting
interpretations of the greenstone belts of the
Zimbabwe Craton, where Wilson et al. (1995)
have proposed a 700 km, craton-wide correla-
tion of greenstone belts, whilst Dirks et al.
(2002) argued that individual greenstone belts
are made up of unrelated thrust slices and that
craton-wide correlations are impossible.

1.3.1.2 Greenstone belt sedimentary
sequences
Eriksson et al. (1994) showed that the original
tectonic setting of Archaean greenstone belts
can be recovered by the application of
sequence stratigraphy. The underlying
assumption of this approach is that Archaean
sediments can be treated in exactly the same
manner as modern sediments and so can be
used as indicators of former tectonic, climatic,
and depositional settings. In contrast to previ-
ous attempts to correlate stratigraphic succes-
sions in greenstone belts using lithological
contrasts, sequence stratigraphy divides sedi-
mentary successions into genetic packages
bounded by unconformities rather than litho-
logical boundaries. In the absence of fossils in
the Archaean this process is assisted by precise
U–Pb zircon geochronology.

Eriksson et al. (1994) defined seven dominant
lithological associations, which they used as 
a basis for defining the different tectonic 
environments of greenstone belt formation in
the Archaean (Table 1.4). What is clear from
their analysis is that tectonic environments
between 3.8 and 2.5 Ga were remarkably sim-
ilar to those in the modern Earth. This study
also emphasizes the fact that greenstone belts

do not represent a single geotectonic setting,
but instead reflect a wide range of tectonic
environments. This implies that individual
greenstone belts may contain sedimentary and
volcanic rocks formed in multiple tectonic
settings. Thus, the Barberton Greenstone Belt
evolved from a volcanic basin to a volcanic
arc, to a compressional foreland basin over a
period of 300 Ma. At the scale of a whole 
craton, greenstone belts in the Pilbara Craton
preserve a huge diversity of tectonic environ-
ments over 725 Ma of geological history
(Eriksson et al., 1994), although more recently
Smithies et al. (2005) have suggest that for
300 Ma plume activity dominated this craton.

1.3.1.3 Igneous rocks found in greenstone
belts
The most common igneous rocks in green-
stone belts are basalts. Frequently they occur
as pillow lavas, lightly metamorphosed to
chloritic schists. Also present are komatiites
(ultramafic lavas), showing a wide range of
unusual volcanic textures. Boninites,
andesites and rhyolites are also present, but
are generally volumetrically subordinate to
basalts (De Wit & Ashwal, 1995).

The environment of formation of basaltic
rocks is often determined from their trace ele-
ment chemistry. There have been a large num-
ber of chemical studies of the chemistry of
greenstone belt basalts claiming a variety of
geotectonic settings for their origins. These
studies may be correct, but there is a funda-
mental problem with Archaean tholeiitic
basalt chemistry: there is no exact modern
analogue of these basalts, so precise compar-
isons are difficult (Arndt et al., 1997; see
Chapter 3, Section 3.2.1.1) not least because
the mantle has evolved chemically through
time. There are claims that some Archaean
basalts represent former ocean floor, or
intracratonic, within-plate basalts, or are ophi-
olitic remnants (Arndt et al., 1997). In addi-
tion, some Archaean basalts and komatiites
may be the product of plume magmatism
which formed oceanic plateaux (Puchtel et al.,
1997). Andesite-rhyolite and boninitic lavas
are most plausibly the product of arc magma-
tism. All these claims are possible, and taken
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together with the nature of the interbedded
sediments, the chemistry of volcanic rocks
can be used to indicate probable environments
of deposition.

1.3.1.4 What can greenstone belts tell us
about the early Earth system?
Despite their deformation state and metamor-
phism some Archaean greenstone belts con-
tain regions of low strain and low grade
metamorphism which provide critical infor-
mation about the early Earth. One of the most
intensively studied of these is the Belingwe
greenstone belt in Zimbabwe (Fig. 1.5).

Most of what we know about the Earth’s
early mantle comes from the study of green-
stone belt basalts and ultramafic lavas
(Chapter 3, Section 3.2.1). These rocks formed
as direct mantle melts and provide our best
“window” into the Archaean mantle. In the
Belingwe greenstone belt there are remarkably
fresh komatiites (ultramafic melts) from
2.7 Ga (Nisbet et al., 1987). These rocks pre-
serve many details of their original volcanic
features, including very fresh olivine, with
inclusions of silicate glass. The geochemistry
and textures of this particular suite of komati-
ites have been used to provide much tighter
constraints on Archaean mantle characteris-
tics than were previously available from more
altered samples elsewhere in the world.

Greenstone belt sediments also provide
important clues to the nature of Earth surface
processes. In addition the greenstone belt sed-
imentary record contains a wealth of informa-
tion about Archaean weathering processes in
the form of erosion surfaces and paleosols.
Chemical sediments, such as evaporites, lime-
stones, and cherts provide information about
ocean chemistry (Chapter 5, Section 5.4). The
significance of the very common banded iron-
stones is more enigmatic. They may reflect
hydrothermal input into the oceans. In this
context there has been much debate as to
whether the oldest known greenstone belt, 
the 3.8 Ga Isua Greenstone Belt in West
Greenland preserves genuine sedimentary
rocks or whether they are actually tectonized
igneous rocks (Nutman et al., 1984). There is
now good evidence that at least some of the

disputed “sediments” at Isua are sedimentary
and water-lain in origin (Fedo et al., 2001).
This is important for it is possible that, in the
absence of an effective climatic greenhouse,
the reduced solar luminosity early in Earth
history would have given rise to a frozen Earth
(Sagan & Mullen, 1972).

More controversial is whether there is evi-
dence for former life in greenstone sediments.
At present the much publicized carbon isotope
evidence for life in the 3.8 Ga Isua succession
(Rosing, 1999) is under severe scrutiny. This is
discussed in some detail in Chapter 6 (Section
6.3.2.1). In contrast stromatolite fossils have
been documented in greenstone belt sedi-
ments from about 3.5 Ga onwards, and sulfur
isotope evidence from the Belingwe Greenstone
Belt demonstrates that there were complex
algal communities by 2.7 Ga (Grassineau
et al., 2001 – see Chapter 6, Section 6.3).

The diversity of lithological “packages”
identified in Table 1.4 after Eriksson et al.
(1994) demonstrates that greenstone belts pre-
serve rocks from a wide variety of tectonic 
settings. It is clear therefore that greenstone
belts preserve important information about
tectonic processes in the Archaean. The pow-
erful combination of precise zircon geochronol-
ogy, igneous geochemistry, and structural
mapping in greenstone belts such as Abitibi 
in Canada has demonstrated that “modern-
style” tectonic processes such as arc accretion
and the assembly of oceanic plateau fragments
were taking place at 2.7 Ga (Ludden & Hubert,
1986; Desrochers et al., 1993).

1.3.2 Late Archaean sedimentary basins
There are only a few Archaean cratons which
preserve late Archaean sedimentary basins,
which are unconformable on the craton. 
These sedimentary basins are very different
from greenstone belts, for they are not strongly
deformed, nor do they have the elongate shape
and the abundance of basalts frequently asso-
ciated with greenstone belts. Basins of this
type have previously been described as “late
Archaean cover successions” (Nisbet, 1987). In
the past, their relatively undeformed state has
misled workers into thinking that they were
Proterozoic, rather than Archaean in age,
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although now their Archaean age is well estab-
lished. The unconformable relationship
between late Archaean sedimentary basins and
the greenstone belts and gneisses of the under-
lying craton indicates that basins of this type
formed either after the craton stabilized, or
during the later stages of craton formation.
This unconformable relationship is also the
reason for their importance, for they provide
unique insights into the processes operating
within and on stable continental crust during
the late Archaean.

The relatively small number of late
Archaean basins may reflect a low preserva-
tion potential, but may also indicate that 
relatively few cratonic nuclei had stabilized
before the end of the Archaean. Examples of
late Archaean basins include the (3.1–2.7 Ga)
Witwatersrand basin in South Africa (Robb &
Meyer, 1995), and its correlative the
3.0–2.67 Ga Pongola Supergroup in Swaziland
(Walraven & Pape, 1994; Gold & von Veh,
1995), both unconformable upon the Kaapvaal
Craton. In western Australia the 2.77–2.71 Ga
Fortescue Group is unconformable upon older
Archaean rocks of the Pilbara Craton (Blake
et al., 2004).

1.3.2.1 The Witwatersrand Basin
The best known late Archaean sedimentary
basin is the Witwatersrand Basin, for it hosts
the world’s richest gold province and is also an
important source of uranium. For these rea-
sons the geology of this basin is known in 
considerable detail. The Witwatersrand basin
contains a 7 km-thick succession of terri-
genous sediments and volcanic rocks, formed
between 3.074 and 2.714 Ga ago.

There are three principal components to the
stratigraphy (Robb & Meyer, 1995) – the
3.074 Ga Dominion Group, a 2 km-thick
sequence of lavas and volcaniclastic rocks
which rest unconformably on the gneisses and
greenstone belts of the Kaapvaal Craton. This
is overlain by the clastic sediments of the
2.9 Ga West Rand and the 2.9–2.76 Ga Central
Rand Groups, which together make up the
Witwatersrand Supergroup. Unconformably
overlying the basin is another 5 km of lavas
and sediments of the 2.7 Ga Ventersdorp
Supergroup (see Fig. 1.8).

Much of the gold in the Witwatersrand
basin is located in conglomerates within 
the Central Rand Group. These are part of a 
succession of predominantly coarse clastic

FIGURE 1.8 Geological map and stratigraphy of the Witwatersrand basin, showing the main geological
units and the location of the main goldfields.
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sediments, which represent a braided fan/
delta system (Buck & Minter, 1985) and the
gold formed as paleoplacer deposits within
this environment.

Although the Witwatersrand basin was in
existence for at least 360 Ma, sedimentation
within this basin was episodic and there were
long periods when there was no deposition.
Robb and Meyer (1995) used detrital zircons to
identify the provenance of the sediments and
showed that they were deposited contempora-
neously with pulses of granite magmatism
elsewhere in the craton. They suggest that 
sedimentation in this basin represents a com-
plex response to a variety of plate tectonic
linked processes operating on and within the
Kaapvaal Craton. Catuneanu (2001) following
Coward et al. (1995) suggested that the basin
developed as a retroarc foreland system in
response to late Archaean crustal thickening
during the collision of the Kaapvaal and
Zimbabwe Cratons to the north. However, it
is difficult to see how such a model can 
adequately explain the 360 Ma history of 
the basin, and more recently Kosticin and
Krapez (2004) proposed, on the basis of detrital
zircon data, that the West Rand Group formed
in a passive margin setting which switched 
to a retroarc basin in Central Rand Group
times.

1.3.2.2 What can late Archaean sedimentary
basins tell us about the early Earth system?
Sedimentary basins develop as a response to
the interaction between sediment supply and
crustal subsidence. In detail this reflects the
complex interplay of tectonism, magmatism,
eustasy and weathering rates, which are them-
selves a function of paleoclimate (Eriksson
et al., 2001). In the late Archaean probably a
number of these factors were different from the
modern. For example there is evidence that cli-
matic regimes were different and so it is likely
that weathering rates and sediment supply
were also different (Chapter 5, Section 5.3.2.1).
In addition, many believe that the mantle was
hotter at this time. If this is the case then tec-
tonic processes and subsidence rates would
also be different from those of modern sedi-
mentary basins.

Sediments in late Archaean sedimentary
basins can provide some answers to these
questions, with one proviso, best illustrated by
a long-running debate which has been taking
place between workers in the Witwatersrand
Basin. The argument is about whether or not
gold in the Witwatersrand Basin is primary
and detrital in origin, or secondary and
hydrothermal in origin. In essence this is a
debate about the extent to which primary data
on early Earth surface processes can be
extracted from ancient sediments. As is often
the case with scientific controversies of this
type, the answer is that both schools of
thought are partially correct, and it is most
probable that the gold was deposited in detrital
form, but has subsequently been modified by
hydrothermal fluids (Frimmel, 2005).
Therefore identifying the primary characteris-
tics of the Witswatersrand sediments requires
some care.

Given this caveat, the Witwatersrand sedi-
ments can provide some information about
the weathering environment during the late
Archaean. Not least in importance is the
unusually high abundance of accumulated
gold. The presence of detrital grains of pyrite
and uraninite, normally oxidized in the mod-
ern weathering environment, suggests that the
atmosphere was low in oxygen (Frimmel,
2005). Climatic indicators for the late Archaean
also come from torroidal shaped gold grains
and faceted pebbles in the Witwatersrand
Basin indicating that the surrounding land-
scape experienced eolian deflation as part of
the gold concentration process (Minter, 1999).
In addition, in the Pongola Supergroup, Gold
and von Veh (1995) report the presence of
diamictites of glacial origin and paleosols. The
Witwatersrand sediments also contain impor-
tant information about the early biosphere, for
the gold is often associated with bituminous
carbon (Gray et al., 1998). This was interpreted
by many authors as the in situ preservation of
algal mat structures. Gray et al. (1998), how-
ever, in their recent reexamination of this
topic conclude that the carbon originated as
immature algal kerogen, but show that that it
was subsequently mobilized by hydrothermal
fluids to its present location.
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At a very different scale, late Archaean sed-
imentary basins also have the potential to pro-
vide important information about late
Archaean tectonic processes, in particular the
processes of epicontinental basin development
in the late Archaean. At present however, we
are probably faced with more questions than
answers. For example, is the smaller size of the
Witwatersrand basin (wavelength 490 km) rel-
ative to modern intracratonic basins, and the
long timescale of its evolution (360 Ma) com-
pared with the modern, typical of Archaean
basin processes? If so what does this mean?
Some partial answers are provided by a recent
study of the Fortescue Group, in the Pilbara
Craton, in which Blake et al. (2004) showed
that sedimentation rates in late Archaean
fault-bounded epicontinental basins are simi-
lar to those in modern examples, indicating
that the substrate to the basin was of equiva-
lent thickness and rigidity to younger counter-
parts. They also showed that the eruption rate
of flood basalts in the same sequence was 
similar to that of more recent flood basalt
provinces.

1.3.3 Archaean granite–gneiss terrains
Granitic gneisses are the most abundant 
rock type of Archaean cratons. In many cra-
tons they are the dominant rock type and in
some they are the only rock type. In detail,

however, they take many forms. Some occur
as relatively undeformed plutons, whereas
others are highly deformed banded gneisses,
some metamorphosed at granulite grade.
Granite gneisses may form the basement to
greenstone belt sequences, but granitic plu-
tons also intrude greenstone belt sequences.
Compositionally they are variable, but many
belong to the magmatic suite tonalite- trond-
hjemite-granodiorite (a suite of low potassium,
high-silica granitoids, dominated by the min-
erals quartz and plagioclase feldspar), giving
rise to the acronym TTG which is frequently
used to describe the composition of Archaean
granitoids. Archaean granite–gneiss terrains
have also been termed “grey-gneiss terrains”
because of their grey appearance in the field.
Where they are metamorphosed to amphibo-
lite facies and granulite facies they tend to be
known as “Archaean high-grade gneiss terrains.”
Some of the better known granite–gneiss 
terrains are listed in Table 1.5.

The apparent lithological simplicity of
Archaean granite–gneiss terrains belies their
geological complexity. This fact was recog-
nized in the pioneering work of John Sutton
and Janet Watson, in the early 1950s, in the
Lewisian Complex of northwest Scotland.
Their careful fieldwork, subsequently sup-
ported by geochronological studies, showed
that it is possible to disentangle a billion years

TABLE 1.5 Examples of important Archaean granite–gneiss terrains discussed in the text.

Craton Country Ages (Ga) Features

North Atlantic UK 2.5–2.95 The first Archaean granite–gneiss terrain to be
(Lewisian Gneiss) chronologically segmented as a result of structural 

mapping
North Atlantic Greenland 2.5–3.8 The first Archaean granite–gneiss terrain to be
(Godhabsfjord area) identified as segmented into terranes, on the basis of 

zircon geochronology
Zimbabwe Zimbabwe 2.5–3.8 Some evidence to support concentric growth around 

a central ancient nucleus
Kapuskasing Canada 2.5–2.8 An exposed Archaean crustal cross section from upper

to lower continental crust
Limpopo Belt Zimbabwe, 2.7–2.9 The north and south marginal zones are the lower 

Botswana, South crustal sections of the Zimbabwe and Kaapvaal 
Africa Cratons respectively, thrust onto their respective 

cratons
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of Earth history by detailed structural mapping
(Sutton & Watson, 1951). This methodology
was subsequently successfully applied to
many other Archaean granite–gneiss terranes,
revealing spectacular complexities in what had
previously been mapped just as “crystalline
basement.” Further advances were made with
the advent of precise isotopic dating techniques
allowing distinct age provinces to be identified
within Archaean cratons.

Granite–gneiss terrains of the upper and
middle crust are frequently associated with
greenstone belts (Fig. 1.5). In contrast, the fel-
sic granulite gneiss belts of the lower crust
host a slightly different rock assemblage, and
contain lenses, usually less than 1 km long
and a few hundred meters wide, of basalt, a
variety of sedimentary rock types and layered
ultramafic–mafic–anorthositic intrusions, all
metamorphosed to granulite grade. It is possi-
ble that the supracrustal rocks are also frag-
ments of greenstone belts, infolded deep into
the crust, but this is by no means certain and
their origin is the subject of some debate.

1.3.3.1 The granite–gneisses of the Zimbabwe
Craton – a typical granite–greenstone belt
association
The greenstone belts of the Zimbabwe Craton
are enclosed by a variety of granitic gneisses of
various ages (Fig. 1.5). In the center of the cra-
ton there are 3.5 Ga gneisses, which are asso-
ciated with an early generation of greenstone
belts. These are surrounded by 2.9 Ga gneisses
which are broadly coeval with a second gener-
ation of greenstone belts, but which form the
basement to the majority of greenstone belts
which formed at 2.7 Ga (Wilson et al., 1995).
The youngest granitoid rocks of the craton are
a ubiquitous suite of potassic granites which
intruded both gneisses and greenstone belts at
about 2.5 Ga. Although on a map they appear
to dominate the outcrop, they are for the most
part, kilometer-thick, sheet-like intrusions
located entirely in the upper crust. Southeast
of the craton, and separated by a major thrust
zone are the high-grade gneisses of the Limpopo
granulite belt, whose age (2.7–2.9 Ga) and
metamorphic grade suggest that these rocks
are equivalent to the lower crust of the craton,

now thrust up to a higher structural level
(Rollinson & Blenkinsop, 1995). The relation-
ships between the different types of granitoid
gneisses in this craton demonstrate that gran-
ite–gneiss terrains may have a long history,
which in the case of the Zimbabwe Craton is
in excess of 1 billion years. Furthermore, the
geographic distribution of gneisses of various
ages may suggest that the Zimbabwe Craton
grew outwards laterally, from the nucleus of
ancient gneisses (Wilson et al., 1995).

1.3.3.2 The granite–gneiss terrain of the
Gothåbsfjord region of west Greenland – a
typical high-grade gneiss terrain
The granitic gneisses of the Gothåbsfjord
region of west Greenland have become some-
thing of a geological classic, for the combina-
tion of their superb, ice-cleaned exposures and
the detailed mapping of the Geological Survey
of Denmark and Greenland has made them
one of the best known terrains of their kind.
The main rock types are granitoid gneisses of
intrusive origin with compositions in the
tonalite–trondhjemite–granodiorite range, and a
small amount of mafic and ultramafic rocks of
supracrustal origin. All rock types are meta-
morphosed to amphibolite or granulite grade.
Three decades of geochronological study have
defined a number of different age provinces
within this region and show that these grani-
toid gneisses preserve a long history. The appli-
cation of detailed zircon geochronology led to
the recognition that the Gothåbsfjord region is
an assembly of separate terranes, of differing
age, subtly different lithological character and
of different metamorphic grade, separated
from one another by mylonite zones (Friend
et al., 1988). As more has become known of
this remote area, so the number of distinct ter-
rains has increased. Recently, Friend and
Nutman (2005) identified six different terrains
in this region, to which they gave characteris-
tically tongue-twisting Greenlandic names
(Fig. 1.9). It is thought that these terranes were
assembled during the late Archaean, during
the period 2.95 to 2.70 Ga ago and their assem-
bly reflects the deep crustal record of continent-
continent collision in the late Archaean
(Friend & Nutman, 2005).
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1.3.3.3 What can Archaean granite–gneiss
terrains tell us about the early Earth system?
Because of their relatively indestructible
nature Archaean granite–gneiss terrains are
the host to all other Archaean rock associa-
tions, including the oldest terrestrial materials
(see the following section). In their own right,
however, they are our principal source of
information about the processes of continent
formation, for they provide the basis for our
understanding of how and when the conti-
nents formed, and how they have developed
through time.

The precise mechanism of continental
growth is a matter of debate. Whether the con-
tinents grew principally by lateral or by verti-
cal accretion is not entirely clear. This raises
the question of the extent to which modern
processes can be used to explain Archaean
crustal growth. For there are some regions of
Archaean crust whose composition and origin
are best explained by modern style, continen-
tal margin magmatism. Examples include the
Minto Block in Canada (Stern et al., 1994) and
the northern marginal zone of the Limpopo
Belt in Zimbabwe (Berger & Rollinson, 1997).
These are issues which will be developed fur-
ther in Chapter 4.

1.4 THE OLDEST ROCKS

Rocks older than about 3.8 Ga are extremely
rare and are known in outcrop from only a few
localities worldwide. Here we describe three
localities, from which much of our knowledge
of the pre-3.8 Ga Earth has been gained. These
localities are marked in Fig. 1.4.

1.4.1 The Gothåbsfjord region of west
Greenland – the most extensive area of ancient
rocks
The Gothåbsfjord region of west Greenland
provides the most extensive outcrop of early
Archaean rocks currently known (Nutman
et al., 1996). These are collectively known as
the Itsaq gneisses and are located in the
Isukasia and Faeringehavn terranes (Fig. 1.9)
and comprise a number of geological units,
which outcrop over an area of 2,000 sq. km
between Greenland’s west coast and the inland
ice-sheet. These units have ages between 3,600
and ca. 3,900 Ma.

1.4.1.1 The Isua Greenstone Belt
One of the most important areas of ancient
rocks is the Isua Greenstone Belt (or
supracrustal belt, as it is often called) (Appel
et al., 1998), located in the northern part of the
Isukasia terrane (Fig. 1.9). The Isua Greenstone
Belt comprises a sequence of metabasalts,
ultramafic rocks, clastic, and chemical sedi-
ments, with ages between 3.7 and 3.8 Ga
(Nutman et al., 1996). The most ancient mate-
rials so far recorded from Isua are mineral

FIGURE 1.9 The granite–gneiss terrane of the
Gothåbsfjord region of west Greenland, showing
the 2.97–3.22 Ga Akia, �3.60 Ga Isukasia,
2.96–3.075 Ga Kipisilik, �3.60 Ga Faeringehavn,
ca. 2.825 Ga Tre Brodre and the 2.82–2.92 Ga
Tasiusarsuaq terranes. The map also shows the
location of Akilia Island (Nutman et al., 1996;
Friend & Nutman, 2005). The Isukasia terrane is
thought to be at the lowest structural level, over-
lain by the Kapisilik, the Faeringehavn, and the Tre
Brodre (highest structural level) terrains. This map
is simplified from Friend and Nutman (2005).
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inclusions in pyrite grains from within the
iron formation. These have ages of around
3.86 Ga and one population gives ages of
4.31 � 0.06 Ga (Smith et al., 2005). The out-
crop now defines a linear belt folded into a
horse-shoe shape, although internally the
greenstone belt is probably a series of stacked
thrust sheets of different provenance and age
(Myers, 2001; Rollinson, 2002). The Isua
Greenstone Belt contains a record of the
Earth’s oldest mafic magmatism, possible evi-
dence of early life (Rosing, 1999), and chemical
and clastic sediments containing information
about the early atmosphere and oceans.
Interestingly, however, absent from the Isua
succession is evidence for the existence of con-
tinental crust (Kamber et al., 2005).

1.4.1.2 The Amîtsoq Gneisses
The first clues of very ancient crust in the
Gothåbsfjord region of west Greenland came,
in the early 1970s, from the isotopic dating of
felsic gneisses close to the town of Nûk
(Moorbath et al., 1972). Refinements in
geochronological methods, particularly with
the development of precise, single-zircon
U–Pb dating have confirmed the great antiq-
uity of these rocks and showed that the gneiss
precursors have intrusion ages of between 3.65
and 3.87 Ga. These felsic gneisses, initially
known as the Amîtsoq Gneisses, have now
been included in the broader group of gneisses
termed the Itsaq Gneisses (Nutman et al.,
1996). One of the oldest areas within the Itsaq
Gneisses is to the south of the Isua Greenstone
Belt, where the rocks have zircon ages of
between 3.78 and 3.81 Ga. However, these
gneisses include fragments of mafic and ultra-
mafic rocks which must be even older than
3.81 Ga. These mafic and ultramafic rocks
could be older than the rocks of the Isua
Greenstone belt and could therefore be some
of the oldest rocks on Earth.

1.4.1.3 The Akilia association
One group of Gneisses, originally designated
as part of the Amîtsoq Gneisses is found on
Akilia Island, a small island about 1 km
across, located in the outer part of
Gothåbsfjord, close to the town of Nûk
(Fig. 1.9). Akilia Island has become famous in
the scientific literature because Amîtsoq

Gneisses from this locality have been dated at
3.87 Ga, and yet include older lithologies
which may be of sedimentary origin (Mojzsis
et al., 1996). It is in these older lithologies that
graphite has been found which has an alleged
biogenic isotopic signature. This claim, which
has profound implications for the timing of
the beginning of life on Earth, has been much
contested and is a subject to which we will
return in Chapter 6 of this book.

1.4.2 The Acasta Gneisses, northwestern
Canada – the most ancient rocks
The Acasta Gneisses are located on the western
margin of the Slave Craton in northwestern
Canada. Their great antiquity was first reported
by Bowring et al. (1989) who described two
samples containing zircons with crystalliza-
tion ages of 3.96 Ga. Detailed SHRIMP studies
of zircons from relatively undeformed samples
(Bowring & Williams, 1999) indicate that these
rocks are in fact 4.03 Ga old and contain even
older inherited cores with ages up to 4.2 Ga
(Iizuka et al., 2006).

The Acasta Gneisses outcrop over an area of
about 40 sq. km around the Acasta River, on
the edge of the Canadian Shield. They comprise
a heterogeneous assemblage of strongly foliated
and banded tonalitic and granodioritic gneisses
(Bowring et al., 1990). They include lenses of
amphibolite and, less commonly, metasedi-
mentary and ultramafic inclusions and preserve
a complex history of intrusion and deforma-
tion. These gneisses now form the basement to
the Proterozoic rocks of the Wopmay Orogen
and are exposed in a structural high, within this
orogen. They possess a Proterozoic mineral 
fabric indicating that they were also metamor-
phosed during the Proterozoic. U–Pb zircon
ages for the gneiss complex range from 3.6
to �4.0 Ga, and the oldest known material is a
xenocrystic zircon in a tonalitic gneiss, which
has an age of 4.2 Ga.

Whilst the great age of the Acasta Gneisses
is not in doubt, they have been the subject of
some controversy. Bowring and Housh (1995)
calculated initial εNd values for a range of sam-
ples from this area and found that they are
extremely heterogeneous. This observation,
coupled with the ancient zircon ages for these
samples, has profound implications for the
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Nd-isotopic evolution of the Earth and implies
a very early differentiation event in the mantle
and the formation of very early continental
crust, which has subsequently been destroyed.
Moorbath et al. (1997), however, have challenged
this interpretation of the Nd-isotopic data and
find no support for the early (pre-3.8 Ga) dif-
ferentiation event in the mantle, claimed by
Bowring and Housh (1995) – see Chapter 3,
Section 3.2.3.1.

1.4.3 Zircons from western Australia – the
most ancient terrestrial materials
The oldest known terrestrial materials are
4.1–4.4 Ga detrital zircons from the Mount
Narryer area of western Australia (Froude
et al., 1983). The first locality to be shown to
host extremely ancient zircons (4.1–4.2 Ga)
was a sequence of highly metamorphosed
quartzites, conglomerates, and pelites from
Mount Narryer, at the northwestern edge of
the Yilgarn Craton in western Australia.
Subsequent discoveries, in a less metamor-
phosed sequence of sediments from the Jack
Hills, some 60 km away identified even older
zircons, some 4.28 Ga old (Compston &
Pidgeon, 1986). Recently, Wilde et al. (2001)
reported a zircon grain with an age of 
4.404 � 0.008 Ga (Fig. 1.10). To date this is the

oldest known terrestrial material. Supporting
evidence for very ancient crust in this area
comes from Nelson et al. (2000) who reported
zircon xenocrysts with ages of up to 4.18 Ga
from felsic gneisses in the same region. Taken
together these observations indicate that the
rocks of this part of the Pilbara Craton (mostly
with ages between 3.3 and 3.7 Ga) were
derived from substantially older parental
materials, which appear now to have been
destroyed.

The composition of the original crust in
which these ancient zircons crystallized has
been the subject of some debate. However, evi-
dence from rare mineral inclusions preserved
within the zircon grains, and from the trace
element signature of the zircons themselves,
shows that it is likely that they formed in
granitic crust (Maas et al., 1992; Peck et al.,
2001). Recently it has been shown that their
Ti-content is consistent with crystallization
temperatures of about 700 �C, indistinguish-
able from present-day zircon growth tempera-
tures in hydrous granitoid magmas (Watson &
Harrison, 2005). In detail, some zircon crystals
record a number of different discrete age
events within the same grain (4.3, 4.2, 4.15 Ga,
see Fig. 1.10), indicating that they have experi-
enced complex thermal histories. This history

50 µm

quartz
grain

quartz
grain

4.34
4.35

4.36

4.40

FIGURE 1.10 Cathodoluminescence image
of a detritol zircon grain from the Jack Hills,
western Australia, showing U–Pb ion 
microprobe (SHRIMP) ages for the 
different parts of the grain in Ga. One part of
this grain (bottom left) gave an age of 
4.404 � 0.008 Ga (after Wilde et al., 2001).
Photograph courtesy of John Valley.

Roll-01.qxd  10/13/06  2:09 PM  Page 26



THE EARTH SYSTEM 27

most likely indicates the reworking and meta-
morphism of already formed crust, which in
turn, indicates that the crust was sufficiently
thick for metamorphism to take place, and
therefore represents a continental, rather than
oceanic setting (Peck et al., 2001).

Not surprisingly, this most ancient part 
of the terrestrial record has been the subject of
intense scientific interest, and a wide range of
isotopic studies have been made on the Jack
Hills zircons, in a quest to find out as much as
possible about the earliest state of our planet.
For example, oxygen isotope studies have been
used to suggest the presence of oceans on the
Earth at 4.4 Ga (Mojzsis et al., 2001; Wilde
et al., 2001) a topic which will be discussed
later in this book (Chapter 5). Hf-isotope stud-
ies offer the opportunity to understand the
timing of mantle differentiation and continen-
tal crust formation in the very early Earth
(Amelin et al., 1999; Bizzarro et al., 2003),
although at present this discussion is clouded
by uncertainties surrounding the decay con-
stant of 176Lu (see Chapter 3, Section 3.2.3.2).
The decay product of now-extinct isotopes, no
longer preserved even within the earliest part
of the rock-record have also been identified in
4.1–4.2 zircons from the Jack Hills and offer
the potential to date very early metamorphic
events within the early Earth’s now destroyed
proto-crust (Turner et al., 2004).

1.5 HOW MUCH DO WE REALLY KNOW ABOUT

THE EARLY EARTH?

In the preceding sections of this chapter we
have reviewed our state of knowledge about
the early Earth. In summary, we might con-
clude that there is a reasonable amount of evi-
dence on which to develop an understanding
of the early Earth system. Nevertheless, there
are three caveats to this statement which need
to be discussed.

First, the geological record is incomplete.
This is particularly true for the first 750 Ma 
of Earth history, about which we know very
little. As was shown in the preceding section,
there is very little rock record preserved from
before 3.8 Ga. The dynamic nature of our
modern planet has destroyed any evidence of

its beginning. This is also clear from observing
the Moon and our planetary neighbors. Like
them, early in its history the Earth would have
suffered from the impacting of asteroids and
comets, and yet the record of these very early
events has largely not been preserved on Earth.
In a similar way, observation of other planets
provides ideas about the nature of the Earth’s
earliest crust and oceans. In fact, the evidence
we do have indicates something of a paradox,
for comparisons with other planets might sug-
gest that the Earth’s first crust was basaltic in
composition, and yet the oldest known terres-
trial materials are zircons, which are thought
to be derived from now destroyed felsic rocks.

Second, it is possible that the early geologi-
cal record has a preservation bias. A haunting
question which should lie in the back of the
mind of all who study the early Earth is, “Is
what we see now, representative of what was
there then?” Is there something about
Archaean and older rocks which is unusual,
and which has caused these particular rocks to
be preserved rather than destroyed? A related
question is whether or not something special
happened in the history of the Earth, at about
3.8 Ga, which gave rise to the preserved rock
record. The answer to both these questions
must be a qualified “yes,” for it is very likely
that, given normal erosion processes, those
rocks which formed at the Earth’s surface are
more likely to be destroyed than deep crustal
plutonic rocks. So for example De Wit and
Ashwal (1995) have proposed that the compar-
ative rarity of Archaean andesites is a preser-
vation issue, for andesites typically form
subaerial strato-volcanoes, which are highly
susceptible to erosion and nonpreservation. In
a similar way Morgan (1985) and Pollack
(1997) have argued that continental crust is
most likely to be preserved when it is under-
lain by a thick lithospheric root, with low
radiogenic heat production, insulating it from
the asthenospheric mantle.

Finally, it is important to revisit a central
tenet of modern geological interpretation – 
the principle of uniformitarianism. Originally 
formulated by James Hutton in the eighteenth
century the principle of uniformitarianism
states that the physical and chemical processes
which shape the modern world also operated
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in a similar manner in the past, and so can be
used to explain past events. Here uniformitar-
ianism will be adopted as a working model and
several of the chapters begin with a descrip-
tion of the modern Earth System. There are,
however, three provisos to this position.

First, the earliest stage of Earth history
must have been substantially different from
the modern, not least because it was subject to
planetary processes. The processes of impact-
ing, accretion, and the related melting are not
part of what are normally included within uni-
formitarian thinking.

Second, there are rocks-types which are
unique to the Archaean, implying that the
Archaean Earth must have somehow been 
different. Examples of these rock-types include
the ultramafic lavas komatiites, sedimentary
BIFs found in greenstone belts, and calcic
anothosites – typically found in the deeper
crust (De Wit & Ashwal, 1997).

Third, it will be argued in this book that
many of the principal Earth reservoirs have
experienced gradual changes over time. These
are not changes which are cyclical, rather they
are unidirectional, on a timescale of billions of
years. This type of long-term, unidirectional
change is known as secular change. It is seen,
for example, in the chemical evolution of the
atmosphere and the oceans and probably also
took place in the mantle.

However, despite these caveats, modern
research is showing increasingly that many

Archaean rocks appear to have formed through
“modern-type” processes. For example, in their
review of greenstone belt sedimentation
Eriksson et al. (1994) found that there are
many similarities between Archaean and 
modern sedimentary environments. They state
“lithological associations in Archaean green-
stone belts do not appear to be unique to that
time period. This implies that Phanerozoic
analogues are generally suitable to define
Archaean depositional environments.” Similarly,
De Wit and Ashwal (1995) in their survey of
Archaean greenstone belts find that “at pre-
sent it is difficult to get away from the fact
that most geological observations in green-
stone belts indicate similar surface and near-
surface processes as are deduced from a variety
of Phanerozoic orogenic belts.” Thus it would
seem as though a uniformitarian approach can
be used as a working hypothesis in the Archaean,
with the understanding that in some instances,
some aspects of the early Earth were different
from today. Given this premise, it is important
to enquire at which point in time modern-style
tectonic processes began to operate on Earth.

This book therefore will look at the early
Earth with modern eyes, and will use our
understanding of modern Earth processes to
interpret the early Earth system. Only when
this is patently not explaining the observed
facts, or in situations where there does not
seem to be a modern analogue, will other types
of process be invoked.
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2

THE ORIGIN AND 
DIFFERENTIATION OF THE EARTH

The Universe was already 9 billion years old when our
solar system was born at 4.567 Ga. The compression
and collapse of a gas cloud in the interstellar medium
gave rise to a flattened disk of gas and dust rotating
around an otherwise nondescript, medium-sized star.
It was in this rotating disk of gas and dust – the prim-
itive solar nebula – that our planetary system was
formed.

The original building blocks of the Earth are
thought to be preserved in a group of primitive mete-
orites known as the carbonaceous chondrites. These
contain inclusions rich in calcium–aluminum minerals
which formed at high temperature within 104–105

years of the formation of the solar system. Also pre-
sent are chondrules, olivine-rich spheroidal melt
droplets, a few millimeters in diameter, which formed
within the first 4 Ma of Solar System history.

The formation of the Earth can be explained by
the “standard model of planetary formation,” in which
dust fragments, including the types described above
from meteorites, accumulate through the process of
accretion – first, into kilometer-sized planetesimals
over a timescale of 104 years, and then into planetary
embryos – up to 4,000 km in diameter – over an inter-
val of 106 years. The final stage of planetary accretion
took place over 107–108 years and involved collisions
between a relatively small number of large planetary
bodies, giving rise to “giant impacts.” These late, large-
magnitude impacts are thought to have had a pro-
found influence on the earliest history of the Earth
System.

The latest of these involved an oblique collision
between the proto-Earth and a body the size of Mars,
at about 30 Ma after the formation of the solar sys-
tem. This impact generated a huge amount of thermal
energy so that a significant portion of the Earth was
vaporized. This vapor coalesced around the Earth and
cooled to form the Moon. A consequence of this
impact is that a significant proportion of the Earth’s
mass would have been molten, creating what has
become known as a magma ocean.

Similarly, the Earth’s core is thought to have
formed during the early stages of accretion, perhaps
by as early as 10 Ma after the formation of the solar
system. Geochemical constraints require the core to
have also formed within a deep magma ocean, with
liquid metal separating from a silicate melt at depths
as great as 1,000 km.

Although the circumstantial evidence for the exis-
tence of a terrestrial magma ocean is strong, indepen-
dent geochemical evidence has been hard to find.
Recently however, the first geochemical clues of min-
eral fractionation with a deep molten mantle have
been found, supporting the terrestrial magma ocean
concept.

It was in this earliest Earth System that there was
the strongest interaction between the different 
Earth reservoirs. There were intense, dynamic interac-
tions between core, mantle, proto-ocean, and atmo-
sphere. In addition there was probably an early
basaltic crust, now long since lost by recycling into the
mantle.

The origin and differentiation of the Earth – the big picture
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2.1 THE ORIGIN AND EARLY HISTORY OF THE

UNIVERSE

Enquiring into the origin of the Universe is to
pose one of the most fundamental and difficult
scientific questions of all. It also brings us into
a very rapidly advancing and exciting field of
science. In recent decades, cosmology has
advanced extremely rapidly, and in the last
few years has begun to provide the first self-
consistent answers to age-old questions (Silk,
1994; Longair, 1998; Rees, 2000).

In many ways, the question of the origin of
the Universe is far beyond the scope of this
book. Nevertheless, in the context of under-
standing the origin of the Earth a brief review
of the cosmological background is provided
here. This is in fact necessary, for some of the
fundamental features of the Earth system can
only be understood within a framework of cos-
mology and cosmochemistry. There are two
specific areas that are important within Earth
System Science. The first is that the elemental
abundances in the early solar system are a
function of its setting within the galaxy and
this “cosmic geography” ultimately deter-
mines the “raw materials” of the terrestrial
planets. A second reason is that a planetary
view of the Earth provides insight into the
ultimate Earth system, in which there was
profound, dynamic interaction between what
are now the different components of the mod-
ern Earth system.

2.1.1 The Big Bang theory
The prevailing theory of the origin and evolu-
tion of the Universe is the Big Bang theory.
According to this theory, about 14 billion
years ago the Universe expanded to its present
enormous volume from an initial volume,
which was effectively zero. Three sets of
observations have profoundly shaped the way
in which we think about our Universe and led
to the Big Bang theory. First was the discovery
that our Universe is expanding. Second, there
were predictions about the abundances of the
light elements H, He, and Li in the Universe,
and third was the discovery made by Penzias
and Wilson (1965) that our part of the Universe
is filled with microwave radiation.

2.1.2 Evidence for the Big Bang theory
2.1.2.1 An expanding Universe
Hubble (1929) discovered that there is a sim-
ple, linear relationship between the distance to
a remote galaxy and the cosmological redshift –
the redshift in the spectral lines from that
galaxy (Hubble, 1929). Hubble’s observations
showed that the greater the distance to a
galaxy, the greater the redshift in its spectral
lines. These measurements strongly indicated
that galaxies appear to be moving away from
us with speeds proportional to their distance.
The net effect of this motion is that, as time
goes on, the galaxies are getting further and
further apart. A very important consequence
of these observations is that at some point in
the past all matter must have been concentrat-
ed in one place. Astronomers define this point
in time as the beginning of the Universe. At
this time all the matter of the Universe was
concentrated in an infinitely small volume
with a state of infinite density.

2.1.2.2 The abundance of the light elements
The Big Bang theory predicts that the early
universe was very hot. In the early stages of
the formation of the Universe the light ele-
ments H (and its isotope deuterium), He, and
Li were formed during the “Big Bang nucle-
osynthesis.” The deuterium found today in the
interstellar medium could only have formed at
the beginning of the Universe (Songaila et al.,
1994). Calculations based upon the initial ratio
of protons and neutrons suggest that if the Big
Bang theory is correct then about 24% of the
ordinary matter in the Universe will be He and
the rest hydrogen (Schramm & Turner, 1998).
This value is in good agreement with recent
observations indicating that the Big Bang the-
ory passes one of its key “tests.”

2.1.2.3 The Cosmic Microwave Background
If the early Universe was extremely hot, it is
possible that, even today, the remnants of this
initial fireball might be detected. Support for
this hypothesis came from the discovery by
Penzias and Wilson (1965) of what came to be
known as the Cosmic Microwave Background.
This discovery coincided with the work of 
theoretical physicists who showed that if the
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Universe began with a hot Big Bang, then the
Universe should be filled with electromagnet-
ic radiation cooled from the early fireball to a
temperature of around a few Kelvin. In subse-
quent years a large number of direct measure-
ments of the Cosmic Microwave Background
at different wavelengths yielded an intensity–
wavelength plot which had the characteristics
of black body radiation at 2.73 K. This is the
remnant of the initial fireball of the Big Bang.

2.1.3 The current state of the Big Bang theory
The Big Bang theory allows us to pose (and
answer) a number of fundamental questions
about the Universe. These include questions
about the nature of matter and energy in the
Universe, about its speed of expansion and
whether this is changing with time, about the
age of the Universe, and about its ultimate fate
– whether or not it will continue to expand.
Cosmologists have debated these issues for
decades, but some recent exciting results have
begun to provide some significant answers.

Central in this discussion was the balance
between an expanding Universe from the ini-
tial impulse of the Big Bang and the counter-
acting influence of the gravitational attraction
of matter in the Universe. In the 1990s
astronomers found a way of measuring the
expansion rate of the Universe at different
times in its history and found, to their great
surprise, that the Universe is expanding faster
now than it did earlier in its history (Reiss et al.,
2001). This observation led to the recognition

of what has become known as “dark energy,” 
a force that appears to counteract the effects 
of gravity (Bahcall et al., 1999). Understanding
the nature and origin of dark energy is one 
of the outstanding problems of modern 
cosmology.

More recently, in 2002 the Wilkinson
microwave anisotropy probe (WMAP) was
launched to map the fine detail of the Cosmic
Microwave Background. After a year of map-
ping the first results were published in 2003
(Bennett et al., 2003), with some far-reaching
conclusions. A best-fit cosmological model for
the Cosmic Microwave Background is satisfied
by a Universe composed of only 4.4% of ordi-
nary baryonic matter (protons and neutrons).
The rest is made up of nonbaryonic matter,
identified as dark matter (22% of the
Universe), that is, particles, which can only be
detected by their gravitational effect, and dark
energy, making up 73% of the Universe
(Fig. 2.1). They found that their estimate of the
total mass–energy of the Universe was in good
agreement with earlier results from high alti-
tude balloon experiments (e.g. de Bernadis
et al., 2000) signifying that the geometry of the
Universe is flat. These data strongly support
the theory of the inflation of the Universe –
that is, an extremely rapid expansion of the
Universe shortly after the Big Bang.

In its present form, standard Big-Bang cos-
mology is a very open subject, for it contains
three important elements – dark matter, dark
energy, and inflation – about which there is 
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FIGURE 2.1 A WMAP
image of the infant universe 
showing 14 billion year old
temperature fluctuations
(shown as differences in
grey shading) that corre-
spond to the seeds of 
galaxies (from
http://map.gsfc.
nasa.gov/m_or.html, 
courtesy of NASA/WMAP
Science team).
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no known mechanism, and therefore may be
subject to significant shifts in understanding
in the future.

The best-fit cosmological model for the 
Cosmic Microwave Background from the WMAP
also precisely constrains the age of the
Universe. This is a welcome contribution to
what has been a comparatively inexact sci-
ence, with two irreconcilable camps preferring
either a “young” 10 Ga or “old” 20 Ga age for
the Universe. A number of different approach-
es had been used such as the calculation of
velocity–distance relationships measured from
galaxies, the application of radioactive dating
methods to old stars (Cayrel et al., 2001), and
relationships between the luminosity and
mass of a star. The recent WMAP result indi-
cates that the age of the Universe is a precise
13.7 � 0.2 Ga (Bennett et al., 2003). This is in
good agreement with an earlier less precise
result of 13.4 � 1.6 Ga based on the rate of
expansion of the Universe (Lineweaver, 1999).
However, all results in this field are model-
dependent and may be the subject of change in
the future.

2.1.4 The early history of the Universe
Current thinking in cosmology indicates that
the history of the Universe may be described
in the following stages (Fig. 2.2):

An initial singularity. At the beginning of the
Universe, 13.7 billion years ago, all matter 
was in one place at a single instant; this
event in cosmological parlance is known as a
“singularity.” This term describes the inference
that an infinitely large amount of matter is
gathered at a single point in space-time.

The Big Bang. At the Big Bang there was a huge
expansion of matter, an expansion that has
continued ever since.

Inflation. Between 10�50 and 10�30 s after the Big
Bang there was a particularly rapid expansion
of the Universe. This process is known as the
inflation of the Universe and represents the
first burst of growth of the Universe. During
inflation the part of the Universe that we see
today expanded by a factor of 1060. When the
Universe was only one second old temper-
atures were of the order of 10 billion degrees.
At that point the universe was permeated
with radiation and subatomic particles. When
the Universe was a few minutes old and
temperatures were about 1 million degrees
protons and neutrons formed atomic nuclei
leading to the production of primordial
hydrogen and helium ions.

An opaque Universe After 100,000 yr conditions
in the Universe were similar to those inside
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FIGURE 2.2 The origin,
inflation, and expansion of
the Universe from the 
initial singularity to the
present.
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the sun today. An almost uniform plasma of
electrons, hydrogen, and helium ions filled
the Universe. At this time the free electrons
acted as a block to photons – generated from
the light energy generated in the Big Bang,
and prevented them escaping, rendering the
early Universe opaque.

A transparent Universe. After 300,000 yr
temperatures dropped to 4,500 K and gave
rise to the formation of atomic matter, and
atoms of hydrogen, helium, and deuterium
were formed. Because electrons were removed
from the plasma through the formation of
atoms, radiation streamed out and the
Universe became transparent. Initially the
Universe contained abundant ultraviolet-
and X-rays, now cooled down to microwave
wavelengths. This is what is recorded as the
Cosmic Background radiation.

The present Universe. As the universe
continues to expand the initial radiation will
appear to be derived from a much cooler
body. Hence today the Cosmic Background
radiation is 2.73 degrees above absolute zero.

It is a long journey from the formation of
the Universe at 13.7 Ga ago to the formation
of the Earth at about 4.57 Ga. This journey is
the subject of the next sections of this chapter,
and in them we shall consider the relationship
between the Earth and its host – the solar sys-
tem. In so doing we shall discuss the processes
which have led to star formation, to the for-
mation of the chemical elements, the conden-
sation of the solar system, and ultimately to a
model for planetary accretion and hence the
Earth.

2.2 STAR FORMATION

In this section we consider the processes
which led from the Big Bang to the formation
of stars and galaxies.

2.2.1 The anisotropy of the Universe
As cosmologists began to accumulate mea-
surements of the Cosmic Background radia-
tion at the edge of the Universe they were
impressed by the uniformity of the results.

However, many theorists predicted that in detail
the results should not be uniform, leading to a
search for microscale variability in the cosmic
background radiation. This was first discov-
ered using a differential microwave radiometer
on the COBE space probe and demonstrated
that the Cosmic Microwave background was
very slightly variable on the scale of one part
in 100,000. A better resolution of this temper-
ature fluctuation was obtained by the WMAP
(Bennett et al., 2003). These results are shown
in Fig. 2.1 and provide a detailed map of the
temperature fluctuations in the Universe at
the beginning of time, demonstrating that
matter and energy were not evenly distributed
in the very early Universe.

This unevenness in the distribution of 
matter and energy has been described as the
“lumpiness,” or more correctly, the anisotropy
of the early Universe. Elsewhere it is stated
that the Universe is homogeneous or isotropic.
This is not a contradiction, rather a difference
of scale. On a large scale the Universe is homo-
geneous and everywhere has a temperature of
2.73 K at its edge. On a fine scale however,
microvariations in temperature have been
measured.

The significance of this variation in the
intensity of the Cosmic Microwave Background
is that it shows how matter and energy were
distributed when the Universe was still very
young. It is thought that these early inhomo-
geneities subsequently developed into the
regions in the present Universe where there is
matter, that is, galaxies and galaxy clusters,
and those regions from which matter is, absent
– space. The early inhomogeneous distribution
of matter also reflects an inhomogeneous dis-
tribution of density, and it is these initial den-
sity differences that gave rise to small
differences in gravitational forces which began
to draw matter together.

2.2.2 The formation of galaxies
Primordial gas clouds, composed of hydrogen
and helium, are thought to be the beginnings
of galaxies and represent the first large-scale
structures to form in the evolving Universe.
These huge gas clouds with masses 1015–1016

greater than that of the sun (that is, 104–105

times greater than our own galaxy, the Milky
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Way), formed due to gravitational forces work-
ing against the expansion of the Universe.

Just as primordial gas clouds formed
through weak, small scale density fluctuations
in the Universe, so also a similar process led to
their fragmentation into molecular gas clouds,
with dimensions greater than 1014 km, and
masses a million times greater than the sun.
This process took place in the first few hun-
dred million years of the Universe when it was
more compact than at the present time. It was
a chaotic, turbulent process, in which strong
gravitational forces hurled matter together at
supersonic speeds. Fragments of the gas cloud,
compressed by the effects of density and by
shock waves, collided into each other forming
the basis of what we now recognize as galaxies.

2.2.3 Galaxies
Today galaxies are huge concentrations of
stars, that range in size from 80,000 to 150,000
light years in diameter. (A light year is the dis-
tance traveled at the speed of light in a year).
Within this huge volume, galaxies contain
very large numbers of individual stars – ca. 

100 billion. There are at least 10 billion galax-
ies in the Universe.

There are two main groups of galaxies, 
spiral galaxies and elliptical galaxies. Spiral
galaxies (see Fig. 2.3) are disk-shaped, contain
abundant dust and gas and are home to regions
of active star formation. Elliptical galaxies are
spheroidal in shape, contain very little dust
and gas, are not host to regions of star forma-
tion and so contain mainly old stars. Our own
galaxy, the Milky Way, is of the spiral type.
The spiral arms are thought to have been pro-
duced by density waves which sweep through
the galaxy. The Sun is located in the outskirts
of the Milky Way galaxy, between two spiral
arms. It is these arms that form the Milky Way
appearance at night.

In addition to the two main groups of galax-
ies, there are a number of other galaxy types.
Of these Quasars (quasi-stellar objects) are
galaxies with very energetic nuclei. They form
small, very bright objects which emit as much
as a 100 times the radiation of a normal galaxy.
They only exist at immense distances and 
are thought to represent an early stage of 
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FIGURE 2.3 A typical spi-
ral galaxy – the Whirlpool
Galaxy, M51 and compan-
ion galaxy (from the
HubbleSite picture gallery
http://hubblesite.org/,
Credit NASA, http://www.
nasa.gov/, ESA, http://www.
spacetelescope.org/, 
S. Beckwith (STSci),
http://www.stsci.edu/, and
the Hubble Heritage team
(STSci/AURA), 
http://heritage.stsci.edu
(http://www.stsci. edu/and
http://www.aura-astronomy.
org/)).
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formation of large galaxies, formed, in part,
through galactic collisions which took place
early in the history of the Universe.

2.2.4 The process of star formation
As large molecular clouds fragment and col-
lapse, star formation can take place. This pro-
cess is triggered by density inhomogeneities in
the gas cloud, producing regions which become
gravitationally unstable and contract. Some
stars appear to have formed in groups and are
geometrically arranged, implying that a partic-
ular “event” might have initiated their gene-
sis. Such an event could be caused by shock
waves propagated from supernovae explosions
or by density waves within the arms of a spiral
galaxy. The process of gravitational collapse
within a star leads to an increase in the tem-
perature and pressure of the gas at its center,
igniting thermonuclear fusion and turning
hydrogen into helium. The radiation from this
process leads to an outward pressure prevent-
ing further collapse.

The key features of stars which are of 
interest to astronomers are their mass, their
luminosity, their surface temperature, and
their distance from us. These parameters 
are used to classify stars and place them into
an evolutionary sequence. A widely used clas-
sification diagram, based on optical data for
stars, is the Hertzsprung–Russell Diagram (the
H–R diagram) which is a plot of stellar lumi-
nosity versus effective surface temperature.
The luminosity of a star is a function of its
radius and effective temperature. The surface
temperature is determined from its color and
is vastly different from temperatures in the
core of the star. For example, our sun has a sur-
face temperature of about 5,700 K but a core
temperature of 14 million K.

Data from nearby stars measured by the
Hipparcos satellite and displayed on a
Hertzsprung–Russell Diagram show four main
groups of stars (Fig. 2.4). These are the following:

Main sequence stars, which make up 90% of
all stars, define a curved trend across the center
of the diagram, showing a relationship between
mass and luminosity, such that large stars
have a high luminosity and a high surface
temperature and small stars have a lower

luminosity and surface temperature. Hot, large
stars burn up quickly and have a short life
span whereas smaller cooler stars are more
long-lived. For example a star in the top left of
the diagram will last for about 10 million years
before going supernova, whereas a star similar
to our Sun will probably last 10 billion years.

Red giants are stars which are cooler, but
more luminous than stars on the main trend.
These are stars which have exhausted their
supply of hydrogen and are now burning heli-
um. This process causes them to expand.
Super giants are similarly stars which are more
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FIGURE 2.4 Hertzsprung–Russel diagram for the
classification of stars. The data in this diagram are
taken from the Hipparcos satellite which measured
the properties of more than 10,000 nearby stars.
Key variables are the relationship between the
luminosity of the star (relative to the sun) or abso-
lute visual magnitude, and its color index – the
inverse of the surface temperature. The data in this
diagram show the relative importance of the differ-
ent types of star. The arrows show a typical birth
to death cycle of a small star (lower part of dia-
gram) and of a large star with a mass 
25 times that of the sun (upper part of diagram).
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luminous but much cooler than main sequence
stars.

White Dwarfs are stars which are less lumi-
nous than main trend stars. These stars have
exhausted H and He in their core and can be
thought of as dead stars radiating away their
energy.

2.2.5 The evolutionary cycle of stars
The cycle of birth–life–death for a star may be
charted on a Hertzsprung–Russell diagram as
illustrated in Fig. 2.4. Most stars evolve onto
the main sequence and then into the Dwarf
stage as follows (Lewis, 2004):
� An interstellar cloud of hydrogen and helium

gas and dust is compressed. The contraction
leads to an increase in density and a lowering of
transparency and temperature, and simple
molecules form.

� Continued contraction, now driven by gravita-
tional collapse causes temperatures to rise.
Molecules break down to atoms, ions, and sub-
atomic particles. The highest temperatures are
in the center of the mass, and it is here that
nuclear burning begins giving birth to a proto-
star (Fig. 2.4).

� The newly-formed star subsequently evolves to
be part of the main sequence of stars. The pre-
cise position on the main sequence depends
upon the mass of hydrogen present in the star.
At this point in its life temperatures in the core
of the star are as high as 107K. Nuclear fusion
takes place within the center of the star and
helium is formed. At higher temperatures,
above 108K, He reacts through nuclear fusion to
form heavier elements such as carbon and oxy-
gen (see Section 2.2.6.1). It is at this stage of
stellar evolution that planetary formation may
take place, although these processes are entire-
ly unrelated to the high pressures and tempera-
tures that ignite the fusion.

� Evidence from open star clusters shows that
with aging stars migrate to the right on a H–R
diagram and eventually convert into a Red
Giant (Fig. 2.4). At this stage two separate ther-
monuclear processes are taking place in both
the core and the shell. Hydrogen burning in the
shell leads to massive expansion of up to 100
times the diameter of the original star.

� The final stage of stellar evolution depends
upon star mass. A star smaller than the sun is
unable to burn He and so ends up as the core of
a Red Giant, which quickly lose its outer layers

to space and fades away as a White Dwarf
(Fig. 2.4). In larger stars, as the core collapses,
temperatures and pressures become high
enough for He to ignite and be converted to C
and O in a supernova, and there is a huge explo-
sion marking the end of their life (Fig. 2.4).
Within the dense supernovae, neutron stars
may form as the extremely dense endpoint in
the life of a star.

2.2.6 The origin of the elements
Stars shine because nuclear reactions take
place in their core. When these reactions take
place there is a slight lowering of the mass of
the nuclei undergoing fusion which is liberat-
ed as energy. It is the fusion process which
gives rise to the formation of the chemical ele-
ments.

2.2.6.1 The processes of element formation
Our understanding of the process of element
formation is based upon the elemental compo-
sition of stars, deduced from optical spectra,
and from the theoretical calculations and
experimental observations of nuclear physics.
From these different lines of reasoning it has
become clear that nucleosynthesis took place
in a variety of different environments.
Although the principal processes of nucleosyn-
thesis take place in stars and supernovae, it is
now also recognized that the nucleosynthesis
of some light elements happened during the
Big Bang, and to a lesser extent through the
interactions between cosmic rays and matter
in interstellar space.

Cosmological nucleosynthesis. The elements
H, and its isotope D, He, and Li were created
in the first few moments of the Big Bang.
These are the essential ingredients of the
cosmos and the starting composition for all
other elements. The ratio of He/H, in terms of
the number of atoms, is about 25% as a
consequence of this event, and although some
additional He has been created in stellar
nucleosynthesis (see below) the ratio in the
Universe as a whole has remained essentially
unchanged since the beginning of time.

Stellar nucleosynthesis. Elements with
atomic masses up to that of iron (56Fe) are
created in stars through a variety of different

36 CHAPTER 2

Roll-02.qxd  10/13/06  2:13 PM  Page 36



reactions, taking place over a wide range of
temperatures.

Hydrogen burning and helium production.
Hydrogen burns in the core of a star to form
4He through either the proton–proton chain
reaction, which takes place at 5 � 106 K or at
higher temperatures (� 20 � 106 K) through
the carbon cycle (the C–N–O cycle) in which
carbon acts as a nuclear catalyst in the
production of He. This process is also known
as the quiescent burning phase of a star and is
a slow process which takes billions of years
and covers much of the life of a star. Our sun
is currently in this phase.

Helium burning to form carbon and oxygen.
As the hydrogen in a star is used up, the star
contracts and its temperature rises to greater
than 108 K. At this stage nuclear reactions take
place which permit the synthesis of the
elements carbon, nitrogen, and oxygen, from
helium. 12C forms from 4He, through what is
known as the triple alpha reaction, and when
sufficient 12C is present, further reaction leads
to the formation of 16O.

Carbon and oxygen burning. When the helium
is almost completely consumed then the carbon
and oxygen can be transformed into elements
with masses up to that of silicon. This takes
place after the stellar core has contracted
further and increased in temperature. In detail
carbon fusion reactions (12C) lead to the
formation of 24Mg, 23Na, and 20Ne at about
6 � 108 K. Oxygen fusion reactions lead to the
formation of 32S, 31P, 31S, and 28Si at about 109 K.

Silicon burning. As carbon and oxygen
burning proceeds the stellar core becomes
enriched in Si and is at temperatures of about
109 K. At these temperatures nuclear reactions
in the stellar core induced by photons lead to
the formation of elements with masses up to
that of iron. Elements heavier than Si cannot
be formed by the process of nuclear fusion
because beyond this point the nuclear reactions
cease to be an energy source. The most
energetic fusion reaction is hydrogen burning;
a lesser amount of energy is produced by 
He-burning, even less from C and O, and

progressively less until Fe is reached at which
point no energy is released at all.

Explosive burning in a supernova. In contrast
to the nuclear reactions thus far described, the
formation of elements beyond the mass 56 (Fe)
consumes energy. This process is that of
neutron capture and involves the absorption of
neutrons by the atomic nucleus. Hence
heavier elements such as silver, gold, or lead
can only be formed in a highly energetic
environment within a star, such as found in a
supernova explosion, because only in this
environment is sufficient energy released to
allow the energy-inefficient process of heavy-
element formation to take place. Supernovae
explosions are the endpoint of large stars and
represent the violent collapse of a Fe-rich
stellar core, during which neutrons, produced
in the core collapse, are captured by other
nuclei. They are built into heavy nuclei,
through rapid neutron capture, up to the
elements Th and U. Hence, the reason that the
heavy elements are so rare is because the
process by which they are formed is rare –
approximately only one in a million stars is
massive enough to go supernovae.

2.2.6.2 The interpretation of solar elemental
abundances
Solar element abundances (Anders & Grevesse,
1989) are plotted against increasing atomic
numbers in Fig. 2.5. These data were obtained
by the optical analysis of the solar spectrum.
Abundances are measured relative to 1 million
silicon atoms on a logarithmic scale.

There are three important observations to
be made from this graph (Fig. 2.5):

First, the graph has an overall smooth trend
from light to heavy elements, indicating that
solar abundances are greatest for light ele-
ments and least for heavy elements. This is
consistent with the discussion above, in which
H and He abundances date from the Big Bang,
and are the starting material from which all
other elements have been built. It is also con-
sistent with the burning of He to form C and
O, and the burning of C and O to form succes-
sively heavier elements.

Second, superimposed upon the smooth
trend is a smaller scale irregularity, such that
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elements with even atomic numbers have
higher abundances than those with odd atom-
ic numbers. This can be explained by the
greater stability of atomic nuclei with paired
neutrons. Thus elements with even atomic
numbers have the greater nuclear stability and
therefore the greater abundance.

Third, some elements have anomalous
abundances. Hydrogen and helium and iron
have anomalously high concentrations. H and
He have been discussed already. In the case 
of Fe this relates to the high binding energy
and associated stability for Fe. The elements
lithium, boron, and beryllium have anoma-
lously low concentrations for they are not 
produced in stellar nucleosynthesis, as already
discussed.

2.3 THE CONDENSATION OF THE SOLAR SYSTEM

The generally accepted model for the origin of
the Solar System is that the Sun formed in a
similar manner to any other medium angular
momentum star, by the collapse of a region of
gas in the interstellar medium. Compression
associated with this collapse gives rise to an
increase in temperature within the nebula and

a small part (2–10%) of the gas condenses and
forms a flattened disk of dust surrounding the
star. This rotating disc of gas and dust is
known as the primitive solar nebula, and it is
from this that the planets and other bodies of
the solar system formed. In this section we
shall consider the processes which led to the
formation of planets from the solar nebula,
concentrating in particular on the formation of
the Earth.

Our knowledge of the state of the primitive
solar nebula in its early stages of development
comes from a number of sources. These
include the observations and calculations
made by astronomers, from the principles of
elemental behavior in planetary systems and
from the study of meteorites and other
extraterrestrial materials.

2.3.1 Evidence from astronomical
observations
Astronomical observations of molecular
clouds and young stellar objects provide the
basis for our understanding of the early solar
system (Cameron, 1995; Alexander et al.,
2001). The first stage in this process is when a
fragment of an interstellar molecular cloud
collapses to form a disk-like nebula, or proto-
planetary disk. This process normally takes

38 CHAPTER 2

Stellar burning

Nuclear fusion

0 20 40 60 80 100

1

A
bu

nd
an

ce
 r

el
at

iv
e 

to
 S

i =
 1

08

10-4

Atomic number (Z)

Solar element abundances

Explosive burning
neutron capture

CosmogenicH

He

C O

Fe

Li

Be

B

10-1

102

104

106

108

1010

1012 FIGURE 2.5 Abundances of elements in
the sun, by atomic number, relative to solar
Si � 106 (Data from Anders & Grevesse,
1989).

Roll-02.qxd  10/13/06  2:13 PM  Page 38



between 106 and 107 years, although if trig-
gered by interstellar shock waves it may be as
short as 105 years.

During gravitational collapse within the
molecular cloud, the adiabatic compression of
gas from the interstellar fragment leads to the
formation of an extremely hot core of gas, the
central protostar. Most commonly, this central
star becomes surrounded by a disk of con-
densed matter, which will become the plane-
tary system. Once such a disk is formed all
matter subsequently accreting to the star is
processed through this disk. As the gravita-
tional collapse of the molecular cloud contin-
ues adiabatic compression leads to the heating
of the cloud, and the highest temperatures in
the solar nebula are reached during this early
stage of its development.

2.3.1.1 Solar nebula evolution
Astronomers recognize four classes (0 to III) of
young stellar objects which can be used to
track the development of the early solar sys-
tem history. These are as follows. Class 0
objects are deeply embedded in their parental
molecular cloud with most of their circum-
stellar mass still in the cloud rather than in
the disk. A particular feature of this stage of
solar nebula evolution is the presence of nar-
row bipolar jets of high velocity gas, which are
ejected outward from center of the disc, per-
pendicular to the midplane. Excellent Hubble
space telescope images of these jets have been
observed on the young star HH30 (Boss, 1998).
These jets continue into the later stages of
nebular evolution and are a source of thermal
energy in the otherwise cooling nebula. This
stage of solar nebula evolution lasts about 
104 years.

Class I objects are characterized by the
build up of material in the disk followed by a
burst of accretion onto the star. It is during
this phase that the protostar acquires its main
mass and grows rapidly over a timescale of
103–105 yr.

Class II objects are T Tauri stars, young
stars with a cool surface but high luminosity,
which lie above the Main Sequence trend on a
H–R diagram, and are identified as protostars
on Fig. 2.4. These stars retain well-developed

dusty discs which typically have a mass of
0.02 solar masses. This stage may last from 105

to several million years. During this stage of
solar nebula development, solar winds direct-
ed radially outward inhibit further accretion to
the sun, and planetesimals and planets begin
to form (Alexander et al., 2001). At this stage
the nebula has lost most of its original (adia-
batic) heat, facilitated by its disk-shape, and
the condensation of water to ice is at the orbit
of Jupiter.

Class III objects are weak line T Tauri stars
(T Tauri stars in which the characteristic
emission lines are only weakly observed in
their optical spectra) and have little or no evi-
dence of a disk. At this stage of solar nebula
evolution, which may last between 3 and
30 Ma, the sun has formed, and the material of
the nebula is being dissipated by solar winds in
the inner part. In the outer part of the nebula
material is dissipated by photo-evaporation
caused by UV radiation from the solar wind. A
positive pressure gradient near the inner edge
of the nebula facilitates planetesimal formation.

Temperatures within the nebula vary over
time and within the midplane of the disc
decrease with distance from the core as shown
in Fig. 2.6. They are also strongly dependent
on the mass of the nebula, expressed as a frac-
tion of the solar mass. The model in Fig. 2.6 is
calculated for nebula masses of 0.02 and 0.04
solar masses (Boss, 1998).

A much cited example of a solar nebula is
the main sequence star Beta Pictoris, which
shows a central core, with a disc of matter
rotating around the core (Fig. 2.7). Beta Pictoris
is thought to be a young star (10–20 Ma old)
showing the early stages of planetary forma-
tion and is “a somewhat messy planetary sys-
tem caught in formation” (Artymowicz, 1997).
It has a large (�1,000 AU) dust-dominated,
thin disk surrounding the central star. The
dust is of a similar composition to that of 
the solar system and contains Mg olivines 
and pyroxenes. There is no evidence of ice.
Scattered light, from within the disk, analyzed
using infrared thermal imaging has identified
particles of all sizes – from the micron and
millimeter scale. This distribution of dust par-
ticles has been used to infer the presence of
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planetesimal belts around the star (Okamoto
et al., 2004; Telesco et al. 2005).

2.3.2 Evidence from cosmochemistry
A rather different approach to understanding
the condensation of the solar nebula came from
the work of the geochemist V.M. Goldschmidt
carried out in the 1920s. Goldschmidt pro-
posed, what has now become, a widely used
geochemical classification of the elements.
This work was in part based upon the study of
meteorites, and so his classification is very 
relevant to the understanding of planetary pro-
cesses.

Chemical elements display different chemi-
cal affinities, explained largely by their differ-
ing electronegativities, and may be classified
into lithophile elements – those with an affin-
ity for silicates and oxygen, chalcophile ele-
ments – those with an affinity for sulfur,
siderophile elements – those with an affinity
for metallic iron, and atmophile elements –
those with an affinity for the gaseous atmo-
sphere. Initially Goldschmidt’s classification
of the elements was helpful in understanding
two rather different subjects – the differences
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FIGURE 2.6 Midplane solar nebular temperatures
(K) calculated for 0.04 and 0.02 solar masses in the
accreting disk, and estimated temperatures from
meteorites and comets, plotted against distance
from the sun, expressed both as astronomical units
(1 AU � Earth–Sun distance) (bottom) and plane-
tary distance (top). The temperatures presented
here are indicative only, as they are dependent
upon the size of the disc and the thermal model
used (after Boss, 1998).
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FIGURE 2.7 Beta Pictoris imaged in 1993,
using the 2.2 m telescope of the Hawaii
University at Mauna Kea. Kalas and Jewitt
(1995) demonstrated that the disk is 
asymmetric, a feature that is often the
result of gravitational perturbations from
planets, although not thought to be the
case in this study.
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TEXT BOX 2.1 A geochemical classification of the elements

Geochemists have their own particular way of
classifying the chemical elements as found in
rocks and minerals.
Major elements are those chemical elements which
make up the principal part of rocks. These are the ele-
ments which make up the main rock-forming miner-
als. They are normally reported as metals, but, since
oxygen is also an important part of the Earth, by con-
vention they are presented as percentages by weight
of the metal oxide. They tend to be listed in the order
– SiO2, TiO2, Al2O3, FeO, MnO, MgO, CaO, Na2O,
K2O, and P2O5. Sometimes structurally bound water
(listed as H2O) may also make up several percentages
by weight of the rock. Major element analyses should
sum to about 100 wt%. A typical set of major element
analyses is given in Chapter 3, Table 3.1.

Trace elements are those elements which do not nor-
mally make up rock-forming minerals in their own
right, and are present at the part per million level
(ppm) or lower. Over the past 50 years methods of
determining the concentrations of trace elements in
rocks have improved dramatically, so that determina-
tions with precision at the parts per billion (ppb,
10�9) level are not uncommon. A typical set of trace
element analyses is given in Chapter 3, Table 3.2.

Minor elements are those elements which have con-
centrations between 1.0 and 0.1 wt%. They include
elements such as Ti, Mn, K, and P. These elements
may behave either as a major element or a trace ele-
ment. For example, K may be present as several wt%
in granite and may be part of a major rock-forming
mineral (K-feldspar). In a basalt however, K may be
present only at the ppm level, substituting for Na in
plagioclase feldspar.

A geochemical classification of trace elements
according to their position in the periodic table

It is useful in geochemistry to recognize partic-
ular groups of elements on the basis of their posi-
tion in the periodic table. This is because their
chemical similarities lead us to expect some simi-
larity in their geochemical behavior in natural sys-
tems. In this text, reference will be made to:
� the noble gases (rare gases or inert gases) Ne,

Ar, Kr, and Xe;
� the lanthanide series, or the rare Earth ele-

ments (REE), as they are more normally known
– elements 57 to 71 – La, Ce, Pr, Nd, (Pm), Sm,
Eu, Gd, Tb, Dy, Ho, Er, Tm, Yb, and Lu;

� the platinum group elements (PGE), Ru, Rh,
Pd (elements 44–46), Os, Ir, and Pt (elements
76–78) and sometimes including Au (79);

� the transition metals, that is, the first transi-
tion series, Sc to Zn, elements 21 to 30.

A geochemical classification of trace elements
according to their behavior during partial melting

During partial melting trace element behavior
is governed by the preference of a particular ele-
ment for its host (a mineral phase) or the melt
phase. Elements which tend to become part of 
the melt are known as incompatible elements, 
and those which prefer to remain in the mineral 
phase are known as compatible elements. In detail
this is governed by relationships between the par-
ticular element and the structure of the relevant
mineral phase. The degree of incompatibility of a
specific element in a particular mineral phase is
expressed as the mineral–melt partition coefficient.
Incompatible elements have mineral–melt partition
coefficients � 1.0 and highly incompatible elements
have partition coefficients �� 1.0, whereas compati-
ble elements have partition coefficients of � 1.0.

A geochemical classification of trace elements
according to their ionic charge and size ratio

Small, highly charged ions behave differently
from large ions with a low charge during geo-
chemical processes. Small highly charged ions
include metals such as Ti, Hf, Nb, and Zr and are
known as the high field strength elements (HFSE).
These are elements which tend to be immobile
when hydrous fluids react with a rock. Examples of
larger ions carrying a low charge are Ba, Sr, and K.
These are known as the large ion lithophile ele-
ments (LILE) or low field strength elements. These
elements tend to be mobile in hydrous fluids.

A geochemical classification of the elements based
upon their electronegativities

Lithophile elements are those which have a
preference for a silicate host, whereas chalcophile
elements have an affinity for sulfur and so will
most frequently be found in sulfides. Siderophile
elements are those which will partition preferen-
tially into a metallic iron phase and so are
enriched in the Earth’s core and in iron meteorites.
Atmophile elements prefer the gaseous phases of
the Earth atmosphere. This classification is dis-
cussed more fully in Chapter 2, Section 2.3.2.

A cosmochemical classification of the elements
based upon the solar condensation sequence
During the condensation of a solar nebula different
mineral phases condense as the nebular tempera-
ture decreases. It is an understanding of this pro-
cess which has led to an appreciation of the
mineralogy of meteorites. Phases which condense
at high temperatures (1850–1400 K) are known as
refractory, whereas phases which cool at lower
temperatures are know as volatile. Highly volatile
phases condense below 640 K (see Section 2.3.2.1).
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between the major meteorite groups (Section
2.3.3.1) and the differentiation of the Earth.

However, Goldschmidt’s scheme only relates
to the condensation of major elements into
mineral phases. As the solar nebula hypothesis
gained credence, it became clear that there are
other element groupings which relate to the
condensation of a high-temperature solar gas.
These are: the refractory elements – those
which formed above the condensation temper-
ature of the Mg silicates and Fe–Ni metal, at
1,300–1,400 K, the moderately volatile ele-
ments – those formed in the range 1,300–670 K,
and the volatile elements – those that formed
below the condensation temperature of FeS, at
670 K (Larimer, 1988). Palme and O’Neill
(2003) have proposed a cosmochemical/geo-
chemical classification of the elements based
on these two elemental groupings (Table 2.1).

2.3.2.1 The solar condensation sequence
The processes of vaporization and condensa-
tion are of major importance in the solar neb-
ula. In order to systematize this process,
Grossman (1972) used thermodynamic equi-
libria to calculate the composition of phases in
equilibrium with a gas with cosmic element
concentrations, at a pressure of 10�3 atm, and
as a function of temperature. This work has
subsequently been developed by others and 
is systematized in Lewis (2004). It is worth
noting that in detail it is likely that the
assumption of equilibrium conditions will not

always apply to the condensation sequence
(Wood, 1988). Nevertheless, observations of
this type are invaluable in providing a first
pass at interpreting the processes of planetary
formation.

The solar condensation sequence may be
described as a series of steps which describe
the formation of phases, and subsequent reac-
tions between phases, during the condensation
of the solar gas (Lewis, 2004). These steps
explain the main sequence of mineral phases
forming in a solar nebula in relation to tem-
perature and distance from the sun (Fig. 2.6).
The temperatures indicated are taken from the
adiabatic curve of Lewis (2004):
1 Formation of the refractory siderophiles.

(The metals W, Os, Ir, and Re – although in
reality concentrations are so low that these
phases do not nucleate.)

2 Formation of refractory oxides (ca. 1,700 K).
(Al, Ca, and Ti oxides such as corundum,
spinel, perovskite, and some silicates. The
phases also include the REEs and U and Th.)

3 Formation of iron–nickel metal (ca. 1450 K)
(also included are the minor elements Co,
Cu, Au, Pt, Ag and may include the
nonmetals P, N, C).

4 Formation of magnesium silicates (ca.
1,420 K) (the principal components are
olivine and Mg–pyroxene).

5 Formation of alkali metal silicates (ca.
1,020 K) (the major component is plagioclase
feldspar).
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TABLE 2.1 A cosmochemical and geochemical classification of the elements based upon their
Lithophile/siderophile/chalcophile affinities and their refractory or volatile character (after Palme and
O’Neill, 2003).

Lithophile (silicate) Siderophile and chalcophile 
(metal and sulfide)

Refractory Al, Ca, Ti, Be, Ba, Sc, V, Sr, Mo, Ru, W, Re, Os, Ir, Pt
(Tc 1,850–1,400 K) Y, Zr, Nb, Ba, REE, Hf, Ta, Th, U, Pu
Main component Mg, Si, Cr, Li Fe, Ni, Co, Pd
(Tc 1,350–1,250 K)
Moderately volatile Mn, P, Na, B, Rb, K, F, Zn Au, As, Cu, Ag, Ga, Sb, Ge, Sn, Se, Te, S
(Tc 1,230–640 K)
Highly volatile Cl, Br, I, Cs, Tl, H, C, N, O, In, Bi, Pb, Hg
(Tc � 640 K) He, Ne, Ar, Kr, Xe

Condensation temperature Tc is at a pressure of 10�4 bars.
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6 Formation of the moderately volatile
chalcophiles at 670 K (FeS, with Zn, Pb, 
and As).

7 Formation of silicates with mineral-bound
OH (ca. 430 K; this group includes the
hydrated silicates – the amphibole tremolite,
serpentine, and chlorite).

8 Formation of ice minerals (ca. 140 K) (to
include water ice, solid hydrates of
ammonia, methane, and rare gases).

9 A residue made up of permanent gases (gases
which under natural conditions will not
condense are H2, He, and Ne).
This condensation scheme provides a valu-

able framework for understanding the mecha-
nisms behind the formation of the different
components found in primitive meteorites and
a basis for understanding the differentiation of
the Earth. Both of these topics are discussed in
subsequent sections of this chapter.

2.3.3 Evidence from Meteorites
Meteorites are extremely important to our
understanding of solar system evolution,
because, in their most primitive form, they are
our most ancient samples of the solar system.
As such they provide valuable information
about the condensation of the solar nebula
from which our solar system formed. Whilst
they represent, to date, our most abundant
sample of extraterrestrial material, we have no

idea how representative this is of the solar
nebula material as a whole.

Meteorites, as rocks produced in a solar
nebula, have formed through a range of pro-
cesses, some of which are quite different from
those observed on Earth. Thus while igneous
differentiation processes and metamorphism
are recognized in meteorites, there also other
processes operating which are not observed 
in terrestrial rocks. These include evaporation
and condensation events related to melting 
in a gas-rich medium (as discussed in Section
2.3.2), impacting events, and metal-silicate
fractionation.

2.3.3.1 Types of meteorite
Meteorites may be subdivided into two main
categories – unmelted meteorites, that is those
which come from a parent body which has not
been fractionated since its aggregation early in
the history of the solar system, and melted, or
differentiated meteorites (Fig. 2.8). Unmelted
meteorites are stony meteorites, the chon-
drites, and are made up of the same silicate
minerals that are found on Earth. Melted
meteorites are of three types. They include
some stony meteorites (the achondrites), the
iron meteorites, whose composition is domi-
nated by a metallic iron–nickel alloy, and
stony-iron meteorites, meteorites which are
made up of approximately equal proportions of
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FIGURE 2.8 Meteorite classification from 
the Natural History Museum of London’s
Catalog of Meteorites, Fifth Edition
(Grady, 2000).
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silicate minerals and iron–nickel metal (Grady,
2000). Melted meteorites have experienced
chemical differentiation during their history
and so do not preserve the most primitive mat-
ter of the solar system. For this reason much of
the discussion which follows will concentrate
on the unmelted, chondritic meteorites.

Chondrites. Chondrites are stony meteorites
and are the most abundant meteorite type
(87% of all meteorites). Their radiometric ages
are around 4.56 Ga and these ages are thought
to define the time when the solar system
formed. Chemically their element abundance
patterns, apart from the very light and/or
volatile elements, are the same as that of the
sun and other stars, and for this reason they
are thought to represent undifferentiated cosmic
matter. Chondrites therefore are thought to
represent the most primitive material in the
solar system. They are the “stuff” from which
all other rocky materials were built.

Chondrites are ultramafic in composition
and contain the minerals olivine, pyroxene,
and metallic iron. They are composed of three
main components (see Fig. 2.9), each of which
represents a different component of primitive
solar nebula material:

� Chondrules – spheroidal ultramafic melt
droplets a millimeter or so in diameter, which
tend to dominate the texture of their host and
from which chondrites take their name.

� CAI’s – refractory inclusions, or Ca–Al-
Inclusions, up to 2 cm across, enriched in Si-
poor, Ca–Al-rich minerals. The most abundant
source of CAIs is the Allende meteorite, which
fell in 1969.

� Matrix – porous, fine grained mineral matter
that fills the space between the chondrules and
CAIs.
Chondrites are subdivided into carbona-

ceous (C), ordinary (O), and enstatite (E) vari-
eties (Fig. 2.8). Carbonaceous chondrites are
volatile rich and contain abundant carbon in
their matrix. Because they have a high volatile
content they are thought to be the most prim-
itive of all chondrites. Within this group there
are a number of varieties named after type
specimens designated CI, CM, CV, etc. An ear-
lier classification used C1 to C3. CI chondrites
are the most primitive meteorites within the
carbonaceous chondrite groups and the most
primitive of all meteorite types. They are the
least chemically fractionated and have the
highest volatile content. Ordinary chondrites,
as their name implies are the most abundant
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EnlargementEnlargement
of CAIof CAI

ChondruleChondrule

CAICAI
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of CAI

Chondrule

CAI

1 cm1 cm1 cm

Photo & Collection
Harald StenlikALLENDE, CV3, MEXICO

FIGURE 2.9 A slice of the Allende mete-
orite showing rounded chondrules, a large
white CAI and a dark (fine grained) matrix.
The inset at the top right shows an enlarge-
ment of a CAI in thin section (from
http://www.meteorite.com/gallery/allende.
htm; photo Harald Stehlik).
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of all chondrites. These are subdivided on the
basis of their iron content. Enstatite chon-
drites are highly reduced meteorites and more
siliceous so that enstatite rather than olivine
is the dominant silicate phase. They are
thought to have formed under different redox
conditions from other chondrites, probably in
a different region of the solar nebula
(Kallemeyn & Wasson, 1986).

Achondrites. Achondrites are stony meteorites
formed by the melting of their parent body.
They are differentiated meteorites which have
lost their original metal content. Generally
they do not contain chondrules. There are a
number of different categories of achondrite
representing melted chondrites, basaltic igneous
rocks, and planetary regolith breccias.

Iron meteorites. Iron meteorites are thought
to be derived from the segregated metallic iron
cores of small planetary bodies, which were
originally a few tens to hundreds of kilometers
in diameter. They demonstrate that metal-
silicate fractionation was a fundamental process
during the evolution of the solar nebula.
Mineralogically they are composed of the
minerals kamacite (Fe–Ni metal with a low
� 7% Ni content), and taenite (Fe–Ni metal
with a high Ni content, 20–50%). Iron
meteorites are subdivided into magmatic irons,
iron meteorites that have solidified by fractional
crystallization from a melt, and nonmagmatic
irons, iron meteorites which do not seem 
to have completely melted. There is also a
chemical classification based upon the
concentration of Ge and Ga (Wasson, 1985).

Stony irons. Stony-iron meteorites are those
which contain equal proportions of silicate
minerals and metallic iron. Pallasites are made
up of olivine and Fe–Ni metal and are thought
to represent samples from the core–mantle
boundary of their parent body. Mesosiderites
are brecciated mixtures of silicates and Fe–Ni
metal.

Meteorites from other planetary bodies. A
small number of lunar meteorites are known.
These include anorthositic regolith breccias,

basalt, and gabbro. Martian meteorites are
identified from their noble gas and oxygen
isotope compositions and are known as SNCs
(pronounced “snicks”) after the three common
types – shergottites, nakhlites, and chassignites.
Probably the most famous Martian meteorite
ALH84001 is in a class of its own and is the
only sample to date of very primitive Martian
crust with a crystallization age of ca. 4.5 Ga.
This meteorite was thought at one time to be
the host to fossilized bacteria (see Chapter 6,
Section 6.1.3.4).

2.3.3.2 The primitive matter of the solar
nebula
Chondrites, the most primitive of all mete-
orites, formed in dynamic energetic, dust-rich
zones in the solar nebula. In this environment,
dust/gas ratios were constantly changing, tem-
peratures fluctuated through 1,000 K, with
multiple cycles of melting, evaporation, con-
densation, and aggregation. In addition there
were influxes of matter from the interstellar
dust and the periodic removal of batches of
chondritic material to small planetesimals. In
this section we explore how the most primi-
tive materials of the solar system were formed
and what they can tell us about processes dur-
ing the condensation of the solar nebula.
These materials include chondrules, refractory
inclusions (CAIs), and amoeboid olivine aggre-
gates (AOAs), the oldest component parts of
chondritic meteorites.

An approach which has been very fruitful in
identifying different regions within the solar
nebula environment is the study of oxygen iso-
topes. Clayton et al. (1976) showed that, on a
three isotope �17O–�18O plot, the different
classes of meteorites defined distinct groups
(Fig. 2.10b). On the basis of these distributions
Clayton et al. (1976) made two very important
observations. First, that chondritic meteorites
have very different oxygen isotope ratios from
terrestrial rocks. Second, that chondritic mete-
orites record the fact that a number of different
processes took place within the solar nebula
(Fig. 2.10). More recently, Clayton and Mayeda
(1999) described in detail the oxygen isotope
chemistry of carbonaceous chondrites and
showed that they lie on a series of mixing 

THE ORIGIN AND DIFFERENTIATION OF THE EARTH 45

Roll-02.qxd  10/13/06  2:13 PM  Page 45



lines (Fig. 2.10). Anhydrous minerals from
CAIs define the carbonaceous chondrite anhy-
drous mixing line (CCAM) with a strongly
16O-enriched end-member. Other chondrites
define hydration–alteration mixing lines along
which there is mixing between a low-tempera-
ture end-member, interpreted to be a 16O-poor
fluid, and one of a number of anhydrous start-
ing compositions.

2.3.3.2.1 Chondrules
Chondrules are the principal constituent of
many chondritic meteorites (Fig. 2.9) and their
formation represents a major, pervasive, high-
temperature process in early solar system his-
tory (see Zanda (2004) for a recent review).
They are made up of silicate, metal, sulfide,

and glass phases and in detail show a wide
variation in chondrule composition, extending
from iron-poor to iron-rich and silica-poor to
silica-rich varieties. Some chondrules are com-
posite and show high temperature rims on
older cores (Kring, 1991).

There are two possible explanations for the
chemical variability of chondules. One empha-
sizes variations in the mix of precursor solids.
In this model compositionally different chon-
drules reflect different starting materials.
Alternatively, chondrules vary in composition
because of the chondrule-forming process, and
record a reaction between chondrules and the
ambient gases. A recent experimental study by
Cohen et al. (2004) showed that chondrules do
in fact vary in composition as a result of open
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FIGURE 2.10 (a) An oxygen isotope plot for
chondritic meteorites showing the two main
meteorite trends, relative to the terrestrial
mass-dependent fractionation (MDF)  trend
(which passes through the oxygen isotope
standard SMOW). The CCAM line (dashed)
represents a mixing line defined by separat-
ed minerals from refractory CAI inclusions.
Amoeboid olivines plot at the lower 16O-rich
end of this line. The aqueous alteration
trend is shown in more detail in (b) below.
(b) A detail of (a) showing the compositional
ranges for the different carbonaceous chon-
drite groups (CI, CH, CR, CO, CM, CK, CV)
and ordinary (O) and enstatite (E) chondrites.
The steep carbonaceous chondrite anhy-
drous mineral line (dashed) is shown to be a
mixture of 16O-rich dust and 16O-poor gas.
The different carbonaceous chondrites are
shown to be the product of the hydrous
alteration (16O-poor, fluid reservoir) of two
different (CH–CR and CO–CK–CM) anhy-
drous components (16O-rich). Data from
Clayton et al. (1976), Clayton and Mayeda
(1999), Fagan et al. (2004) (see Text Box 5.1,
Chapter 5).
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system processes, implying that it is the nebu-
lar environment rather than a difference in
starting material that is the principal control
on chondrule formation. It is likely therefore,
that different chondrule types formed in
regions of different chondrule density, which
in turn experienced different degrees of evapo-
rative loss.

The precise nature of the chondrule-form-
ing event, the “chondrule factory,” is also the
subject of some discussion. Some workers
favor the formation of chondrules by the direct
condensation of the solar nebula gas as a 
melt. Alternatively, chondrules could be the
residues of evaporation. The presence of relict
olivine grains in some chondrules (Jones, 1996)
argues against a simple condensation model
and may imply multiple condensation-evapo-
ration events.

A further important and yet incompletely
resolved matter is the nature of the heating
event in which chondrules formed. The exper-
imental study of Cohen et al. (2004) shows
that chondrules probably formed in a matter of
minutes to hours. This implies a flash heating
process (Boss, 1998), such as might be caused
by shock-heating or lightning strikes in the
solar nebula. If this is the case then chondrule
melting temperatures represent transient tem-
peratures rather than the ambient temperature
of the solar nebula.

2.3.3.2.2 Ca–Al-rich inclusions
CAIs in chondritic meteorites contain the
refractory minerals melilite, spinel, pyroxene,
plagioclase, and perovskite. CAIs formed in a
high-temperature part of the solar nebula,
where temperatures were above the formation
temperature of forsterite (�1,444 K). CAI’s are
commonly found in carbonaceous chondrites,
and more rarely in ordinary and enstatite
chondrites. They are also thought to have
formed through evaporation and condensation
processes in the solar nebula and may be the
product of transitory heating events (Wood,
1988). Oxygen isotope studies show that CAIs
are characterized by an extreme enrichment in
16O indicating that they formed in an unusual
16O-rich environment in the solar nebula, the

origin of which is not resolved (Nittler, 2003).
Mixing trends on an �17O – �18O diagram sug-
gest that there are at least three different pri-
mordial oxygen isotope reservoirs recorded in
the formation of CAIs (Fig. 2.10b, Young &
Russell, 1998; Clayton & Mayeda, 1999). An
important recent observation is that CAIs are
now known to have formed over a very short
time interval (0.05–0.5 Ma) (Bizzarro et al.
2004; Wood, 2004). Wood (2004) has used this
short timescale as constraint to infer that they
must have formed in young stellar objects
with short histories, that is, in stellar objects
of Class 0 or Class I, rather than in the longer
T Tauri stage (see Section 2.3.1.1).

2.3.3.2.3 Amoeboid olivine aggregates
AOAs are irregular objects also found in chon-
drites and are up to 1 mm long. They comprise
granular olivine, intergrown with the refracto-
ry phases diopside, anorthite, and spinel, and
contain grains of Fe–Ni metal. The presence of
olivine indicates that these aggregates formed
in the solar nebula at lower temperatures than
CAIs, at below the forsterite condensation
temperature. However, oxygen isotope studies
by Fagan et al. (2004) show that AOAs have an
identical 16O enrichment to that found in CAIs
(Fig. 2.10). This implies that AOAs and CAIs
formed from the same parcel of gas in the same
nebular region, but their mineralogical differ-
ences suggest that they formed over different
temperature intervals (Fagan et al., 2004).

2.3.3.2.4 The relationship between
chondrules, CAIs, and AOAs
The contrasting mineralogy of CAIs and 
chondrules indicates that they formed at 
different nebular temperatures and perhaps in
different nebular environments. This is con-
firmed by oxygen isotope studies which show
that there are significant oxygen isotope com-
positional differences between chondrules and
refractory CIAs and AOAs. Chondrules from C
and O chondrites also have different oxygen
isotope compositions and appear to have
formed in different nebular environments. In
contrast, CAIs from all chondrite types and
AOAs are isotopically similar and share the
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same range of light-isotopic oxygen rich com-
positions (Guan et al., 2000).

If AOAs and chondrules originally formed
in different nebular environments, how they
subsequently came together in chondrites is 
a problem. CAIs and AOAs, must have formed
in a restricted region within the solar nebula
and were subsequently dispersed and mixed
with chondrules. In part the relationships may
be explained in terms of the timing of their for-
mation, as is being revealed by modern high
precision isotope measurements. For example,
recent Pb isotope studies of chondrules in car-
bonaceous chondrites show that they formed
over a period of about 4 Ma, between 4,563 and
4,567 Ma. CAIs on the other hand are known
from 26Al studies (see Text Box 2.3) to have
formed slightly earlier than, or at the same
time as, chondrules but over a short time
interval of � 0.6 Ma, at 4,567 Ma (Amelin
et al., 2002, 2004; Bizzarro et al., 2004; Haack
et al., 2004). In fact increasingly precise age
measurements of chondrules and CAIs suggest
multiple melting events within very short
time intervals (Krot et al., 2005; Young et al.,
2005).

These results suggest that CAIs and chon-
drules formed in a dynamic solar nebula set-
ting, in which a number of different processes
were operating, which we now categorize as
chondrule formation. It is likely that large
oxygen isotope fluctuations were taking place
at this time with O-isotopes compositions
varying on a scale of months to years.

2.3.3.3 Presolar matter
The study of presolar matter is one of the grow-
ing areas of modern space science. Presolar
grains are of great scientific importance because
they bring stellar material into the laboratory
where it can be directly analyzed and provide
much more stringent tests of models for stellar
evolution and nucleosynthesis than can be pro-
vided by the remote sensing of stellar dust from
observational astronomy. It is thought that
presolar grains formed in red giant stars, of a
type known as asymptotic giant branch (AGB)
stars, and in supernovae (Nittler, 2003).

Presolar grains have been identified in both
chondritic meteorites, and in interplanetary

dust particles (IDPs) collected from the Earth’s
stratosphere. They are identified by their rare
gas isotopic signature which is different from
that which characterizes our solar system.
This unusual isotopic signature implies their
genesis in a different stellar environment, out-
side of the solar system. This previous history
means that these grains formed before the
solar system began, and traversed interstellar
space prior to their incorporation into the solar
nebula. “Each grain is a frozen piece of a single
star which ended its life before the formation
of the solar system” (Nittler, 2003). The grains
are normally extremely small, about 1 �m,
and are only found in meteorites if they are
subjected to extensive acid dissolution – a pro-
cess which has been likened to burning a
haystack in order to find the needle. Even
then, their extrasolar character can only be
recognized after detailed isotopic examination
by ion probe.

2.3.3.3.1 Presolar grains in meteorite residues
Presolar grains are found in carbonaceous
chondrites and include graphite spherules,
organic carbon, nano-diamond, silicon carbide,
and a range of other metal carbides. More
rarely there are grains of silicon nitride and 
the oxides corundum, spinel, and the phase
hibonite (a Ca–Al-oxide) (Nittler, 2003; Zinner
et al., 2003). Phases such as corundum,
hibonite, and spinel are phases which are
expected to condense first in a gas of solar
composition. The presence of these phases as
presolar grains indicates that their stellar
sources have a similar condensation sequence
to that of the solar nebulae outlined in Section
2.3.2.1. In detail, presolar grains tend to 
have very variable isotopic compositions
implying that they have been derived from
many different stellar environments (Zinner
et al., 2003).

2.3.3.3.2 Interplanetary dust particles
IDPs collected in the Earth’s stratosphere 
are of multiple origins. Solar system objects
come in anhydrous and hydrated forms. The
anhydrous, chondritic-porous group are
thought to be the most primitive and least-
processed of all matter in the solar system 
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and are probably of cometary origin. Hydrated
IDPs, on the other hand, are linked to an 
asteroid origin (Keller et al., 2004).

IDPs of presolar origin are also abundant in
stratospheric dust and include silicate-rich 
and carbon-rich grains. Currently the only 
silicates observed are forsteritic olivine and 
a glass embedded with metal and sulfide
(GEMS) (Messenger et al., 2003). Some organic
molecules have a D- and N-isotopic signature
which can only be explained by their origin in
a very low-temperature molecular cloud (Keller
et al., 2004) and provide important insights
into the nucleosynthetic processes which take
place within this environment.

2.3.4 Planetary formation
The final stage in the condensation of a 
solar nebula is that of planetary formation.
Planets are thought to form in a protoplane-
tary disk of the type observed around young
stellar objects such as Beta Pictoris (Section
2.3.1.1). The lifetime of such dust-laden 
protoplanetary disks is of the order of 107

years. Until recently we knew very little about
processes operating in such protoplanetary
disks, and much of what we did know was
drawn from the study of the solar system.
However, the recent discovery of planetary
systems around other stars suggest that our
solar system may not be characteristic of 
planetary systems in general and many 

new advances can be expected in this 
field.

2.3.4.1 The standard model of planetary
formation
Wetherill (1990) has provided the standard
model of planetary formation, based upon the
planetesimal hypothesis. This model states
that planets grow within a circumstellar disk,
via pairwise accretion of smaller bodies known
as planetesimals. It should be noted that the
process of planet formation is a fundamentally
different process from that of star formation.
Stellar formation begins with the process of gas
condensation, whereas planetary formation
begins with the accumulation of solid bodies,
and gas accretion takes place only at a late stage
in some of the larger planets (Lissauer, 1993).

In order to be successful, it is necessary that
the standard model of planetary formation
should explain the main features of the solar
system, in particular the division of the plan-
ets into three main groups – the terrestrial
planets, the giant planets and the outer icy
planets (Table 2.2). In detail the standard
model should also explain the following prop-
erties of the solar system (Lissauer, 1993):
� the coplanar nature and spacing of the plane-

tary orbits;
� the presence of cometary reservoirs in the

Kuiper belt at ca. 40 AU, and beyond in the
Oort cloud, at 10000 AU;
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TABLE 2.2 Physical properties of the planets showing the three groups of planets. The Asteroids lie
between Mars and Jupiter at 2.7 AU.

The terrestrial planets The giant The outer icy planets
planets

Body Sun Mercury Venus Earth Mars Jupiter Saturn Uranus Neptune Pluto

Increasing mean distance from Sun (Earth to Sun � 1.0 AU)
Distance from 0 0.39 0.72 1 1.52 5.2 9.55 19.2 30.1 39.5
the sun (AU)
Mean density (Terrestrial planets � Jovian planets)
Actual Density 1.41 5.43 5.25 5.52 3.95 1.33 0.69 1.29 1.64 2.03
(g cm�3)
Radius (Terrestrial planets � Jovian planets)
Radius 109 0.38 0.95 1 0.53 11 9 4 4 0.18
(Earth � 1.0)
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� the existence of satellite systems for most planets;
� the variation in planetary masses, from the rel-

atively small terrestrial planets to the large
gaseous planets;

� the concentration of the majority of the angu-
lar momentum of the solar system in the plan-
ets, despite these representing only a small
fraction of its total mass;

� the variable bulk compositions of the dense,
refractory, terrestrial planets, the low density
giant planets, and the icy outer planets;

� the existence of the asteroid belt and meteorites;
� the record of dense cratering on most solid

planetary and satellite surfaces.

The processes of cosmochemistry constrain
planetary materials to be one of three types –
gas (hydrogen and helium – the most abundant
elements of the Universe), ice (water,
methane, ammonia, nitrogen – the next most
abundant elements in nucleosynthesis), and
rock – principally made up of Mg–Fe silicates
(Stevenson, 2004). If the standard model of
planetary formation is applied to the forma-
tion of the Earth and the terrestrial planets,
then temperatures in the solar nebula in the
vicinity of the Earth’s orbit would have been
between 500 and 800 K. At these temperatures
rock – Fe–Mg silicates, and Fe–Ni metal would
condense but not water ice. Micron-sized par-
ticles of these minerals would have grown in
series of stages into the present configuration
of planetary bodies as outlined below and sum-
marized in Table 2.3.

2.3.4.1.1 Stage 1. The formation of small
(1–10 km) planetesimals
The first stage of planetary formation involves
the accumulation of micron-sized dust particles

into kilometer-sized, 1012–1018 g, planetesi-
mals, over a timescale of 104 years. Small
grains in the solar nebula settle toward the
midplane of the nebula, where they are buoy-
ant in the radial gas pressure, and accumulate
largely through nongravitational, electromag-
netic forces, such as weak Van der Waal’s bind-
ing energies. Recent observations of
protoplanetary disks has confirmed the exis-
tence of these materials in the “terrestrial
region” of the disk (Van Boekel et al., 2004).

2.3.4.1.2 Stage 2. Gravitational accumulation
of planetesimals into planetary embryos
When planetesimals grow to radii of between
0.1 and 10 km the nongravitational accumula-
tion growth stage come to an end. At this stage
the relative velocities of these larger bodies is
their key property and subsequent processes
become dominated by mutual gravitational
perturbations. Hence there is a transition from
nongravitational accumulation to gravitation-
al accumulation. It is through this process that
planetary embryos, or protoplanets as they are
also called, up to 4,000 km in size (1026–1027 g,
Mercury- or Mars-sized), are formed. Our
understanding of protoplanet formation has
been greatly aided by mathematical simula-
tions, a technique pioneered by Wetherill (1990).
A more recent simulation by Weidenschilling
et al. (1997) found that the distribution of plan-
etesimals within the orbits of Mercury to Mars
reduced to 22 planetary embryos, with masses
of � 1026 g, over 106 years. Together these 
bodies represented 90% of the total mass. The
accretion process ceases when the supply of
suitably sized, locally available material is
exhausted.
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TABLE 2.3 Stages of planetary formation according to the “standard model” (Wetherill, 1990), 
applied to the terrestrial planets.

Stage Final mass (g) Time taken (yr) Main processes

1. Accretion of dust-sized 1012–1018 104 Nongravitational accumulation; particles
particles into planetesimals. coalesce through electrostatic forces
2. Accretion of planetesimals 1026–1027 106 Gravitational accretion aided by 
into planetary embryos runaway growth
3. Accretion of planetary 1027–1028 107–108 Giant impacts
embryos into planets
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2.3.4.1.3 Stage 3. From embryos to planets
The final stage of planetary accretion is 
the accumulation of a few tens of planetary
embryos into a small number of full-sized
planets, 1027–1028 g, over a timescale of 107–108

years. There are two processes which appear to
be important at this stage. The first is the very
high probability of giant impacts between
planetary embryos. The importance of giant
impacts was first postulated by Wetherill
(1990) on the basis of his numerical simulation
experiments. Giant impacting will almost
inevitably lead to planet-scale melting and in
some cases to planetary disintegration (Asphaug
et al., 2006). The second key process in the
final assembly of planets is the dispersion of
the gaseous component of the solar nebula.
This is thought to have happened on the time
scale of 106–107 years (Canup, 2004). The loss
of the gaseous component would reduce the
velocity damping on small objects, which would
in turn reduce their ability to damp the veloc-
ities of the planetary embryos, leading to colli-
sions, and, as indicated above, giant impacts.
The noble gas geochemistry of the Earth’s
mantle indicates that the Earth has retained a
memory of the solar nebular gas (see Chapter 5,
Section 5.2.1.4). This must have been  acquired
in the first 106–107 years of its accretion 
history.

2.3.4.2 The formation of giant (gaseous)
planets
According to the standard model, the giant
gaseous, or Jovian-type planets form in a dif-
ferent manner from the terrestrial planets.
They have a rocky core, a gaseous outer layer,
and may have a middle layer rich in ice, possi-
ble because of their greater distance from the
sun and lower nebular temperature (Fig. 2.6).
Their outer gaseous layer is thought to be 
captured gas from the solar nebula.

Models for the formation of the giant plan-
ets suggest that a rocky planetary embryo of
about ten Earth masses can form rapidly, with-
in 106 years. Once this embryo is established
these massive planetary embryos accumulate
two Earth masses of solar nebular gas over
107 yr (Kortenkamp et al., 2001).

More recently our understanding of the
nature of the giant gaseous planets has been
challenged by the discovery of planetary sys-
tems around other stars (Lissauer, 2002). Many
of these “extrasolar” planets are giant gaseous
planets, but with rather unusual properties, for
many are less than 0.1 AU away from their
parent star, unlike Jupiter’s 5 AU. In part this
is an observational bias given that large giant
planets close to their parent stars are more
readily detectable. Observations of extrasolar,
Jupiter-like planets have led to an alternative
model for their formation, whereby they form
by disc instability, through the rapid (100
years) gravitational collapse of clumps of dust
and gas in the protoplanetary disk (Boss, 2000).
At present however, the consensus seems to
favor the “rocky core” nucleation model
(Stevenson, 2004).

2.4 EARTH DIFFERENTIATION – THE FIRST

EARTH SYSTEM

It is most likely that the Earth formed accord-
ing to the standard model of planetary accre-
tion, as described in the previous section.
Given this assumption, the earliest Earth 
system is likely to have had the following
properties:
� A chondritic composition. The Earth formed

from the primitive materials of the solar nebu-
la, which, apart from the volatile elements, is
identical to that of primitive chondritic mete-
orites. It is likely, therefore, that the initial
bulk composition of the Earth was chondritic.

� The Earth experienced one or more giant
impacts. Given that giant impacting is an
essential part of planetary accretion models for
the terrestrial planets, leading to planet-wide
melting, it is probable that the Earth experi-
enced one or more planet-wide melting events
during its earliest history.

� Formation of a terrestrial magma ocean.
Extensive melting as a result of giant impacts
would lead to the formation of a terrestrial
magma ocean during the Earth’s late accretion
history.

� Extensive melting may have facilitated core
formation. It is probable that during its magma
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ocean stage the Earth differentiated into an
outer silicate mantle and an inner metallic
core.

� The Moon formed through a giant impact. It is
now thought likely that the Moon formed as a
result of a giant impact event. The timing of
this event, its contribution to terrestrial melt-
ing, and the bulk composition of the Earth are
important subjects of current research.
However, the standard planetary accretion

model also raises a number of questions about
the early Earth. For example:
� How do we define the age of the Earth? If the

Earth formed by accretion, over a time period
of 10–100 million years, at what stage of this
process do we attribute the age of the Earth?

� To what extent were the planetesimals and
protoplanets, from which the Earth was built,
already differentiated? Early models for the
formation of the Earth assumed that it formed
from undifferentiated starting materials. This
is not necessarily the case and the Earth may
have formed from protoplanets which already
possessed their own metallic core.

� What sort of early crust formed on Earth? And
is it still preserved? This topic is discussed
more fully in Chapter 3 (Section 3.2.3.5).

Our purpose in this section is to seek an
understanding of the earliest differentiation of
the Earth and how the Earth acquired its large-
scale layered structure of core, mantle, and
atmosphere-oceans. A major result of “plane-
tary thinking” about the early Earth is that we
now recognize that several large-scale features
of the Earth may all be linked to giant impact-
ing events. These include the formation of the
Moon, the existence of a magma ocean, and the
separation of the core. Whether or not these are
all the result of a single event or many is the
subject of some discussion (Kleine et al., 2004).

2.4.1 The formation of the Moon
The standard model for the formation of 
the Moon is the Giant Impact hypothesis
(Stevenson, 1987). This model proposes that a
planetesimal, the mass of Mars (about 15% the
mass of the Earth), collided with the proto-Earth,
at a time after core formation. The impact
generated a huge amount of thermal energy so
that the impactor and part of the Earth were
vaporized, and some of this material coalesced

in an orbit around the Earth to form the Moon.
On cooling it is widely thought that both the
Earth and the Moon went through magma
ocean stages (see Section 2.4.3).

2.4.1.1 Modeling the Giant Impact
Particular insights into the Giant Impact pro-
cess have been gained through the application
of numerical modeling. Melosh (2001) points
out, however, that such an approach is not for
the faint hearted, and that “it has taken
squadrons of physicists nearly 50 years to
come up with computers and three-dimen-
sional computer codes that can adequately
treat the effects of impacts and explosions
under relatively simple conditions.” Over the
past decade or so, numerical solutions to the
Giant Impact event have cycled through the
more and less probable. At present a probable
(and mathematically sophisticated) solution is
proposed by Canup and Asphaug (2001) in
which they find that an impactor, the mass of
Mars (with a mass of ~6 � 1026 g), collided at
an oblique angle with an almost fully formed
Earth to produce an iron-poor Moon. The
impactor has been named “Theia,” after the
mother of the Greek goddess of the Moon
(Halliday, 2000).

In detail, an impact of this type, starting
with two bodies both with iron cores and sili-
cate mantles, would result in a planet sur-
rounded by a disk of former mantle material. It
is from this disk that an iron-depleted Moon
would accrete (Canup, 2004). Models of this
type are proving highly successful inasmuch as
they have the capacity to simultaneously
explain the masses of the Earth and Moon, the
Earth–Moon angular momentum, and the
unusual chemical composition of the Moon.

2.4.1.2 Geochemical tests of the Giant
Impact model
Returned lunar basalt samples presented a few
surprises when their chemical compositions
were first determined, for their chemistry
turned out to be rather different from their ter-
restrial counterparts. Particular chemical fea-
tures of lunar basalts are their strong depletion
in highly volatile elements (Fig. 2.11), and mod-
est depletion of moderately volatile elements,
relative to the Earth’s mantle.
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The Moon also has an unusually low iron
content. Typical inner solar system objects
contain about 30% iron – CI chondrites, for
example contain about 36% iron by mass –
whereas the Moon contains only 13 wt%.
Some of this iron is probably located in the
lunar core, although this will only account for
a small amount of iron, since the lunar core is
small (3–4% of its mass) compared to that of
the Earth. In contrast the more refractory
lithophile elements such as Al are more abun-
dant on the Moon given the thick aluminous
lunar crust (Taylor, 1987).

Jones and Hood (1990) approached the prob-
lem of the lunar composition by assuming that
it had the same composition as the Earth’s
mantle. They showed that if this were the case
then it would also have had a large metallic
core. However, the Moon does not have a large
metallic core and by this logic cannot be made
of the same material as the terrestrial mantle.
A solution to this paradox was proposed by
Kramers (1998) who showed that siderophile
element patterns for the silicate Moon are sim-
ilar to the terrestrial pattern for some ele-
ments but are more strongly depleted for

others (Fig. 2.12). This model suggests that the
Moon formed from an already differentiated
body, but was depleted further during lunar
core formation (Kramers, 1998).

Very high precision oxygen isotope studies
show that, within the limits of analytical
error, the Earth and the Moon have identical
isotopic compositions. Oxygen isotope studies
of meteorites summarized in Fig. 2.10, show
that the inner solar system was isotopically
heterogeneous, and so the Earth–Moon result
implies that the proto-Earth and the impactor
Theia must have accreted at a similar distance
from the sun and grew from a similar mix of
materials (Wiechert et al., 2001). One implica-
tion of this finding is that the chemical differ-
ences between the Earth and Moon described
above may be of a secondary origin, in the
sense that they were produced during the dif-
ferentiation of the Earth, Theia, and the Moon.
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FIGURE 2.11 The ratio of volatile (K, Rb) to
refractory elements (U, Sr) in planetary and solar
system objects (after Halliday & Porcelli, 2001).
The relationships show the volatile depleted nature
of the Moon relative to the Earth and the Moon
and the Earth relative to primitive CI chondrites.
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FIGURE 2.12 Depletion factors for siderophile 
elements in the Earth’s mantle and the Moon 
relative to C1 chondrite, using the median Earth
and Moon values from the compilation of Kramers
(1998) (see Text Box 2.2).
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2.4.1.3 Consequences of a Giant Impact for
the Earth
The likely implications of the Giant Impact
hypothesis for the early Earth are that:
� About 30% of the planet’s mass would be

raised to temperatures greater than 7,000 K, so
that the Earth would be surrounded by a sili-
cate vapor atmosphere. In addition much of the
planet would have been in a molten state.

� The Earth’s atmosphere would have been
volatilized, either at impact or during the
magma ocean stage, although in the case of an
oblique impact, the atmosphere may have con-
densed back again.

� It is also possible that, if the impactor had a
metallic core of its own, this was added to the
Earth’s core immediately following the impact
(Benz & Cameron, 1990).

The Earth however is a dynamic planet,
with a convecting mantle, and identifying evi-
dence for these events in the modern Earth’s
mantle has proved an elusive task, as will be
shown below.

2.4.1.4 The timing of the impact
The oldest rock on the Moon is a clast of fer-
roan anorthosite in an impact breccia which
has a relatively imprecise Sm–Nd isochron age
of 4,562 � 68 Ma (Alibert et al., 1994).
Tungsten isotope measurements (see Section
2.4.2.5) on lunar rocks indicate that the Moon
formed about 30 Ma after the formation of the
solar system (Schoenberg et al., 2002). Halliday
(2004) suggested that the Moon is younger and
formed � 44 Ma to � 54 Ma after the begin-
ning of the solar system, but the consensus
view is that the timescale of planetary accre-
tion was relatively short and that the Moon
formed within the first 30 Ma of the life of the
solar system (Kleine et al., 2002; 2005b; Yin
et al., 2002). In fact the tungsten isotope data
are now sufficiently good to allow us to dis-
criminate between competing impactor mod-
els (Jacobsen, 2005) Kleine et al., 2004 and
confirm the model of Canup and Asphaug
(2001) in which a Mars-sized impactor collided
with an almost fully formed Earth. Thus the
process of terrestrial accretion had ceased by
about 30 Ma and was in fact terminated by the
Moon-forming impact.

2.4.2 Core formation
Geophysical evidence shows that the Earth
has a liquid Fe–Ni–S-alloy outer core with a
thickness of 2,260 km, and a solid Fe–Ni-
alloy inner core, with a radius of 1,215 km.
Temperatures at the top of the core are
thought to be in the range 3,500–4,500 K and
rise to 5,000–6,000 K at the center of the Earth.
There is a mismatch of a few percent between
the measured density of the Earth’s outer core
and that predicted for an iron–nickel alloy at
high pressure. This “core density deficit,” as it
is called, is thought to indicate the presence of
other elements as impurities in the core in
addition to iron and nickel, and this could be the
principal reason why the outer core is molten.
The impurities act as a form of “antifreeze” in
the liquid metal (Stevenson, 1990).

At the present day the Earth’s inner core con-
tinues to grow at the expense of the outer core
and this process generates heat in the modern
Earth. Estimates of this heat flux are not well
constrained and vary from 2 TW to 10 TW
(Labrosse, 2002). The Earth’s magnetic field is
thought to be driven by a geomagnetic dynamo,
which is thought to be governed by thermal
convection in the outer core. The driver for this
thermal convection is not well understood and
could be radioactive heating (if potassium is
present in the core), the cooling of the core, or
the latent heat arising from crystallization at
the inner/outer core boundary. Weak paleo-
intensity measurements of the Earth’s magnet-
ic field have been recorded in rocks as old as
3.5 Ga (Yoshihara & Hamano, 2004).

2.4.2.1 Impurities in the Earth’s core
Birch (1952) demonstrated that the Earth’s liq-
uid outer core is 10% less dense than expected
if it were made up of an iron–nickel alloy. For
this reason one or more light elements are
thought to be present in the core. Although a
core density deficit of 10% has been widely
used in many geochemical studies this value
has recently been revised downwards by
Anderson and Isaak (2002) and is now thought
to be 5.4%.

A suitable light element diluent must be
able to form an alloy with Fe at core pressures,
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TEXT BOX 2.2 Geochemical multielement diagrams

Geochemists use a variety of trace element diagrams
in which to display multielement data. These take a
variety of forms but have some features in common.
Typically a multielement diagram will display a range
of trace elements equally spaced along the x-axis of
the diagram and these will be arranged in a specific
order according to the particular logic of the diagram.
The y-axis will record the abundances of those ele-
ments, and because the abundances are very variable,
they are displayed on a logarithmic scale. Further, the
abundances are normalized to the concentrations pre-
sent in a particular reference material. These reference
materials vary but include chondritic meteorites and
an estimate of the composition of the Earth’s primi-
tive mantle. In other words, the composition of the
rock is compared to that of the primitive, undifferen-
tiated Earth. Three different types of multielement
diagrams will be discussed here.

Rare Earth element (REE) diagrams
The REEs are the lanthanides, elements 57 to 71 (La
to Lu) in the periodic table. They are of particular
interest because geochemically they are very similar.
All carry a 3� charge and they show decreasing ionic
radii from La to Lu. They are expected therefore to
behave as a coherent group and to show smooth, sys-
tematic changes in geochemical behavior through the
series. Hence REE diagrams are plotted to show the
elements of the group in order of increasing atomic
numbers (from La (57) to Lu (71)) from left to right.
REE concentration in rocks are normalized to the 
concentrations in chondritic meteorites and there 
are a number of recommended chondrite concentra-
tions in use. One widely used set of chondritic nor-
malization values is that of McDonough and Sun
(1995) reported in Chapter 3, Table 3.2. The purpose
of this normalization is to compare samples with the
compositions of the original starting material of the
Earth.

Of interest is the extent to which the REE vary
within the group. Where there are trends of increasing
or decreasing abundances within the group the origin
of this “fractionation” is of interest and comparisons
are made between the light (lower atomic number)
and heavy (higher atomic number) members of the
group (Box 2.2 Fig.1). Where single elements have
abundances which are atypical, the origin of these
“anomalies” is of interest.

REE plots have been widely used to understand
magmatic processes in igneous rocks, but have also
been useful in unraveling sedimentary processes and
geochemical exchanges in seawater (see Chapter 5,
Section 5.4.2).

Multi-trace element diagrams
Multielement diagrams are quite variable and care
needs to be taken to identify which set of normalizing
values are being used. Clearly this will vary according
to the purpose of the diagram. Multielement diagrams
have also been known as “spider diagrams”, because
the apparently chaotic abundance patterns that they
sometimes generate resemble the track of a spider
walking through ink!

(a) Primitive mantle-normalized plots
A primitive mantle normalized trace element diagram
appears to use a rather random set of trace elements.

BOX 2.2 FIGURE 1 An REE plot for granitoids
from the Baltic Shield, showing the REEs in order
of their atomic number on the x-axis and concen-
trations, normalized relative to abundances in
chondritic meteorites, shown on the y-axis, using
a log scale. The graph shows that in these rocks
all the REE have higher concentrations than in
chondritic meteorites (all values � 1.0) but that
the light REE (low atomic number, at the left)
have much higher abundances than the heavy
REE (higher atomic number, at the right). The
reason for this “fractionation” is important to
determine.
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TEXT BOX 2.2 (Cont’d)

The series will often start with elements such as Cs or
Rb and end with elements such as Y or Yb, although
there is no definitive element suite for these diagrams.
In this case the elements are not ordered according to
atomic number, instead they are arranged in order of
decreasing incompatibility during mantle melting. In
other words those elements with the greatest prefer-
ence for the melt phase during mantle melting are
plotted to the left of the graph and those with a less-
er affinity for the melt phase to the right (Box 2.2
Fig.2). These preferences are determined from labora-
tory measurements of the partition coefficients of the
respective elements in the main mantle minerals,
weighted according to the proportion of those miner-
als in the mantle. These abundances are normalized to
the concentrations of those elements estimated to
have been present in the Earth’s primitive mantle –
that is the mantle as it was after core formation but

before the formation of the continental crust. A table
of the various estimates of these abundances is given
in Chapter 3, Table 3.2. Hence the purpose of this
normalization procedure is to see how the sample
being investigated differs from the primitive mantle
from which it was originally derived.

(b) Mid Ocean Ridge Basalt (MORB)-
normalized diagrams
An alternative normalization scheme is to use the
composition of average midocean ridge basalts
(MORB). MORB-normalization is often used for vol-
canic arc rocks and altered basalts. In this case the ele-
ments are arranged slightly differently and are ordered
according to their mobility in a hydrous fluid so that
mobile, low field strength elements are plotted to the
left of the diagram and immobile, high field strength
elements to the right (Box 2.2 Fig. 3).
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BOX 2.2 FIGURE 2 A mantle-
normalized multielement plot for
selected trace elements in average
continental crust (five different aver-
ages). The elements are arranged in
order of decreasing incompatibility
during mantle melting. The plot
shows that all the elements shown
are concentrated in the continental
crust relative to the primitive mantle
but that the highly incompatible ele-
ments are highly concentrated (�100)
compared with elements such as Ti
and Y (�3). Understanding this frac-
tionation is important. Also of inter-
est are the anomalies for Pb and
Ta–Nb. For further discussion see
Chapter 4, Section 4.2.2.3.
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BOX 2.2 FIGURE 3 A MORB-normal-
ized plot for typical arc magmas. This
normalization procedure highlights the
differences between fluid-mobile elements
(the low field strength elements) and
immobile elements (the high field
strength elements). Fluid-mobile elements
have higher concentrations than average
MORB, whereas the immobile elements
have (in this case) lower concentrations
than in average MORB. For further discus-
sion see Chapter 4, Section 4.1.2.
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partition into the core in sufficient quantity,
and form an alloy that matches the known
seismic properties and density of the outer
core. Identifying precisely the appropriate light
elements in the core is likely to provide impor-
tant clues to the process of core formation, as
discussed below (Section 2.4.2.4.2). Over the
years a large number of elements have been
proposed as candidates for the light element
contribution in the core, the current con-
tenders being O, Si, and S (Williams & Knittle,
1997). The key lines of evidence in their sup-
port are summarized in Table 2.4.

2.4.2.2 The mechanism of core formation
The principal constraint on the formation of
the Earth’s core is that the Earth must have
been sufficiently molten for metal droplets to
separate and sink through a silicate melt
(Walter & Tronnes, 2004). Experimental studies
show that molten iron alloys cannot migrate
along the grain boundaries of solid silicates
and silicate-metal separation only effectively
takes place in a melt. Given this starting point
a large number of questions arise about the
details of core formation. For example:

� Had the planetary bodies from which the Earth
accreted already melted and so acquired their
own cores?

� In other words, was the equilibration between
silicate and melt primarily a low pressure 
process (in small bodies – planetesimals or 
protoplanets) or a high pressure-high tempera-
ture process in an almost fully accreted 
Earth?

� Did chemical equilibrium exist between the
silicate and metallic components of the early
Earth during core formation?

� For example, if small bodies with metallic
cores merged during accretion did they do so
without equilibration with the silicate man-
tles, or was there large-scale melting and reho-
mogenization?

� To what extent did the Moon-forming impact
drive the process of core formation?

Some consensus is now emerging on the
process of core formation through an explo-
ration of the likely heat sources for the melt-
ing during which silicate and metal can
separate, from geochemical constraints based
upon the siderophile elements, and from our
knowledge of the timing of core formation,
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TEXT BOX 2.2 (Cont’d)

Siderophile element diagrams
The siderophile elements are those which have a
strong affinity for metallic iron. These are the elements
therefore that preferentially partition into the Earth’s
core during planetary formation. Understanding the
distribution of the siderophile element concentration
in the Earth’s mantle can provide important clues
about the origin of the Earth’s core. There are a range
of different siderophile element diagrams using differ-
ent groups of siderophile elements. The features that
they have in common are that they order the
siderophile elements according to their siderophile
affinity. This is normally in order of increasing
siderophile nature from left to right. Concentrations
are normalized according to abundances in chondritic
meteorites (Box 2.2 Fig. 4) (see Section 2.4).
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BOX 2.2 FIGURE 4 A chondrite normalized plot for
siderophile elements in the Earth’s mantle. The ele-
ments are arranged in order of increasing siderophile
affinity from left to right and show decreasing ele-
ment abundances with increasing siderophile charac-
ter, commensurate with core formation.
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based principally upon the study of tungsten
isotopes.

2.4.2.3 Constraints on core formation
2.4.2.3.1 Thermal constraints
Probably the most important source of heat
during the early stages of planetary accretion
was from the decay of short lived isotopes, 
in particular 26Al (Walter & Tronnes, 2004).
Baker et al. (2005) recently reported isotopic
evidence for planetismal melting and differen-
tiation very early in the history of the solar
system, triggered by 26Al decay.

Later in the history of planetary accretion,
impact melting became a more important
source of thermal energy, leading to the creation
of magma oceans. On the Earth, a particularly
important impacting event – the formation of
the Moon – probably led to widespread melting

at about 30 Ma. An extreme impact melting
event, or events, would lead to extensive melt-
ing, homogenization of discrete metal and sil-
icate phases present in the initial accretionary
components, and the formation of a magma
ocean in which silicate and metallic phases
separate, leading to the formation of the
Earth’s core and mantle.

2.4.2.3.2 Geochemical constraints
The siderophile elements provide an impor-
tant control on the processes of core forma-
tion. Siderophile elements are those elements
which have a chemical affinity for metallic
iron (Section 2.3.2) and so might be expected
to concentrate in the core. This is in fact what
is observed, and siderophile element concen-
trations in the mantle are depleted relative to
concentrations in chondritic meteorites, with
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TABLE 2.4 Competing models for the likely light element diluents in a Fe–Ni-rich outer core.

Light element Approximate % Evidence Reference

Sulfur �6 wt% FeS forms eutectic properties with Fe, O’Neill et al. (1998)
S is commonly found in Fe-meteorites
as FeS (Troilite) 2–15 wt%

2–15 wt% Layering absent in outer core Helffrich and
Kaneshima (2004)

�1 % (atomic) Experimental study of Fe–S system Li et al. (2001)
(Inner core) near the pure iron end-member

Oxygen 25–30 mol% High solubility of O in Fe metal. FeO Abe et al. (1999)
Oxygen at core pressure is miscible with Fe. O Alfe et al. (2002)

may be essential for compositional
convection
May imply an oxidized chondritic
starting material
May be a product of reaction with the
mantle through time

�6 � 1 wt% Layering absent in outer core Helffrich and
Kaneshima (2004)

Silicon �0.01 wt% If at low pressure and fO2 Gessmann et al. (2001)
�0.1 wt% High pressure, low fO2 Malavergne et al. (2004)
Up to 17% High pressure – only permissible if

very low fO2

5–7% High pressure – progressive oxidation Wade and Wood
during accretion (2005)

Potassium 250 ppm K and Na concentrations in the silicate Gessmann and
(could account Earth ~20% less than in C1 chondrites. Wood (2002)
for 20% of the Either, lost during accretion
heat production or, due to K extraction into a S-rich
of the core) O-rich Fe liquid in the Earth’s core

Carbon ca. 1% Stable as Fe3C Wood (1993)
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the “missing” component presumed to be in
the core.

However, when calculations are made to
compare the measured siderophile element
depletion in the mantle with the expected val-
ues, there is a mismatch. Using metal–silicate
partition coefficients measured at low pres-
sures and temperatures, it was found that the
depletion is not as great as is expected
(Fig. 2.13). For some elements the depletion is
several orders of magnitude less than that
expected after core formation. This problem,
first noted by Ringwood (1966) for the ele-
ments Ni and Co, and subsequently extended
to other siderophile elements, has become
known as the “excess siderophile problem.”

2.4.2.4 Models of core formation
Explanations of the excess siderophile element
problem have led to a number of different
models of core formation. For example it is

possible that the partitioning of siderophile
elements between silicate melt and metal
alloy was not an equilibrium process. Second,
the assumption that silicate–metal equilibra-
tion took place at low temperatures and pres-
sures may be incorrect, and high-pressure
partition coefficients may be more appropri-
ate. A third possibility is that core formation
was complete before the end of accretion and
that some siderophile elements were added
late in the accretion process of Earth, after the
separation of the core and mantle. In this case
the mantle was “topped up” with a late addi-
tion of siderophile elements.

2.4.2.4.1 The low pressure core segregation
model
Azbel et al. (1993) and Kramers (1998) pro-
posed that core formation began when the
Earth was only 10% formed and took place in
a shallow (6 GPa) magma ocean. In this model,
protoplanets had already formed cores, which,
on impacting, merged without fully equilibrat-
ing with the silicate mantle. Hence siderophile
element extraction from the mantle was an
inefficient process, incompletely scavenging
the siderophile elements. This solution to the
excess siderophile element problem implicitly
accepts that there was not a simple equilibri-
um relationship between the metallic and sili-
cate components of the Earth during core
formation. Kramers (1998) modeled the distri-
bution of siderophile elements on Earth and in
the Moon and showed that there are large dif-
ferences in the extent of depletion from the
modest depletion of weakly siderophile ele-
ments such as V, to a greater depletion of the
moderately siderophile elements (W, Co, Ni,
and Mo) to the extensive depletion of the high-
ly siderophile elements (Au, Re, Ir) (Fig. 2.12).
This pattern is broadly consistent with low
pressure silicate–metal partition coefficients
for the siderophile elements and is the pattern
expected in the Earth’s mantle as a conse-
quence of inefficient metal extraction during
core formation.

However, recent modeling by Canup (2004)
shows that when there is impacting between
bodies with existing metallic cores there will
be a general homogenization of silicate and
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FIGURE 2.13 Chondrite normalized concentra-
tions of siderophile elements in the Earth’s mantle
relative to those expected in the mantle if all the
iron in the Earth’s core had equilibrated with sili-
cate at low pressures and temperature. The
siderophile elements are arranged such that their
siderophile nature increases from left to right (after
Rama Murthy and Karato, 1997).
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melt and the metallic cores will reequilibrate
within a magma ocean.

2.4.2.4.2 The “late veneer” model
The “late veneer” solution to the excess
siderophile element problem proposes that
there was an initial major accretion event dur-
ing which the core formed and siderophile ele-
ments were removed from the mantle to the
core. This was followed by a later stage of
accretion during which more oxidizing materi-
al was added to the Earth, making up about 
7% of the Earth’s mass. This contributed to
the moderately siderophile element budget of
the mantle. Finally, a “late veneer” was added
to the Earth representing about 1% of the
Earth’s mass. Most of the mantle’s highly
siderophile element content was added at this
stage (Newsom & Jones, 1990). The principal
geochemical evidence in support of this model
is that although the degree of depletion of the
highly siderophile elements in the mantle is
extreme (0.5% chondritic), their relative abun-
dances are still chondritic (O’Neill et al.,
1995). More recent measurements by Becker
et al. (2006) find that some highly siderophile
elements in the primitive upper mantle (PUM)
had ratios that are chondritic, whereas others
are suprachondritic. Similar abundances have
been found in lunar impact melt rocks. These
authors argue that the siderophile element dis-
tributions cannot be explained simply by sili-
cate metal equilibration. Instead they suggest
that the highly siderophile element abun-
dances reflect a late impacting event which
affected both the Earth and the Moon and that
on Earth a very early, highly siderophile ele-
ment-enriched crust has been reworked into
the modern mantle.

2.4.2.4.3 The high pressure core segregation
model
Currently, the favored solution to the
siderophile element problem, and the most
popular model of core formation, is that sili-
cate–metal equilibration took place at high
pressures, in a deep magma ocean. Support for
this model comes from very high pressure
experimental studies of trace element partition-
ing, which show that metal–silicate partition

coefficients are greatly reduced at elevated
temperatures and pressures. For example Li
and Agee (2001) show that at high pressures
and temperatures Ni and Co become less
siderophile in nature. Similarly, Chabot and
Agee (2003) show that V, Cr, and Mn deple-
tions in the mantle can be modeled in a high-
temperature magma ocean. A number of
recent studies suggest that the mantle has an
equilibrium siderophile element signature for
liquid metal–liquid silicate partitioning at
30–60 GPa and � 2,000 K, at an oxygen fugac-
ity about 2 log units below that of the
iron–wustite buffer (Chabot et al., 2005).

Experimental results of this type require 
the existence of a magma ocean as much as
1,000 km deep in which the metal–silicate
separation took place. Most recent models of
core formation (e.g. Rubie et al., 2003) require
the percolation of liquid metal through a sili-
cate magma ocean as droplets of “metal rain-
fall.” Rubie et al. (2003) calculate a droplet
diameter of about 1 cm and a settling velocity
of about 0.5 m�1s. Subsequently the metal
droplets accumulate at depth into a metal
layer and descend still deeper as diapirs.
Precisely at which point silicate metal equili-
bration is established is an uncertainty in the
deep magma ocean model (Fig. 2.14).

The deep magma ocean model is also suc-
cessful in explaining the partitioning of light
elements into the Earth’s core. Gessmann
et al. (2001) and Malavergne et al. (2004) have
shown that at high pressures silicon solubility
increases in liquid iron–alloy, although the
oxygen fugacity is an important control. Wade
and Wood (2005) propose a model in which the
oxygen fugacity of the core increases during
accretion by two log units and in which the Si
content is between 5 and 7%.

2.4.2.5 The timing of core formation
Although a number of isotopic systems are
potentially useful as chronometers of core for-
mation the Hf–W isotope system is the one
which is regarded as the most robust
(Jacobsen, 2005). The merits of the Hf–W
chronometer in establishing the time of core
formation are that the isotope 182Hf decays to
182W with a half-life of 9 Ma, so that after
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50 Ma the Hf–W chronometer is dead. This
means that the Hf–W isotopic system is very
useful in dating events that took place within
the first 50 Ma of the life of the solar system.
In addition the elements Hf and W display
very different geochemical behavior making
this isotope system particularly useful for dat-
ing core formation, for Hf is a lithophile ele-
ment, with a tendency to remain in the
silicate mantle whereas W is a siderophile ele-
ment under highly reducing conditions, with a
preference to concentrate in the Earth’s metal-
lic core (see Text Box 2.3).

Measuring W–isotope ratios is currently one
of the most challenging tasks in isotope geo-
chemistry, and over the past few years there has
been great debate over whether or not the Earth
has a chondritic W–isotope ratio. Recently
agreement has been reached that the bulk sili-
cate Earth (BSE) has an elevated Hf/W ratio rel-
ative to chondrites and that Earth’s mantle has
an excess 182W relative to chondrites, indicating
that the Earth’s core formed during the lifetime
of 182Hf (Schoenberg et al., 2002). How early, is
still a matter of dispute, but Yin et al. (2002) and
Jacobsen (2005) provide evidence that the bulk
of the metal silicate separation was complete
before 30 Ma, a result which is consistent with
the rapid growth of the terrestrial planets, that
is, within about 10 Ma of the formation of the
solar system.

A possible alternative to the above model is
that the Earth’s core grew gradually through
the coalescing of the metal cores of planetesi-
mals without fully equilibrating with the
Earth’s mantle. In this case the core formation
age would be average accretion age of the two
objects and would indicate a core segregation
age younger than that of the time of Earth accre-
tion (Jacobsen, 2005). These competing models
can only be evaluated by further computer
modeling of planetary accretion processes.

2.4.3 Was there a terrestrial magma ocean?
The central dilemma over the likely existence
of a terrestrial magma ocean is that whilst
there is abundant circumstantial evidence
from the origin of the Earth’s core and the exis-
tence of the Moon, there is no direct geochem-
ical evidence in the Earth’s mantle that such a
feature ever existed.

Further lines of reasoning which have been
used to infer the existence of a terrestrial
magma ocean are:
� the blanketing effect of a proto-atmosphere 

in which it contributed to the trapping of ther-
mal energy released from impacting (Sasaki,
1990);

� the heat generated during metal-silicate separa-
tion leading to core formation;

� the contribution from short-lived radioactive
isotopes to the overall thermal budget of the
new-born Earth.
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FIGURE 2.14 A generalized model for sili-
cate–metal separation in a deep, turbulent,
convecting terrestrial magma ocean.
Descending metal droplets equilibrate with
silicate melt and pond at the base of the
magma ocean. Diapirs of metal descend to
the growing core through a crystalline or
partially molten lower mantle (after Rubie
et al., 2003).

Roll-02.qxd  10/13/06  2:13 PM  Page 61



Whilst these thermal arguments presented
here do not constitute proof of melting of the
early Earth, they are persuasive. Newsom and
Jones (1990) in their discussion of the evidence
concluded that “there are many good reasons
to believe that the early Earth was very hot.

Some would go as far as to suggest that a 
terrestrial magma ocean was unavoidable.”
Similarly, Abe (1997) argued that “from a 
theoretical point of view it seems difficult to
accrete the Earth without making some type
of magma ocean.”
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Radioactive isotopes with short half-lives of a few
million years are important in helping us to under-
stand the history of meteorites and the earliest stages
of Earth formation. The basic principles here are that
if the lifetime of an isotope is short, it can only have a
memory of the very earliest part of Earth history,
when it was alive. Further, if there is a fractionation
event affecting the parent and daughter elements dur-
ing the lifetime of the isotope, this can be identified in
the measured isotope ratios. There are three isotopes
which are important in studies of the early Earth –
26Al, 182W, and 142Nd and they are discussed below in
order of increasing half-life.

Aluminum-26 (26Al)
The radioactive isotope 26Al decays to 26Mg with a
very short half-life of 7.2 � 105 years, and so 26Al
becomes extinct within a few million years of its 
formation. Some have likened this isotope system to
the “second-hand” on the clock of the Universe. 26Al
was produced by explosions in supernovae early in
the history of the Universe. The discovery of the
excesses of the daughter isotope 26Mg in very early
solar system objects such as CAIs indicates that they
contained 26Al at the time of their formation and so
must have formed within a very short time of the
supernova explosion (see Section 2.3.3.2).

Tungsten-182 (182W)
The Hf–W isotope system (182Hf→ 182W) has a half-
life of 9 Ma and so 182Hf becomes extinct after about
50 Ma.The Hf–W chronometer, therefore, is an impor-
tant tool in understanding processes which took place
within the first 50 Ma of the life of the solar system.

The elements Hf and W are geochemically very
different. Hf is a lithophile element, with a tendency
to remain in the silicate mantle whereas W is a
siderophile element with a preference for the Earth’s
metallic core. Hence the Hf–W isotope system is par-
ticularly useful in dating the time of core formation.
It is important to ascertain whether or not there was
a separation of Hf and W whilst 182Hf was still live,
that is, during the first 50 Ma of Earth history. Such a

separation would imply that W was removed to the
core, whilst Hf remained in the mantle. The logic here
is that chondritic meteorites are the same material as
that from which the primitive Earth was made and so
should show the same Hf–isotope ratios. However, if
there was a fractionation event (e.g. during core for-
mation), whilst 182Hf was alive, then the isotope ratios
will be different. If such a fractionation event can be
identified, then we know it must have taken place
within about 50 Ma of the formation of the solar sys-
tem and so provides evidence of early core formation
(before 50 Ma).

Such an event can be detected from isotopic mea-
surements of 182W, measured as the ratio 182W/183W,
compared to the ratio in primitive chondritic mete-
orites, and expressed in the terminology of ε-182W. It
is now known that Earth’s mantle has an excess 182W
relative to chondrites, indicating that the Earth’s core
formed during the lifetime of 182Hf (Schoenberg
et al., 2002) (see Section 2.4.2.5).

Neodymium-142 (142Nd)
142Nd (not to be confused with the more common
isotope 143Nd) is the product of 146Sm decay and has
a half-life of 103 Ma (see Text Box 3.2, Chapter 3).
142Nd therefore became extinct within the first
400–500 Ma of Earth history. Sm and Nd are both
lithophile elements, and so 142Nd has the potential to
identify very early events in the Earth’s mantle, events
which took place within the first 500 Ma of Earth his-
tory. Taking chondritic meteorites as the reference
point, positive or negative deviations of 142Nd from
the chondritic value, as expressed using the epsilon
notation as ε-142Nd, can be used to assess whether
there was a Sm–Nd fractionation event during the
first few hundred Ma of Earth history.

There are many indications that such an anomaly
exists (Chapter 3, Section 3.2.3.1), the most impor-
tant of which is that described by Boyet and Carlson
(2005), who showed that the chondritic �-142Nd value
is 20 ppm lower than that for terrestrial rocks, imply-
ing a ubiquitous 142Nd anomaly in the Earth’s mantle
and a very early differentiation event in the Earth.

TEXT BOX 2.3 Short-lived radioactive isotopes
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2.4.3.1 Magma ocean – definitions and
scenarios
The term magma ocean describes a layer,
either at the surface of a planet or within its
interior, which is completely or partially
molten. In the case of the early Earth there are
several possible scenarios. First, a distinction
must be made between “transient” and “sus-
tained” magma oceans. Transient magma
oceans are those formed deep in the Earth from
a single large impact which cool and solidify
within a fairly short period of time. Sustained
magma oceans are those surface magma
oceans maintained by the thermal blanketing
effect of a proto atmosphere. Second, there are
“deep” and “shallow” magma oceans, and the
processes of differentiation will be different in
each. In a deep magma ocean differentiation
will be controlled by the fractionation of high-
pressure minerals such as perovskite, whereas
in a shallow magma ocean it will be by olivine
or garnet. Each will leave a different chemical
signature in the residual melt phase. Third, it
is important to identify the melt fraction in a
magma ocean. “Soft” magma oceans are char-
acterized by a high melt fraction and low vis-
cosity, whereas a “hard” magma ocean will
have a lower melt fraction and high viscosity.
A soft magma ocean will experience turbulent
convection such that chemical fractionation
does not take place. A hard magma ocean on

the other hand is more likely to become chem-
ically fractionated, crystallizing from bottom
up. Table 2.5 shows some likely magma ocean
scenarios (from Abe, 1997).

2.4.3.2 Controls on magma ocean formation
The two key controls on the formation of a
magma ocean are the thermal input and the
melting temperature of the planetary material.
The principal thermal controls are the pres-
ence of a blanketing atmosphere and the rate
of delivery and size of the impactors. The blan-
keting atmosphere may be derived from the
gases of the solar nebula, outgassed steam
from the Earth or created by the impacting
event itself (Table 2.5). Thus, even without
impacting a thick thermal blanket can induce
melting at the Earth’s surface. If surface tem-
peratures exceed 2,100 K then melting will
extend deep into the Earth, into the lower
mantle (Abe, 1997).

The melting temperature of the Earth’s
proto-mantle is governed by its initial compo-
sition. Most experimental models assume a
peridotitic composition for the Earth’s mantle
with liquidus temperatures of about 2500 	C 
at 25 GPa. However, if the Earth was undiffer-
entiated and chondritic then the melting 
temperature might be several hundred degrees
lower (Ohtani et al., 1986; Agee, 1997).
Another possibility is that the proto-mantle
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TABLE 2.5 Magma ocean scenarios (after Abe, 1997).

Deep or shallow
Scenario magma ocean Differentiation

1. The Earth forms in a solar nebula, Deep and shallow Shallow turbulent magma ocean with no 
blanketing effect is provided by fractionation.
solar gases Differentiation takes place at lower mantle 

pressures and is affected by high-pressure
minerals such as Mg- and Ca–perovskite

2. The Earth forms in “gas-free” Shallow Upper mantle differentiation.
space, blanketing effect of a steam Differentiated upper mantle material is 
atmosphere buried in the lower mantle during the

accretionary growth of the Earth
3. Giant impact Deep and shallow Chemical differentiation in the lower 

mantle is less likely due to rapid cooling,
unless there is a thick transient atmosphere.
The upper mantle is differentiated
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was originally hydrous. Again, this would sig-
nificantly depress the mantle solidus (Inoue
et al., 2000). A hydrous mantle could have
formed through the interaction of a steam-rich
atmosphere with an early crust and the mixing
of that crust back into the mantle (Sasaki,
1990). Since the solubility of water increases
with increasing pressure it would be possible
to produce a hydrous deep mantle in which a
significant quantity of water was stored
(Righter et al., 1997).

2.4.3.3 Geochemical evidence for a terrestrial
magma ocean
As already noted, one of the paradoxes of the
terrestrial magma ocean is that whilst there
are strong theoretical grounds for believing
that it once existed, there is little evidence
preserved in the Earth’s mantle which might
constitute proof of such a process. In fact, until
recently, the evidence seemed to be to the con-
trary. The present-day mantle does not possess
the physical properties of a once molten mate-
rial (Takahashi & Scarfe, 1985; Ito & Takahashi,
1987), indicating that if it ever was molten, the
record of such an event had been destroyed, in
perhaps a turbulent early mantle (Tonks &
Melosh, 1990; Solomatov, 2000).

A central test in this discussion is whether
or not the magma ocean fractionated and the
record of such a process is preserved in the

Earth’s mantle. The standard accretion model
for the Earth implies a chondritic composition
for the BSE (see Section 2.4.4.1, below).
However, when plotted on a Mg/Si versus
Al/Si ratio diagram the Earth is less siliceous
than chondrite (Fig. 2.16). This problem can 
be resolved if the mantle was originally chon-
dritic, but then fractionated in a magma ocean
into a silica-poor, olivine-rich, peridotitic
upper mantle and a silica-rich perovskite-rich
lower mantle (Agee & Walker, 1988). Figure 2.15
shows the compositions of the upper mantle
phase majorite and the lower mantle phase
Mg–perovskite relative to a chondritic bulk
Earth composition and a peridotitic upper
mantle in Mg/Si–Al/Si space. It is clear from
this plot that it is not possible to produce the
field of mantle peridotite compositions by
majorite fractionation from a chondritic melt.
On the other hand it is possible to produce a
“parental” peridotite by fractionating 10–20
wt% perovskite from a chondrite starting
composition, as proposed by Ito and Takahashi
(1987) and Agee and Walker (1988).

However, it is only recently that there has
been convincing trace element and isotopic
geochemical evidence to support the notion of
a magma ocean. The recent 142Nd isotopic
study of Boyet and Carlson (2005) has shown
convincingly that the Earth experienced a
major differentiation event within 30 Ma of
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FIGURE 2.15 Mg/Si versus Al/Si (wt%)
plot for CI chondrites, majorite, and per-
ovskite. The black arrows show fractiona-
tion trends for majorite and perovskite and
demonstrate that mantle peridotites cannot
be produced from a chondritic starting 
composition by majorite fractionation but
can be by perovskite fractionation. 
(PC – peridotite-chondrite, P – pyrolite
model silicate Earth compositions).
Perovskite and majorite data from Ohtani
et al. (1986), Ito and Takahashi (1987), and
Inoue et al. (2000).
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the formation of the solar system (see Chapter 3,
Section 3.2.3.1). In addition, high-pressure
trace element studies have been found to sup-
port the perovskite fractionation hypothesis
(Caro et al., 2005; Corgne et al., 2005).
Similarly, Walter and Tronnes (2004) reported
a number of nonchondritic elemental ratios in
the PUM, which might be the consequence of
mantle differentiation. These studies show
that the fractionation of a mixture of Mg–per-
ovskite, Ca–perovskite, and ferropericlase can
explain most of the nonchondritic nature of
the upper mantle, and provide important geo-
chemical “clues” to the former existence of a
terrestrial magma ocean.

2.4.4 A chondritic model for the silicate Earth
The most primitive of the chondritic mete-
orites are thought to represent the “raw mate-
rial” from which the Earth and other
terrestrial planets were accreted. These most
primitive chondrites, the CI – carbonaceous
chondrites (see Section 2.3.3.1), are identified
by their high volatile content (they may con-
tain up to 30 wt% of H2O, S, and C). They lack
evidence of thermal processing after their
accretion and so can be treated as the least
altered condensates of the solar nebula. This
view is supported by a plot of element concen-
trations in CI chondrites against concentra-
tions in the solar photosphere. There is a
strong 1 : 1 correlation for all elements except
the gaseous elements (H, He, N, O, and the

inert gases) and carbon which are depleted in
the chondrite.

However, when estimates of the composi-
tion of the silicate Earth are compared with
primitive chondrite compositions there are a
number of important differences. These may
be explained in two ways. One possibility is
that the primitive Earth was constructed of a
chondrite other than CI chondrite, an “Earth
chondrite,” as is argued by Drake and Righter
(2002). In this model there is no single class of
meteorites that equates to an Earth composi-
tion. Alternatively, the processing of nebular
material during planetary formation gave rise
to fractionations which are now apparent in
the Earth. In this latter model the differences
between primitive chondrites and the Earth’s
mantle may be attributed to fractionation 
processes that took place within the solar 
nebula during chondrite formation, fractiona-
tions that took place during the accretion 
process and planetary formation, and fraction-
ations that took place during early Earth dif-
ferentiation, during the magma ocean stage,
and core formation. Each of these possible pro-
cesses is discussed below.

2.4.4.1 Solar nebula fractionations
A candidate for fractionation during solar 
nebula differentiation is the element silicon.
Hart and Zindler (1986) showed that on a
Mg/Si versus Al/Si plot mantle peridotites 
and chondritic meteorites plot on two quite
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FIGURE 2.16 Mg/Si versus Al/Si plot for
meteorites and mantle peridotite samples.
The elliptical shaded area is the field for CI
chondrites. The diamonds are estimates of
mantle composition (see Chapter 3, Table 3.1),
located, as expected, at the intersection
between the mantle trend and the meteorite
trend.
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different trends (Fig. 2.16). These trends inter-
sect at a point with a lower Mg/Si and higher
Al/Si ratio than most mantle peridotites, but
with higher Mg/Si and Al/Si than CI mete-
orites, suggesting that the Earth is Si-deficient
relative to CI chondrites. The implication of
this observation is that different chondritic
bodies had slightly different compositions,
probably related to the preferential accretion
or loss of forsterite (high Mg/Si) in the solar
nebula and that the Earth formed from a Si-
deficient “chondritic” parent. 

An alternative view, and one that has some
experimental support, is that Si was parti-
tioned into the Earth’s core during core forma-
tion (Gessmann et al., 2001). If the Earth’s
metal core contains 7% Si then the bulk Earth
and carbonaceous chondrites have the same
Mg/Si ratios (Palme & O’Neill, 2003).

Further support for solar nebular fractiona-
tion comes from the compilation of Brown 
and Mussett (1993) who showed that the ter-
restrial planets have densities, which when
corrected for their different internal pressure,
vary significantly from that of chondritic
meteorites. In fact Mars with an uncom-
pressed density of ca. 3.7 Mg.m�3 is the only
planet which lies in the chondritic range of
3.4–3.9 Mg.m�3. Earth, Venus, and Mercury
are denser than chondrites and the Earth’s
Moon is less dense. These compositional dif-
ferences are thought to reflect differences in
the Fe/Si ratio between the different planets,
which in turn reflects the fractionation of Fe
from Si in relation to proximity to the Sun,
during the condensation of the solar nebula,
further supporting the view that the silica-
depletion relative to chondrite took place in
the solar nebula.

2.4.4.2 Elements fractionated during Earth
accretion
The ratios of refractory to volatile lithophile
elements are very different between chondrit-
ic meteorites and the silicate Earth. These
fractionations are thought to have occurred
during Earth accretion.

Refractory elements are present in mete-
orites, the Earth, and the other rocky planets
in cosmic abundances and their elemental and

isotopic ratios are effectively constant. In con-
trast, nonrefractory elements show marked
variations in absolute and relative abundances
with respect to each other and with respect to
the refractory elements. This is seen in the
extreme volatile loss of the elements H, He, C,
N, and the noble gases. In addition the alkali
elements (K, Na, Rb, and Cs) are depleted in
the Earth’s mantle relative to chondritic mete-
orites (Fig. 2.11). Concentrations of K and Na
are approximately 20% less than those in
primitive C1 chondrites, although it is possi-
ble that there is a small amount of K in the
Earth’s core (Gessmann & Wood, 2002).

2.4.4.3 Elements fractionated during core
formation
Siderophile element concentrations in the
Earth’s mantle are depleted relative to chon-
drites (Figs. 2.12 and 2.13), most probably as a
consequence of metal–silicate equilibration
during core formation. Os-isotope ratios
ascribed to the PUM are also different from
ratios found in primitive carbonaceous chon-
drites (Meisel et al., 2001), also possibly a con-
sequence of core formation.

2.4.4.4 Summary
The extent to which particular elements 
and isotopic ratios might be expected to be
chondritic in the Earth’s mantle is governed by
the chemical behavior of that element during
the early stages of Earth formation, as shown
in Table 2.6.

2.4.5 The accretion history of the Earth
Defining the “age” of the Earth is a difficult
task, for the age of the Earth may mean a num-
ber of different things. Harper and Jacobsen
(1996) have shown that the age of the Earth
may be defined as either the time the solar sys-
tem began (T0) or as the time at which accre-
tion ended (TE). However, both approaches are
problematical, for the solar system began
before the Earth was formed, and yet the end
of accretion is very difficult to define, since
the accretion process had a long tail. They sug-
gest that a useful compromise is to define a
mean accretion age for the Earth, as the time
when 64% of the planetary mass had accreted.
Here the main events in the accretion 
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history of the Earth are identified. A summary
table is given as Table 2.7.

The formation of the earliest matter in the
solar system.
The oldest matter of the solar system is found
as refractory inclusions (CAIs) and chondrules
in carbonaceous chondrite meteorites. The
oldest refractory inclusions from the Allende
meteorite have been dated at 4,567 Ma
(Amelin et al., 2002) and formed over an inter-
val of less than a million years. T0 therefore is
4,567 Ma. The oldest chondrules formed at the
same time, at 4,567 Ma but their period of for-
mation lasted longer, until about 4,563 Ma
(Amelin et al., 2004; Haack et al, 2004).

The timescale of accretion. Increasingly
evidence suggests that the accretion of the Earth
was rapid and was mostly formed after 10 Ma
and fully formed after 30 Ma (Jacobsen, 2005).

The formation of the Earth’s core. After a
period of some controversy, the most recent
(and self-consistent) Hf-isotope data suggest an
“early” date for the formation of the core.
Given that the core grew over a period of time,
dating the time of formation of the core is the
same problem as dating the time of formation
of the Earth. Halliday (2004) suggests that the

mean accretion age of the core is about 11 Ma
and that core separation was complete by
30 Ma. It is possible that core formation is, on
average, earlier than accretion.

The formation of the Moon. The oldest rocks
on the Moon are dated at 4,562 � 68 Ma.
However, Hf isotope evidence suggests a
formation age of about 30 Ma after the
formation of the solar system by 4,537 Ma. This
event is thought to mark the end of accretion.

The accretion of a late veneer. Whether or not
a late veneer was added to the Earth towards
the end of accretion is not clear. The principal
evidence comes from the elevated siderophile
element chemistry of the mantle. If there was
a late veneer, it had to happen after core
formation. At present the evidence from the
trace element chemistry is ambiguous, because
these data can also be explained by the
formation of the core at high pressures and
temperatures in a magma ocean, or by con-
tinuous core formation with decreasing metal
input. Currently, the best evidence for a late
veneer comes from Os–isotope evidence, where
there is a clear mismatch between the compo-
sition of the PUM and chondrite. However,
even this is uncertain, as is discussed in the
next chapter (Chapter 3, Section 3.2.3.4), for
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TABLE 2.6 Summary of elemental behavior in the silicate Earth relative to chondrites.

Concentration relative to
Element group chondrite Fractionation process

Light gases – H, He, N, and C depleted during planetary accretion
Inert gases depleted during planetary accretion
Volatile lithophile elements – depleted during planetary accretion
Mg, Si, Fe, O, Ni, Na, K, Rb,
Cs, S, Cu, and Pb
Silicon depleted during differentiation of solar nebula
Refractory lithophile slightly enriched or in the core excluded from the 
elements – Ca, Al, Ti, Sc, Sr, core and so ca. 1.6 times chondrite
Ba, Zr, Mo, REE, Hf, Th, U
Weakly siderophile – V weakly depleted core formation
Moderately siderophile moderately depleted core formation
elements – W, Co, Ni, and Mo
Highly siderophile elements – strongly depleted core formation
Au, Re, Os, PGE
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there are a number of different models for the
evolution of Os–isotopes in the Earth’s mantle
over time.

A late heavy bombardment. There is now
good evidence that the Moon experienced 
a period of intense impacting at about
3.8–3.9 Ga, significantly after the normally
accepted end of Earth accretion (Kring &
Cohen, 2002). By inference the Earth must
have experienced this same event, although
attempts to find geochemical evidence of this
event in the Earth’s oldest sediments at 
Isua have been disappointing (Frei & Rosing,
2005).

Isotopic accretion modeling. As already
discussed, the Earth accreted over a period of
time and so defining the “age of the Earth” is
not a particularly meaningful exercise. It may,
however, be even more serious than this, and

may be conceptually wrong, because, by its
very nature, the accretion process is an open
system and thereby violates one of the
fundamental assumptions of geochronology
(Hofmann, 2003). The recognition of this
problem, that accretion is a disequilibrium
process, is giving rise to a new approach to the
chronology of accretion – that of isotopic
accretion modeling, whereby isotopic ratios
are interpreted as part of a dynamic accretion
process (Kramers & Tolstikhin, 1997; Halliday,
2004). Such an approach has to make some
assumptions about the nature of the unseen
accreting material, its similarity or otherwise
to the already formed Earth, about the degree
of mixing, and about the amount of material
lost in the accretion process. Although more
complex, isotopic accretion modeling will
become a more appropriate approach for the
dynamic accretion of the Earth.
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Table 2.7 A chronology for the accretion of the Earth.

Time from T0

Event Time (Ma) (Ma) References

Formation of the solar system (T0) 4567.2 � 0.6 0 Amelin et al. (2002)
(4569.5 � 0.2) Baker et al. (2005)

CAI formation 4567 0 Amelin et al. (2002)
Bizzarro et al. (2004)
Krot et al. (2005)

Chondrule formation 4567–4563 4 Amelin et al. (2002, 2004)
Bizzarro et al. (2004)
Haack et al, (2004)
Krot et al. (2005)

Core formation (Earth 64% formed) 4,556 11 Yin et al. (2002)
4,537 30 Jacobsen (2005)

End of core formation
End of main growth stage 4,557 10 Jacobsen (2005)
End of accretion 4,537 30
Differentiation of the mantle –
predates formation of Moon � 4,537 � 30 Boyet and Carlson (2005)
(see Chapter 3, Section 3.2.3.1)
Moon formation 4,537 30 Schoenberg et al. (2002)
?? Late Veneer Becker et al. (2005)
Oldest terrestrial materials 4,404 163 Wilde et al. (2001)
(see Chapter 1, Section 1.4.3)
Late Heavy Bombardment 3,800–3,900 770–670 Kring and Cohen (2002)
(see Chapter 6, Section 6.3.1)
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3

THE EVOLUTION OF THE 
EARTH’S MANTLE

The Earth’s mantle is peridotitic in composition and
is significantly depleted in silica relative to primitive
chondrites. Seismological evidence shows that the
mantle is layered and can be divided into an upper
and lower mantle, separated by a transition zone at
400–660 km depth. Above the transition zone the
mantle is dominated by olivine and orthopyroxene
with minor garnet and clinopyroxene.The lower man-
tle is made up of phases Mg- and Ca-perovskite and
magnesiowustite. Seismic velocity contrasts between
the upper and lower mantle are thought to reflect the
phase transformations between the two and are not
related to differences in bulk chemical composition.
The lower mantle is separated from the outer core by
the D′′ layer, a hot thermal boundary layer of enig-
matic composition.

For many years it was thought that the lower and
upper mantle were distinct geochemical sources with
minimal mass transfer between the two. On this basis
it had been argued that the mantle convects as two
separate layers. This is now known not to be the case,
for seismic tomographic studies show that subducting
slabs penetrate through the mantle transition zone
deep into the lower mantle.There is now a strong case
for whole-mantle convection, with significant mass
transfer from the upper to the lower mantle. Return
flow from the lower to the upper mantle may be rep-
resented by “superplumes” beneath the Pacific Ocean
and Africa. Estimates of the mass flow out of the man-
tle through basalt melting and into the mantle via
subduction indicate that the whole mantle could have
been replaced over the past 2–3 Ga.

Calculations based on radioactive heat production
show that the Archaean mantle was hotter than the
modern mantle. High mantle potential temperatures
calculated from the ultramafic lavas – komatiites,
common in the Archaean – led to the assumption that
the Archaean mantle was substantially hotter than
the modern mantle. However, the recent proposal
that komatiites are the product of cooler, wet mantle
melting weakens the argument for a very hot
Archaean mantle, and there are now good grounds for
arguing that the temperature of the Earth’s mantle
has declined by only 100–200�C since the mid–late
Archaean.

A study of the radiogenic isotope memory of the
Earth’s mantle clearly shows that the mantle is not an
independent part of the Earth system, nor has it been
for a long time. But rather, it records a history of the
extraction and recycling of both basaltic and conti-
nental crust. Because of the relatively slow mixing
rates and rates of diffusion, compositional hetero-
geneities within the mantle produced by these pro-
cesses may be preserved for �1.0 Ga so that
significant parts of the Earth’s prehistory can be seen
in recent mantle melts. Mantle melts from early Earth
history (basalts and komatiites), therefore, have the
potential to record very early mantle heterogeneities.

It is likely that there is no primitive, undifferenti-
ated mantle still preserved within the Earth’s mantle.
Nd-isotopes indicate that the mantle experienced a
major differentiation event, perhaps as early as 30 Ma
after the formation of the solar system, in which a Fe-
rich basaltic crust formed on a magma ocean and was

The evolution of the Earth’s mantle – the big picture
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The Earth’s mantle is the most important
reservoir within the Earth system. It has a
thickness of about 2,900 km and makes up
67% of the Earth by mass (83% by volume) and
has an actual mass of 4.3 � 1027 g. Our knowl-
edge of the mantle, however, is indirect, for it
is concealed and for the most part inaccessible.
Nevertheless, evidences of mantle activity are
all around us, as described by Harte (1983),

The Earth’s mantle might be likened to some pantheon
of gods. Magnificent displays of power are locally
manifested by volcanoes and earthquakes, whilst on the
other hand an occult influent is detectable everywhere
as a contribution to the heat flow processes at the
Earth’s surface. Any study of major crustal processes
involving magmatism, tectonism, and metamorphism
inevitably ponders the power and processes of the
mantle.

Many decades of effort by geochemists and
geophysicists have yielded a vast wealth of
information about the mantle. These data
allow us to build a picture of the mantle as it
is now and track its evolution back through
geological time.

In the first part of this chapter we shall
examine the structure and composition of the
modern mantle in order to establish how it
works. In so doing we will find tantalizing
clues which relate to the mantle’s earlier his-
tory. It is these clues that we shall explore in
the second part of this chapter and use to 
identify the nature and chemical evolution of
the Archaean mantle. These data are then used
in the third part of the chapter to constrain
models for the Archaean mantle.

A knowledge of how the Archaean mantle
system works will become foundational in
subsequent chapters of this book which deal
with the origin of the continents, oceans, and
atmosphere, for each of these parts of the Earth
system was ultimately derived from the
Earth’s earliest mantle.

3.1 UNDERSTANDING THE MANTLE

In this first section we examine the nature of
the modern Earth’s mantle. We examine its
physical structure, its chemical composition,
and the processes operating within it. This
approach is necessary to a study of the early
Earth, for not only does this provide an insight
into how our planet works but also shows that
the modern mantle contains a history of much
earlier events. We will find that the parts of
the present-day mantle are in fact very old 
and contain an important memory of earlier
Earth events.

Initially we shall explore ways in which we
can obtain information about the modern
Earth’s mantle. This will then provide a firm
foundation for an understanding of the compo-
sition of and processes in the Earth’s mantle as
we find it today.

3.1.1 Constraints on the nature of the modern
mantle
Before we consider in detail what we know
about the Earth’s mantle, first we review 
how we know about the mantle. Here we
review the evidence from seismology, heat
flow measurements, and mineral physics, and
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subsequently buried in the lower mantle and became
chemically isolated. Oceanic basalt extraction and
recycling can be traced back as far as 4.2 Ga, from 
Os-isotopes, but the extraction of the continental
crust only began on a large scale after about 3.0 Ga.
Hence the onset of modern mantle convection is con-
strained to between 4.2 and 3.0 Ga. The recycling of
continent-derived sediment back into the mantle did
not begin until about 2.0 Ga.

There are two schools of thought about the struc-
ture of the mantle. One sees the mantle as chemically
stratified, the other as heterogeneous with “blobs” of

enriched mantle randomly distributed throughout 
a matrix of depleted mantle (the plum pudding
model). A layered mantle might be explained either
by the deeply subducted oceanic crust now located in
the lower mantle, or from the date of the primary dif-
ferentiation of the Earth in a magma ocean. The het-
erogeneous “plum pudding” mantle is thought to have
been produced through the incomplete mixing of
deeply subducted oceanic lithosphere over geological
time. Distinguishing between these different explana-
tions of mantle heterogeneity is an important area for
future research.
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TEXT BOX 3.1 Glossary of terms relating to the Earth’s mantle

adiabatic An adiabatic process is one where no heat is transferred either in or out of the
system. In the mantle melting takes place as a “package” of mantle, with a given
potential temperature, rises. Melting and heating occur because of the process of
pressure release

asthenosphere The asthenospheric mantle is that part of the mantle which is semiplastic and
makes up the convecting upper mantle. The asthenosphere underlies the rigid
nonconvecting lithosphere

bulk silicate Earth The bulk silicate Earth is the composition of the silicate Earth immediately after core 
formation, before the formation of the continental crust. Hence the bulk silicate Earth 
composition (BSE) represents the original homogeneous Earth. The composition of the
BSE is the same as that of the primitive mantle

compatible An element which during mantle melting remains in the unmelted host, rather
element than migrating into the melt
depleted mantle Mantle peridotite from which a basaltic melt has been extracted. This rock would

normally be a harzburgite
dunite A peridotite made up predominantly of the mineral olivine
eclogite A metamorphic rock, often found in the mantle, made up of the minerals (red)

magnesian garnet and (green) sodic clinopyroxene. Many eclogites are
metamorphosed basalts

fertile mantle Mantle peridotite from which a basaltic melt has not been extracted. This rock
would normally be a lherzolite

harzburgite A peridotite made up predominantly of the minerals olivine and orthopyroxene.
Harzburgites are mantle peridotites from which a basaltic melt has been extracted
and so represent depleted mantle

incompatible An element which, during mantle melting, migrates into the melt phase, from its
element original host. There are degrees of incompatibility such that some elements show

a very strong preference for the melt phase. These are the highly incompatible
elements

lherzolite A peridotite made up of the minerals olivine and orthopyroxene with smaller
amounts of clinopyroxene and an aluminum rich mineral such as plagioclase,
spinel or garnet. This gives rise to the rock types plagioclase-lherzolite, spinel-
lherzolite etc. Lherzolites represent unmelted or fertile mantle

lithosphere The mantle lithosphere is that cool, rigid part of the upper-mantle which forms
rigid tectonic plates. It is underlaid by the semiplastic asthenosphere. There are
differences in structure and composition between the suboceanic lithosphere and
the subcontinental lithosphere

kimberlite Kimberlite is an ultramafic rock famous for hosting diamond and is therefore
inferred to have been produced deep in the mantle. Kimberlites also bring to the
surface mantle xenoliths – mantle fragments

mafic rock A rock, such as basalt, which is rich in magnesium (ma) and iron (-fic)
magnesiowustite The mineral (Mg, Fe)O. Also known as ferropericlase. A significant component

of the lower mantle
majorite garnet A high-pressure Mg-silicate mineral found in the mantle transition zone (below

400 km)
normative olivine The amount of olivine present in a rock as calculated from the major element
content chemistry of the rock using a specific set of rules – the (CIPW) normative

calculation. The amount of normative olivine is not necessarily the same as that
observed in the rock. The normative scheme is useful if the rock is very fine
grained or altered

ophiolite A sequence of rocks which include, from top to bottom, pillowed basalts, sheeted
dykes, layered gabbros, and mantle peridotites – which are thought to
represent former ocean floor

partition The coefficient which describes the distribution of a particular element between
coefficient two coexisting phases. An example of a mineral–melt distribution coefficient
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the petrological evidence from ophiolites,
mantle xenoliths, and from mantle melting
experiments that allow us to understand the
nature of the modern mantle.

3.1.1.1 Evidence from seismology
The science of seismology has profoundly
influenced the way we think about the interi-
or of the Earth. From the first estimate of
velocity–depth curves for the Earth, obtained
in the early part of the twentieth century a
clear image has now emerged of the layered
nature of the interior of the Earth. The synthe-
sis of a huge amount of data derived from seis-
mic body-wave travel times for P-waves

(longitudinal waves) and S- waves (transverse-
waves) has provided a profile for the Earth of
changing seismic velocities Vp and Vs with
depth. This profile shows major discontinu-
ities between the crust and mantle, mantle
and core, and the inner and outer core. In addi-
tion less extreme velocity contrasts have
allowed the identification of the mantle tran-
sition zone, located between 410 km and
about 660 km. This zone is marked by a rapid
increase in seismic wave velocity and marks
the transition between the upper and lower
mantle (Fig. 3.1).

At the core–mantle boundary (2,740–
2,890 km) there is a further sharp increase in
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TEXT BOX 3.1 (Cont’d)

would be the distribution of the element Ni between the mineral olivine and a
coexisting basaltic melt. Mineral–melt partition coefficients �1.0 imply that the
element has a preference for the mineral phase; these are the compatible elements.
A coefficient �1.0 implies that the element prefers the melt phase; these are the
incompatible elements.

peridotite The principal rock-type of the upper mantle comprising the minerals olivine and
pyroxene. There are a number of different types of peridotite – see dunite,
lherzolite, and harzburgite

perovskite Magnesian-perovskite (Mg, Fe)SiO3 is a major mineral in the lower mantle.
Ca-perovskite also occurs in the lower mantle

post-perovskite The phase identified in the deep mantle, close to the core–mantle boundary, which
phase represents the very deep transformation of the mineral perovskite
primitive mantle The composition of the Earth’s original mantle, after core formation but before

crust formation. It is synonymous with bulk silicate Earth
serpentinite An ultramafic rock made up of the mineral serpentine, normally produced by the

hydrous alteration of an olivine rich rock such as peridotite
solidus The mantle solidus is the melting curve for the mantle. At a particular depth the

solidus defines the temperature at which the mantle begins to melt. The mantle
solidus is governed by its water content, and so the wet-solidus is at a lower
temperature than the dry solidus

rhenium depletion The time at which melt was extracted from a mantle peridotite. More precisely it
model age is a model age calculated relative to the187Os/188 Os ratio of the BSE, assuming that 

the Re/Os ratio of the sample is zero. Note, however, that BSE reference
values vary

ringwoodite The high-pressure mineral �-Mg2SiO4 (a form of olivine) found in the deep part
of the mantle transition zone. Ringwoodite can contain water in its lattice

ultramafic A rock, such as peridotite which is dominated by dark, iron–magnesium-rich
minerals such as olivine and pyroxene

wadsleyite The high-pressure mineral �-Mg2SiO4 (a form of olivine but with a spinel
structure) found in the mantle transition zone below 400 km. Wadsleyite can
contain water in its lattice

xenolith A mantle xenolith is a fragment of the mantle brought to the surface in a
magmatic rock such as a basalt or kimberlite
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wave velocity. This is the D� (D-double prime)
layer, a hot thermal boundary layer (TBL) pro-
duced by the transport of heat from the Earth’s
core to its lowermost mantle. The D� layer is
also a mechanical boundary layer (MBL) for
convection in the lower mantle (Panning &
Romanowicz, 2004). The D� layer is about
300 km thick and has an approximate mass of
2 � 1026g – that is about 5% of the mass of the
mantle. In detail the nature of this particular
layer in the mantle is poorly understood but of
considerable interest. The D� layer is variable
in thickness, contains discrete discontinuities,
and is thought to contain lateral chemical het-
erogeneities making it significantly different
in composition from the overlying mantle. It
has been suggested that it is the ultimate rest-
ing place for subducted slabs, a “slab graveyard”
(Russell et al., 1998), although other workers

have suggested that the layer is extremely
ancient and formed shortly after accretion
(Tolstikhin & Hofmann, 2005). What is gener-
ally agreed is that the D� layer plays an impor-
tant role in the generation of mantle plumes.

The densities of the different layers within
the Earth can be also be inferred by combining
information from P- and S-body waves with
data from surface wave oscillation periods.
This then permits a density–depth profile to be
constructed for the Earth, the mantle section
of which is shown in Fig. 3.1. These data have
been progressively improved and refined into a
reference model for the Earth showing the
average depth–velocity–density structure of
the Earth. These data were first presented as a
Preliminary Reference Earth Model (PREM –
Dziewonski & Anderson, 1981), the mantle
part of which was subsequently refined by
Montagner and Anderson (1989).

More recent advances in our understanding
of the finer detail of mantle structure have
come through the development of global seis-
mic tomography. Seismic tomography is a way
of making a “body scan” of the Earth’s interi-
or and is analogous to CAT-scans used in
medicine to examine the human body. This
method depends upon very large databases
comprising large numbers of earthquake
waves (both surface and body waves) travers-
ing a particular segment of the Earth’s mantle.
These data represent a dense mesh of waves
which provide the basis for 3-D imaging of
seismic velocities within the mantle. In detail,
the region of interest within the mantle is
divided into sectors 100–200 km on a side, and
for each sector the wave velocities are mapped
as either fast or slow by inverting the travel
time data. This provides an image of the man-
tle in which relative velocities can be mapped.

Cold regions in the mantle tend to be more
rigid and less compressible so that seismic
waves travel faster in these regions. In con-
trast, warm regions are less rigid and less
dense and seismic waves travel more slowly.
In this way warm/cold, more rigid/less rigid
domains in the mantle can be identified and
mapped. Tomographic imaging of this type has
been used to examine the thermal structure 
of the Earth’s mantle as far down as the
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FIGURE 3.1 Density–depth profile for the top
1,000 km of the Earth’s mantle showing the main
mineral phases present in the different layers. (Depth
density data from Montagner & Anderson, 1989.)
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core–mantle boundary. These result are pre-
sented as velocity/temperature maps of the
Earth and are presented either as “slices”
through the Earth along a particular line of
section or as maps of the mantle for a given
depth. The poorest resolution is at about
700 km depth meaning that the upper-mantle
to lower mantle boundary is not well resolved,
and in some cases the base of the subconti-
nental lithosphere is not well resolved. At
shallower mantle levels seismic tomography
has been used to map flow directions in upper
mantle utilizing the different wave velocities
associated with the different crystallographic
orientations of olivine (Fig. 3.2).

3.1.1.2 Mineral phases in the mantle –
evidence from mineral physics
The mineralogy of the mantle changes with
depth as pressure increases. In the case of the
shallow upper-mantle the mineralogy of the
mantle is known from mantle xenoliths (see
Section 3.1.1.5). The mineralogy of the deeper
mantle is known from rare mineral inclusions
in diamond (see Section 3.1.1.5), from experi-
mental studies using multianvil and diamond

anvil techniques, and from theoretical studies
of the bulk mantle composition constrained by
the Vp–Vs- and density data for the deep mantle.

Of particular significance are the density
increases which take place at the upper and
lower boundaries of the mantle transition
zone, at the 410 km and 660 km discontinu-
ities. In the past it has been argued that the
large density increase which takes place at
660 km depth reflects a change in the bulk
composition of the mantle with depth.
However, the present consensus is that the
contrasts can be accommodated simply by
phase changes in the mantle mineralogy. (This
debate has huge consequences for whether or
not the mantle is chemically layered, and is an
important factor in the current debate about
the nature of mantle convection).

The upper part of the upper mantle (see
Fig. 3.1) is made up of the mineral assemblage
olivine (60%) � orthopyroxene (30%) � clino-
pyroxene (5%) � an aluminous mineral (5%).
At the shallowest depths the aluminous phase
is plagioclase, but this changes to spinel at
about 30 km depth (ca. 0.1 GPa) and from
spinel to garnet ca. 75 km (ca. 0.2 GPa). Thus
the upper mantle is made up of plagioclase
lherzolite down to about 30 km, is spinel lher-
zolite from 30 to 75 km, and is garnet lherzo-
lite at depths greater than about 75 km. The
precise transitions between the aluminous
phases are a function of mantle temperature,
bulk composition, and pressure.

Between about 300 and 460 km depth,
pyroxene begins to dissolve in garnet to form
the higher density phase – majorite garnet. 
At about 400 km (14 GPa) olivine also under-
goes a structural change from its low pressure 
�-form to the more dense �-Mg2SiO4 (wadsleyite
– see Fig. 3.1). Both these phase changes repre-
sent a significant increase in density in the
mantle. In the case of the gradual pyroxene to
majorite transition there is an increase in den-
sity of about 10%, whereas in the case of the
more rapid �- to �-Mg2SiO4, there is an
increase in density of about 8%.

At about 500 km depth, within the mantle
transition zone, olivine undergoes a further phase
change from �-Mg2SiO4 to spinel structured
Mg2SiO4 – �-Mg2SiO4 (ringwoodite – Fig. 3.1).

Slow
(warm)

Fast
(cold)

410

660

km

FIGURE 3.2 Tomographic image of the Earth’s
mantle beneath the Japanese Arc, down to the
core–mantle boundary showing the distribution of
slow and fast seismic waves. The wave velocity
distribution also reflects temperature distribution
and shows the penetration of a cold subducting
slab through the transition zone into the lower
mantle (after Fukao et al., 2001).
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This is a more gradual transition than the �- to
�-olivine transition and represents only a
small (2%) density increase. �-olivine has a
structure similar to that of spinel.

At 660 km depth there is a marked increase
in seismic velocities and mantle density
(Fig. 3.1). This discontinuity defines the lower
boundary of the mantle transition zone. Here
�-Mg2SiO4 dissociates to magnesian-perovskite
(Mg, Fe)SiO3 and magnesiowustite – or ferro-
periclase – (Mg, Fe)O, and majorite-garnet
breaks down to form the phase Ca-perovskite
(CaSiO3). Hama and Suito (2001) used the ther-
moelastic properties of these three phases to
calculate that the lower mantle contains
77–83% (molar) magnesian-perovskite, 13–18%
magnesiowustite, and 4–5% Ca-perovskite.
Magnesian-perovskite is therefore the domi-
nant mineral of the lower mantle and so the
most abundant mineral on the planet.

In the region of the core–mantle boundary
Mg-perovskite transforms to a “post-perovskite
phase” (Oganov & Ono, 2004). This phase is
likely to be the dominant phase of the D� layer
and its presence may explain many of the
unusual physical properties of this layer. This
phase transition is exothermic and so this 
discovery also has important implications for
the generation of mantle plumes at the
core–mantle boundary.

3.1.1.3 Thermal structure
Heat flow measured in the Earth’s crust repre-
sents heat which has been transported from
below by conduction. This is a composite of
heat produced in the crust by radioactive
decay and heat transferred from below from
the mantle. Heat production from radioactive
decay comes from isotopes of the elements
potassium (40K), uranium (235U, 238U), and 
thorium (232Th). Calculations based upon aver-
age heat producing element concentrations
indicate that almost 90% of the present heat
outflow of the Earth (ca. 41 � 1012W, Brown &
Mussett, 1993) comes from the mantle. Most
of this heat is lost through the oceanic crust.
There is a problem, however, because geo-
chemical estimates of heat producing element
concentrations in the mantle cannot explain
the heat outflow of the Earth. This observation

requires that a contribution to mantle heat
flow comes from elsewhere. These heat sources
most probably include the solidification of 
the inner core and heat from the primordial
energy of accretion.

Heat flow data provide important con-
straints on mantle models. For example, com-
bined with the heat producing element
content of crust and mantle rocks, and the
physical properties of mantle minerals, they
can be used to constrain the nature of thermal
convection in the mantle. In addition, varia-
tions in the mantle contribution to crustal
heat flow between the continents and oceans
have been used to make inferences about the
nature of the different types of mantle under-
lying continental crust and oceanic crust
(Section 3.1.2 and Chapter 4, Section 4.3.1.2).
Furthermore, heat flow data, combined with
bathymetric measurements, rates of sea-floor
subsidence, and the depth of seismic disconti-
nuities are all a function of mantle tempera-
ture and can be used to estimate relative,
lateral variations in mantle temperature
(Anderson, 2000).

3.1.1.4 Ophiolites and orogenic lherzolites
Petrology also provides useful information
about the Earth’s mantle and the largest man-
tle samples are found in the lower sections of
ophiolite complexes and in orogenic lherzo-
lites. Ophiolite complexes represent obducted
fragments of the ocean floor, now exposed as
thrust slices on continental crust. Mantle
rocks are frequently present as part of the
ophiolite succession, underlying basaltic pil-
low lavas, sheeted dykes and layered gabbros.
In the case of the late Cretaceous ophiolite of
Oman (the Sumail Ophiolite), over 10,000 sq km
of mantle rocks are exposed (Fig. 3.3). However,
even in this huge area, only the uppermost
10–15 km of the mantle is represented.

Nicolas (1989) divided ophiolite complexes
into two main types – the harzburgite type
(e.g. Oman; Bay of Islands, Newfoundland;
Zambales, Philippines) and the lherzolite type
(e.g. Trinity, California; Lanzo, Italy). He pro-
posed that the harzburgite-type of ophiolite
represents oceanic crust created at a fast
spreading ridge and a mantle sequence which
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has experienced a high degree of partial melt-
ing, whereas the lherzolite-type represents
crust formed at a slower spreading ridge and a
mantle section which experienced a lower
degree of partial melting.

A further class of mantle samples are vari-
ously described in the literature as peridotite 
massifs, Alpine peridotites, and orogenic lher-
zolites. They are thought to be slices of mantle
peridotite emplaced into or onto the conti-
nental crust during continental collision but 
they cannot be strictly identified as ophiolite 
fragments.

Ophiolitic mantle therefore provides a great
deal of insight into the uppermost part of the
oceanic mantle and in particular into the pro-
cesses of melt accumulation and melt migra-
tion beneath a midocean ridge. In recent years
new insights have been gained into the process
of melt reaction whereby melts derived at
depth are modified in composition through
reaction with shallow mantle.

3.1.1.5 Mantle xenoliths
If geophysics provides a large-scale picture of
the Earth’s mantle, then xenoliths provide the
detail. This is typical of much of the Earth
Sciences where we have to marry together
large- and small-scale observations. In the case
of the Earth’s mantle, both views are neces-
sary, and yet bringing them together is not
without its difficulties.

Mantle xenoliths are fragments of the
Earth’s mantle, usually a few centimeters
across, brought rapidly from great depths dur-
ing volcanism to arrive at the surface in their
unmodified state. They represent a very
important source of information about the
mantle. They are most commonly found in
kimberlites and alkali basalts. The most abun-
dant xenoliths are from kimberlites, which
sample the deep mantle beneath ancient con-
tinental crust. Alkali basalts sample shallower
mantle from beneath both continents and
oceans. As will be seen below, the mineralogical
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FIGURE 3.3 The Oman ophiolite showing
the different crustal blocks. The mantle 
section is shown in black (after Nicolas
et al., 2000).
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and chemical diversity displayed in mantle
xenoliths adds considerable complexity (and
realism) to the geophysical models of the man-
tle discussed above in Section 3.1.1.1.

3.1.1.5.1 Kimberlite xenoliths
Harte (1983) subdivided the xenoliths found in
kimberlite into peridotites, eclogites, and a
mica-amphibole-rich suite termed the MARID
(Mica-Amphibole-Rutile-Ilmenite-Diopside)
suite. The peridotite group includes garnet
lherzolites, garnet harzburgite, and dunite.
These samples are sometime divided into fer-
tile and infertile (or depleted) varieties indicat-
ing their relative richness or poverty in
basaltic components such as CaO and Al2O3.
Typically garnet lherzolite is fertile mantle
and dunite is infertile. The origin of the eclog-
ite suite is much debated and may be either
ancient subducted oceanic lithosphere or sub-
ducted oceanic lithosphere with a felsic melt
fraction removed. The MARID suite repre-
sents samples which are enriched in elements
such as K, Rb, Ti, Ba, Sr, and Zr. This process
of metasomatism implies a reaction between
peridotite and a migrating melt and often
results in the presence of additional phases
such as amphibole or mica.

The depth of origin and formation tempera-
ture can be calculated for mantle xenoliths

using mineral–chemical equilibria between
the coexisting xenolith phases (Fig. 3.4). In a
series of innovative studies on xenoliths from
kimberlites in northern Lesotho, Boyd and
Nixon showed that when a sufficient variety
in temperature and pressure is recorded from
the xenoliths of a single kimberlite pipe then
it is possible to reconstruct a lithological and
thermal log of the underlying mantle, at the
time of kimberlite emplacement (e.g. Boyd,
1973; Boyd & Nixon, 1975). Studies of this
type show that a typical mantle profile was a
layer of “cold” coarse peridotites underlaid by
“hot” deformed peridotite penetrated with
melt (Harte, 1983). Reconstructions of this
type led to the first serious understanding of
the nature of the mantle beneath old conti-
nental crust.

3.1.1.5.2 Alkali basalt xenoliths
Xenoliths in alkali basalts are most commonly
spinel-bearing peridotites. They have been
divided into two main groups (Frey & Prinz,
1978). Primitive xenoliths have chemical com-
positions which suggest that they have had a
melt extracted from them. Menzies (1983)
showed that this “depleted” character is simi-
lar in alkali basalt xenoliths beneath both 
the oceans and the continents and proposed
that a depleted mantle layer underlies both 
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FIGURE 3.4 Mantle pressure and tempera-
ture conditions, calculated from kimberlite
xenoliths from the Nikos and Jericho kim-
berlites in the Slave Province of the
Canadian shield, indicate that the xenoliths
last equilibrated at depths between 60
and �200 km in the upper mantle. These
xenoliths represent samples of Archaean
subcontinental lithosphere. The data can be
fitted to one of two conductive paleo-
geotherms that correspond to surface heat
flows of either 40 mW/m2 (Jericho kimber-
lite in the center of the craton) or
44 mW/m2 (Nikos kimberlite, marginal to
the craton). Some xenoliths equilibrated in
the diamond stability field (from
Schmidberger & Francis, 1999).
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the oceans and continents. Other xenoliths,
formed in the upper part of the spinel lherzo-
lite field, represent disrupted mantle frag-
ments permeated by melts and illustrate the
complexity of some regions of the upper man-
tle, when examined at this level of detail.
Xenoliths in potassic, ultramafic magmas
from the Ontong Java oceanic Plateau have
been found to come from much deeper in the
mantle. Collerson et al. (2000) reported
majorite, calcium- and magnesium-perovskite
bearing xenoliths in these rocks, which come
from the base of the transition zone.

Just as ultramafic xenoliths from kimber-
lites can be used to build a picture of the deep-
er subcontinental mantle so also can alkali
basalts xenoliths be used to image shallower
mantle – from 30 to 75 km depth. In this way
Sen (1983) and Sen et al. (1993) and Yang et al.
(1998) have used xenoliths to constrain the
processes of partial melting within the ocean
lithosphere (see Section 3.1.4.3).

3.1.1.5.3 Diamond inclusions
Diamond forms a strong and chemically 
inert container which permits samples of the
deep mantle to be brought to the surface with-
out reequilibration. Until recently it was
thought that diamond inclusions were derived
from relatively shallow mantle. However,
Moore and Gurney (1985) identified majorite
garnet inclusions in diamonds from South
Africa. More recently Stachel et al. (2000)
showed that garnets from Guinea contain a
variable majorite component indicating their
derivation from between 250 and 440 km depth.
The deepest mantle inclusions include the
phases periclase, ferropericlase, Mg-perovskite,
and Ca-perovskite and have been widely
reported including samples from Brazil (Harte
& Harris, 1994) and from Guinea (Stachel et al.,
2000). These diamonds come from a range of
depths down to about 1,700 km – deep in the
lower mantle – indicating a very deep origin
for some kimberlites (Hayman et al., 2005).

3.1.1.6 Mantle melts as windows into the
mantle
Many experimental studies have shown 
that basalt is the melting product of mantle

peridotite. This means that even though the
Earth’s mantle is inaccessible, its internal com-
position can be known from its melt products.
Basaltic melts then provide an important
“window” into the Earth’s mantle. Furthermore,
because basaltic rocks are preserved within 
the continental crust from as far back as
3.8–3.9 Ga, they provide a window into the
Earth’s mantle through most of geological
time.

Whilst inferences can be made about varia-
tions in the mineralogy of the mantle with
depth from basalts as the mantle melts, it is
the chemical composition of basalts that is the
most powerful source of information about 
the mantle. In particular, a detailed examination
of the trace element and isotopic characteris-
tics of basalts has revealed a number of differ-
ent basalt types, whose differences can only be
explained if they come from chemically differ-
ent domains within the Earth’s mantle. Basalt
chemistry, therefore, is the prime source of
information about chemical heterogeneity
within the Earth’s mantle. This heterogeneity
is a very important property of the mantle and
one which can only be understood when the
history of the Earth’s mantle is considered
over geological time.

Figure 3.5a shows the difference in trace
element concentrations for an average mido-
cean ridge basalt and an average oceanic island
basalt. The ocean island basalt (OIB) is strongly
enriched in certain trace elements relative to
the ocean ridge basalt. In a similar way
Fig. 3.5b shows the isotopic differences between
a number of different mantle end-member
compositions, thought to be responsible for
the range of basaltic compositions observed in
Nd-isotope-Sr-isotope space (Hart, 1988).

Of course observations of this type provide
only a broad picture of the Earth’s mantle, for
it is likely that the process of basalt melting
takes place over a range of depth intervals 
and that erupted magmas “drain” the melt
products from a broad area of the mantle.
Nevertheless basalt chemistry is a powerful
tool in identifying geochemically contrasting
reservoirs within the Earth’s mantle and pro-
vides the basis for identifying compositional
heterogeneities within the mantle.
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3.1.1.7 Summary
Figure 3.6 illustrates the main contributions 
of geophysical data, ophiolite complexes,
xenoliths, diamond inclusions, and mantle
melts to our current understanding of the
mantle. What is clear from this summary is
that the extent to which we understand the
mineralogy and composition of the Earth’s
mantle decreases with depth, and our only
detailed knowledge is of the upper mantle.

3.1.2 The composition of the Earth’s mantle
Our knowledge of the composition of the
Earth’s mantle is constrained by both theory
and observation. It is widely accepted that the
bulk composition of the Earth is chondritic

(see Chapter 2, Section 2.4.4). Hence, the broad
compositional parameters of the mantle are
set by this model. In addition, the composition
of the upper mantle is constrained from chem-
ical measurements made on xenoliths and
from mantle rocks in ophiolites. Together
these observations indicate that the mantle is
ultramafic in composition and that the upper
mantle is made up of peridotite. Further gross
compositional constraints are provided by
seismic and density data, and from peridotite
melting experiments. Figure 3.7 shows the
nomenclature for ultramafic rocks, expressed
as proportions of olivine, orthopyroxene, and
clinopyroxene, and illustrates the range of
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FIGURE 3.5 (a) Primitive mantle-nor-
malized trace element concentrations
in average MORB and average OIB (see
Text Box 2.2). (b) 143Nd/144Nd versus
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ocean ridge basalt and OIB showing the
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tified by Hart (1988) – DMM depleted
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rock types found as xenoliths and in the man-
tle section of many ophiolite complexes.

Mantle rocks may be classified into those
which are relatively enriched in the elements
Ca, Al, Ti, and Na and those which are not.
Lherzolites are “enriched” peridotites and are
thought to be mantle rocks which have not
melted and are known as “fertile” mantle –
mantle from which a basaltic melt has not
been extracted. Typically they contain a few
percent of clinopyroxene and an aluminum-
rich mineral (plagioclase, spinel, or garnet) in
addition to the statutory olivine and orthopy-
roxene. Mantle which has experienced melt
extraction is known as “depleted” mantle and
has lower concentrations of the elements Ca,
Al, Ti, and Na. This type of mantle is repre-
sented by the rock types harzburgite (peridotite
without clinopyroxene and an aluminous
mineral) and dunite. The relationship between
a fertile mantle lherzolite, depleted mantle
harzburgite/ dunite and a basaltic melt is 
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illustrated on the TiO2–Al2O3 plot shown in
Fig. 3.8.

3.1.2.1 The major element composition of the
mantle
Estimates of the chemical composition of
Earth’s mantle normally refer to the composi-
tion of the Earth’s mantle as it existed imme-
diately after core formation but before the
extraction of the continental crust. This com-
position is known as the bulk silicate Earth
(BSE) or the Primitive mantle and is an impor-
tant reference composition for the study of 
the mantle.

Estimating the composition of the Bulk
Silicate Earth is strongly dependent upon an
appropriate model for the origin of the Earth
and accordingly involves a number of assump-
tions. These are, that for nonvolatile elements,
the Earth has a CI chondritic composition, the
mantle is homogeneous, that the upper and
lower mantle have the same composition, and
that the Earth’s core is a Fe–Ni alloy with the
addition of 10–15% light elements (Allegre
et al., 1995).

3.1.2.1.1 Chondritic model
A chondritic model for the Earth’s mantle is
usually based upon the composition of CI
chondrites, adjusted for the loss of volatile ele-
ments and for the separation of the siderophile
elements into the core. This leads to a mantle
composition which is enriched in refractory
lithophile elements by about 1.5 times the CI
chondrite value. There are however difficulties
with the chondritic model because CI chon-
drites and the Earth have different Mg/Si ratios
(Fig. 3.9), as was discussed in Chapter 2
(Section 2.4.4). Some authors believe that this
difference is original and dates from processes
within the solar nebula indicating different
evolutionary histories between the two. If this
is true then CI chondrites are not an appropri-
ate starting composition for the composition
of the bulk Earth and alternative models have
to be considered.

3.1.2.1.2 Peridotite-chondrite models
Rather than assuming a composition for the
mantle, its composition may be estimated 
by directly measuring the composition of 
mantle samples. The biggest difficulty here is

THE EVOLUTION OF THE EARTH’S MANTLE 81

FIGURE 3.8 TiO2–Al2O3 plot showing how fertile
lherzolite melts to produce basalt (enriched in TiO2
and Al2O3), leaving a harzburgite residue (depleted
in TiO2 and Al2O3), after Brown and Mussett (1993).
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identifying the most appropriate samples. In a
novel approach Jagoutz et al. (1979), and Hart
and Zindler (1986) showed that on a Mg/Si ver-
sus Al/Si plot, mantle peridotites and chon-
dritic meteorites plot on two quite different
trends (Fig. 3.9). These trends indicate two very
different chemical processes. In peridotites the
geochemical fractionation is a consequence of
melt extraction, whereas in chondrites it is
related to processes operating in the solar neb-
ula (See Chapter 2, Section 2.4.4.1). The two
trends intersect at a point with a lower Mg/Si
and higher Al/Si ratio than most mantle peri-
dotites, but with higher Mg/Si and Al/Si than
CI chondrites, suggesting that the Earth is 
Si-deficient relative to CI chondrites. This
method permits an independent estimate of
the composition of a BSE composition prior to
mantle differentiation.

Allegre et al. (1995) challenged the approach
of Jagoutz et al. (1979) and Hart and Zindler
(1986) by suggesting that the Earth’s apparent
Si deficiency is not primary, but that Si

entered the Earth’s core during the earliest
stages of planetary differentiation (see Williams
& Knittle, 1997 for a different view). They 
proposed an alternative means of calculating
mantle compositions without dependence
upon Si-ratios, although their result for major
elements is very similar to that of Jagoutz
et al. (1979), and Hart and Zindler (1986) – see
Table 3.1.

3.1.2.1.3 Pyrolite models
Pyrolite models for the mantle are based 
upon the assumption that the composition of
the mantle can be calculated by “reconstitut-
ing” the mantle from depleted mantle residues
plus basaltic melt. The method was first pro-
posed by Ringwood (1962), who showed that
his model agreed well with heat flow data, 
and with the composition of carbonaceous
chondrites minus a core component (Ringwood,
1966). More recently McDonough and Sun (1995)
have used a similar approach. These authors
examined a suite of fertile mantle peridotites,
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TABLE 3.1 Major element compositions of the Earth’s mantle as calculated by the different models 
discussed in the text.

Chondrite model Pyrolite model Peridotite–chondrite model

Bulk silicate
CI Chondrite Earth based on
volatiles and CI LOSIMAG (CI
siderophile Carbonaceous bulk silicate
elts removed Chondrite – Earth, but with
(Hart & Taylor and McDonough Pyrolite Allegre Jagoutz low Si and Mg)
Zindler, McLennan and Sun (Ringwood, et al. et al. – Hart and
1986) (1985) (1995) 1991) (1995) (1979) Zindler (1986)

SiO2 49.52 49.90 45.00 44.76 46.12 45.15 45.96
Al2O3 3.56 3.65 4.45 4.46 4.09 3.97 4.06
FeO 7.14 8.00 8.05 8.43 7.49 7.82 7.54
MgO 35.68 35.15 37.80 37.23 37.77 38.31 37.78
CaO 2.82 2.90 3.55 3.60 3.23 3.50 3.21
TiO2 0.16 0.16 0.20 0.21 0.18 0.22 0.18
Cr2O3 0.41 0.44 0.38 0.43 0.38 0.46 0.47
Na2O 0.29 0.34 0.36 0.61 0.36 0.33 0.33
K2O 0.03 0.02 0.03 0.03 0.03 0.03 0.03

Weight ratios
Al/Si 0.081 0.083 0.112 0.113 0.100 0.100 0.100
Mg/Si 0.930 0.909 1.084 1.073 1.057 1.095 1.061

Atomic ratio
mg# 0.90 0.89 0.89 0.89 0.90 0.90 0.90
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screened to eliminate samples which had
experienced melt extraction and melt enrich-
ment but found that even the most apparently
fertile peridotites have experienced some melt
loss. Their estimated composition for the sili-
cate Earth is given in Table 3.1.

3.1.2.1.4 Composition of the lower mantle
A variety of compositions have been proposed
for the lower mantle including almost pure
perovskite, chondrite, and pyrolite. However,
most models of the Earth assume that the
upper and lower mantle have the same compo-
sition. Recent attempts to directly estimate
the composition of the lower mantle have
used best-fit curves of the thermoelastic 
properties of the Earth to a PREM model 
mantle made up of the phases Mg-perovskite, 
Ca-perovskite, and magnesiowustite. The recent
calculations by Li and Zhang (2005) indicate 
a pyrolitic composition for the lower mantle,
with Mg/Si atomic ratios between 1.29 and
1.39, slightly higher than those for the pyrolite
models in Table 3.1 (Mg/Siatomic � 1.24–1.25).

3.1.2.2 The trace element composition 
of the Mantle
A number of estimates have been made of the
trace element content of the Earth’s mantle.
These are based on trace element concentra-
tions in midocean ridge basalts, OIBs (see
Fig. 3.5a), arc basalts, and continental basalts,
and these are explored more fully later in this
chapter.

In addition estimates of the composition of
the trace element content of the Bulk Silicate
Earth/ Primitive mantle have been made by a
number of authors. These are summarized in
Table 3.2.

3.1.2.3 The volatile content of the mantle
The presence of volatiles in the Earth mantle
is not only of petrological interest but has 
profound implications for the evolution of 
the Earth’s atmosphere. In fact “the role of
volatiles is so central to the thermal, petrolog-
ical, climatological and biological evolution of
the Earth that one cannot properly address the
Earth as an evolving coupled system without
the careful integration of volatiles” (Pollack,
1997). Hence this initial discussion of the

volatile content of the mantle is a topic to
which we will return later, in Chapter 5
(Section 5.1), when we consider the origin of
the Earth’s atmosphere and oceans.

The two volatiles central to processes in 
the modern Earth are water and carbon. Water
has a profound effect on the properties of the
Earth’s mantle. In particular it influences the
melting temperature of the mantle and its 
viscosity. Water, as an agent of hydrolytic
weakening is thought to be the primary driver
behind the longevity of plate tectonics on the
Earth (Regenauer-Lieb and Kohl, 2003). The
presence of water in the Earth’s mantle also
has a marked effect on mantle melting. Asimow
and Langmuir (2003) recently showed that wet
melting at a midocean ridge (see Section 3.1.4,
below) increases the total melt production,
giving rise to thicker crust and extends the
depth of the melt column into the mantle.

The exact amount of water present in the
Earth’s mantle is the subject of some debate,
but recent estimates suggest that it is in the
range 6–9 � 1024 g (Ohtani, 2005).

Estimates of the carbon content of the Earth
indicate that it too is a major component of
the Earth’s volatile budget. Tingle (1998) esti-
mated that the primordial carbon content of
the Earth was between 1024 and 1025 g. This is
many orders of magnitude greater than the
total carbon at the Earth’s surface, and even
allowing for carbon stored in the Earth’s core
implies that the mantle is a huge carbon reser-
voir. Precisely locating this carbon, however,
is more difficult and this topic is discussed
more fully in Chapter 5, Section 5.1.2.

3.1.3 Lateral variations in the Earth’s upper
mantle
The upper mantle can be divided into a strong
upper layer – the lithosphere and a weaker,
deeper layer – the asthenosphere. The litho-
sphere reacts to stress as a brittle solid and
forms the rigid plates of the Earth’s surface. 
In contrast the asthenosphere is a relatively
weak layer which deforms by creep and is the
zone within the upper mantle in which con-
vection takes place. The thickness of these
two layers varies greatly between the conti-
nents and the oceans giving rise to significant
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lateral variations in the upper 200–300 km of
the Earth’s upper mantle.

3.1.3.1 Suboceanic lithosphere
The distinction between oceanic lithosphere
and asthenosphere is defined thermally.
Oceanic lithosphere is created at a ridge, then
cools by conduction and increases in thickness

until it reaches an age of 70 Ma, at which point
it has reached a maximum thickness of 120 km.
In contrast, the asthenosphere is a well-mixed,
convecting adiabatic layer. Apart from the
uppermost part of the mantle which is compo-
sitionally modified by melt extraction, the
asthenosphere converts to lithosphere by cool-
ing, with no compositional change.
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TABLE 3.2 Trace element concentrations in the Primitive Mantle in ppm, arranged by atomic number.

Jagoutz Hofmann Sun and McDonough McDonough CI chondrite values of
et al. (1998) McDonough et al. (1992) and Sun McDonough and Sun

Z (1979) (1989) (1995) (1995)

3 Li 2.070 1.600 1.600 1.500
4 Be 0.068 0.025
15 P 95 90 1080
19 K 260 258 250 240 240 550
21 Sc 17.000 14.880 17.300 16.200 5.920
22 Ti 1300 1084 1300 1205 440
23 V 77 82 56
24 Cr 3140 2625 2650
27 Co 105 104 105 500
28 Ni 2110 2080 1960 10500
29 Cu 28 28 30 120
30 Zn 50 55 310
31 Ga 3.000 4.000 9.200
37 Rb 0.810 0.535 0.635 0.635 0.600 2.300
38 Sr 28.000 18.210 21.100 21.100 19.900 7.250
39 Y 4.600 3.940 4.550 4.550 4.300 1.570
40 Zr 11.000 9.714 11.200 11.200 10.500 3.820
41 Nb 0.900 0.618 0.713 0.713 0.658 0.240
50 Sn 0.150 0.170 0.130 1.650
55 Cs 0.027 0.032 0.023 0.021 0.190
56 Ba 6.900 6.049 6.989 6.990 6.600 2.410
57 La 0.630 0.614 0.687 0.708 0.648 0.237
58 Ce 1.601 1.775 1.833 1.675 0.613
59 Pr 0.242 0.276 0.278 0.254 0.093
60 Nd 1.189 1.354 1.366 1.250 0.457
62 Sm 0.380 0.387 0.444 0.444 0.406 0.148
63 Eu 0.150 0.146 0.168 0.168 0.154 0.056
64 Gd 0.513 0.596 0.595 0.544 0.199
65 Tb 0.094 0.108 0.108 0.099 0.036
66 Dy 0.638 0.737 0.737 0.674 0.246
67 Ho 0.142 0.164 0.163 0.149 0.055
68 Er 0.417 0.480 0.479 0.438 0.160
69 Tm 0.064 0.074 0.074 0.068 0.025
70 Yb 0.420 0.414 0.493 0.481 0.441 0.161
71 Lu 0.064 0.064 0.074 0.074 0.068 0.025
72 Hf 0.350 0.268 0.309 0.309 0.283 0.103
73 Ta 0.040 0.035 0.041 0.041 0.037 0.014
82 Pb 0.175 0.185 0.150 2.470
90 Th 0.094 0.081 0.085 0.084 0.080 0.029
92 U 0.026 0.020 0.021 0.021 0.020 0.007

Roll-03.qxd  10/13/06  2:14 PM  Page 84



Between the oceanic lithosphere and
asthenosphere is a TBL, about 80 km thick, in
which there is small-scale convection (Fig. 3.10).
This small-scale convection removes material
from the base of the conductively cooling layer
and replaces it with hotter material and so
maintains a constant lithospheric thickness
(White, 1988).

3.1.3.2 Subcontinental lithosphere
In contrast to the oceanic lithosphere, 
the subcontinental lithosphere is thicker,
more chemically differentiated, old, and cold.

Richardson and colleagues working at MIT in
the 1980s showed that diamond inclusions in
mantle xenoliths from beneath the �3.0 Ga
Kaapvaal Craton in South Africa were
extremely ancient. This discovery demonstrat-
ed for the first time a link between the age of
the continental crust and its underlying litho-
spheric mantle (Richardson et al., 1984, 1985).

Over the past two decades this work has
been significantly extended so that now it is
widely accepted that Archaean subcontinental
lithosphere is thicker, older, colder, more
chemically depleted, less dense, and has higher
seismic P- and S-wave velocities than its
Phanerozoic counterpart. More recently it has
been argued that Proterozoic lithosphere is
intermediate in composition between Archaean
and Phanerozoic (see Table 3.3 for a summary).

More generally it has become clear that the
subcontinental lithosphere is a domain within
the mantle that is isolated from the rest of the
mantle and so has resisted homogenization. In
the case of Archaean subcontinental litho-
sphere, these regions preserve mantle domains
which have been isolated since the early part
of Earth history and provide an important
“memory” of early Earth processes.

3.1.3.2.1 The structure of the subcontinental
lithosphere
A detailed seismological examination of the
continental lithosphere using the techniques
of seismic tomography has provided a much
clearer picture of the architecture of the sub-
continental mantle. At a global scale, travel-
time residuals deduced from surface-wave
tomography permit the broad delineation of
the mantle beneath Precambrian shields.
Results of this type confirm that Archaean cra-
tons have a lithospheric “keel” extending to
250–300 km depth, a feature which is absent
from the lithosphere beneath younger crust
(James & Fouch, 2002), see Fig. 3.11. At the
local scale seismic sections show sharp veloc-
ity gradients over distances of about 20 km,
which equate to differences between ancient
and modern mantle lithosphere (Poupinet
et al., 2003).

Two rather different approaches show that
Archaean subcontinental mantle is cooler
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FIGURE 3.10 The thermal structure of old oceanic
lithosphere over asthenosphere with a (normal)
potential temperature of 1,280�C (the term poten-
tial temperature is defined in Section 3.1.4.3). The
curve shows the horizontally averaged equilibrium
thermal structure of oceanic lithosphere and
asthenosphere (after White, 1988). Also shown are
the rigid MBL, the thermal boundary layer, and the
adiabatic interior of the upper mantle. The litho-
sphere is sometimes referred to as the “conductive
lid” of the mantle, as opposed to the convecting
interior (asthenosphere).
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than Phanerozoic mantle (Table 3.3). Surface
heat flow measurements, corrected for heat
production in the crust show that average heat
flow measurements in Archaean cratons are
lower than those for Proterozoic cratons
(Nyblade & Pollack, 1993; although Jaupart &
Mareschal, 1999 offer an alternative view).
Similarly, paleo-geotherms calculated using
mineral thermometers and barometers also

show that Archaean subcontinental mantle is
cooler than modern subcontinental mantle.

Detailed studies of mantle xenoliths com-
bining age determinations with the results of
mineral barometry allow age-depth profiles to
be constructed for some kimberlite pipes
(Fig. 3.11). The results of such studies do not
show any obvious age-depth relationship which
is puzzling, maybe reflecting melt infiltration
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TABLE 3.3 Principal differences between Archaean, Proterozoic, and Phanerozoic subcontinental 
lithospheric mantle (after Griffin et al., 2003).

Archaean Proterozoic Phanerozoic
lithosphere lithosphere lithosphere

Thickness (depth to
lithosphere-asthenosphere 180–240 km 150–180 km 100–140 km
boundary)
Compositional variation Dominated by Fertile and Fertile and 

depleted harzburgite metasomatized metasomatized
and lherzolite lherzolite lherzolite

Average density (g/cc) 3.31 3.34 3.36–3.37
Thermal gradient 35–40 mW.m	2 40–45 mW.m	2 50–55 mW.m	2

Calculated Vp @ 100 km, 700�C 8.18 8.05 7.85

Archaean Kaapvaal craton
Proterozoic Proterozoic

Crust 2.1– 0.9 Ga Crust 3.6–2.7 Ga Crust 2.0–0.9Ga

Spinel
garnet

GraphiteGraphite
diamonddiamond

Low-T xenoliths

High-T xenoliths

K

2.0
1.2
1.7
0.8
1.8
1.9

1.6
2.2

2.7
2.5
2.2
1.6

2.0

2.1
0.6
1.8

2.2
1.6
1.9
1.2
2.2
1.8 250 km250 km

MBLMBL

TBLTBL

K
K

250 km

MBL

TBL

Graphite
diamond

FIGURE 3.11 Schematic section through southern Africa showing the relationship between crust and sub-
continental lithosphere. The spinel–garnet and graphite–diamond phase changes are shown. The heavy
black lines marked “K” indicate kimberlite pipes and the numbers to their side are the rhenium depletion
ages of mantle xenoliths (in Ga), plotted according to depth. The xenoliths are subdivided into those show-
ing low-temperature and high-temperature deformation textures; this distinction also defines the difference
between the MBL and the thermal boundary layer (TBL) (after Pearson, 1999).
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into older continental lithosphere (Pearson,
1999; Pearson et al., 2002).

The growing consensus that ancient crust 
is always underlain by ancient lithospheric
mantle has been challenged recently by Wu
et al. (2003). These authors report an unusual
absence of xenoliths with Archaean ages
beneath the Archaean North China Craton.
They propose that in some cases, therefore,
ancient subcontinental mantle can be removed
from beneath ancient continental crust by
delamination – a process which has previously
been postulated but never demonstrated. The
subject of mantle delamination is discussed
more fully in Chapter 5, Section 5.5.2.

3.1.3.2.2 The major element composition of
the subcontinental lithosphere
The principal chemical feature of the subcon-
tinental lithosphere is one of strong chemical
depletion. This is evident when xenolith com-
positions are plotted relative to both the Bulk
Silicate Earth and the oceanic lithosphere
(Fig. 3.12). There are also compositional differ-
ences between Phanerozoic and Archaean sub-
continental lithosphere as is illustrated by the

Cao–Al2O3 plot in Fig. 3.12 (Griffin et al., 2003).
Archaean lithosphere is strongly depleted 
relative to Proterozoic lithosphere (Fig. 3.12,
Table 3.4). On a Mg/Si versus Al/Si diagram
subcontinental mantle compositions plot
close to the mantle trend (Fig. 3.13), but again
the extreme position of average Archaean litho-
sphere on this plot demonstrates its strongly
depleted nature. The compositional differences
between ancient and modern mantle give rise
to the enhanced buoyancy of ancient mantle,
which in part, accounts for its preservation.

3.1.3.2.3 The trace element composition of
the subcontinental lithosphere
In contrast to the depleted major-element
character of Archaean subcontinental litho-
sphere it is often enriched in trace elements,
relative to a midocean ridge basalt mantle
source (Richardson et al., 1985; Jordan, 1988).
A resolution of this apparent paradox can be
found in the timing of the two events. Major
element depletion is thought to have taken
place during the early formation of the subcon-
tinental lithosphere whereas the trace element
enrichment reflects later melt infiltration.
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FIGURE 3.12 The composition of the subcontinental lithosphere. (a) Differences in composition between
Archaean, Proterozoic, and Phanerozoic subcontinental lithosphere (after Griffin et al., 2003), compared to
estimates of the BSE (from Table 3.1). The diamonds represent the average compositions given in Table 3.4.
(b) Differences in composition between oceanic and continental lithosphere, as expressed in % modal
olivine and olivine mg#; oceanic peridotites define the trend shown as the dashed line whereas garnet peri-
dotites from the Kaapvaal Craton, South Africa – illustrative of Archaean subcontinental lithosphere – plot
in the shaded field. The diamonds are the averages of the two fields (after Boyd, 1989). Also shown is the
field for Proterozoic subcontinental lithosphere (ellipse) after Griffin et al. (2003).
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Clearly these two events may be widely sepa-
rated in time which is why it is difficult to
measure the true age of the subcontinental
lithosphere (Fig. 3.11).

3.1.3.3 Understanding the subcontinental
lithosphere
One way to understand the origin of the
Phanerozoic subcontinental lithosphere is to
examine the mantle in modern arc environ-
ments, for it is here that new continental crust
is being formed. By inference, it is also where
new subcontinental mantle is created. There
are two key features to the subarc mantle.

First, the subarc environment is the site of
major chemical fluxes into and out of the 
mantle (Chapter 4, Section 4.1). The subarc
mantle experiences an input from the sub-
ducting slab, which in turn triggers partial
melting within the wedge leading to the for-
mation of the primary magmas of volcanic
arcs. A principal constituent of the mass flux
into the mantle wedge is water from the slab,
leading to the view that the subarc mantle is
hydrated (and oxidized) – see Fig. 4.1. In detail
it is likely that the cool part of the mantle
wedge beneath the forearc is underlain by
strongly hydrated mantle in the form of ser-
pentinite, whereas beneath the hotter, volcanic
zone of the backarc, hydrous mantle phases
are unstable and so fluids partition into man-
tle melts (Hyndman & Peacock, 2003). Schurr
et al. (2003) have recently imaged melt-rich
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TABLE 3.4 Compositions of the subcontinental mantle (after Griffin et al., 2003).

Subcontinental lithospheric mantle (SCLM)

Archaean Proterozoic Proterozoic Phanerozoic
mean garnet mean garnet mean spinel mean garnet
peridotite peridotite peridotite peridotite

SiO2 45.70 44.60 44.50 44.40
Al2O3 0.99 1.90 3.50 2.60
FeO 6.40 7.90 8.00 8.20
MgO 45.50 42.60 39.18 41.10
CaO 0.59 1.70 3.10 2.50
TiO2 0.04 0.07 0.14 0.09
Cr2O3 0.28 0.40 0.40 0.40
Na2O 0.07 0.12 0.24 0.18
K2O nd nd nd nd

Weight ratios
Al/Si 0.025 0.048 0.089 0.066
Mg/Si 1.285 1.232 1.136 1.194

Atomic ratio
mg# 0.93 0.91 0.90 0.90

FIGURE 3.13 The composition of the subcontinen-
tal lithosphere plotted on a mantle composition
Mg/Si–Al/Si weight ratio diagram. Labeled trian-
gles: A, Archaean lithosphere; Pr, Proterozoic 
lithosphere; Ph-sp, Phanerozoic spinel lherzolite;
Ph-grt, Phanerozoic garnet lherzolite (data from
Griffin et al., 2003, see Table 3.4). Other symbols
as in Fig. 3.9.
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zones beneath the Andean arc, confirming
what had previously been inferred from geo-
chemistry.

A second feature of the subarc mantle is
that it is the site of convective flow. In the
mantle wedge cold mantle from beneath the
overriding plate travels into the mantle wedge
“corner” and is dragged deeper by the down-
going slab. Combining these two features – flow
within the subarc mantle and chemical fluxes
from the slab – leads to a dynamic view of the
formation of the subcontinental lithosphere.

If therefore, the modern subarc mantle is the
site where Phanerozoic subcontinental litho-
sphere is created, we are still left with a large
number of questions about the earlier history of
the subcontinental lithosphere. Why for exam-
ple is the Archaean subcontinental lithosphere
so different in composition, heat production
and thickness from more recent subcontinen-
tal mantle? What different processes were
operating early in Earth history which are
recorded in this mantle domain? Is there a link
with komatiite extraction, as suggested by
Boyd (1989), or with the extraction of basaltic
melts? Or, is there a close link between the
formation of this type of mantle and the over-
lying continental crust? We will return to
these issues when we discuss the origin of the
continental crust in Chapter 4 (Section 4.5.1).

3.1.4 Melting of the Earth’s mantle
In many regions of the Earth, basaltic melts
are our primary window into the Earth’s mantle.
Melt production is also a major mechanism of
heat loss for the Earth. For this reason an
understanding of melting processes is vital for
correctly reading the compositional and ther-
mal state of the Earth’s mantle. Furthermore,
as will become clear later in this chapter, this
is even more important in the early history of
the Earth, when the most common samples of
the Earth’s mantle are its melt products.

3.1.4.1 The process of partial melting
Much of our knowledge of mantle melting
comes from insights gained from studies of
midocean ridge basalts. Experimental studies
indicate that the Earth’s mantle solidus is at
1,100�C at the Earth’s surface, and since the
mantle at midocean ridges is hotter than that,

the mantle will melt when brought near to the
surface at an oceanic ridge. Even hotter mantle
will melt at greater depths (Fig. 3.14).

The principal mechanism driving basaltic
volcanism is the pressure-release melting of
passively upwelling mantle. Pressure release
melting, or adiabatic melting as it is known, is
where melting takes place without heat gain
or heat loss. Because the asthenospheric adiabat
has a lower temperature gradient (1–2�C/kb)
than that of the dry mantle solidus (ca.
12�C/kb) a package of ascending asthenospher-
ic mantle will begin to melt as it crosses the
mantle solidus (Fig. 3.14). Typically the melt-
ing region beneath an ocean ridge is triangular
in shape and may extend to a depth of 200 km,
and be several hundred km wide. Ascending
asthenosphere that rises directly beneath a
midocean ridge spreading center will experi-
ence the most extensive degree of melting and
will follow a flow line such that it forms the
upper part of the suboceanic lithosphere. In
contrast, asthenosphere which rises away from
a spreading ridge will experience a smaller
fraction of melting and will ultimately form
the lower portion of the suboceanic litho-
sphere (Fig. 3.14).

On a microscale, melting takes place along
grain boundaries, where the minerals which
enter the melt are in contact with each other.
Melt collects at “triple points” between grains,
and when more than 1 or 2% melt is collected
then the melt can migrate away from the zone
of partial melting. A consequence of this
whole process is that the melting residues,
which form the oceanic lithosphere are verti-
cally stratified and are more depleted at the
top than the bottom. This sequence of melt-
depleted residues was termed by Plank and
Langmuir (1992) the Residual Mantle Column.

3.1.4.2 Controls on mantle melting
The exact composition of a mantle melt is a
function of the source mineralogy, the mantle
composition and volatile content, and the
degree of melting, as is illustrated in Fig. 3.15.
However, a major question in the study of the
upper mantle is whether we ever see the direct
melting products of the mantle, or whether
what is produced in the melting zone of the
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mantle is somehow transformed before it
erupts at the surface. This knowledge is an
important prerequisite to using mantle melts
to characterise their source.

Between the 1960s and the 1980s the sub-
ject of whether midocean ridge basalts are 
primary, that is, unmodified mantle melts, or
nonprimary, that is, have experienced compo-
sitional change prior to eruption was intensely
debated. One school of thought (e.g. Presnall &
Hoover, 1984, 1986) argued that the least frac-
tionated midocean ridge basalts are primary
melts produced at 8–10 kb pressure. The alter-
native view was that all midocean ridge basalts
are derived by olivine fractionation from a
picritic melt, generated at pressures of 15–30 kb
(Elthon, 1986; O’Hara, 1968). These latter,

picritic melts have were fractionated in a
crustal magma chamber prior to eruption.

3.1.4.3 The melt column
More recently it has become clear that both
schools of thought were wrong. These early
ideas were based upon the concept of batch
melting, where the mantle melts in one loca-
tion and then a batch of melt moves, virtually
unmodified, to the surface. More recent stud-
ies have shown that fractional melting is
important in the genesis of midocean ridge
basalts and that the final product of melting is
the accumulation of small melt increments
from depth to the base of the oceanic crust.
Mantle melting, therefore, is a polybaric pro-
cess, and it is important to distinguish
between the instantaneous melt composition
and the aggregated melt composition. The
appreciation of the polybaric nature of mantle
melting beneath a midocean ridge led to the
concept of the integrated melt column
(McKenzie & Bickle, 1988) in which the final
melt is the integrated composition of many
melts produced at different depths.

Developing this argument, Klein and
Langmuir (1987) showed that the greater the
depth of melting, the greater the amount of
melt produced. This means that, in the case of
the oceanic lithosphere, there is a relationship
between the depth of melting and the thick-
ness of the ocean crust. This line of reasoning
was extended by Bown and White (1994) who
showed that there is also a relationship between
spreading rate, ocean crust thickness, and
basalt chemistry, indicating that the thickness
of the oceanic crust relates to amount of melt
produced during upwelling beneath the ridge.
These studies have led to the concept of melt
thickness – the integrated volume of melt pro-
duced in the melt column.

3.1.4.3.1 Mantle potential temperature
Melt thickness is also controlled by melting
temperature. This is because hot mantle will
intersect the mantle solidus at a greater depth
than cooler mantle, and as already established,
melt thickness is a function of the depth of the
melt column. However, since mantle temper-
atures increase with depth there needs to be 
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FIGURE 3.15 Pressure–temperature diagram show-
ing the results of experimental studies which illus-
trate the variable effects of the depth of melting,
temperature of melting, and melt fraction on the
composition of melts of an enriched lherzolite
source (after Jaques & Green, 1980). The melting
interval shown is between 0 and 50%; the curved
black lines are the percentage of normative olivine
in the melt, which increases with depth of melting.
Studies of this type were central to the primary
magma debate in the 1980s.
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a way of assessing mantle temperatures inde-
pendent of depth. To overcome this confusion
the concept of mantle potential temperature is
used to compare the heat content of mantle
materials at different depths and account for
their different compressibilities. The term
potential temperature is the temperature a fluid
mass would have, if expanded or compressed at
some reference temperature, normally taken
to be the temperature at the Earth’s surface
(McKenzie & Bickle, 1988). Potential tempera-
ture is also expressed as the temperature of the
solid mantle adiabat projected to surface pres-
sure (Fig. 3.10).

Melt thickness therefore can be expressed as
a function of the mantle potential temperature.
A potential temperature of 1,280�C equates to
a melt thickness of about 7 km (normal ocean
floor), whereas a mantle potential temperature
of 1,480�C equates to a melt thickness of about
27 km (see Fig. 3.14). Clearly, these principles
are important when considering melting pro-
cesses in the early Earth, since many geoscien-
tists believe that mantle temperatures were
hotter in the Archaean (Section 3.2.3).

3.1.4.4 Melt extraction from the mantle
Initially melt will move within the melting
zone as small droplets of melt. These will tend
to migrate upwards from the melting zone and
will collect together to move as larger droplets
and patches of melt ultimately representing
8–20% of the original lherzolite host. As the
melts reach the surface they will tend to move
along channel-ways in the mantle whose orien-
tation is related to mantle flow and upwelling
beneath a spreading ridge (Braun & Kelemen,
2002). Kelemen et al. (2000) proposed a pattern
of melt channels resembling an inverted bush
(Fig. 3.16) in which a large number of small
melt channels converge to produce a smaller
number of wider “melt-highways” focusing
melt beneath a midocean ridge. This model of
melt movement solves the problem of a melt-
ing zone hundreds of kilometers wide (Section
3.1.4.1), coupled to a focused zone of crust for-
mation, only a few kilometers wide.

3.1.4.5 Melt reaction and the upper mantle as
a chemical filter
One of the most striking features of midocean
ridge basalts (MORB) is that they are chemi-

cally homogeneous and any model for their
origin must account for this feature. This of
course was one of the strong arguments for
MORB as a primary magma (Section 3.1.4.2).
However, those who opposed this view argued,
equally plausibly, that the uppermost mantle
acted as a filter, controlling the density of
erupted melts. In this model, the dense primary
magma picrite, produced by deep mantle melt-
ing, crystallizes olivine in a crustal magma
chamber thereby reducing its density and
enabling it to erupt. A thick layer of dunite is
left in the magma chamber.

Although this idea has now been largely
superceded by the polybaric melting model a
new possibility has recently emerged whereby
the uppermost mantle may behave as a chem-
ical filter. Midocean ridge basalt (MORB) is 
silica saturated and is in equilibrium with
orthopyroxene at pressures greater than about
8 kb. At the lower pressures commensurate
with the base of the oceanic crust MORB
melts are undersaturated in silica and have the
capacity to dissolve orthopyroxene (Braun &
Kelemen, 2002). There is field evidence from
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FIGURE 3.16 Network of coalescing dunite 
channels in adiabatically upwelling mantle
beneath a fast-spreading midocean ridge (after
Kelemen et al., 2000).
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the mantle section of some ophiolites that this
process happens, leaving a residue of dunite
and thereby creating a zone of increased poros-
ity (Morgan & Liang, 2003). In this way the
upper part of the mantle acts as a chemical fil-
ter which transforms melts on their upward
pathway by a process of chemical reaction.
Support for this process is given by Coogan
et al. (2003) who show that the trace element
composition of clinopyroxenes in the lower
oceanic crust of the Cyprus ophiolite permits
the calculation of the melts with which they
equilibrated. These melts are significantly dif-
ferent from and more varied in composition
than the erupted basaltic compositions in the
same fragment of ocean floor, strongly sug-
gesting that the erupted melt compositions
have been homogenized in the lower oceanic
crust prior to eruption.

3.1.5 Mantle convection, mantle plumes and
layering in the mantle
One of the most fundamental, contemporary
debates about the nature of the Earth’s mantle
centers on the subject of mantle convection.
There are two conflicting views which are
commonly described as “layered convection”
and “whole-mantle convection” (see Fig. 3.17).
The layered convection model is championed
by geochemists who prefer to see the mantle
as two separate convecting layers. In this
model the upper and lower mantle are geo-
chemically isolated from each other and 
convect separately. Whole mantle convection
is advocated by geophysicists, who that believe 
there is evidence for a significant exchange of
mass between the upper and lower mantle.

Resolving the conflict between these two
views is not easy because mantle convection
cannot be directly observed. Rather it has to be
inferred from seismological and geochemical
observations, and from experimental studies
in mineral physics and fluid dynamics.

A second debate, which has arisen indepen-
dently, but which has a direct bearing on the
layered mantle debate, is a discussion about
the existence and origin of mantle plumes.
Again there are two schools of thought, one
arguing for a deep source for mantle plumes
from the core-mantle boundary, the other stat-
ing that mantle plumes must come from the
upper mantle (Fig. 3.17). A deep origin for
mantle plumes would support whole mantle
convection.

These two debates address central ques-
tions about the nature of convection within
the Earth’s mantle. First, are there two layers
of convection (upper mantle – lower mantle) or
one? Second, are there two separate modes of
convection – plate tectonics and plumes?

The resolution of these questions is of great
importance for our understanding of the early
Earth, for they have a direct bearing on models
of Earth differentiation and patterns of mantle
convection in the early Earth.

3.1.5.1 What is the nature of the 660 km
discontinuity?
In the early days of plate tectonics it was wide-
ly believed that convection in the mantle was
confined to the upper mantle, above the
660 km discontinuity. This view was supported
by the observation that there was no seismicity
in the lower mantle, indicating that subducting
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FIGURE 3.17 Schematic diagram illustrating
the two different models of mantle convection.
(a) A two-layer mantle in which the upper
mantle is chemically isolated from the primi-
tive, lower mantle. In this model the plume
source is in the upper mantle and subducting
slabs do not penetrate the 660 km upper
mantle–lower mantle boundary. (b) The
whole mantle model in which there is mass
exchange between the upper and lower man-
tle. In this case subduction penetrates the
660 km discontinuity and plumes are sourced
in the D� layer, at the core–mantle boundary.
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slabs did not penetrate through the upper man-
tle–lower mantle boundary. However, this
view has been challenged in recent years with
the improved resolution of seismic tomo-
graphic imaging. The most damning evidence
comes from tomographic images showing cold
slabs penetrating through the 660 km disconti-
nuity into the lower mantle. Some of these
images show subducted slabs descending into
the lower mantle (Fig. 3.2). An important con-
sequence of this observation is that there must
also be a compensating flow in the reverse
direction, from lower to upper mantle.

The strong separation between upper and
lower mantle was also believed to result from
a compositional difference between upper and
lower mantle. Support for this view was found
in the geochemical difference between OIB
and MORB sources (Fig. 3.5), thought to repre-
sent the deep and shallow mantle layers.
These differences were thought to primarily
reflect the extraction of the Earth’s continen-
tal crust from the upper mantle over the past
3.5 Ga. However there is no support from min-
eral physics for a compositional difference
between the upper and lower mantle. The
660 km discontinuity in the mantle is marked
by an increase in seismic wave velocities
which reflect a phase change from the mineral
assemblage �-Mg2SiO4 � majorite of the upper
mantle to the assemblage Mg-perovskite � Ca-
perovskite � magnesiowustite in the lower
mantle (Section 3.1.1.2, Fig. 3.1). This phase
change is now regarded as isochemical, and the
Fe/Mg ratio of the upper mantle is the same as
that of the lower mantle. Such an observation
is significant because it had been previously
argued that long-term differentiation above and
below the 660 km discontinuity is difficult to
achieve unless there is a density and composi-
tional difference between the two layers.

3.1.5.2 Geochemical arguments for a two-
layer mantle
One of the fundamental difficulties with 
the whole mantle convection model is that
geochemical heterogeneities cannot be sus-
tained over geological timescales. And yet,
observations from trace element and isotope
geochemistry show that the mantle is and has

been heterogeneous over geological time and
comprises a number of distinct chemical
domains.

3.1.5.2.1 The radiogenic argon argument
One of the strongest and most widely used
arguments in support of chemically distinct
upper and lower mantle reservoirs, isolated
throughout much of geological time, comes
from the study of argon isotopes. In brief the
argument is as follows. The isotope 40Ar
(radiogenic argon) is produced by the radioac-
tive decay of 40K. Once formed, argon, unlike
the lighter rare gases, is of sufficiently high
mass not to be lost from the Earth into space.
This means that if we know the K-content of
the bulk Earth we can calculate the total mass
of 40Ar produced through geological time. This
argon is now distributed between the atmo-
sphere, the continental crust and the upper
and lower mantle reservoirs (Fig. 3.18). Direct
measurement of 40Ar in the Earth’s atmo-
sphere and in rock samples tells us that about
45% of the Earth’s total argon is in the atmo-
sphere and 5% is in the continental crust. The
remaining argon therefore is in the Earth’s
mantle. However, if the whole mantle has
upper mantle potassium concentrations then
only about 15% of the Earth’s argon can be
accounted for. It is argued therefore that the
Earth’s lower mantle has a higher potassium
content than the upper mantle and contains
the balance of the mantle argon.
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FIGURE 3.18 Present-day terrestrial 40Ar distribu-
tion showing the very large difference between
upper and lower mantle.
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Mass balance calculations of this type lead
to the conclusion that the 40Ar concentration
of the lower mantle is as much as 50 times
greater than that of the upper mantle (Davies,
1999). Arguments based upon the isotope 36Ar,
inferred from 40Ar/36Ar ratios, suggest an even
greater difference. This large disparity between
the upper and lower mantle is normally
explained by postulating that the Earth’s upper
mantle is extensively degassed and that its
original argon content is now in the atmo-
sphere, whereas the lower mantle is not
degassed and it contains its original primordial
argon (and potassium) content. The long half-
life of 40K (1,250 Ma) requires that the upper
mantle was degassed early in Earth’s history
and that the upper and lower mantle reservoirs
have remained chemically separate for the
major part of Earth history. The corollary to
this is that there has been minimal mass trans-
fer between the upper and lower mantle.

The difference in 40Ar/36Ar ratios between
MORB and OIB is of the same order as that
expected between upper and lower mantle,
respectively, leading to the widely held view
that the MORB source is in the upper mantle
and that the OIB source is in the lower mantle
(see Table 3.5).

However, as the two-layer model for the
mantle has come under increased scrutiny, so
have the premises on which the radiogenic
argon argument is based. There are two perti-
nent issues. First, the total argon inventory of
the Earth will be different if the Earth has less
potassium than originally assumed by Allegre
et al. (1986a), or if some 40Ar is either located

in the core or has been lost from the Earth
(Davies, 1999). Of these possibilities serious
concern has been expressed over the high 
K/U ratio assumed for the bulk Earth and
much lower values have been proposed
(Albarede, 1998; Trieloff et al., 2003) – see
Table 3.5. Second, the concept of a degassed
upper mantle and an un-degassed lower man-
tle does not sit easily with what we know of
the early history of the Earth, when with high
internal temperatures extensive degassing
must have taken place.

3.1.5.2.2 Helium isotopic ratios
The helium isotope argument for a two-layer
mantle is very similar to that for argon iso-
topes, except that He has not accumulated 
in the atmosphere because it easily escapes
into space. The ratio 3He/4He is the ratio of a 
primordial, cosmogenic isotope 3He to a 
radiogenic isotope 4He. 4He is produced by the
radioactive decay of U and Th and has
increased with time. For this reason the ter-
restrial 3He/4He ratio has decreased with time.
Using similar reasoning for argon isotopes,
measured differences in 3He/4He between 
OIBs and midocean ridge basalts have been
used to infer chemical differences between
upper and lower mantle reservoirs. In turn
these arguments have been used to support an
un-degassed lower mantle and a degassed
upper mantle.

Opponents of the two-layer view of the
mantle have pointed out that the statistical
differences between MORB and OIB 3He/4He
ratios are not as robust as has previously been
thought (Meibom et al., 2003). Furthermore, a
detailed geochemical study by Class and
Goldstein (2005) has shown that the least
degassed mantle melts, with respect to their
3He/4He ratios, are still strongly depleted in
other trace elements – casting further doubt on
the idea of a primitive undegassed mantle
reservoir. Class and Goldstein (2005) propose
that the observed difference in 3He/4He ratios
between MORB and OIB is the product of inef-
ficient degassing of mantle melts, rather than
the existence of a chemically isolated, lower
mantle source for OIB.
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TABLE 3.5 Argon isotopic compositions and 
K/U ratios in MORB, OIB and the atmosphere.

MORB OIB Atmosphere

Original estimates – Allegre et al. (1986a)
40Ar/36Ar 16,700 390 295
K/U 12,700 12,700
Recent estimates – Trieloff et al. (2003); Albarede (1998)
40Ar/36Ar 32,000
4,000 8,000 295
K/U 6,200 6,200
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3.1.5.2.3 The global heat budget
Just as geochemical mass balance arguments
have been used to argue for a two layer mantle,
so the global heat budget can be used in the
same way. The total heat production of the
Earth is about 41 TW (1 TW � 1012 W). About
5 TW can be accounted for in the heat produc-
tion of the upper continental crust leaving 
36 TW as the heat production of the mantle.
This is the composite of heat produced by
radioactive decay plus heat produced by cool-
ing since the formation of the Earth, for both
the upper and lower mantle. Of this 31 TW
emerges through the sea floor and 5 TW
through the continental lithosphere. Using the
measured heat-producing element concentration
of the upper mantle it is possible to calculate
the heat production of the upper mantle as
1 TW. Further, from the mass of the upper
mantle it is possible to estimate the heat pro-
duction of the upper mantle from cooling 

as 3 TW. These calculations show that of the
total mantle heat production of 36 TW, only
4 TW can be ascribed to the upper mantle and
the remaining 32 TW must come from the
lower mantle (Davies, 1998) – see Fig. 3.19.

Geochemists have used these observations
to demonstrate that the upper and lower man-
tle have very different heat producing element
concentrations and that the lower mantle has
retained a higher level of heat producing ele-
ments than the upper mantle – which has lost
its heat producing elements to the continental
crust. The lack of mixing between these two
layers indicates, the argument goes, that the
mantle is made up of two separate layers
through which there is virtually no mass flow.

Geophysicists, however, have turned the geo-
chemists’ global heat budget argument on its
head, and used it to argue for whole mantle con-
vection, rather than, as the geochemists would
argue, for a layered mantle. Their argument
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hinges on the manner in which heat is trans-
ferred from the lower to the upper mantle
(Davies, 1998). If heat is transferred from the
lower to the upper mantle by conduction, a
hot thermal boundary layer will form which
will be buoyant. This will give rise to a topo-
graphic expression which will be similar in
volume to, but distinct from the ocean ridge
system. It is argued that no such topographic
expression is seen on the Earth’s surface, and
for this reason heat must be transported by
advection, that is, by mass flow. This means
that there is a mass flow, from the lower to
upper mantle which is responsible for the
32 TW of heat coming from below the 660 km
discontinuity. This mass flow implies whole
mantle convection.

3.1.5.2.4 Summary
The traditional arguments from geochemistry
for chemically distinctive deep and upper
mantle reservoirs separated by the 660 km 
discontinuity are no longer sustainable. Rare
gas arguments based on Ar and He isotopes 
are being shown to be much less robust 
than was previously supposed. Similarly argu-
ments based on the distribution of heat pro-
ducing elements are now open to alternative
interpretations.

3.1.5.3 Mantle plumes
Mantle plumes are thought to be the mecha-
nism whereby extensive volumes of basaltic
melt are delivered rapidly to the Earth’s sur-
face. They were first invoked to explain the
“hotspot” volcanism of the linear, time-pro-
gressive Emperor-Hawaii ocean-island chain.
Subsequently they have been used to explain
the origin of other ocean islands such as
Iceland, the origin of large igneous provinces
(LIPs flood basalts), and volcanic activity in
Archaean greenstone belts. After 30 and more
years of acceptance, mantle plumes have
recently come under close scrutiny and at the
present time there is intense discussion
between “the plume lobby” and those who
have moved “beyond the plume hypothesis,”
as the two groups have become known (see the
recent review by Foulger et al., 2005). In a
“two-layer mantle world” plumes represent 

an effective way of sampling the otherwise 
isolated lower mantle, although plumes can 
also neatly fit into a whole-mantle convection
model.

A conventional view of a mantle plume is
that it originates in the thin D� layer of the
lower mantle, at the core–mantle boundary,
and represents a narrow (100 km in diameter)
vertical column of hot mantle (the plume
“stem”) which traverses the entire thickness
of the mantle. Where the hot mantle column
impinges on rigid lithosphere the hot mantle
spreads beneath the lithosphere into a mush-
room-shaped “plume head” several hundred
kilometers across. Within the plume head
there is extensive melting of the mantle which
results in voluminous volcanism. Basalts are
the principal product of melting, but picrites –
a highly magnesian “basalt” representing a
higher temperature melt of the mantle – are
also commonly found. This extensive volcan-
ism can manifest itself as a large igneous
province, comprising flood basalts if erupted
on continental crust, or as an oceanic plateau if
erupted on oceanic crust. During the lifetime
of a plume a plate may drift over the hot col-
umn of mantle, and a linear chain of basaltic
volcanoes develops, showing time progression.
The linear time progression of such volcanic
chains suggests that their source is fixed rela-
tive to plate movements and is located
beneath the level of mantle convection associ-
ated with plate tectonics.

Unlike ocean-ridge and arc volcanism, there
has never been a unifying theory for hotspot
volcanism, and mantle plumes appear to
behave independently of the process of plate
tectonics. Davies (1993) has summarized the
role of plate tectonics as that of cooling the
mantle, whereas plumes cool the core. Some
authors (e.g. Condie, 1998) have argued that
mantle plumes have developed episodically
throughout geological time and may be
responsible for the major growth stages of the
continents.

Since the first mantle plumes were identi-
fied in the 1970s an increasing number of man-
tle plumes have been recognized. For this
reason Courtillot et al. (2003) sought to high-
light those modern plumes which are of truly
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deep mantle origin. They identified between
seven and ten mantle plumes which may orig-
inate at the core–mantle boundary. They
showed that a further 20 plumes originate
from the bottom of the mantle transition zone
and another 20 in the upper mantle. These
observations indicate that not every hot spot is
underlain by a mantle plume and have opened
up a huge debate about the precise nature of
mantle plumes.

3.1.5.3.1. Advocates of the plume hypothesis
Advocates of the plume hypothesis point to
the Hawaiian-Emperor volcanic chain, to
Iceland and to the formation of large igneous
provinces as evidences for discrete, focused,
persistent, and deeply sourced convective
mantle upwellings (Saunders, 2003). The
Hawaiian-Emperor volcanic chain has sus-
tained a high average basalt production rate for
over 80 Ma, an enhanced oceanic topography,
a deep seated velocity layer in the mantle
underlying the volcanically active areas, mag-
matism that ceases as the islands are carried
away from the topographic anomaly, and a
clear time progression along the volcanic
chain. Iceland, similarly, represents an area of
abnormally thickened ocean crust, beneath
which there is a layer with a low seismic
velocity representing hotter mantle. In this
case the hot mantle anomaly is cylindrical in
form and extends to a depth of at least 440 km.
LIPs also represent very large volumes of
basalt erupted over a short time interval and
many are connected via a chain of extinct vol-
canoes to a currently active volcanic center –
the presumed site of the plume at the present
time (Saunders, 2003). Geochemical argu-
ments based upon trace elements and isotope
ratios demonstrate that Hawaiian and
Icelandic basalts are not the same as those
derived from a midocean-ridge basalt source.
More recent arguments have proposed a lower
mantle/core geochemical signature in plume
basalts (see Section 3.2.3.4).

3.1.5.3.2 Arguments against the plume
hypothesis
One of the principal difficulties with the
plume hypothesis is that it has been used by a
very large number of geoscientists to explain 

a wide range of phenomena. This of course
does not invalidate the idea, but it does give
the hypothesis a poor image. More serious is
the criticism that the plume hypothesis “can-
not be tested, has many variants, exceptions,
rationalizations, ad-hoc adjustments and failed
predictions” (Anderson, 2003). The principal
scientific arguments against it are:
� Mantle tomography has not been able to image

narrow vertical structures traversing the whole
mantle that would represent plume stems
(although see Montelli et al., 2004). Such fea-
tures are recorded only from the upper mantle.

� The high temperatures required by mantle
plumes are not supported by the expected posi-
tive heat flow anomalies.

� The temperature contrast between plumes and
“normal mantle” is not as extreme as that
claimed by the advocates of mantle plumes,
because lateral temperature fluctuations in the
upper mantle are greater than has previously
been acknowledged.

� Physical models of the mantle suggest plumes
are impossible because of the high pressures at
depth which suppresses the buoyancy of the
material and prevents the formation of narrow
plumes.

� The geochemical arguments used in support of
the plume hypothesis are ambiguous and do
not require the deep and shallow sources pro-
posed by plume theorists.
(Sheth, 1999; Anderson, 2000; MacKenzie,

2001; Foulger and Natland, 2003; Meibom et al.,
2003).

Of course in order to satisfactorily refute a
scientific theory it is important to provide a
better explanation of the facts. In the case of
mantle plumes it is suggested that plate tec-
tonic processes can explain all the features
ascribed to mantle plumes. In the case of hot
spots this may be achieved by combining a
source of melt in the upper mantle with either
a propagating fracture zone or with continen-
tal margin-edge driven convection in the shal-
low mantle (Foulger & Natland, 2003).

3.1.5.3.3 Conclusion
One of the issues which both the plume 
debate and the layered versus whole mantle
convection debate highlight is the origin of
chemical heterogeneities in the Earth’s man-
tle. Do we, as has traditionally been argued,
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have upper and lower mantle layers which are
compositionally distinct, or are there other,
less tidy models, which can equally well
accommodate the geochemical data? Further,
when and how have such heterogeneities been
created? We will return to these issues in the
final section of this chapter.

3.1.6 The modern mantle as a geochemical
system
One of the most important contemporary
questions about the Earth’s mantle is to
enquire how exactly the modern mantle works
as a geochemical system. In this section we
shall summarize some of the ideas considered
in earlier sections and present them in the
form of a mantle model (Fig. 3.20).

3.1.6.1 Inputs – fluxes into the mantle
The principal mechanism by which new 
material is added to the mantle is subduction.
The results of seismic tomography have
shown that the mass flux into the mantle at
subduction zones, at least in part, penetrates

below the 660 km discontinuity into the lower
mantle, and there is a view that some of this
material may reach the D� layer at the
core–mantle boundary (see Fig. 3.2). The
largest mass flux into the mantle is oceanic
lithosphere with its associated oceanic crust,
although this is crust which has been pro-
cessed through the “subduction factory” and
is therefore strongly depleted in water-soluble
elements (Niu & O’Hara, 2003). A smaller
amount of crustal material, in the form of sed-
iment is also subducted. In addition, there is a
significant flux of water into the mantle
through subduction zones, although the depth
to which it can penetrate is debated (see
Chapter 4, Section 4.1.5)

An additional, unquantified contribution is
also made by the delamination of the lower
crust and the subcontinental lithosphere
(Chapter 4, Section 4.5.2.1).

3.1.6.2 Outputs – fluxes out of the mantle
The main outputs from the Earth’s mantle are
basaltic melts (see Section 3.1.5). Basaltic and
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related melts are produced at ocean ridges, at
the site of ocean islands, in arcs and beneath
continents. The subtle variations in chemistry
between these different basalt types are the
combined effect of differing mantle sources
and the different melting processes which take
place within the mantle.

As part of the longer term evolution of the
Earth, the reprocessing of oceanic crust in the
“subduction factory” leads to the production
of continental crust. Thus continental crust is
also an output of the upper mantle, but as the
product of a two-stage process.

Associated with the flux of melt to the
Earth’s surface is the flux of volatiles, dissolved
in basaltic melt, reflecting the mantle contri-
bution to the oceans and atmosphere (see
Chapter 5).

3.1.6.3 Fluxes within the mantle
Not all melt produced within the mantle
reaches the Earth’s surface. Instead it may
migrate and freeze in a different part of the
mantle from where it was produced. This is the
process of mantle metasomatism, likely to be
an important process in both the subcontinen-
tal lithosphere and in the mantle wedge above
an arc. In the case of the subcontinental litho-
sphere, metasomatism, is an important mech-
anism for modifying older subcontinental
mantle, and its effects may be detected in sub-
sequent melts of subcontinental mantle. Melt
and fluid migration above a subduction zone
are also important in initiating mantle melt-
ing in the mantle wedge.

The evidence for fluxes between the lower
and upper mantle is more contentious. Whilst
there is clear evidence of the transfer of mate-
rial from upper to lower mantle through the
sinking of subducted slabs, the ultimate desti-
nation of this material is uncertain. More con-
troversial, as the current debate on mantle
plumes is demonstrating, is the upward flux,
from a lower to upper mantle reservoir.

3.1.6.4 Mass fluxes into and out of the
mantle
The total mass flux of magma to the Earth’s
surface has been estimated by Crisp (1984) to
be between 26 and 34 km3/a. This comprises a
mass flux at ocean ridges of between 20 and

26 km3/a, at arcs between 5 and 7 km3/a and 
in ocean islands, km3/a. Using a density for
basalt of 2.9 g/cm3 this equates to a total flux
of 7.5–9.9 � 1013 kg/a. Schubert et al. (2001)
calculated the flux at ocean ridges by using a
seafloor creation rate of 2.8 km2/a and
assumed a processing depth of 60 km. This
yields the mass of mantle processed annually
beneath ridges as 5.4 � 1014 kg/a, which for
between 5 and 10% partial melting indicates a
basaltic flux of 2.7–5.4 � 1013 kg/a. Schubert
et al. (2001) also estimate that the total volume
of mantle processed in mantle “hot spots” is
85 km3/a, which for 5–10% melting translates
into a basaltic flux of 1.4–2.7 � 1013 kg/a. These
estimates indicate that the total mass flux out
of the mantle is about 1014 kg/a.

Using a subduction rate of about 3 km2/a
and a slab thickness of 100 km Davies (1998)
estimated that the mass flow into the mantle
through subduction was about 1015 kg/a.
Hence the mass flux into the mantle is about
1015 kg/a. The mismatch between this value
and the mass flux out of the mantle arises
because we are equating two different fluxes.
One is the flux of ocean crust (flux out) the
other is the flux of ocean crust plus oceanic
lithosphere (flux in).

Davies (1998) proposed a model for the
mantle in which he distinguished between
active and passive mass flow (Fig. 3.21). Active
flow is where there is a driving force such as
the negative buoyancy forces of deep subduc-
tion. The principle of the conservation of mass
requires that active mass flow is matched by a
return flow. This is passive mass flow. Support
for the concept of passive return flow comes
from the heat flow arguments described in
Section 3.1.5.2. In addition it has been pro-
posed that the Darwin Rise topographic
anomaly in the Pacific ocean and the African
superplume – a large-scale, thermal upwelling,
200 km thick and 7,000 km long, which rises
1,200 km from the core–mantle boundary 
(Ni & Helmberger, 2003) – could represent
regions of deep warm mantle upwelling. These
two structures represent a combined mantle
mass flow of 7 � 1014 kg/a.

Given these calculated fluxes it is possible
to estimate the time it takes for the entire
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upper mantle to be replaced. Assuming an
upper mantle mass of 1.3 � 1027 g and mass
flow of ca. 1018 g/a, Davies (1998) calculated an
upper mantle replacement time of between 0.7
and 1.0 Ga. If whole mantle convection is a
more appropriate model, and the mass of the
whole mantle is taken as 4.3 � 1027 g, then the
replacement time is between 2.2 and 3.2 Ga.
Schubert et al. (2001) calculate longer replace-
ment times of 1.94 Ga for the upper mantle
and 7.52 Ga for the whole mantle. Both esti-
mates indicate that a significant portion of the
Earth’s mantle has been processed during the
lifetime of the Earth. Such an understanding
has to be an important component in mantle
models.

3.2 THE EARTH’S EARLIEST MANTLE

Our knowledge of the modern mantle leaves
the clear impression that it records a history.
The methods of geophysics and geochemistry
reveal both subtle and more obvious traces of
the mantle’s prehistory as we probe its present

form. Now we turn to examine the Earth’s ear-
liest mantle, by using, as much as is possible,
samples of the Archaean mantle preserved in
the Earth’s oldest rocks. Our goal here is to
establish, as best as we can, the way the
Earth’s mantle worked when the Earth was a
young planet.

3.2.1 Samples of the Archaean mantle
Unlike the modern mantle, direct samples of
the Archaean mantle are rare and geophysical
measurements impossible. This means that
our prime evidence comes from the study of
Archaean mafic and ultramafic magmas.

3.2.1.1 Archaean basalts
Basaltic rocks are common in Archaean terrains
and are particularly abundant in Archaean
greenstone belts. However, they are frequently
altered and metamorphosed, and only the best
preserved samples should be used to obtain
information about the composition of the
Archaean mantle. Recent research has shown
that Archaean greenstone belts formed in a
number of different tectonic environments
(see Chapter 1, Section 1.3.1). This means that
greenstone belt basalts potentially offer an
insight into a variety of mantle environments
in the early Earth.

Arndt et al. (1997) compared the composi-
tions of Archaean tholeiites with those of
modern basalts from ocean-ridge, ocean-
island, and arc environments (Fig. 3.22). They
showed that Archaean tholeiites have higher
SiO2 and FeO, and lower incompatible trace
element concentrations (although enriched in
Rb and Ba relative to modern MORB), com-
pared to their modern equivalents. Many of
these geochemical features of Archaean
basalts match those of modern arc basalts, but
there are also important differences. This led
Arndt et al. (1997) to the important conclusion
that “the major- and trace-element character-
istics of Archaean basalts are matched by no
common type of modern basalt.” The unique-
ness of Archaean tholeiitic basalts requires
that they are either from a source different
from that of modern tholeiites, or are the prod-
uct of a different melting process. Arndt et al.
(1997) interpreted the low incompatible trace
element concentrations and high Si, Fe, Ni,
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FIGURE 3.21 Mantle fluxes from Davies (1998)
and Schubert et al. (2001).
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and Cr to signify a high degree of partial melt-
ing. From what we know of melting processes
in the modern mantle this would indicate that
Archaean tholeiites are produced by hotter,
deeper mantle melting – a thicker melt col-
umn – than are modern MORB.

3.2.1.2 Komatiites
Komatiites are ultramafic magmas which are
almost exclusively confined to the Archaean.
They are common in many greenstone belts
where they are interbedded with tholeiitic
basalts. They were discovered in the 1970s, 
in the Barberton Greenstone Belt in South
Africa, outcropping in the Komati river, and 
it is from this locality that they derived 
their name. The relatively recent recognition
of a new class of igneous rock caused some-
thing of a stir within the Earth Science com-
munity at the time, and komatiites quickly
became recognized as an important window
into the Earth’s early mantle. Komatiites,
however, have had more than their share of
controversy, as will be seen from the discus-
sion below.

Typically komatiites are ultramafic rocks
with volcanic features such as glassy flow tops,
flow top breccias, amygdales, and pillows.
They form lava flows varying in thickness

from a few centimeters to over 100 m. They
are highly magnesian with more than 18 wt%
MgO and in their primary state they contain
olivine and pyroxenes in a glassy matrix. The
best preserved examples display “spinifex 
texture” – slender, elongate blades of olivine –
which are indicative of very rapid cooling.
Very commonly komatiites are associated
with komatiitic basalts – less magnesian ultra-
mafic lavas, with between 12 and 18 wt%
MgO – dominated by clinopyroxene and some-
times showing spinifex texture.

The very high MgO-content of komatiite
melts has been taken to indicate that they rep-
resent extremely high-temperature melts of
the mantle. The exact temperature of melting
is reflected in the MgO-content of the parental
melt. However, herein lies a difficulty, for
determining the original MgO-content of a
komatiitic melt is not straightforward (Fig. 3.23).
There are two reasons why this is so. First,
many komatiite flows are highly differentiat-
ed, leading to major compositional differences
between chilled flow margins and domains
which are cumulus-enriched. In fact the
unwitting analysis of olivine-rich komatiite
cumulates has, in the past, led to an overesti-
mate of the MgO-content. Second, komatiites
are almost always chemically altered as a 
result of submarine or subaerial weathering
after eruption and subsequent metamorphism.
By screening out differentiated and altered 
samples, Arndt (1994) proposed a maximum
melt composition of about 30% MgO. Such
melts would have had an eruption tempera-
ture of about 1,600�C and, as will be shown
later, probably segregated from a source sever-
al hundred degrees hotter than the ambient
mantle.

3.2.1.2.1 Contaminated komatiites
One of the consequences of such high eruption
temperatures is that komatiite lavas had very
low viscosities. Flow rates would have been
very high producing extensive, turbulent lava
flows, which experienced very rapid cooling
(Huppert et al., 1984). This observation led to
a major revolution in thinking about komati-
ites, for a feature of superhot, turbulent lava
flows is that they are thermally corrosive 
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FIGURE 3.22 The trace element composition of
Archaean tholeiites compared to modern enriched-
MORB and normal-MORB, normalized to the
primitive mantle (after Arndt et al., 1997). 
See Text Box 2.2.
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and have the capacity to assimilate a signifi-
cant proportion of the rocks through which
and onto which they are emplaced. This pre-
diction was verified by the description of ther-
mal erosion channels at the base of komatiite
flows in the Kambalda greenstone belt in west-
ern Australia (Groves et al., 1986).

The recognition that komatiites were most
probably chemically contaminated sent the
world of komatiite studies into confusion for a
time, for whilst previously komatiites had
been held as the premier window into the
Archaean mantle, it now appeared that this
window was rather dirty. Fortunately, the very
high percentage of contamination predicted
(40%) has not been realized (Foster et al.,
1995). At the present time trace element and
isotopic studies are used to discriminate
between contaminated and uncontaminated
komatiites (Arndt, 1994) and identify the
extent of contamination. So the pendulum has
swung back and currently komatiites are
regarded as an important source of informa-
tion about the composition of the Archaean
mantle.

3.2.1.2.2 Komatiite types
Komatiites have been subdivided into a 
number of different chemical types. The most
frequently used classification is that of Arndt
(1994) and recognises Al-depleted komatiites
(or Barberton-type komatiites, from the green-
stone belt where they were first recognized)
and Al-undepleted types (or Munro-type
komatiites, named after their type locality in
the Abitibi greenstone belt, Canada). To these
can be added a class of Ti-depleted komatiites,
found in the Abitibi Greenstone Belt and sim-
ilar in composition to the Cretaceous komati-
ites from Gorgona Island (Sproule et al., 2002),
and a further group of extremely Ti-depleted-
Si-enriched komatiites from the Kaapvaal
Craton (Wilson, 2003). There is a strong rela-
tionship between the level of Al-depletion in a
komatiite and its REE content. On a
Al2O3/TiO2 versus [Gd/Yb]n diagram there is
an inverse correlation between the Al2O3/TiO2

and [Gd/Yb]n ratios (Fig. 3.24). Al-depleted
komatiites have relatively high REE concen-
trations and [Gd/Yb]n �1.0, Al-undepleted
komatiites have lower REE concentrations 
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FIGURE 3.23 Compositional variation within a komatiite flow. The stratigraphic section on the left shows
an idealized komatiite flow comprising a chilled flow top, a spinifex textured section, and a cumulate base.
Typically such flows are a few meters thick. The MgO–Al2O3 plot on the right shows the compositional
variation within the different layers of the flow as a consequence of olivine fractionation. A small amount
of the compositional variation can also be attributed to Mg-gain during the alteration of the flow top. The
circle shows the probable composition of the parental magma, although this composition may not be pre-
cisely represented by any rock composition within the flow (after Arndt, 1994).
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and chondritic Al2O3/TiO2 and [Gd/Yb]n ratios.
The extremely Ti-depleted- Si-enriched komati-
ites have very low REE concentrations and 
are strongly depleted in light REE with
[Gd/Yb]n � 1.0.

The significance of the different komatiite
types has become clear from a combination 
of experimental and trace element studies. 
Al-depleted komatiites are generally thought to
have formed in the presence of an aluminous
phase, such as garnet at depths of 200–400 km
or majorite-garnet at depths of 400–660 km.
Al-undepleted komatiites formed in the
absence of an aluminous phase either in the
shallow mantle, where garnet is consumed
during melting, or at great depth, below the
mantle transition zone (�660 km) where per-
ovskites become the major mantle phases. Xie
and Kerrich (1994) have argued that the phase
changes which take place with depth in the
mantle can be fingerprinted geochemically and
can be used to identify the depth of melting of
the different types of komatiite. They show

that the ratio of HFSEs – Nb, Zr and Hf – to the
REE can be used as a discriminant between
olivine (a shallow mantle phase), majorite
(from the mantle transition zone), and per-
ovskite (a lower mantle phase) fractionation.
They propose, on the basis of different trace
element signatures found in the komatiites 
of the Abitibi Greenstone Belt, Canada, that
Al-undepleted komatiites formed by a high
degree of partial melting of the shallow mantle
(�300 km), whereas Al-depleted komatiites
formed in equilibrium with majorite garnet 
in the depth range 400–700 km. It should be
noted that experimental studies of similar
compositions record slightly lower pressures
(Herzberg, 1992). More extreme however is 
the finding by Xie and Kerrich (1994) that a
second group of Al-undepleted komatiites,
also from Abitibi, have a trace element signa-
ture indicative of perovskite fractionation,
implying a depth of melting in excess of
700 km.

3.2.1.2.3 Melting conditions
The present consensus is that komatiites are
high-temperature melts, the most magnesian
of which erupted at temperatures close to
1,600�C. These high temperatures require
melting deep in the mantle in the depth range
300–700 km. They also represent a relatively
high fraction of melting. Herzberg (1992) sug-
gested on the basis of experimental studies
that Munro-type komatiites represent 35–40%
melting whereas Barberton type may represent
as much as 50% melting. The only serious
grounds on which these conclusions might be
challenged is if komatiites were the product of
wet mantle melting and this leads to the most
recent controversy to surround komatiites.

3.2.1.2.4 Were komatiites wet?
Researchers working on the komatiites of the
Barberton Greenstone belt have recently
argued that komatiites are the product of wet
mantle melting. Their evidence comes from
both field observation and from experiment.
Field observations of vesicles in komatiite
lavas and pyroclastic komatiites lead to the
inference that the lavas were degassing water
when they erupted. In addition, experimental
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FIGURE 3.24 (Gd/Yb)n versus Al2O3/TiO2 ratio
plot showing the differences between the different
chemical types of komatiite. These element pairs
are selected, in part because they are thought to be
unaffected by later chemical alteration of the
komatiite. The (Gd/Yb)n ratio is a measure of the
degree of fractionation of the REEs. The subscript
“n” indicates that the values are chondrite 
normalized.
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studies of pyroxenes in Barberton komatiites
(Parman et al., 1997, 2003) show that they
crystallized from a melt containing a mini-
mum of 6 wt% water. Further support for the
wet melting model comes from the work of
Collerson and Kamber (1999) who showed that
the Nb/Th and Nb/U ratios of uncontaminat-
ed komatiites and komatiitic basalts were pro-
gressively fractionated during the Archaean.
They have suggested that the principal control
on this fractionation is via hydrous (subduc-
tion zone) processes. 

The counter argument, summarized by
Arndt (2003) and Arndt et al. (1998), stresses
the inability of low viscosity komatiitic melts
to contain dissolved volatiles. Furthermore,
most komatiites are chemically depleted
implying that they are the melts of a source
which was previously chemically fractionated.
If this was the case, then any volatiles in the
source would be expected to have been
removed in the first melt and would not be
present to enter a komatiitic melt.

One of the most appealing aspects of a
hydrous mantle origin for komatitiites is that
it solves the problem of high komatiite melt
temperatures and reduces them to what would
be considered “normal” for the Earth’s mantle.
For example, Inoue et al. (2000) found that in a
hydrous melting experiment, Al-depleted,
Barberton-type komatiites can be produced at
relatively low pressures (8 GPa, i.e. 200 km)
and low temperatures (1,300–1,500�C) com-
pared with the ca. 1,900�C calculated for dry
melting (Section 3.2.2.2). Thus, a wet melting
model for komatiites challenges the view that
the Archaean mantle was particularly hot.
This is important, for until recently a “hot”
Archaean mantle was a fundamental assump-
tion about the Archaean Earth. At present the
debate is polarized between a “dry-komatiites-
are-produced-in-mantle-plumes” group and a
growing group of scientists arguing for “wet-
komatiites-of-subduction-zone-origin.”

3.2.1.3 Boninites
Boninites are lavas with a high MgO (10–22
wt%), high SiO2 (52–58 wt%), mg nos. greater
than 60 (mg number, or mg#, is the atomic
fraction of Mg relative to total (Mg � Fe(II)) in

the rock) and low levels of incompatible ele-
ments. Geologically recent boninites are found
in arc environments. They are thought to have
formed through a two stage process. Their
mantle source is depleted through one or more
melting events and then the refractory
harzburgite residue is enriched and remelted
by the fluxing of fluids from a subducting slab.
Melting takes place in anomalously hot supra-
subduction zone conditions at high tempera-
tures (ca. 1,300�C) and at shallow depth
(�10 kb) (Crawford et al., 1989). Geochemically,
modern boninites are characterized by U-shaped
REE patterns which reflect the two processes
involved in their generation. LREE enrichment
from the subduction zone fluids is imprinted
on an already light- and middle-REE depleted
mantle, depleted through an earlier melt
extraction event.

The recognition of boninitic or boninite-
like magmas in late Archaean (Kerrich et al.,
1988; Smithies, 2002) and early Archaean
greenstone belts (Polat et al., 2002), albeit as
rather rare melts, has been used by some
authors to suggest that mantle processes simi-
lar to those involved in the genesis of modern
boninites were operating at that time. In addi-
tion, it has been proposed that some komatiitic
basalts may also be Archaean equivalents of
modern boninites (Parman et al., 2001), and it
is possible that the high-Si komatiites described
by Wilson (2003) formed in a similar manner.

Because they strongly implicate “modern-
type” subduction processes, claims of Archaean
boninites must be examined carefully. Smithies
et al. (2004) in a recent review evaluated the
evidence and propose two groups of Archaean
“boninites.” They show that there are Archaean
boninites which are very similar in composi-
tion to modern boninites. The oldest of 
these are found in the 3.12 Ga Whundo Group, 
in the Pilbara of western Australia, where 
they form part of a greater than 10 km thick
sequence of mafic, andesitic, and rhyolitic
lavas. Similar lavas are known from the 2.8 Ga
Superior Province in Canada. These are thought
to have formed by modern-type subduction
processes and imply subduction at 3.12 Ga. 
A second group of boninite-like lavas is less
enriched in light REE. These include lavas from
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the Abitibi Greenstone belt in Canada and the
3.8 Ga Isua greenstone belt in west Greenland.
These boninite-like lavas are thought to have
formed by second-stage melting, in the same
way as true boninites, but are the product 
of an “inefficient subduction enrichment 
process, during some earlier style of Archaean
subduction” (Smithies et al., 2004), hence
their lower concentrations of fluid-mobile 
elements.

3.2.1.4 Fragments of the Archaean mantle:
do Archaean ophiolites exist?
Recognizing fragments of the Archaean man-
tle is fraught with problems for it is difficult to
distinguish mantle rocks from other ultramaf-
ic rocks such as komatiites and ultramafic
intrusions especially when they have been
metamorphosed and deformed. It has been
suggested that Archaean mantle rocks are pre-
served in Archaean ophiolites in a manner
analogous to modern environments (Section
3.1.1.4). However, the existence of Archaean
ophiolites is itself hotly debated and the evi-
dence for their existence is equivocal. Yet, they
are a subject of great importance, for, if they do
exist, not only would they provide actual sam-
ples of the Archaean mantle, but they would
also give firm evidence for the operation of
plate tectonics early in Earth history.

Originally all Archaean greenstone belts
were thought to be ophiolites, obducted slices
of Archaean ocean floor, but now it is general-
ly agreed that this is not normally the case
(Bickle et al., 1994). Most Archaean “ophiolites”
have been “identified” on the basis of their
similar stratigraphy to the classical ophiolite
igneous stratigraphy (See Section 3.1.1.4). Such
claims have been made for the lower Kam
Group in the Yellowknife Greenstone Belt,
Canada (Helmstedt et al., 1986), the Jamestown
Complex in the Barberton Greenstone Belt,
South Africa (De Wit et al., 1987), the Wind
River Greenstone Belt in Wyoming (Harper,
1985), and from the Yilgarn Block in western
Australia (Fripp & Jones, 1997). An intense
debate on the origin of the Belingwe Greenstone
belt in Zimbabwe centered on whether or not
there was a thrust plane within ultramafic
rocks near the base of the succession (Kusky &

Kidd, 1992) and hence whether the greenstone
belt represented a thrust slice tectonically
emplaced upon older rocks. The consensus
now is that this succession is not an ophiolitic
fragment (Blenkinsop et al., 1993).

Of relevance here are those Archaean 
ophiolites which may contain an ultramafic
mantle section. One possible example is the
Dongwanzi ophiolite in China (Kusky et al.,
2001) from which harzburgite tectonites up to
70 m thick, dunites, pyroxenites and wehrlites
have been described. These rocks also contain
podiform chromitites with nodular textures,
thought to be unique to mantle chromitite
occurrences (Kusky et al., 2001; Kusky, 2004).
This ultramafic assemblage is interpreted as
depleted mantle from which a basaltic melt
has been extracted.

One of the first claims for fragments of
Archaean mantle was that of Collerson et al.
(1991) who reported 3.8 Ga spinel-bearing
metaperidotites and pyroxenites with mantle-
like chemistry, interleaved with felsic gneisses
in northern Labrador. Similar claims have also
been made for ultramafic xenoliths found in
Archaean high-grade felsic gneisses from the
greater than 3,800 Ma Itsaq Gneiss Complex
in west Greenland. Friend et al. (2002) described
dunites and harzburgites from the Itsaq Gneiss
Complex and argued on geochemical grounds
that these rocks represent the “best character-
ized sample of the early Archaean mantle.”
Very similar dunites and harzburgites from the
same region of the Itsaq Gneiss Complex were
described by Rollinson et al. (2002), and yet
these samples are chromite-bearing and dis-
play magmatic layering indicating a magma
chamber origin. These conflicting interpreta-
tions illustrate the difficulty in unequivocally
assigning a mantle origin to ultramafic xeno-
liths in gneiss terrains.

3.2.1.5 Fragments of the Archaean mantle –
xenoliths from the subcontinental lithosphere
As geochronological determinations on xeno-
liths from the subcontinental lithosphere
become more robust, a consistent observation
is emerging – that the subcontinental litho-
sphere beneath Archaean continental crust is
very ancient (see Section 3.1.3.2). Recent studies
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using Os-isotopes have shown that the sub-
continental mantle beneath Archaean cratons
has been chemically isolated from the con-
vecting mantle since the late Archaean
(Pearson, 1999). These are perhaps our most
certain samples of the Archaean mantle.
However, it is known that the Archaean sub-
continental lithosphere was extremely chemi-
cally depleted (Fig. 3.12) and represents only a
small fraction of the mantle as a whole.
Furthermore many of these samples have been
altered through interaction with later mantle
melts. Thus, whilst kimberlite-borne xenoliths
from the subcontinental mantle may be the
most abundant samples of the Archaean man-
tle, they are not particularly useful in building
Archaean mantle models.

One particular class of Archaean mantle
xenoliths has received special attention. These
are eclogites recovered from the subcontinen-
tal lithosphere. Richardson et al. (2001)
showed that some Archaean eclogite xenoliths
have the trace element and Os-isotopic char-
acteristics of a basaltic protolith and an iso-
topic history which shows a significant time
gap between basalt generation and eclogite
crystallization. These properties are typical of
subducted ocean floor and indicate that the sub-
continental lithosphere beneath the Kaapvaal
Craton contains fragments of 2.9 Ga subduct-
ed ocean floor.

3.2.1.6 The composition of the Archaean
mantle
Calculating the composition of the Archaean
mantle is a task which has occupied geo-
chemists for some decades. It is not a trivial
task because the nature of the Archaean 
mantle is that it was constantly changing 
in composition. However, estimates of the
primitive mantle composition, also known as
the composition of the BSE – the mantle as it
was after the core has been extracted but
before the continents were formed – are given
at various points in this chapter, as follows:
estimates of the major element composition 
of the primitive mantle are given in Table 3.1;
the composition of the Archaean subcontinen-
tal lithosphere in Table 3.4; the trace element
composition of the primitive mantle in

Table 3.2; the initial compositions and the
temporal evolution of the Nd-, Hf-, Pb- and
Os-isotopic systems are given in Section 3.2.3.
Finally, the volatile content of the Archaean
mantle is discussed in Chapter 5, Section 5.2).

3.2.2 Thermal constraints on the nature of
the Archaean mantle
Quantifying the thermal evolution of the
Archaean mantle is a subject of great impor-
tance. For mantle temperatures strongly influ-
ence the viscosity of the mantle, which in turn
controls the pattern of mantle convection 
and tectonic style. However, this is a difficult
subject because there are many uncertainties.
Interpreting the thermal history of the Earth
requires a detailed knowledge of heat transport
mechanisms and of heat source distributions.
In addition thermal models are strongly 
dependent on the extent to which the Earth’s
mantle is or has been layered. All of these 
variables are only partially known, rendering
any discussion of the thermal evolution of 
the mantle in the Archaean subject to large
uncertainties.

One of the starting points in calculating the
thermal history of the early Earth is the
observed mismatch between the present-day
heat production rate and the rate of heat loss.
Today the total thermal flux for the Earth is
about 41 TW (Davies, 1998). When this is
compared with the present-day radioactive
heat production of 20 TW it is clear that the
Earth has another source of heat in addition to
its radioactive heat. This heat source is
thought to be the residue of “old heat” dating
from the formation and differentiation of the
Earth.

This observation alone suggests that the
Earth’s mantle was once much hotter than it is
now and has cooled over time. What will also
become apparent from the discussion below is
that the Earth probably experienced its most
dramatic cooling during the Archaean, although
when exactly this cooling took place is much
debated. Published estimates of secular cooling
rates vary greatly. Values of between 30�K/Ga
and 100�K/Ga have been proposed by Jackson
and Pollack (1984), and Christensen (1985).
Below we consider the evidence for a hotter
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Archaean mantle drawn from a knowledge of
the Earth’s radioactive heat content and man-
tle potential temperatures calculated for
komatiites and basalts.

3.2.2.1 Evidence from radioactive heating
The radiogenic heat production of the Earth’s
mantle has declined over the lifetime of the
Earth, although the exact magnitude of this
decline depends upon the concentrations of
the heat producing elements K, U and Th in
the mantle. The ratios K/U and Th/U are well
known for the mantle and so models are
dependent only on a knowledge of the U con-
tent of the mantle. This is thought to vary
between 20 and 26 ppb (Table 3.2). Some of
this uncertainty may be due to the progressive
fractionation of U from the mantle into the
continental crust over time. Recent estimates
of the K/U ratio of the BSE from Helffrich 
and Wood (2001) combined with the heat pro-
duction calculations of Pollack (1997) indicate
that mantle heat production was slightly more
than twice its present value at 2.5 Ga and
about 4 times the present value at 4.0 Ga. This
is illustrated in Richter’s (1988) secular cool-
ing curve shown in Fig. 3.25.

3.2.2.2 Evidence from komatiites
It has been shown experimentally that the
MgO-content of komatiitic liquids is directly

related to their eruption temperature. However,
precisely determining the MgO-content of
komatiitic liquids is not simple (see Section
3.2.1.2). Nisbet et al. (1993) discuss the most
robust estimates for magnesian komatiites and
conclude that there is strong evidence for lavas
with 25.6 wt% MgO and more limited evi-
dence for liquids up to 29 wt% MgO. They cal-
culate that a liquid with a MgO-content of
25.6 wt% had an eruption temperature of
about 1,520�C, whereas a liquid with an MgO-
content of 29 wt% had an eruption tempera-
ture of about 1,580�C. Combining these results
with pressure–temperature models of mantle
melting Nisbet et al. (1993) calculated that
komatiites with 25.6 wt% MgO would have
melted at a temperature of 1,800�C at a depth
of 12 GPa. They therefore indicate a mantle
potential temperature of 1,800�C. Al-depleted
komatiites with a MgO-content of 29 wt%
MgO and an eruption temperature of about
1,580�C would have melted in the majorite
stability field at 1,900�C at a depth of 18 GPa
and represent a mantle potential temperature
of 1,900�C.

Until recently most models for komatiite
genesis would have interpreted these very high
mantle potential temperatures as evidence for
a plume origin and indicative of temperatures
substantially higher than the ambient mantle.
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FIGURE 3.25 The secular cooling curve for
the potential temperature of the Earth’s man-
tle (from Richter, 1988) and calculated upper
mantle potential temperatures based on
basalt chemistry (Abbott et al., 1994 – shaded
field). Also shown are the potential tempera-
tures for komatiites from Barberton
Greenstone Belt (Barb) and the Belingwe
Greenstone Belt (Bel), estimated komatiite
temperatures from Grove and Parman (2004)
and the calculated temperature of the sub-
continental lithosphere from beneath the
Kaapvaal Craton (Richardson et al., 1984).
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However, the new ideas on a wet mantle 
origin for komatiites challenge this view.
Calculations by Grove and Parman (2004)
based on a wet melting model indicate mantle
temperatures between 1,500 and 1,600�C
(Grove & Parman, 2004), rather than the
1,800–1,900�C suggested by Nisbet et al.
(1993). The implications of a wet, cool origin
for komatiites are that the mantle must have
cooled very early in Earth history, and for
much of the Archaean was only slightly hotter
(ca. 100�C) than at present.

3.2.2.3 Evidence from basalt chemistry
Abbott et al. (1994) calculated the liquidus
temperatures of basalts from ophiolite suites
and Archaean greenstone belts from geochem-
ical data for the last 3.8 Ga. From these results
they calculated potential temperatures for their
mantle sources. Their calculations show that
over geological time basalts show a wide range
of melting temperatures (over 300�C), the
lower limit of which is similar to the secular
cooling curve of Richter (1988) (Fig. 3.25). Two
important conclusions can be drawn from this
study. First, that Archaean basalts are no dif-
ferent from more recent basalts inasmuch as
they display the same range of mantle poten-
tial temperatures. This indicates that, in many
respects, the Archaean mantle behaved much
as does the modern mantle. Second, average
upper mantle potential temperatures have
declined since the late Archaean by an esti-
mated 137 
 8�C (based on the temperature
range in Fig. 3.25), or by 187 
 42�C (based on
mean temperatures).

3.2.2.4 Evidence from subcontinental mantle
xenoliths
One of the important discoveries about the
subcontinental lithosphere to come from xeno-
lith and diamond inclusion studies is that
beneath many Archaean cratons the subconti-
nental mantle is extremely ancient. The
results of thermobarometry on these mantle
xenoliths have been used to construct paleo-
geotherms for the subcontinental mantle
(Fig. 3.4) which show that Archaean subconti-
nental lithosphere is significantly cooler than
more recent lithospheric mantle. The early
results of Richardson et al. (1984) on diamond

inclusions from beneath Kaapvaal Craton in
South Africa indicated temperatures of
900–1,200�C at depths of 150–200 km, for the
time of diamond genesis in the Archaean
(Fig. 3.25). This observation shows that the
subcontinental lithospheric mantle was signif-
icantly cooler than both the calculated secular
cooling curve for the mantle and the mantle
from which komatiites was generated. For
example, Nisbet et al. (1993) calculate that
komatiites generated at a depth of about
150 km would have a potential temperature of
about 1,600�C, compared with a temperature
of about 1,000�C for the subcontinental litho-
spheric mantle at a similar depth. These
observations are not surprising, for the insu-
lating effect of a cool mantle “keel” is neces-
sary to preserve ancient continental crust. In
addition, however, this result demonstrates
that there were strong lateral temperature
variations within the Archaean mantle.

3.2.2.5 Melt production in the Archaean
mantle
If, as many suppose, the Archaean mantle had
a higher potential temperature than the mod-
ern mantle, it is important to examine the
implications of this for melt production during
the early history of the Earth. The relationship
between mantle potential temperature and
melt thickness during adiabatic melting was
outlined in Section 3.1.4.3 and may be briefly
summarized by stating that as mantle poten-
tial temperature increases so will the melt pro-
duction, as expressed in the depth of the melt
column and the melt thickness. This is illus-
trated in Fig. 3.26, which shows how deeper,
higher-temperature melting should lead to the
formation of a thicker oceanic crust.

3.2.2.6 The cooling history of the mantle
Figure 3.25 shows the secular cooling curve for
the mantle from Richter (1988), the calculated
potential temperatures for Archaean komati-
ites and basalts, and an estimated temperature
for the Archaean subcontinental mantle. Two
important conclusions follow. First, it is clear
that the Archaean mantle had both hot and
cool regions. Potential temperatures calculat-
ed from dry komatiite melting temperatures
imply an anomalously hot mantle source,
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whereas the temperature of the Kaapvaal sub-
continental lithosphere implies that there
were also regions of cool mantle. Even allow-
ing for the wet melting of komatiites, mantle
temperatures are still both higher and lower
than the secular cooling curve of Richter
(1988).

Second, whilst there is no agreement on the
detail, it is evident that much of the Archaean
mantle was hotter than the modern mantle.
This has implications for mantle viscosity.
The viscosity of the Earth’s mantle shows a
strong dependence on temperature to the
extent that an upper mantle 250�C hotter than
the present day mantle would be 60 times less
viscous (Davies, 2006). A lower viscosity will
influence patterns of mantle convection and
the nature of Archaean tectonics, and would
have influenced the size plates in the precur-
sor to modern plate tectonics.

Richter’s cooling curve suggests a secular
cooling rate of about 100�C/Ga. Mantle poten-
tial temperatures from basalts and from wet
komatiites suggest a similar value, although
komatiites, if they are dry melts, imply a high-
er cooling rate. For many years models of the
Archaean mantle have been based upon high,
and in some cases, very high mantle tempera-
tures. Now we are less certain, for some of the
evidence suggests that, although the Archaean
mantle was hotter than the present mantle, it
was not very much hotter. If this turns out to
be true than we will have to revise our models
of Archaean tectonics.

3.2.3 Mantle evolution through time –
radiogenic isotope constraints
Radiogenic isotopes have proved a most pow-
erful tool for understanding mantle processes.
By studying mantle peridotites and mantle-
derived melts from a variety of different geo-
logical time periods it is possible to define
evolutionary curves for the different isotopic
systems within the mantle. These curves,
when plotted on isotope ratio versus time dia-
grams, can be used to characterize the chemi-
cal evolution of the mantle over time.
Deviations from the chondritic trend are used
to identify chemical fractionation events in
the mantle during Earth history. Of particular
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FIGURE 3.26 Pressure temperature diagram and
oceanic crust and mantle cross section to illustrate
how different mantle potential temperatures affect
the melting of mantle peridotite during adiabatic
decompression. (a) Typically in the modern mantle
the adiabat crosses the mantle solidus at shallow
depth (15 kb) and undergoes between 10 and 15%
melting. In a hotter Archaean mantle the adiabat
crosses the mantle solidus at greater depth and at
higher temperature and undergoes a much higher
degree of melting (up to 40%). These melts erupted
at a higher temperature than modern shallower
mantle melts. (b) Melting of the modern mantle at
relatively shallow depth, with up to 15% melting,
gives rise to an ocean crust about 7 km thick.
Melting of the Archaean mantle with a higher
potential temperature and a deeper melt column
would give rise to a much thicker oceanic crust
(after Grove & Parman, 2004).
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importance is the memory of now-extinct iso-
tope systems in Archaean samples, which
record differentiation events within the very
early Earth, and which have subsequently
been destroyed in the convecting mantle.

In this section mantle evolution curves are
presented for neodymium (Nd), hafnium (Hf),
lead (Pb) and osmium (Os) isotopes. A summa-
ry of these isotopic systems is given in Text
Box 3.2. Earlier studies based upon the study of
Sr isotopes in the mantle (e.g. Bell et al., 1982)
are now known to be unreliable because of its
high geochemical mobility (Goldstein, 1988).
The significance of the mantle evolution
curves described here is that they demonstrate
that the mantle does not operate as an isolated
system but that it has evolved in its composi-
tion over time, in response to core formation,
crust extraction, and the recycling of crustal
material.

3.2.3.1 The neodymium isotopic evolution of
the mantle
Nd and Sm (samarium) are members of the
REE group. Both behaved as refractory,
lithophile elements during Earth accretion,
and so their mantle ratio is expected to be
chondritic. This has given rise to the concept
of a CHondritic Uniform Reservoir (CHUR),
the now accepted reference frame for Nd-iso-
topic evolution. Most commonly the Nd-iso-
topic evolution of the mantle is defined using
the isotope 143Nd, the product of 147Sm decay
(with the half-life 106 Ga). There is, however,
another rarer isotope of Nd, which is particu-
larly useful in exploring the earliest evolution
of the mantle. 142Nd is the product of 146Sm
decay, a short-lived isotope with a half-life of
only 103 Ma, produced only in the first few
hundred million years of Earth history.

3.2.3.1.1 143Nd evolution
The initial 143Nd/144Nd ratio of the bulk sili-
cate Earth is obtained from the measurement
of initial isotope ratios in primitive chondritic
meteorites. Over time, therefore, the Earth
should evolve along an evolution line, defined
by the Sm/Nd ratio of chondrites. However,
during mantle melting both Nd and the parent
element Sm are incompatible (i.e. they are read-
ily incorporated into the melt phase during

mantle melting) and are removed from the
Earth’s mantle in basaltic and ultramafic
melts, leaving the mantle depleted in Nd and
Sm. Although both Nd and Sm prefer to enter
the melt phase rather than remain in the man-
tle residue during melting, Nd has a stronger
preference to enter the melt than does Sm. For
this reason melt-depleted mantle becomes
more depleted in Nd than Sm and so has an
elevated Sm/Nd ratio relative to chondritic
meteorites. This understanding of mantle
chemistry allows us to make sense of the
observation that many geologically recent
mantle-derived rocks have higher than chon-
dritic 143Nd/144Nd-isotope ratios. These melts
must have come from a source region that had
already experienced some melt extraction, a
portion of the mantle known as the “depleted”
mantle.

Deviations in measured 143Nd/144Nd-iso-
tope ratios from the chondritic evolution
curve are expressed in parts per thousand 
deviation using the εNd notation. The evolu-
tion of this parameter with geological time 
has been documented by many authors (see
summary in Rollinson, 1993). A recent compi-
lation is given by Nagler and Kramers (1998) in
Fig. 3.27. This curve is based upon a carefully
screened database of mantle melts, whose age
is well constrained and whose isotope ratios
show no evidence of crustal contamination or
disturbance during metamorphism.

The Nagler and Kramers (1998) εNd mantle
evolution curve shows two important fea-
tures. First, that in the early Archaean the
average εNd value is almost constant and about
1.0. Thereafter, from about 3.0 Ga to the pre-
sent, εNd values steadily increase to a present-
day value of �10. Nagler and Kramers (1998)
suggest that the average εNd value of about 1.0
for the early Archaean has no geological mean-
ing but is in part an analytical artifact and in
part the result of the uncertainty in εNd mea-
surements on chondrites.

In contrast, the steady increase in εNd values
in the Earth’s mantle with time after 3.0 Ga
does have a geological meaning and implies
the progressive extraction of the light rare
Earth elements from the Earth’s mantle. The
most popular explanation of this fractionation
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TEXT BOX 3.2. Isotopic systems relevant to the long-term evolution of the Earth’s mantle

Parent Daughter Isotope Decay Reference Isotopic notation
isotope isotope ratio constant Composition used used

measured for terrestrial
evolution

Neodymium isotopes
147Sm 143Nd 143Nd/144Nd 6.54 � 10	12 Present-day εNd � 10000 � the

yr	1 (half-life Chondritic deviation from the
� 1.06 � 143Nd/144Nd ratio � chondritic 143Nd/144Nd
1011 years) 0.512638; ratio at the time of

147Sm/144Nd � interest
0.1966

146Sm 142Nd 142Nd/144Nd 6.74 � 10	9 Several standards are 100 � ε142Nd – the
yr	1 in use. The present- deviation from the
(short lived day 142Nd/144Nd ratio 142Nd/144Nd ratio of a
isotope with in the Ames standard given reference
a half life of is 1.141838; solar standard at the time of
1.03 � 108 system initial interest, expressed as
years) 146Sm/144Nd � 0.008 ppm

Hafnium isotopes
176Lu 176Hf 176Hf/177Hf 1.865 � 10	11 Present-day εHf � 10,000 � the

yr	1 Chondritic deviation from the
or 176Hf/177Hf ratio � chondritic 176Hf/177Hf
1.983 � 10	11 0.282772; ratio at the time of
yr	1 176Lu/177Hf � 0.0332 interest

Lead isotopes
238U 206Pb 206Pb/204Pb 1.55 � 10	10 Initial ratio of µ � the 238U/204Pb ratio

yr	1 206Pb/204Pb in the measured in a mantle
mineral troilite in the or crustal source
Canyon Diablo region
meteorite � 9.307

235U 207Pb 207Pb/204Pb 0.985 � 10	9 Initial ratio of —
yr	1 207Pb/204Pb in

Canyon Diablo
troilite � 10.294

232Th 208Pb 208Pb/204Pb 0.049 � 10	9 Initial ratio of κ � the 232Th/238U ratio
yr	1 208Pb/204Pb in measured in a mantle

Canyon Diablo or crustal source
troilite � 29.474 region

Osmium isotopes
187Re 187Os 187Os/188Os 1.666 � 10	11 Present-day γ187Os � the percentage

yr	1 Chondritic deviation from the
187Os/188Os ratio � chondritic 187Os/186Os
0.1270; 187Re/188Os � ratio at the time of
0.40186 interest

190Pt 186Re 186Os/188Os 1.54 � 10	12 Bulk silicate Earth ε186Os � 10000 � the
yr	1 value � 0.119834 deviation from the

bulk silicate Earth
value for 186Os/188Os
at the time of interest
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event is the extraction from the mantle of a
felsic, light REE enriched continental crust.
The εNd-time evolution curve for the Earth’s
mantle presented in Fig. 3.27 is independently
supported by forward modeling calculations
(Nagler & Kramers, 1998). These calculations
are constrained by the isotopic compositions
of crust and mantle reservoirs and strongly
support the notion of continental crust extrac-
tion as the primary cause of mantle depletion.

Alternative views of early Archaean mantle
evolution require that mantle depletion start-
ed as early as ca. 4.5 Ga (see compilation in
Rollinson, 1993). These models imply signifi-
cant mantle Sm–Nd fractionation in the very
early Archaean and have major implications
for the differentiation of the early Earth. One
such study is that of Bennett et al. (1993) who
measured very high εNd values (�3.5 to �4.5)
in 3.81 Ga Amitsoq gneiss samples. Collerson
et al. (1991) also calculated an isochron εNd

value of �3.0 for 3.8 Ga-old peridotites from
northern Labrador. The extreme deviation
from CHUR early in Earth history (Fig. 3.27)
was interpreted by Bennett et al. (1993) as evi-
dence for an extreme and very early fractiona-
tion of the Earth’s mantle relative to CHUR.
Such an event implies the formation of exten-
sive continental crust prior to 3.8 Ga, for
which there is no independent geological evi-
dence. This apparent paradox and the claim for
very early extensive mantle differentiation led
to a detailed reexamination of the Bennett

et al. (1993) dataset by Moorbath et al. (1997)
and Vervoort et al. (1996). They showed that
Nd-isotopes in the Amitsoq gneiss samples
used by Bennett et al. (1993) were mobilized
during later metamorphism and do not faith-
fully record the isotopic compositions at
3.8 Ga, the time of formation.

3.2.3.1.2 142Nd evolution
142Nd is produced by the decay of 146Sm–a
short-lived isotope which became extinct
within the first 400–500 Ma of Earth history.
For this reason 142Nd has the potential to iden-
tify very early events in the Earth’s mantle.
Positive or negative deviations of ε-142Nd from
the bulk Earth (chondritic) value would indi-
cate the presence of a REE fractionated reser-
voir during the first 100–200 Ma of Earth
history (see Text Box 2.3).

With this in mind, a number of research
groups have searched for 142Nd anomalies in
very early basalts and sediments with variable
success. In part this is due to the very low
abundances of 142Nd in natural samples. The
first study was by Harper and Jacobsen (1992)
who reported elevated ε-142Nd values in sedi-
ments from the 3.8 Ga Isua greenstone belt,
although this finding was later disputed
(McCulloch & Bennett, 1993). More recently,
two research groups, using improved analytical
methods, have reported the presence of a 142Nd
anomaly in rocks from the Isua greenstone
belt (Boyet et al., 2003, Caro et al., 2003, 2006).
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FIGURE 3.27 Mantle εNd versus time plot
showing mantle evolution according to the
Nagler and Kramers (1998) curve (black line)
relative to the chondritic uniform reservoir
(CHUR). Selected error boxes from the Nagler
and Kramers (1998) dataset are also shown.
The curve is defined by the polynomial
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10.4. Data points from Bennett et al. (1993)
for the Amitsoq gneisses (squares) showing
high εNd are also plotted, together with the
mantle evolution curve proposed by Bennett
et al. (1993) on the basis of these data 
(grey curve).
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These results require that the mantle source of
the 3.8 Ga basalts and related sediments expe-
rienced Sm/Nd fractionation within 50–200
million of years of planetary accretion and that
this fractionation was preserved from that
time until at least 3.8 Ga. This finding was
strikingly confirmed by Boyet and Carlson in
2005, who redetermined the ε142Nd value of
chondritic meteorites. These new ultrahigh
precision measurements showed that the
chondritic value is 20 ppm lower than that for
terrestrial rocks, implying an ubiquitous 142Nd
anomaly in the Earth’s mantle.

The recognition of a 142Nd anomaly within
the mantle implies that the Earth experienced
a major, very early differentiation event. The
study by Boyet and Carlson (2005) showed that
lunar basalts also have elevated 142Nd/144Nd
ratios relative to primitive chondrites, imply-
ing that the Moon was formed from an Earth
that had already experienced major differentia-
tion. This means that the early differentiation
of the Earth took place within 30 Ma of the
formation of the solar system. Whilst the pre-
cise nature of this differentiation event is not
known, a favored model is the formation of an
Fe- and trace element-enriched basaltic crust,
perhaps as an initial crust to a magma ocean.
It is postulated that this crust is now isolated
from the convecting mantle and is located
deep within the lower mantle.

The implications of a very early differentia-
tion event in the Earth’s mantle have far-
reaching consequences for geochemical
models for the silicate Earth. It means, for
instance, that if a major trace element-
enriched component was removed from the
mantle very early in Earth history, the mantle
has had a composition similar to the modern
MORB source for most of Earth history.

3.2.3.2 The hafnium isotopic evolution of the
mantle
Hf-isotopes behave in a very similar way 
to Nd-isotopes during most magmatic process-
es in the Earth’s mantle. The elements Lu
(lutetium) and Hf are refractory and lithophile
during planetary accretion, and like Sm and Nd,
their mantle ratio is expected to be chondritic.
Oceanic basalts show strong correlations

between their Nd-and Hf-isotope ratios
(Vervoort & Blichert-Toft, 1999) reflecting the
geochemical similarity between the two iso-
tope systems and their coupled isotope evolu-
tion in the mantle (Fig. 3.28). Hf-isotopes,
however, have a particular advantage over Nd-
isotopes, making them especially useful in
unraveling events in the very early history of
the mantle. During mantle melting the frac-
tionation of Lu relative to Hf is more extreme
than for the Sm–Nd system, resulting in a
stronger suprachondritic signal for εHf than 
for εNd in the same melting event. This is seen
in isotope correlations for modern oceanic
basalts where εHf is up to 1.5 times greater
than εNd (Vervoort & Blichert-Toft, 1999).

Experimental studies show that the 
mantle mineral most likely to discriminate
between Lu and Hf is the mineral garnet. Thus
mantle melts showing Lu/Hf fractionation 
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FIGURE 3.28 εHf–εNd plot showing the coupled evo-
lution of the two isotope systems (after Blichert-
Toft & Albarede, 1997). Depicted is the mantle
array (MORB – midocean ridge basalt, OIB – ocean
island basalt and the field of Archaean komatiites
from Blichert-Toft & Arndt, 1999). The bulk 
silicate Earth value (BSE) is from Blichert-Toft and
Albarede (1997) and lies to the low side of the man-
tle array. The diagram is divided into quadrants
showing the effects of mantle mineralogy on εHf and
εNd. The different interpretations of the εHf–εNd data
for the Amitsoq gneisses (Vervoort & Blichert-Toft,
1999) according to the fast and slow 176Lu decay
schemes are shown (Amit-fast, Amit-slow).
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as evidenced by a positive εHf are thought to
indicate derivation from a mantle source from
which a basaltic melt has been previously
extracted, leaving a garnet enriched residue
(Blichert-Toft & Albarede, 1997). An alterna-
tive mechanism for Lu/Hf fractionation is by
the mineral perovskite. In this case, however,
Hf is more readily accommodated in the per-
ovskite structure than is Lu, and so the resul-
tant melts will have positive εHf and residues
after melting negative εHf (Blichert-Toft &
Albarede, 1997). Since perovskite is a deep
mantle mineral, negative εHf implies a deep
mantle origin for such melts (Fig. 3.28).

There are however some problems with
using Hf-isotopes to trace the evolution of the
mantle, which is why, despite their obvious
superiority to Nd isotopes, they have not 
been more widely used. First, they present
formidable analytical difficulties, although
this problem is now being resolved with 
the advent of new techniques (Vervoort &
Blichert-Toft, 1999). Second, there is uncer-
tainty about the extent to which Hf is mobile
during metamorphism (Blichert-Toft & Frei,
2001). Most important, however, is the uncer-
tainty in the half-life for 176Lu-decay.
Currently there are several different decay
constants in use, the extremes of which are
represented by the slow decay constant
(�176Lu � 1.865 � 10	11) of Soderlund et al.
(2004) and a fast decay constant
(�176Lu � 1.983 � 10	11) advocated by Bizzarro
et al. (2003). Until recently it was thought that
the differences were related to the materials
studied with the slow decay constant derived
from terrestrial samples and the fast on mete-
orites. However, recently Amelin (2005)
showed that the slow decay constant is also
applicable to meteorites. At present this mat-
ter is unresolved. Switching between the two
decay constants strongly influences calculated
εHf-values. For example, rocks formed at
3.6 Ga show a difference of 5 εHf-units between
the two decay schemes. This huge discrepancy
has profound geological implications. A final
complication is that there are also differences
in the chondritic reference values in use (ca.
Blichert-Toft & Albarede, 1997; Salters &
White, 1998; Blichert-Toft & Arndt, 1999).

This adds an additional uncertainty of 
 1.0
εHf-units to calculated values.

3.2.3.2.1 A mantle curve for Hf-isotopes
The Hf-isotope mantle evolution curve calcu-
lated by Vervoort and Blichert-Toft (1999) is
given in Fig. 3.29a. This curve is in two sec-
tions. From 4.5 Ga until ca. 3.0 Ga the mantle
appears to have experienced an early, extreme
fractionation, whereas after ca. 3.0 Ga the
curve conforms to the expected time integr-
ated Lu/Hf fractionation for the mantle.
However, since the mantle evolution curve is
based upon calculated εHf-values which will
vary according to the decay constant used,
there is need for a reexamination of the man-
tle Hf-evolution curve in the light of the 
controversy over decay constants. For this rea-
son the εHf

T-data presented in Figures 3.29b, 
care calculated according to the fast (Bizzarro
et al., 2003) and slow (Soderlund et al., 2004)
decay schemes, respectively.

The results of the fast decay scheme
(Fig. 3.29b) are similar to the original curve by
Vervoort and Blichert-Toft (1999) and imply a
very early (pre-3.5 Ga) mantle differentiation
event, followed by less extreme mantle 
depletion. The early depletion event was most 
likely caused by the production of a very early
mafic crust. Thus the ultimate source of the
parental magmas of the Jack-Hills zircons, 
the Amitsoq gneisses, and some Barberton
komatiites, was mantle that had already been
depleted in the early Archaean. Bizzarro et. al.
(2003) proposed that this early differentiation
of the mantle took place prior to 4.33 Ga. This
result is consistent with evidence from 142Nd
for a very early mantle melting event, as out-
lined in the previous section of this chapter.

If, however, the mantle evolution curve is
calculated based upon the slow decay scheme
of Soderlund et al. (2004) a very different inter-
pretation emerges. In this case the ε-Hf evolu-
tion of the mantle is a single stage process
from about 3.5–4.0 Ga until the present
(Fig. 3.29c). However, using this decay con-
stant many early Archaean samples plot with
negative εHf

T in the “enriched source” region
of the diagram. A possible interpretation 
of this result is that a significant amount of 
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continental crust had formed prior to 3.5 Ga.
Alternatively the negative εHf-values indicate a
mafic precursor which was derived from a per-
ovskite-rich lower-mantle source (see
Fig. 3.28) by the partial melting of the deep
mantle. The conclusion from the slow decay

scheme, that there was a significant amount of
very early continental crust, is not consistent
with the geological evidence (see Chapter 5,
Section 5.2.1.2).
A further factor which relates to the Hf-iso-
topic evolution of the mantle arises from the
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FIGURE 3.29 εHf–time diagrams for the evolu-
tion of the Earth’s mantle. (a) The mantle evolu-
tion curve of Vervoort and Blichert-Toft (1999)
showing pre-3.0 Ga fractionation followed by a
less extreme fractionation event. The mantle
curve indicates that the mantle was depleted in
Lu relative to Hf. Negative εHf-values would
imply derivation from an enriched source such
as enriched mantle or ancient continental crust.
(b) A proposed εHf-mantle evolution curve based
upon εHf-values calculated using the fast decay
sheme of Bizzarro et al. (2003) – � � 1.983 � 10	11.
This dataset supports the mantle evolution
curve proposed by Vervoort and Blichert-Toft
(1999) shown in (a). The data are taken from
Blichert-Toft and Arndt (1999), Vervoort and
Blichert-Toft (1999), Amelin et al. (1999), and
Amelin et al. (2000). Symbols: diamonds, most
radiogenic samples; Arc, modern arc samples; 
A, zircons from Amitsoq Gneisses, west
Greenland; B [black squares], komatiites and
basalts from Barberton Greenstone Belt, South
Africa; JH, zircons from the Jack Hills,
Australia. (c) A proposed εHf-mantle evolution
curve based upon εHf-values calculated using the
slow decay scheme of Soderlund et al. (2004) –
� � 1.865 � 10	11. This dataset does not support
the very early differentiation of the mantle but
implies the very early existence of continental
crust. Data sources as in (b). εHf

T values were
calculated using the chondritic values of
Blichert-Toft and Albarede (1997) –
176Hf/177Hfpresent-day � 0.282772,
176Lu/177Hf � 0.0332. A consensus is now
emerging in favour of the slow decay scheme,
consistent with interpretation (c) in this figure.
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choice of the current chondritic reference
value (Blichert-Toft & Albarede, 1997). On a
εNd

T–εHf
T plot (Fig. 3.28) the chondritic value

(BSE) is displaced toward the low side of the
correlated terrestrial Nd–Hf-isotope array.
There are two important implications of this
observation. First, mass balance constraints
require that there is another terrestrial reser-
voir (see e.g. Bizzarro et al., 2002), which is
complementary to the present terrestrial array.
This may be the buried ancient proto-crust, as
inferred from 142Nd isotope measurements.
Second, and contrary to the inference of some
workers (e.g. Hart, 1988), no present-day
basalts have isotopic compositions representa-
tive of a primitive mantle source (Blichert-Toft
& Albarede, 1997).

Blichert-Toft and Arndt (1999) proposed an
alternative different set of reference values for
the BSE. If these were to be adopted, then it is
necessary that either the Earth accreted at a
different time from the normally accepted
4.57 Ga or from a bulk composition different
from that of CI chondrites. This latter option
was explored by Patchett et al. (2004) who
found significant variation in the Hf-isotopic
composition of chondritic meteorites, indicat-
ing that the future resolution of terrestrial 
Hf-isotope systematics is likely to be found in
an appropriate choice of meteoritic parent for
the Earth.

3.2.3.3 The lead isotopic evolution of the
mantle
The U (uranium)–Th (thorium)–Pb (lead) iso-
topic system represents three independent
decay schemes and is a powerful but complex
tool with which to unravel the history of the
Earth’s mantle (Text box 3.2). During planetary
accretion U and Th are refractory, lithophile
elements and will reside in the mantle. Pb on
the other hand is a volatile and chalcophile/
siderophile element and may in part, be stored
in the core. Initial U and Th concentrations
are derived from chondritic meteorites, and
initial Pb isotope compositions are taken 
from the iron-sulfide troilite phase in the
Canyon Diablo meteorite. The initial bulk
Earth U/Th ratio was 4.0 
 0.2 (Rocholl &
Jochum, 1993).

During mantle melting U, Th, and Pb are
incompatible (i.e. preferentially enter the melt
phase during partial melting rather than
remain in the refractory residue), with U the
most incompatible. Typically U/Th ratios do
not change during mantle melting whereas
U/Pb ratios do, leading to elevated U/Pb ratios
in the upper continental crust relative to the
mantle. At the Earth’s surface U is easily
mobilized in an oxidizing environment and so
has the potential to be recycled back into the
mantle. Thus elevated U/Th and U/Pb ratios in
the mantle may be the product of recycled U.

3.2.3.3.1 The U/Pb ratio of the mantle
A plot of initial Pb-isotope compositions for
crustal and mantle rocks on a 206Pb/204Pb ver-
sus 207Pb/204Pb diagram shows a “banana-
shaped” field (Fig. 3.30; Kramers & Tolstikhin,
1997). A particular feature of this plot is the
wide variation in 207Pb/204Pb ratio at constant
206Pb/204Pb in the lower (older) part of the curve.
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FIGURE 3.30 The Kramers and Tolstikhin (1997)
Pb-isotopic evolution curve for the Earth’s mantle,
given an initial �(238U/204Pb ratio) of 11.2, relative
to the field of initial Pb-isotope compositions, the
MORB field, the 4.55 Ga Geochron and the primor-
dial Pb-isotopic composition. The numbered marks
on the mantle evolution curve indicate Ga before
the present. The cross marks the composition of
the average continental crust.
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Some authors have suggested this requires a
major U–Pb fractionation event during the
early Archaean or Hadean (Vervoort et al.,
1994; Kamber et al., 2003).

3.2.3.3.2 The future Pb-paradox
A particular feature of the Pb-isotope evolu-
tion curve for the mantle it that it extends into
the future relative to the 4.55 Ga Geochron
line. (The Geochron defines the locus of pre-
sent-day Pb-isotope ratios for the Earth, given
the initial primordial compositions and an age
of the Earth of 4.55 Ga.) The same finding
would also be true for a 4.57 Geochron. This
problem, known as the “Pb-paradox,” or the
“future Pb-paradox,” is a mass balance prob-
lem and relates to the mass balance of the dif-
ferent terrestrial Pb-isotope reservoirs. The
Pb-isotope composition of the bulk Earth
should plot on this line. However, the two
reservoirs likely to dominate the Pb-budget of
the silicate Earth, the MORB reservoir and the
continental crust, plot to the right of the
Geochron (Fig. 3.30). When this is considered
in the light of the mass balance of the silicate
Earth, two conclusions follow. First, the
MORB-source mantle and the continental
crust cannot be complementary reservoirs, as
has been argued by some workers (see Chapter 4,
Section 4.5.1.2). Second, there must be at least
one more terrestrial reservoir, with a low U/Pb
ratio, which plots to the left of the Geochron
line. Current solutions to the future Pb-para-
dox include (1) a low U/Pb reservoir in the
lower continental crust (Kramers & Tolstikhin,
1997), (2) the partitioning of Pb into the core,
with the effect that the Bulk Earth composi-
tion no longer lies on the Geochron (Elliott
et al., 1999) and (3) low U/Pb in subducted
oceanic crust (Murphy et al., 2002).

A further implication of the mantle evolu-
tion curve shown in Fig. 3.30, is that mantle
compositions which plot to the right of the
geochron imply time integrated U/Pb ratios in
the MORB-mantle higher than those in the
BSE. This means that there must have been an
increase in the U/Pb ratio of the mantle over
time (White, 1993). This is the opposite of
what might be expected, since it is widely
accepted that the continental crust, with 

a high U/Pb ratio, was extracted from the 
mantle. A resolution to this dilemma can be
found by concluding that the upper mantle has
not had its high U/Pb for very long. This leads
to a dynamic view of the mantle in which the
upper mantle is replenished with fluxes of
high U/Pb whilst at the same time losing U to
the continental crust. The mechanisms
through which this is achieved have been long
debated.

3.2.3.3.3 HIMU mantle
There is a further mantle source, sampled by
some OIBs, which is characterized by high
238U/204Pb ratios. This ratio is known as the �-
value (Greek letter mu), hence the term HIMU
given to this mantle reservoir (Zindler & Hart,
1986). One model for the origin of this HIMU
source is that it is ocean crust which was
altered during hydrothermal activity at a
midocean ridge, subducted, and then chemi-
cally isolated within the mantle. In this case
the presence of HIMU mantle is evidence for
the deep recycling and long-term storage of
subducted oceanic crust. An alternative model
for the origin of HIMU mantle is that it is the
product of mixing between depleted mantle
and melts of metasomatized mantle (Kamber
& Collerson, 1999).

3.2.3.3.4 The Th/U ratio of the mantle
Further insight in understanding the Pb-iso-
topic evolution of the mantle comes from the
study of the isotope 208Pb, the product of 232Th
decay. Galer and O’Nions (1985) showed that
the time integrated U/Th ratio of the mantle,
calculated using Pb-isotopes, is about 3.8.
However, this ratio does not agree with present-
day measured elemental ratios, for in the 
modern MORB-source the U/Th ratio is about
2.6. This paradox has been dubbed the kappa
conundrum after �, the Greek symbol for the
232Th/238U ratio.

The solution to the kappa conundrum has
to be that the mantle is an open system with
respect to U and Th and that its Th/U ratio has
changed with time, reducing from the bulk
Earth value of about 4.0 to the present-day
value of about 2.5 and with a time-integrated
value of 3.8. There are a number of different
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models to explain this change in ratio and
these are illustrated in Fig. 3.31.

Galer and O’Nions (1985) were the first to
recognize the �-conundrum. They proposed a
stepwise model whereby, through much of
Earth history, the mantle had a nearly con-
stant � with values equivalent to that of the
BSE and only within the last 600 Ma was the
ratio reduced to its present value. They sug-
gested that the mantle operated as an open sys-
tem in which there was an exchange of U and
Th between the upper and lower mantle. In
this two-layer mantle model, the removal of U
and Th from the upper mantle to the crust by
partial melting is counterbalanced by the flux
of high-� lower mantle into the upper mantle
(Fig. 3.31).

Allegre et al. (1986b) proposed a linear, sec-
ular decrease in Th/U with time from an ini-
tially high bulk Earth value of 4.3 to the
present-day value of 2.6. They linked this
decrease to the extraction of the continental
crust from the mantle. In an alternative

approach, Elliott et al. (1999), following
Zartman and Haines (1988) suggested a model
which is a hybrid of the previous two. In this
model the Th/U of the mantle remained close
to the bulk Earth value during the Archaean
and then declined to its present value. The
model of Elliott et al. (1999) is based upon two
important assumptions. First, that the Th/U
ratio of the mantle declines because of the
extraction of the continental crust from the
mantle. Second, that in the post-Archaean 
period, with increasing oxidizing conditions
(see Chapter 5, Section 5.3.1), crustal U was
recycled back into the mantle, thereby accel-
erating the decrease in Th/U ratio (Collerson
& Kamber, 1999; Xie & Tackley, 2004). The
calculations of Elliott et al. (1999) shown in
Fig. 3.31 successfully satisfy the constraints of
a bulk Earth Th/U ratio of 4.0, a modern
MORB ratio of 2.5 and a time-integrated U/Th
ratio for the MORB source of 3.8 and fit with
measured mantle Th/U ratios in kimberlitic
zircons since 2500 Ga (Zartman & Richardson,
2005). The model also predicts �-values greater
than Bulk Earth in the early Archaean
(Fig. 3.31), in agreement with measurements
on early Archaean rocks (Frei & Rosing, 2001).
In this model the decrease in mantle Th/U
began about 2.0 Ga ago.

3.2.3.4 The Osmium isotopic evolution of the
mantle
Os is one of the PGEs and the isotope 187Os is
the product of 187Re decay, with a half-life 
of 41.6 Ga. For recent review of this isotopic
system see Carlson (2005). Both Re and Os
behaved as refractory and siderophile elements
during the accretion of the Earth, and so their
principal abundances are expected to be in the
Earth’s core. Hence, the best estimates of the
initial 187Os/188Os composition of the solar
system are derived from iron meteorites
(Smoliar et al., 1996). Nevertheless, the
187Os/188Os ratio of the silicate Earth is
thought to be chondritic. The chondritic refer-
ence values most commonly used are those of
Shirey and Walker (1998) (see Fig. 3.32),
although the appropriateness of these values is
debated, for there are differences of up to 2.0
�Os-units between the present-day isotope
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FIGURE 3.31 Evolution curves for the Th/U evolu-
tion of the Earth’s mantle. The plot shows the
change in � (232Th/238U) values with geological
time. Three models are shown, the stepwise model
of Galer and O’Nions (1985) (solid line), the secular
evolution model of Allegre et al. (1986b) (dashed
line) and solutions to the U-recycling model of
Elliott et al. (1999) (shaded field).
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ratios of the different chondrite groups (Walker
et al., 1999). �Os is the percentage deviation
from the chondritic reference value at the time
of separation from the mantle.

During mantle melting Re is mildly incom-
patible (tends to enter the melt phase) whereas
Os is strongly compatible (i.e. remains in the
unmelted residue). This leads to high Re/Os
ratios in oceanic crust and relatively low
Re/Os ratios in the depleted mantle. In con-
trast, in felsic melts Re and Os are both incom-
patible, and so their concentrations are very
low in the continental crust making this a
very different isotope system from the Nd-,
Hf- and Pb-systems. These geochemical prop-
erties mean that the Os-isotopic evolution of
the upper mantle will reflect the extraction of
basaltic melts but is unlikely to have any
memory of the formation of the continental
crust. Mantle melts which have supra-chon-
dritic Os-isotopic ratios are thought to be
derived by the melting of ancient, high Re/Os,
basaltic crust, which must have been recycled
back into the mantle and stored there, making
Os-isotopes an important “tracer” of recycled
ancient oceanic crust.

3.2.3.4.1 Estimates of the Os-isotopic
composition of the upper mantle
For many isotope systems the composition of
the upper mantle can be estimated from the
narrow compositional range of midocean ridge
basalts. In the case of Os-isotopes however,
MORB samples have a wide range of 187Os/188Os
ratios and identifying a representative depleted
upper mantle composition is less straightfor-
ward. The great variability in MORB Os-iso-
tope ratios can be caused either by seawater
contamination or by the rapid radiogenic
ingrowth of 187Os in melts which have a high
initial Re-content. For this reason a number of
other methods have been used to estimate the
composition of the upper mantle and these are
outlined below.

3.2.3.4.2 Ophiolitic chromites
The mineral chromite tends to have high Os
and low Re concentrations and is resistant to
chemical change after crystallization. It is
therefore a robust phase and because of its low
Re-content does not require a large age correc-
tion in ancient samples. Massive chromitites
are commonly found in ophiolites and so 
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FIGURE 3.32 �187Os(T) plot versus time for
mantle-derived samples. This plot shows
that some mantle-derived samples have been
derived from a chondritic mantle source,
whereas others are from an enriched source.
A single sample lies below the chondritic
line at 2.7 Ga, and may have been derived
from Re-depleted oceanic lithosphere.
[�187Os(T) is the percentage deviation from
the chondritic reference value at the time of
separation from the mantle.] Present-day
chondritic reference values from Shirey and
Walker (1998) – 187Re/188Os � 0.40186,
187Os/188Os � 0.1270, � 187Re � 1.666 � 10	11

yr	1. Data sources (black boxes and squares)
are mostly from the compilation in Walker
and Nisbet (2002) with additions from Frei
and Jensen (2003) and Bennett et al. (2002).
Ophiolitic chromitites are the grey band
sloping to 0 �-Os, whereas Primitive Upper
Mantle (PUM) is the thin black line with a
negative slope.
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provide a reliable record of the Os-isotope
composition of the upper mantle. Walker et al.
(2002) found that the Os-isotope composition
of chromitites from ophiolites formed over the
last 1.2 Ga define a linear trend, with a slight
positive slope and with a present-day intercept
at 0.12809 (�Os � 0.9) (Fig. 3.32). The close
similarity between this value and chondritic
values supports the view that the convecting
upper mantle has a chondritic Os-isotopic ratio.

3.2.3.4.3 Xenoliths from the subcontinental
lithosphere and the composition of the
primitive upper mantle
Many mantle xenoliths, derived from the sub-
continental lithosphere show a correlation
between an indicator of melt depletion such as
Al2O3 and their 187Os/188Os isotope ratio.
Rather surprisingly, samples of Proterozoic
subcontinental mantle from many different
continents plot on trends which intersect at a
common point implying that they were derived
from a compositionally homogeneous source
that had not experienced melt-depletion. This
undepleted source has been designated the
PUM (Meisel et al., 2001). The present-day
composition of the PUM is estimated to be
0.1296 (�Os � �2.0) and this value has
increased slightly over geological time
(Fig. 3.32). The significance of this result is
unclear, for the subcontinental lithosphere is a
comparatively small mantle reservoir with a
complex history of melt extraction and migra-
tion and unlikely to be representative of the
upper mantle as a whole.

3.2.3.4.4 Abyssal peridotites
Os-isotopic measurements on abyssal peri-
dotites – the residues of recent midocean ridge
basalt melting – show a wide range of present-
day compositions (187Os/188Os � 0.120–0.129,
�Os � 	5.5 to �1.6) with an average 187Os/188Os
ratio of 0.1247 (Snow & Reisberg, 1995).
Meibom et al. (2002), working on peridotite-
derived platinum-group-element-rich alloys,
described a similar heterogeneity and an
almost identical average 187Os/188Os ratio of
0.1245. They argued that this chemical hetero-
geneity reflects a real variability in the mantle
which they suggest is the product of random

mixing between a radiogenic and a nonradio-
genic end-member. They propose that this
result supports the Statistical Upper Mantle
Assemblage (SUMA) model of the mantle advo-
cated by Meibom and Anderson (2003) – see
Section 3.3.2.2 – also known as the “plum pud-
ding” model of the mantle.

The range of values measured on mantle
peridotites overlaps with other estimates for
the composition of the convecting upper 
mantle such as PUM and ophiolitic chromites.
Nevertheless, the mean �Os value of ca. 	2.0
differs from the estimate based on ophiolitic
chromitites by 3.0 �Os units and from PUM by
about 4.0 �Os units (Fig. 3.32). This result does
not sit easily with a simple chondritic model
for the upper mantle.

3.2.3.4.5 Enriched Os-isotopic reservoirs
The data in Fig. 3.32 show that a combination
of samples of different ages, mostly derived
from plume-related magmas, have strongly
supra-chondritic Os-isotopes ratios. This fea-
tures is seen in many, but not all, Archaean
komatiitic lavas and in modern ocean-island
basalts. Evidence for this isotopic enrichment
has been strengthened recently by studies of a
second isotope of osmium – 186Os, the product
of the radioactive decay of 190Pt. Combined
186Os/188Os, and 187Os/188Os measurements are
now used to study the fractionation of the
highly siderophile elements pairs Pt–Os and
Re–Os in the Earth. Some modern plume relat-
ed magmas are simultaneously enriched in
186Os/188Os, and 187Os/188Os and are derived
from a source with supra-chondritic Pt/Os and
Re/Os ratios (Brandon et al., 2003). This source
is likely to be ancient, simply because the long
half-lives of the parent isotopes need a long
period of time to develop the appropriate iso-
tope ratios. Two different explanations for the
origin of such an enriched source have been
proposed. One idea is that the Pt/Os and
Re/Os fractionation took place within the
Earth’s core and that mantle samples with ele-
vated Os-isotope ratios may have had an
extremely deep origin and interacted with the
Earth’s outer core. However, Schersten et al.
(2004) have shown that such a view is incon-
sistent with new tungsten isotope studies.
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Alternatively, enriched Os-isotope signatures
might be acquired from ancient subducted
oceanic crust and associated pelagic and ferro-
manganese materials, now residing in the
mantle (Baker & Jensen, 2004).

3.2.3.4.6 Early Archaean data
The earliest terrestrial 187Os/188Os data come
from the early Archaean (3.81 Ga) chromitites
of the Itsaq Gneisses in west Greenland
(Bennett et al., 2002; Rollinson et al., 2002).
These samples show a range of compositions
but with a mean value which is slightly supra-
chondritic (Frei & Jensen, 2003). This could
indicate that the enriched Os-isotope reservoir
discussed above was in existence even in the
very early Archaean and indicates the very
early recycling of basaltic crust.

3.2.3.4.7 The Os-isotopic evolution of the
mantle
It is clear that the Earth’s mantle has at least
two Os-isotopic reservoirs – a plume-
related isotopically enriched reservoir and a
chondritic upper mantle reservoir. Both have
long histories (Fig. 3.32). The variations in
composition within the upper mantle reser-
voir reflect Re-depletion and enrichment 
related to melt extraction. The isotopically
enriched plume reservoir represents chemical-
ly isolated, rhenium-enriched, recycled ocean-
ic lithosphere. There is some evidence to
suggest that this enriched reservoir may have
been in existence since the early Archaean
(Walker & Nisbet, 2002) and was the source of
some Archaean komatiites and the 3.81 Ga
Itsaq Gneiss chromitites. If this is true, then
basaltic crust was being created and recycled
even before 4.0 Ga. Estimates of the present
size of this high Re/Os basaltic reservoir vary
from 5% to �10% of the whole mantle
(Bennett et al., 2002; Walker et al., 2002).

3.2.3.5 The isotopic evolution of the Earth’s
mantle through time
Each of the different radiogenic isotope sys-
tems discussed above provides its own insight
into the history of the Earth’s mantle. Here
these different threads are brought together to
provide an overview of mantle evolution
through the history of the Earth.

As an aside, it is also worth noting that a
close look at the isotopic evolution of the
Earth’s mantle challenges the chondritic
model for the Earth. This is particularly clear
for the Lu–Hf and Re–Os isotope systems,
where there is uncertainty about which mete-
orite type is the most appropriate starting
point for the isotopic evolution of the Earth.
Recent studies of chondritic Sm–Nd ratios by
Boyet and Carlson (2005) further support the
nonchondritic view of the bulk Earth.

A study of the radiogenic isotope memory
of the Earth’s mantle clearly shows that the
mantle is neither an independent part of the
Earth system nor has it been for a long time.
But rather, it records a history of the extrac-
tion and recycling of both basaltic and conti-
nental crust. This raises two very important
questions. First, is our isotopic record of the
mantle representative of the whole mantle or
only the upper mantle? Second, is there any
primitive, undifferentiated mantle still pre-
served within the large mass of the differenti-
ated Earth’s mantle?

Below, four important stages in the history
of the Earth’s mantle are briefly described.

3.2.3.5.1 I – The pre-4.5 Ga differentiation of
the mantle
Studies of the short-lived isotope 142Nd in prim-
itive chondritic meteorites have recently shown
that the Earth’s mantle does not have a chon-
dritic 142Nd–isotope ratio (Boyet & Carlson,
2005). The implication of this finding is that the
Earth experienced a major differentiation event
in which an Fe-rich, trace element-enriched
basaltic crust formed on a magma ocean. This
crust has subsequently been removed and iso-
lated from the convecting mantle and may now
be represented by the D� layer (Tolstikhin &
Hofmann, 2005). Similar 142Nd results on lunar
samples suggest that this differentiation took
place before the formation of the Moon, that is,
within 30 Ma of the formation of the solar sys-
tem (Boyet & Carlson, 2005).

3.2.3.5.2 II– Early Archaean mantle
differentiation related to the extraction of
basaltic crust
There is an increasing body of evidence to
show that there was a very early differentiation
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event in the mantle. Hints of this process
come from the 143Nd-, Pb- and Hf-isotope stud-
ies outlined above. Os-isotopes indicate that
this differentiation event led to the formation
of an early basaltic crust, and Walker and
Nisbet (2002) used the Os-isotopic composi-
tion of Archaean komatiites to estimate that
there must have been about 5% of recycled
basaltic crust in the mantle by 4.2 Ga. Recent
142Nd evidence from Caro et al. (2005) also sup-
ports this view and shows that the mantle dif-
ferentiated between 50 and 200 Ma after the
formation of the solar system and that this dif-
ferentiated reservoir was preserved until
between 3.6 and 3.8 Ga when it was sampled
by metabasalts and tonalitic orthogneisses,
now preserved in west Greenland. The model-
ing of Caro et al. (2005) shows that, paradoxi-
cally, the early mantle seems to have been able
to maintain an isolated, depleted reservoir and
yet experienced a much shorter stirring time
than the modern mantle, implying that con-
vective processes in the Hadean and early
Archaean mantle were different from those of
the present day.

3.2.3.5.3 III – Mantle differentiation related
to the extraction of the continental crust
The 143Nd-isotope record of the Earth’s mantle
provides a record of the progressive extraction
of the continental crust, from about 3.0 Ga 
to the present-day (Fig. 3.27). Continental crust 
is created from the mantle in two steps. 
First, basaltic crust is produced by the partial

melting of the mantle, leaving a depleted 
mantle residue with a positive εNd signature.
Second the newly-formed oceanic crust is
either melted or dehydrated during subduction
to trigger continental crust formation.

The link between the creation of oceanic
crust and the formation of continental crust is
important and needs to be explored. On the
one hand there is Os-isotope evidence to sug-
gest the formation of basaltic crust as early as
4.2 Ga, and on the other hand basaltic crust 
is not “processed” on a large enough scale to
form continental crust until 3.0 Ga. This
seems to suggest that at 3.0 Ga the nature of
mantle processes changed from “ancient” to
modern (Fig. 3.33). This time interval may
mark the inception of the subduction process,
and even large-scale mantle convection. Prior
to this time, it is possible that basaltic crust
was returned to the mantle by gravitational
processes but in a more localized manner.

3.2.3.5.4 IV – The beginning of recycling of
crustal material into the mantle
A further stage in the history of mantle evolu-
tion is the return into the mantle of material
previously fractionated into the continental
crust. This stage is possible only after a signif-
icant volume of continental crust and conti-
nent-derived sediment have been formed and
the subduction process established. The prin-
cipal evidence for crustal recycling comes
from solutions to the second Pb-paradox, the
kappa conundrum. Crustal recycling explains
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the disparity between Th/U ratios in the Bulk
Earth and in the present-day convecting man-
tle and may also explain the secular increase
in the U/Pb ratio observed in the MORB
source. The model of Elliott et al. (1999) is
based on the recycling of U into the mantle
from about 2.0 Ga and links the increased
mobility of U to the rise of atmospheric oxy-
gen at this time (Collerson & Kamber, 1999).

3.3 MANTLE MODELS

Our view of the mantle is in a state of transi-
tion. Earlier in this chapter we explored the
current debate about mantle convection, the
evidence for a two-layer mantle and the evi-
dence for a deep mantle source for mantle
plumes (Section 3.1.5). It is now becoming
clear that geophysicists have persuasive evi-
dence of mantle-scale mass transfer, which
challenges the two-layer view of the mantle
prevalent amongst geochemists. This is forc-
ing geochemists to reexamine their assump-
tions about the sources of basaltic magmas
and areas of uncertainty previously ignored are
now being explored in some detail.

Any successful model of the mantle there-
fore must satisfy the inferences from seismic
tomography about deep slab subduction, be
capable of producing the varied geochemical
signatures of the different types of ocean
basalt, produce enough heat to account for the
global heat flux, and be dynamically consis-
tent (Kellogg et al., 1999). At present there are
two broad schools of thought about the struc-
ture of the mantle. They were neatly summa-
rized by Carlson (1988) with the terms “layer
cake-” and “plum pudding-” mantle models.
Those who adhere to the layer cake model see
the mantle as distinctly chemically stratified,
whereas the devotees of plum puddings view
the mantle as a pudding with “plums” of
chemically distinct source regions randomly
distributed throughout the whole mantle.

In the early history of the Earth there are
further issues to be addressed. These include
the likelihood of a magma ocean, the nature of
early mantle convection, the timing of the
onset of modern mantle convection and the

timing of the onset of subduction. Thus, in
this next section we first consider some con-
temporary models which seek to explain how
the modern mantle works. Then, in the light
of these insights we discuss models for the
Archaean mantle.

3.3.1 Layer-cake models for the modern
mantle
Until recent years the physical contrasts 
above and below the 660 km discontinuity
were regarded as the critical evidence in sup-
port of two layered mantle convection
(Fig. 3.17). Now, however, there is strong evi-
dence from seismic tomography that subduct-
ed slabs penetrate through this discontinuity
and descend, in some cases, deep into the
lower mantle. Mineral physics has also
demonstrated that the discontinuity is iso-
chemical, and can be explained simply by
phase transformations, and that the Earth’s
mantle is not chemically layered. Thus geo-
chemists have had to reconsider their view
that the mantle below the 660 km discontinu-
ity is a geochemically and isotopically distinc-
tive source for oceanic basalts and chemically
different from the upper mantle. As a result of
this thinking a number of new models for the
mantle have emerged. Several of these models
have preserved the concept of a chemically
layered mantle but have shifted the upper-
lower mantle boundary to a deeper level in the
Earth.

3.3.1.1 The lava-lamp model
The lava-lamp model for the Earth’s mantle
(Albarede & van der Hilst, 1999; Kellogg et al.,
1999) takes its name from that household
curiosity of the 1960s based upon the fluid-
dynamic properties of liquids with near identi-
cal densities. The model is based upon seismic
observations of an irregular, deep boundary
layer in the mantle at 1,600–2,000 km depth.

In this model the mantle is differentiated,
into an upper layer (1,600–2,000 km thick),
and a compositionally distinct lower layer,
enriched in iron and heat producing elements.
This lower layer, making up 20–30% of the
mantle, is thought to have originated either
during the early differentiation of the Earth 
or by the burial of subducted oceanic crust.
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The layer is internally heated from its radioac-
tive element content leading to a thermal
expansion such that there is almost no density
difference between the upper and deep mantle.
This gives rise to a boundary between the
upper mantle and deep mantle which is highly
irregular. In places where dense lithospheric
material descends the lower mantle layer is
thin, and elsewhere, there are deep mantle
upwellings which rise though the upper man-
tle, to produce “plume related” ocean island
basalts (Fig. 3.34).

This model adequately incorporates the
observations from seismic tomography of deep
subduction, whilst keeping the geochemical
distinctiveness of long-lived deep (OIB) and
shallow (MORB) mantle geochemical reser-
voirs. Support for the model comes from
recent tomographic maps showing large-scale
chemical heterogeneities throughout the
lower mantle (Trampert et al., 2004). However,
the model is susceptible to the outcome of the
current debate about the deep mantle origin of
plumes.

3.3.1.2 The D� model of Tolstikhin and
Hofmann
In order to accommodate whole mantle 
convection into a layered mantle model
Tolstikhin and Hofmann (2005) and Tolstikhin
et al. (2006) have shifted the critical layering of
the mantle to the base of the lower mantle, to
the D� layer. Again, this approach preserves
both deep-mantle subduction and at least two

geochemically distinct mantle reservoirs.
They propose that the D� layer contains about
20% of the inventory of the silicate Earth’s
heat producing elements and that it is
enriched in iron, rare gases, and incompatible
elements. Fluxes from the D� layer are seen in
plume magmas and, to a lesser extent, some
D� material may be entrained in the mantle by
convective flow.

This model is the development of an idea
originally proposed by Hofmann and White in
1982. In its original form this model was pro-
posed as an alternative to the then prevalent
view that OIB is from a primitive mantle
source. In it mantle plumes were derived from
subducted oceanic lithosphere, accumulated
and stored at the core–mantle boundary.

In this present version of the model the 
D� layer is thought to have originated very early
in Earth history, as an early, incompatible
element- and metal-rich basaltic crust, enriched
during late accretion (4,540–4,000 Ma) with
chondritic material. There is support from Nd-
and Hf-isotopes for the existence of this very
early differentiate of the mantle (see Sections
3.2.3.1 and 3.2.3.2). This crust, when subduct-
ed, had a bulk density which exceeded that of
the mantle and numerical modeling experi-
ments confirm that it would have stabilized at
the core–mantle boundary (Davies, 2006).

3.3.1.3 The water filter model
Bercovici and Kurato (2003) have proposed 
a model for whole mantle convection which is
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consistent with geochemical observations by
suggesting that the mantle transition zone acts
as a filter to mantle melts rising from deep
within the Earth (Fig. 3.35). This model is
predicated upon a wet mantle, and is based
upon the observation that the mantle transi-
tion zone (between 410 and 660 km) is both a
significant phase boundary in the mantle and
is marked by a high water content (0.2–2.0
wt% water), due to the ability of the high-
pressure polymorphs of Mg2SiO4, wadsleyite
(�-Mg2SiO4) and ringwoodite (�-Mg2SiO4) to
store water in their lattice. Some support for a
high water content in the mantle transition
zone comes from recent conductivity studies
which show a higher than normal water con-
tent in the transition zone beneath the Pacific
(Huang et al., 2005) and evidence of melting in
the mantle transition zone beneath the Andes
(Booker et al., 2004).

The model also assumes an incompatible
trace element-rich lower mantle and a deplet-
ed upper mantle. Bercovici and Kurato (2003)
propose that when deep mantle material rises
the mineral wadsleyite transforms to olivine
(Fig. 3.1), releasing water. The liberated water
triggers melting in the transition zone to pro-
duce a melt which is rich in water and incom-
patible trace elements. This melt layer, which
is recycled in either a solid or molten state in
the transition zone, acts as a chemical filter to

all rising mantle material, ensuring that any
upwelling mantle is chemically depleted. The
exception to this process is a mantle plume
whose higher temperatures suppress the solu-
bility of water in wadsleyite allowing it to rise
through the “filter” in an unmodified enriched
state.

The water filter model implies that the
source of midocean ridge basalts is the lower
mantle and that it is depleted in the transition
zone, as it rises. It adequately explains the geo-
chemical differences between MORB and OIB
but still requires deeply sourced mantle
plumes. One problem that this model does not
resolve however, is that of the isotopic differ-
ence between MORB and OIB (see Fig. 3.5b).
For the removal of trace elements in the man-
tle transition zone by small fraction melting
by the “water filter process” does not alter iso-
tope ratios and will not therefore impart to
MORB and OIB their isotopic distinctiveness
(Hofmann, 2003).

3.3.2 A “plum pudding” model for the mantle
An alternative to the layer-cake model for the
mantle is that it is like a plum pudding in
which chemically distinct regions are scat-
tered throughout the mantle-like plums in a
pudding (Carlson, 1988). Previously Allegre
and Turcott (1986) had used the alternative
culinary analogy of “marble cake” to describe
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the same feature. The heterogeneities implied
in this model occur on a variety of scales and
represent high viscosity “blobs” in a lower vis-
cosity matrix. It is the viscosity difference
between “blobs” and the host mantle that
helps to preserve the chemical differences,
even in a stirred mantle. The density, shape,
size, and depth in the mantle of these hetero-
geneities can vary, and they may take the form
of elongate layers within the mantle as well as
elliptical blobs.

Given the great antiquity of the Earth’s
mantle there is plenty of time available for
mixing. In addition there is scope for large
variations in temperature so that a range of
mixing scenarios can be envisaged whereby
different mantle domains remain variously
incorporated into or distinct from one another.
Some authors have argued that heterogeneities
of this type will be destroyed by convective
movements in the mantle, although Albarede
(2003) has pointed out that the concept of het-
erogeneity is largely dependent upon the scale
of sampling, which in the case of the mantle
reflects the size of the region sampled during a
particular melting event. In addition, complex
patterns of heterogeneity do not necessarily
indicate imperfect mantle mixing and a lack of
convection but rather reflect the random redis-
tribution of material by the convection process.

A “plum pudding” view of the mantle is an
alternative marriage of both geophysical and
geochemical data for the Earth’s mantle. In
this model, deep subduction through geologi-
cal time has progessively added enriched
material to the lower mantle, creating two or
more chemically distinct reservoirs located
randomly throughout the whole mantle.

3.3.2.1 The Helffrich and Wood whole
mantle convection model

The principal observation behind the
Helffrich and Wood (2001) model of the man-
tle is that the scattering of seismic waves in
the lower mantle indicates that small hetero-
geneities are present, mostly about 4 km in
size. As with all seismic methods the physical
cause of the seismic scattering anomalies
could theoretically be either thermal or com-
positional in origin. Helffrich and Wood (2001)

argue that the anomalies are chemical,
because diffusivity rates show that they are
too small to retain their thermal identity for
longer than about 200,000 years. They con-
clude that they are most probably fragments of
subducted lithospheric slabs.

In this model, mantle heterogeneity is the
product of subduction which, over geological
time, has recycled back into the mantle
“enriched” oceanic crust, together with a
small amount of continental crust as sediment
and depleted (sterile) oceanic lithosphere.
During the process of subduction slabs break
up and the enriched, oceanic crust component
becomes preserved as geochemically distinct
domains. That is, as the “plums” in the upper
and lower mantle. Helffrich and Wood (2001)
used a mass balance calculation based on the
heat producing element content of the bulk
silicate Earth and other incompatible trace ele-
ments to show that the whole mantle is made
up of about: 9% recycled oceanic crust, 5%
ancient recycled oceanic crust (dating from a
very early differentiation event in the Earth’s
mantle), 0.3% recycled continental crust, and
about 85% “sterile,” highly depleted mantle.
MORB and OIB are derived by the melting of
depleted mantle which comprises a mixture of
sterile mantle and recycled oceanic crust. The
differences in MORB and OIB chemistry can
be explained in the different contribution of
recycled oceanic crust to the melting.

It was shown earlier (Section 3.1.6) that the
present mass flow within the mantle is suffi-
cient to account for the recycling of the entire
mantle over the last 4.0 Ga. Thus Helffrich
and Wood (2001) argue that more than 90% 
of the mantle has been recycled, that is, pro-
cessed through a midocean ridge, so that vir-
tually the whole mantle is a mix of chemically
enriched “plums,” within a matrix of sterile
“pudding.”

There is some geochemical support for this
model as it has been long recognized that the
isotopic character of the HIMU ocean island
basalt source is consistent with an origin by
oceanic crust subduction. There is also some
evidence that such sources may be upto 2.0 Ga
old (Salters & White, 1998). Further, a recent
geochemical-diffusion study of ocean island
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basalt sources showed that bodies as small as a
few meters wide might be preserved for as long
as 1.0 Ga in the convective mantle (Kosigo
et al., 2004). However, not all geochemical
arguments support the idea of oceanic crust
subduction as the source of OIB. The new Li-
isotope evidence of Elliott et al. (2004) appears
to show that OIB does not have a recycled
MORB signature and Niu and O’Hara (2003)
have argued in a similar way from trace ele-
ments and believe that OIB is derived from
metasomatized oceanic lithosphere.

3.3.2.2 The SUMA mantle model
Further geochemical support for a “plum 
pudding” mantle comes from the work of
Meibom et al. (2002) and Meibom and Anderson
(2003). However, unlike Helffrich and Wood
(2001) these authors apply their model only 
to the Earth’s upper mantle. Meibom and
Anderson (2003) argue on isotopic grounds
that the geochemical differences between OIB
and MORB have been overplayed and propose
that the chemical heterogeneity of the mantle
is actually a function of the sampling of the
mantle during partial melting. Thus in this
model separate MORB and OIB reservoirs 
are not necessary. The SUMA model views the
mantle as heterogeneous on length-scales
varying from 100 m to 100 km – the Statistical
Upper Mantle Assemblage. The heterogeneities

are created by recycling and plate tectonics.
When this assemblage is melted it is averaged
in a number of different ways, depending upon
exactly what is melted and in what proportions,
so that sampling upon melting and averaging
takes place in different ways to produce OIB
and MORB.

A central point in the argument of Meibom
and Anderson (2003) is that a lower mantle
source is not necessary as a source for OIB.
Hence all the processes of partial melting and
sampling of the mantle that they describe can
take place in the upper mantle. However, there
is no reason in principle why the Statistical
Upper Mantle Assemblage model of the man-
tle cannot be applied to the whole mantle.

3.3.3 Archaean mantle models
The layer-cake versus plum-pudding debate
about the nature of the mantle is unresolved
and both sides have strong advocates. What 
is clear, however, is that the 660 km disconti-
nuity in the mantle is not an impenetrable 
barrier to subduction. Whether or not compo-
sitional layering exists at a deeper level in the
mantle is not yet established. Certainly, the
plum pudding model has its strengths, particu-
larly since it is linked to well-established
dynamic processes, processes which have
probably operated throughout much of Earth
history.
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Now however, using our understanding of
modern mantle models, it is important to turn
to mantle models for the early Earth, in order
to gain an understanding of how the earliest
mantle functioned. Here we not only need to
make use of our knowledge of the modern
mantle and the history it contains but also to
include processes which took place early in
Earth history, whose identity may be all but
destroyed by modern mantle processes.

3.3.3.1 Layered mantle models for the early
Earth
Modern mantle models of the “layer-cake
type” require that the Earth’s mantle became
layered at some stage in its history. Thus far in
this discussion the existence of this layering
has been accepted although its origin has not
been discussed. A number of mechanisms
have been proposed through which a layered
mantle might have formed during the very
early stages of mantle evolution in the early
Archaean and these are now discussed.

3.3.3.1.1 Layering as a result of a Hadean
magma ocean
As the Earth accreted, high-energy impactors
would have triggered internal melting and
favored the formation of a magma ocean. Such
a magma ocean could have differentiated by
the processes of crystal fractionation or melt
compaction to give a stratified mantle in
which there was a layer comprising an accu-
mulated crystal pile and a separate layer com-
prising the residual mantle.

3.3.3.1.2 A model based on olivine
fractionation
One of the first indications that the mantle
might have acquired some stratification in a
magma ocean, developed during the 1980s
from an understanding of komatiitic magmas.
This model focused on the observation that at
the pressures and temperatures of komatiite
generation olivine is less dense than komati-
itic magma and will float on a komatiitic
magma layer (Nisbet & Walker, 1982). This led
to a model for the mantle in which there was
a 130 km thick olivine-rich refractory cap
underlain by a stagnating and differentiating

komatiitic magma ocean, about 90 km thick.
In the last two decades models of komatiite
generation have changed and our understand-
ing of magma oceans has improved; neverthe-
less the concept of a layered mantle produced
in a magma ocean is still very much alive.

3.3.3.1.3 Models based on perovskite
fractionation
Our understanding of the mineralogy of the
lower mantle has progressed in recent years
and now models of mantle layering center
around the fractionation of the principal lower
mantle mineral – Mg-perovskite in a Hadean
magma ocean. In this model a magma ocean
was created during accretion and probably
crystallized from the bottom up, to produce 
a perovskite-rich crystal pile in the lowermost
mantle, a basaltic “crust” and a “residual
mantle” component. In recent years the 
evidence for a Hadean magma ocean has
increased and identifying a geochemical signal
of perovskite fractionation has become the
quest of recent experimental studies on lower
mantle minerals. Tantalizing clues lie in the
interpretation of nonchondritic element ratios
in PUM rocks. Walther et al. (2004) used a
mass balance approach to calculate whether
there is sufficient chemical difference between
a primitive peridotitic BSE and the composi-
tion of the present convecting mantle (based
on undepleted peridotites) to allow for the
existence of an additional reservoir made up 
of lower mantle minerals. Their calculations
showed that an additional reservoir is permis-
sible and that the composition of the present
convecting mantle is consistent with the
removal of 10–15% of the mineral assemblage
90% Mg-perovskite � 10% (Ca-perovskite �
ferropericlase). In a related study Corgne et al.
(2005) emphasize the importance of the minor
phase Ca-perovskite in controlling the trace
element mass balance in this process. They
argue that only 8% fractionation is permissi-
ble without disturbing the trace element con-
centrations of the present convecting mantle.
The resulting crystal pile would be enriched in
U and Th and therefore be a significant reser-
voir of heat producing elements. It would also
have high Sm/Nd, U/Pb, Sr/Rb and Lu/Hf,
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similar to the character of the mantle HIMU
reservoir, identified from some ocean island
basalts.

These calculations lead to us to conclude
that there may well be a rheologically strong,
chemically isolated layer made up of cumulus
phases from the lower mantle. This lower
mantle layer might be identified with the D�
core–mantle boundary layer, or the deep man-
tle Fe-rich layer identified by Kellogg et al.
(1999) and described above (Section 3.3.1).

3.3.3.1.4 The subduction of Hadean basaltic
crust
A number of models for the very early Earth
propose the existence of a Hadean (ca. 4.5 Ga)
basaltic crust. The evidence for such a model
comes from the study of 142Nd and is consis-
tent with the observed extreme fractionation
of 207Pb (Kamber et al., 2003), and with Hf-
isotope studies on zircons (Bizzarro et al., 2003).
For this reason it has been proposed that an
early, trace element enriched mafic crust, cre-
ated perhaps as a lid to a Hadean magma
ocean, was subducted and buried deep in the
mantle, where it is thought to be still stored
(Galer & Goldstein, 1988, 1991). Hence, this
material is a candidate for a lower mantle layer
and is another possible explanation for a lay-
ered mantle created very early in Earth history.

3.3.3.1.5 Layering due to the progressive in-
mixing of volatiles into the mantle
It was shown earlier that the presence of
volatiles in the Earth’s mantle, particularly the
presence of water, has a profound effect on
mantle viscosity. On this basis McCulloch
(1993) argued that the pattern of mantle con-
vection would change over time as the water
content of the mantle changed. The basis of
this model is that in a hotter Archaean mantle
the normal mode of subduction would be that
of young warm oceanic crust. Such crust
would not penetrate deep into the mantle but
would melt during subduction losing its
volatiles to the surrounding mantle, leading to
a hydrated, low viscosity layer in the upper
200–400 km of the mantle.

In this view of the early Archaean mantle
there would be an upper, low viscosity hydrous

layer and a deeper, dry layer with no deep
transport of volatiles. Underlying the hydrated
layer would be a convecting mantle transition
zone and beneath that, a convecting lower
mantle. McCulloch (1993) proposed that over
Earth history, as the planet cooled, the mode of
subduction changed, eventually giving rise to
the deeper penetration of subducted slabs and
a more thorough rehydration of the mantle. In
this model a hydrous mantle layer has progres-
sively extended to deeper levels in the mantle
over time.

3.3.3.2 Plume driven whole mantle
convection
Campbell and Griffiths (1993) proposed a
plume driven model for whole mantle convec-
tion which includes a major shift in mecha-
nism during Earth history. The model is based
upon the following premises: (1) plumes can
tell us about the geochemical structure of 
the Earth’s mantle; (2) plumes rise from the
core–mantle boundary and (3) plume chemistry
is recorded in komatiitic and picritic melts.
On this basis Campbell and Griffiths (1993)
report a shift in plume trace element chem-
istry over time, from trace-element depleted
during the Archaean to enriched and OIB-like
since the Proterozoic, which they attribute to
a change in plume source chemistry over time.
To account for this difference they propose a
major change in mantle dynamics to explain
the change in plume source compositions.
They propose that in the early Archaean (pre-
4.0 Ga) the Earth had a cool buoyant litho-
sphere overlying a cool, chemically depleted,
unstable boundary layer. This unstable layer
formed cold plumes which descended to the
core-mantle boundary to form a deep layer of
depleted mantle (Fig. 3.37). At this boundary
the depleted mantle is heated, in contact with
the core, and ascends in the form of a hot
plume. With the advent of wide-scale subduc-
tion, during the late Archaean, there is a
change in tectonic style and descending ocean-
ic lithosphere reaches the core-mantle bound-
ary providing an enriched source for mantle
plumes (Fig. 3.37). This explains the existence
of trace element enriched plume magmas in
the geological record after 2.0 Ga.
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3.3.3.3 Questions about the early mantle
3.3.3.3.1 When did “modern-style” mantle
convection begin?
It is likely that the earliest events in the
Earth’s mantle were not the product of “nor-
mal” mantle convection but rather related to
planetary processes such as fractionation with-
in a magma ocean. In this way we can explain
the very early differentiation of the Earth (pre-
4.5 Ga), proposed on the basis of short-lived
Nd-isotopes. Similarly, the extreme volatile
element loss from the Earth might be explained
in this way. These early processes are thought
to have ceased within the first 100 Ma of Earth
history (Yokochi & Marty, 2005).

Heterogeneities which formed after this
time provide evidence for convective processes
within the early mantle, although there may
not have been the same pattern of convection
as is found today. Examples of such hetero-
geneities are: basalts from Isua in west
Greenland derived from a high Sm/Nd source,
preserved in the mantle until at least ca. 3.8 Ga;
felsic gneisses from Greenland and Labrador
formed between 3.65 and 3.8 Ga whose Pb-
isotope compositions record derivation from 
a mantle source which separated between 4.1
and 4.3 Ga (Kamber et al., 2003); basalts from
the ca. 2.7 Ga Abitibi greenstone belt in
Canada which contain Pb-isotopic evidence for
mantle heterogeneities which must have origi-
nated within the first few hundred million
years of Earth history (Vervoort et al., 1994). 

Gangopadhyay and Walker (2003) argue
from Os-isotope evidence that the mantle was
homogenized by 2.7 Ga, indicating that “mod-
ern-style” mantle convection was in operation
at that time.

3.3.3.3.2 When did subduction begin?
There is evidence from the study of mantle
xenoliths for the cycling of basaltic oceanic
crust back into the mantle during the late
Archaean. For example, Os-isotope studies of
eclogite from the subcontinental lithosphere
beneath the Kaapvaal Craton show that they
have the character of 2.9 Ga subducted oceanic
crust (Richardson et al., 2001). Some Os-isotope
data suggest that there was an even earlier
recycled basaltic crust, formed at about 4.0 Ga
(Section 3.2.3.4). There is also noble gas evi-
dence that crustal materials were recycled into
the mantle during the Archaean (see Chapter
5). The existence of boninites as old as 3.12 Ga
from Pilbara, and 3.8 Ga boninite-like magmas
from Isua, also strongly suggest the recycling
of water into the early Archaean mantle. All
these lines of evidence point to the initiation
of subduction during the Archaean, and most
probably in the early Archaean.

3.3.3.3.3 Has any primitive mantle been
preserved in the modern mantle?
The concept of a primitive mantle reservoir,
with the composition of the Bulk Silicate
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FIGURE 3.37 The Campbell–Griffiths (1993)
plume-driven mantle convection model. (a) the 
pre-4.0 Ga Earth with descending, depleted cold
plumes, and (b) the 2.0–0 Ga Earth with ascending
enriched plumes.
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Earth, has been prominent in models of the
mantle for several decades (see Section 3.1.2).
Such models are based upon a chondritic start-
ing composition for the Earth, modified during
core formation and perhaps in a magma ocean,
and presuppose that there was a point in time
when the mantle was totally homogenized.
Whether the remnants of this primitive man-
tle can be identified today in modern basalts,
or even in the early history of the Earth in
Archaean basalts, is the subject of some
debate. In favor are mantle melts with chon-
dritic Os-isotope ratios (Fig. 3.32) and against
are calculations which show that it is possible
that the entire mantle has been processed
through the subduction system (Section
3.1.6.4) during the history of the Earth.

Different authors have variously located
primitive mantle in the present-day lower
mantle beneath the 660 km discontinuity, in a
deep layer beneath a 1,600 km discontinuity,
in the D� layer at the core–mantle boundary, or
as “blobs” within the lower mantle (Becker
et al., 1999). It is arguable whether any modern
basalts have been derived from such a primi-
tive reservoir, and it is possible that such a
reservoir does not exist. In fact models of whole
mantle convection, such as that of Helffrich
and Wood (2001), in which the majority of the
mantle has been processed through the sub-
duction process, render the preservation of
primitive mantle most unlikely.

However, Archaean basalts do have average
compositions which are different from modern
basalts (see Section 3.2.1.1) which could imply
a difference in mantle source composition and
raises the possibility that they sampled primi-
tive mantle. This argument has been developed
by Condie (2005) who used immobile incom-
patible trace element ratios to demonstrate a
difference in source composition between
modern and Archaean plume basalts. One of
his principal findings is that Archaean plume

basalts have Zr/Nb and Nb/Th ratios close to
that of primitive mantle implying that a prim-
itive mantle reservoir was present in the early
mantle.

3.3.3.4 The Hadean mantle conundrum
Perhaps one of the best ways to summarize 
our current understanding of the earliest
Archaean mantle is to follow Frei et al. (2004)
in identifying “the Hadean mantle conun-
drum.” The Hadean Mantle conundrum recog-
nizes that the Hadean mantle is heterogeneous
on a variety of length scales and shows features
of isotopic enrichment (Os- and Pb-isotopes)
and isotopic depletion (Nd- and Hf-isotopes).
These results show that even during the
Hadean “the upper mantle underwent a com-
plicated time-integrated evolution that seems
to have included processes such as melt extrac-
tion and the subsequent recycling of compo-
nents back into previously depleted regions of
the upper mantle” (Frei et al., 2004). Such pro-
cesses sound surprisingly modern and suggest
that a modern understanding of the mantle
may “work” back into the earliest Archaean.

Our understanding of the exact nature of
the heterogeneities in the Archaean mantle is,
at present, still incomplete. On the one hand,
there is good evidence for layering in the
Hadean mantle, formed perhaps by crystal
fractionation in a magma ocean and/or the
subduction of an ancient basaltic “magma
ocean lid.” On the other hand, there is evi-
dence for subduction going back to the early
Archaean and maybe to the Hadean, which
means that heterogeneities could also have
been introduced into the mantle as subducted
oceanic crust and lithosphere, resulting in an
Archaean “plum pudding” type mantle.
Discriminating between these two causes of
Hadean mantle heterogeneity – subduction
and primordial differentiation – is an impor-
tant part of any future research agenda.
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The Earth is the only planet amongst the rocky plan-
ets of the solar system to possess a well-developed,
felsic continental crust. This crust was progressively
extracted from the Earth’s mantle over the last 4.0
billion years, and although it only represents 0.6% of
the mass of the silicate Earth, it contains up 70% of
the Earth’s budget of highly incompatible elements.
Over Earth history, the reservoir of depleted mantle,
from which the crust was created, has grown in vol-
ume to mirror the growth of the continental crust.

The principal site of modern crustal growth is in 
arc environments in association with destructive plate
margins. These are sites where new crust is created
through partial melting in the mantle wedge, and
where the principal flux from mantle to continental
crust is basaltic. Destructive margins are also sites
where crustal material is recycled back into the mantle
as subducted sediment, and some current models indi-
cate that at present mantle melting and recycling are in
balance so that the present crustal growth rate is zero.

The most robust crustal growth models indicate
that the continental crust grew progressively with
time, perhaps episodically – reflecting periods of
intense crustal growth at certain periods in Earth his-
tory. There was almost certainly a period of rapid
growth of the continental crust during the late
Archaean. Furthermore, there is now good evidence
that the composition of continental crust-forming
magmas was different at that time. In the Archaean
the principal flux was magmas of the Si–Na-rich
tonalite–trondhjemite–granodiorite (TTG) associa-
tion. Experimental and geochemical studies show that
these magmas most probably formed by the partial
melting of hydrous basalt. The most efficient means

of generating the large volumes of these magmas
required to make new crust is through the partial
melting of a wet basalt slab in a subduction zone. A
modern analog is the relatively rare, high-silica adakite
magmatic suite. These are slab melts which have
interacted with the mantle wedge en route to the
crust. The complement to TTG magma production is
the formation of a refractory, melt depleted, eclogitic
slab residue which is returned to the mantle.

The average, time-integrated composition of the
continental crust provides an important constraint on
crust evolution models. Our best estimate suggests that
the bulk crust is andesitic in composition and is strong-
ly enriched in incompatible elements. Given that in
modern arcs the principal flux from mantle to crust is
basaltic in composition, this presents a major paradox.
Solutions to this paradox include a process of lower
crust delamination in which ultramafic material is
removed from the root of the continents and returned
to the mantle. Alternatively, the composition of the
continents has been modified by weathering and selec-
tive element recycling. However, there are difficulties
with both these models, and instead it is suggested that
the paradox is resolved through the changing composi-
tion of the continental crust with time. Thus the pre-
sent andesitic composition is a time averaged
composition between the present basaltic flux and a
more felsic (TTG) flux during the Archaean.

Current models of Archaean crust generation
imply that subduction is a relatively ancient process
operating since at least about 3.5 Ga. An outstanding
question is the relative contribution that plume 
magmatism has made to the generation of felsic con-
tinental crust.

4

THE ORIGIN OF THE 
CONTINENTAL CRUST

The origin of the continental crust – the big picture
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The Earth’s continental crust occupies 41.2%
of the surface area but represents only 0.35%
of the total mass of our planet (0.6% of the
mass of the silicate Earth). Nevertheless, it is
an important geochemical reservoir for many
incompatible trace elements, and it contains
up to 70% of the total Earth budget of certain
elements (Rudnick & Fountain, 1995). In con-
trast to the relatively thin (7 km), and young
basaltic crust which underlies the oceans (all
less than 200 Ma), the Earth’s continental
crust is, in part, extremely ancient and geolog-
ically is very varied. The continental crust is
composed of a very wide range of different
rock-types and contains rocks varying in age
from 4.0 Ga to the geologically recent, reflect-
ing its long and complex history.

Until recently it was thought that the Earth
was unique amongst the terrestrial planets in
possessing a chemically evolved, granitic, con-
tinental crust. We now know that, although
the Martian crust is predominantly basaltic,
felsic rocks are present in the Syrtis Major
caldera on Mars (Christensen et al., 2005).
This new discovery is not unexpected and rais-
es interesting parallels between the surface of
Mars and the Earth’s earliest crust.

It has long been recognized that the pres-
ence of liquid water on Earth is one of the prin-
cipal differences between the Earth and the
other terrestrial planets. More than 20 years
ago Campbell and Taylor wrote a paper enti-
tled No water, No Granites – No Oceans, No
Continents, in which they proposed that water
was the vital ingredient in the formation of a
felsic continental crust (Campbell & Taylor,
1983). Hence, it may be no coincidence that
the Earth, the only planet with abundant liq-
uid water, is also the only planet with a sub-
stantial felsic continental crust.

The link between liquid surface-water and
the presence of a stable continental crust
becomes more apparent when looking at the
history of Mars and Venus. The surface of
Mars records evidence of only minor recent
tectonic activity (Hartmann et al., 1999), and
yet was once the home to violent outpourings
of water. This can be seen in its deeply chan-
neled surface. Venus on the other hand has
been geologically active in its recent history,

and has a surface temperature of 740 K so it
cannot sustain liquid water. Since neither
planet appears to have an extensive continen-
tal crust of the type found on Earth, this com-
parison shows that it is neither thermal energy
alone, as on Venus, that gives rise to a continen-
tal crust nor is it the presence of water alone, as
on Mars. It is a balance between the two.

The purpose of this chapter therefore, is to
explore in detail how the Earth came to be so
different from its planetary neighbors in pos-
sessing an extensive, evolved continental crust.
In particular it will be argued that a major 
portion of the Earth’s continental crust had
formed by the end of the Archaean and that

Archaean crust-forming processes play a pivotal role in
shaping the structure of the Earth’s continental
crust, . . . so that . . . we need to increasingly focus our
attention on the distant past, as the key to understanding
the present (Kemp & Hawkesworth, 2003)

First, however, we briefly consider the pro-
cesses of crust formation and crustal growth in
the modern Earth.

4.1. MODERN CRUST FORMATION – MODELS

AND MECHANISMS

Underlying all recent models for modern crust
formation are a number of assumptions. First,
it is widely agreed that the continental crust
has been extracted from the Earth’s mantle.
Geochronological and geochemical evidences
strongly indicate that the continental crust
was not a product of the Earth accretion pro-
cess but formed later. Second, density consid-
erations suggest that, unlike the oceanic crust,
once created, the continental crust is very dif-
ficult to destroy, certainly by large-scale recy-
cling back into the mantle. An exception to
this assumption is the recycling of the erosion
products of the continental crust as sediments.
Third, crust formation requires thermal ener-
gy and this is supplied in different ways,
dependent on the model of crust formation.
Finally, as already outlined, the presence of
water is vital to the process of continental
crust formation, as will be discussed in detail
below (Section 4.1.2).
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TEXT BOX 4.1 Glossary of terms related to continent generation

adakite Volcanic rocks, formed in an arc environment; adakites represent a rock series which
ranges in composition from andesite to rhyolite; typically they have SiO2 � 56 wt%,
Na2O �3.5 wt%, �7.5 wt%, and low K2O; see also high magnesium andesite

amphibolite A metamorphic rock containing abundant plagioclase and hornblende � garnet; has the
composition of basalt and represents a hydrated basalt; subducted ocean floor basalt trans-
forms to amphibolite at depth

amphibole– Mantle peridotite which is hydrated and so contains amphibole in addition to, or
peridotite instead of, clinopyroxene. Will melt at a lower temperature than “dry” mantle
andesite The most abundant rock-type in a well developed volcanic arc. Andesites can be

defined in terms of their silica and alkali contents (see Fig. 4.10).
basaltic andesite An important rock-type in a volcanic arc. They are more siliceous than basalts but less so 

than andesites (see Fig. 4.10)
CIPW normative The composition of feldspar in a particular rock as calculated from the major
feldspar content element chemistry of the rock using a specific set of rules – the (CIPW) normative

calculation. The feldspar content is expressed in terms of the weight % proportion
of the Na-, K- and Ca-feldspars (Albite (Ab), Orthoclase (Or) and Anorthite (An))

high-alumina basalt Basalt from an arc environment which typically has about 20 wt% Al2O3, rather than 
the ca. 15 wt% found in oceanic basalts

high-field strength Trace elements which have a small ionic radius but which carry a high ionic charge.
element These tend to be the immobile elements during fluid alteration
high-magnesium An andesite contains 2–3 wt% MgO; a high-magnesium andesite contains 4 wt%
andesite MgO, and in some cases up to about 9 wt% MgO. Some authors distinguish high

mg#-andesites as those with a mg# � 0.45. There is some overlap with the term
boninite (see Chapter 3, Section 3.2.1.3).

high-magnesium A primary midocean basalt has about 9 wt% MgO. A high-magnesium basalt has a
basalt higher concentration of MgO than this. Broadly synonymous with the term picrite.

Represents a higher-temperature melt of the mantle than MORB.
initial isotope ratio The ratio of a radiogenic daughter isotope to a reference nonradiogenic isotope present in

a magmatic rock at the time of crystallization. It represents the isotope ratio present 
in the rock before radiogenic ingrowth increases the isotope ratio to its present-day 
measured value

komatiite An ultramafic magma produced during the Archaean see (Chapter 3, Section 3.2.1.2).
low field strength Trace elements which have a large ionic radius but a low charge (1� or 2�). These
element tend to be elements which are mobile during fluid alteration
mg# (magnesium The atomic fraction of Mg relative to total (Mg � Fe(II)) in the rock
number)
model Hf age The age of sample calculated from the length of time it has been separated from the

mantle. Calculations of this type assume a particular mantle growth curve
MORB Mid Ocean Ridge Basalt
primary melt A melt which has remained unmodified in composition since it formed in its source

region. Hence, a melt which has not experienced either crystal fractionation or
reaction with the matrix through which it has traveled

primitive arc basalt A basalt formed by partial melting of the mantle wedge beneath an arc and which is 
effectively unmodified in composition and may closely approximate to a primary melt

SCLM The Sub Continental Lithospheric Mantle – that part of the Earth’s mantle which lies
beneath and is coupled to the continental crust

TTG Granitoid magmas in the compositional range Tonalite–Trondhjemite–Granodiorite.
These are the magmas which have built the Archaean continental crust
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4.1.1 Crustal growth at destructive plate
boundaries
The principal site of geologically recent crustal
growth is at active, destructive plate bound-
aries. The general model (MacDonald et al.,
2000, integrating results from many sources) is
illustrated in Fig. 4.1, in which the numbered
circles refer to points 1 to 4 in the text. The
model requires that:
1. Amphibolite, formed from hydrated ocean

floor basalt, in the upper layer of a
subducting slab begins to dehydrate at
about 50–60 km depth, releasing fluids into
the overlying mantle wedge.

2. The hydration of the mantle wedge results
in the formation of amphibole in mantle
peridotite. This amphibole–peridotite is
dragged deeper into the mantle through
viscous coupling to the subducting slab to a
depth of about 110 km, where the amphibole
breaks down and releases aqueous fluid into
the overlying mantle, initiating partial
melting in the mantle wedge.

3. The partial melt zone (melt and matrix)
migrates upwards as a diapir into a hotter

region of the wedge, thereby promoting
further melting.

4. The diapir is dragged into the corner of 
the wedge by convective flow within the
wedge, where the melt is focused.

During the 1980s and early 1990s there was
a long debate about the composition of the pri-
mary melts parental to arc magmas. One group
argued for a “wedge source” for arc magmas
and believed that arc magmas are derived from
high magnesian basalts derived from the 
mantle wedge (see e.g. Gust & Perfit, 1987). A
second group argued for a “slab source” and
that the parental melts to arc magmas are
high-alumina basalts and basaltic andesites,
produced by the melting of the subducted
ocean crust in the down-going slab (Brophy &
Marsh, 1986). Since we know that the average
composition of the continental crust is
andesitic (see Section 4.2.2.3), and that
andesites are volumetrically the most impor-
tant component of arcs, the slab source would
seem to be the obvious choice. However, theo-
retical and experimental studies of slab melt-
ing showed otherwise, for thermal modeling
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FIGURE 4.1 Generalized model for the formation of new crust in an oceanic arc. The young arc is built on
oceanic crust. The arc is differentiated into upper crust, comprising andesitic lavas and sediments, and
lower crust made up of former oceanic crust and mafic and ultramafic cumulates. The numbered circles
show the process of fluid transfer from the subducted oceanic crust to mantle and melting within the 
mantle wedge.

1,000 °C

1,400 °C

Lithosphere

Oceanic crust

Subducted

Subducted

lithosphere

lithosphere

Subducted

lithosphere

Oceanic crust

TrenchTrench

Asthenosphere

Asthenosphere

Slab

Mantle
wedge1

2

3

4 Mantle flow

Trench

Lower crust

Volcanic arcVolcanic arcVolcanic arc Upper crustUpper crustUpper crust

Roll-04.qxd  10/13/06  2:55 PM  Page 136



calculations made it clear that slab melting
rarely happens because there is not enough
heat in a subduction zone to give rise to slab
melting (Peacock et al., 1994). Further, if basalt
melting does take place under slab conditions
the melts that are produced are felsic (Rapp
et al., 1991), not high-alumina basalt, as sup-
posed. These results lead us to the conclusion
that a “slab source” model is inappropriate as
a general model for arc magma genesis. In con-
trast, experimental studies of a primitive arc
basalt, in the presence of water, show that they
originated in the mantle (Pichavant et al.,
2002), strongly supporting the “wedge model”
for arc magma genesis. This conclusion is 
very important for models of crustal evolu-
tion, for if the flux into an arc is basaltic, and
yet the volumetrically dominant magmas are
andesitic, then there should be significant vol-
umes of mafic and ultramafic cumulates in the
lower crust and upper lithospheric mantle of
many arcs (Fig. 4.1).

4.1.2 Arc magma sources
The quest of recent research into arc magma-
tism has been to assess the relative contri-
butions of the different components of arc
magmatism. These include the mantle wedge,
a fluid phase, subducted sediment, and the
subducted slab. In each case these differing
contributions can be identified by a geochemi-
cal fingerprint. A further potential magma
source, present in some arcs, is continental

crust, which has a geochemical signature sim-
ilar to that of subducted sediments. In order to
avoid this ambiguity, most definitive studies
of arc magma sources have been made in
oceanic arcs, where older continental crust is
absent, although crust-derived sediment may
be present.

4.1.2.1 The mantle wedge
The mantle wedge is the principal source of
arc magmatism. Basalts produced from the
melting of the mantle wedge are the main con-
tribution to modern crustal growth in an arc
environment. Seismic imaging provides an
understanding of the thermal structure of the
mantle wedge (Abers et al., 2006) and geo-
chemistry provides a helpful insight into the
details of the melting process. In this section
the geochemical controls on the partial melt-
ing process are explored.

A comparison between trace element con-
centrations in primitive arc magmas and typi-
cal midocean ridge basalts (Fig. 4.2) shows that
there is a decoupling between the high field
strength and low field strength incompatible
trace elements. HFSEs have flat trace element
patterns, although with lower concentrations
than are found in MORB, indicating that their
source was more depleted than a MORB-
source. This means that the mantle wedge
must have been depleted by the removal of a
basaltic melt, prior to the generation of arc
magmas (Elliott et al., 1997). More generally,
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trace element studies using Nb–Y relation-
ships and Sm/La ratios indicate that arc man-
tle may be either depleted or enriched (Pearce
& Parkinson, 1993; Plank, 2005). This vari-
ability is consistent with a model of magma
generation in which there are multiple melt-
ing events during mantle flow in the wedge
(Fig. 4.1).

Estimates of the extent of melting in the
mantle wedge vary. Hochstaedter et al. (1996)
estimated between 8 and 20% melting for the
Kamchatka arc, similar to the range for MORB
generation, although other authors argue that
the process of hydrous melting will produce a
higher melt fraction than is found in MORB.
There is also a relationship between the
amount of melting and the thickness of the arc
crust. Since melting beneath an arc takes place
as a consequence of amphibole breakdown at a
more or less constant depth of ca. 100 km, the
thickness of the melt column beneath the arc
is limited by the thickness of the arc above.
The evidence for this finding comes from a
study by Plank and Langmuir (1988) who
showed that in arc magmas the concentration
of Na increases with increasing crustal thick-
ness. They argued that in a thick arc, the high-
er concentration of an incompatible element
such as Na in the melt implies a smaller
amount of melt production and so a shorter
mantle melt column. In contrast, beneath thin
arc crust there will be a longer melt column, a
greater amount of melt produced and so a
lower concentration of incompatible elements.

A second prominent feature of arc magma
chemistry is the marked Nb–Ta depletion,
seen in trace element patterns (Fig. 4.2). This
depletion is thought to indicate a phase with-
in the unmelted mantle residue which has an
affinity for Nb and Ta. Identifying this phase
has been problematical. There are two principal
candidates – a titaniferous phase such as
ilmenite, sphene or rutile – in which Nb or Ta
will substitute for Ti, or an amphibole.
Increasingly, there is experimental evidence to
indicate the importance of amphibole in the
process of Nb–Ta depletion (Tiepolo et al., 2001).

4.1.2.2 A fluid phase
Evidence for the involvement of a fluid phase
in arc magma genesis comes from the elevated

concentrations of low field strength, incom-
patible trace elements (Sr, K, Rb, Ba and Pb)
relative to MORB, the third characteristic of
MORB-arc basalt comparisons (Fig. 4.2). The
low field strength elements are those which
are fluid-mobile and their enrichment in the
source of arc magmas indicates that they have
been transported there in a fluid phase. As dis-
cussed earlier, it is thought that this fluid
phase is derived from the subducted slab and
that fluid-mobile elements are leached from
the slab and transferred into the mantle
wedge. The precise mechanism of fluid release
is complex and involves a series of dehydra-
tion reactions in which metamorphic minerals
such as chlorite, lawsonite, zoisite, amphibole
and chloritoid are progressively broken down
to a depth of between 150 and 200 km
(Schmidt & Poli, 1998).

Many trace element studies use the ratio of
fluid-mobile to immobile elements such as
Ba(mobile)/La(immobile) and Pb/Ce in arc
magmas as a monitor of fluid transfer into the
mantle wedge (see e.g. Ayers, 1998). The high-
er the Ba/La or Pb/Ce ratio, the greater the
fluid flux. In addition, further evidence for the
presence of a fluid phase in the source of arc
magmas is their relatively high water content.

Important here are the observations that (i)
the abundance of water in the mantle strongly
influences the amount of melting that takes
place, and (ii) the subarc mantle is in places
relatively cool, and yet it still melts because
where water is present the mantle solidus is
lowered and melting occurs.

4.1.2.3 Slab melts
Although there is now general agreement that
the prime contribution to arc magmatism is
from a mantle source, there are special cases
where a contribution from the subducted slab
is also thought to be significant. There are two
lines of reasoning, which make this probable.
First, Peacock et al. (1994) showed from ther-
mal modeling calculations that slab melting
will take place when the slab is unusually
warm, as in the case of the subduction of a
spreading ridge, or very young oceanic crust.
The second argument is based upon the com-
position of a rather rare form of high magne-
sian andesite known as adakite, found in some
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arc environments. Experimental studies show
that adakites have the right compositions to
be slab melts, indicating that slab melting can
not only take place but also does take place in
some rare instances.

Adakites are normally a minor component
of modern arc magmatism. Sometimes they
form a discrete component, but more normal-
ly they contribute to a particular magmatic
suite though mixing, along with the other
components discussed in this section (Stern
and Kilian, 1996). Early in Earth history, how-
ever, slab melting may have made a much
more important contribution to crustal growth
than it does today (Martin, 1986). We will
address this topic later in the chapter (Section
4.4.2.1).

4.2.2.4 Subducted sediment
There are convincing arguments, from isotope
and trace element geochemistry, that arc mag-
mas also contain a component derived from
the melting of subducted sediments. One of
the first indications that this is the case comes
from the study of the cosmogenic isotope 10Be
in some arc magmas (Brown et al., 1982). 10Be
is only produced in the upper atmosphere from
the action of cosmic rays on oxygen and nitro-
gen and is transferred to Earth in rain and
snow. 10Be also has a short half-life so it has
effectively disappeared after about 10 Ma.
Thus the presence of 10Be in arc magmas 
from the Aleutians (Brown et al., 1982) is a
strong indication that arc magmas contain a
component which originated at the Earth’s
surface.

Further evidence in support of a sedimenta-
ry component in arc magmas comes from 
the study of Sr, Nd and Pb isotopes. On a
143Nd/144Nd versus 87Sr/86Sr mixing diagram
some arc magmas define a compositional array
between the MORB source and a component
enriched in Sr and unradiogenic Nd, which
looks very much like average Atlantic sediment
(Fig. 4.3). Oceanic sediment has a high Nd/Sr
ratio, and so a small amount of subducted 
sediment can have a significant effect on the
bulk 143Nd/144Nd of the resultant arc magma
(Davidson, 1983; Ellam & Hawkesworth,
1988a). Seawater on the other hand is enriched
in Sr relative to Nd and so seawater mixing

can be identified from a vector of constant
143Nd/144Nd (Fig. 4.3).

A recent trace element study by Plank
(2005) provides further support for a sedimen-
tary component in arc magmas. Plank showed
that in volcanic arcs where there is a high sed-
iment flux, there is an almost 1:1 correlation
between the Th/La ratio in the magma and
that of the subducting sediment (Fig. 4.4). This
relationship suggests that subducted sediment
strongly controls the Th/La ratio in these par-
ticular arc magmas.

4.1.3 Crustal growth through intraplate
magmatism
Although the dominant site of contemporary
crustal growth is at convergent plate bound-
aries, there are two other tectonic settings in
which crustal growth can also take place. The
first is through the formation of Large Igneous
Provinces, and the second is at passive conti-
nental margins.

LIPs are sites of extensive basaltic volcan-
ism, which originate in a manner which is sep-
arate from the processes of sea-floor spreading.
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They include continental flood basalts of the
type found in the Deccan plateau in India or
the Karoo province of southern Africa, and,
where the volcanism is within oceanic crust,
oceanic plateaus. Most Mesozoic and
Cenozoic LIPs had an original areal extent of
more than a million km2 and represent magma
volumes of up to 4 million km3. The Ontong
Java oceanic plateau has a lava volume of 6
million km3 and when extrusive and intrusive
components are aggregated a total volume of
44.4 million km3 (Ernst et al., 2005).

Most LIPs are emplaced very rapidly with
the bulk of the magmatism occurring within a
few million years. This combination of huge
volumes of melt emplaced over a short period
of time requires a very particular set of pro-
cesses, requiring very high melt production
rates in the mantle. Most authors invoke hot-
ter than average mantle beneath LIPs within
which extensive decompression melting takes
place. Whether or not these hot spots are man-
tle plumes is the subject of some debate
although many models of LIP magmatism are
connected to the emplacement of mantle
plumes (Ernst et al., 2005).

How LIPs are incorporated into the conti-
nental crust is the subject of discussion, most

of which has centered around oceanic
plateaus, for, once created, these are not easily
destroyed either by erosion or, because of their
great size, by subduction. There are two basic
models. In one, oceanic plateaus are accreted
onto existing continental crust through colli-
sion, imbrication, and obduction (Saunders
et al., 1996). Alternatively, or in addition, par-
tial melting may take place within the thick
basaltic section of the plateau giving rise to
felsic rocks, thus converting oceanic plateau
mafic rocks into “true” felsic crust. A possible
example of this mechanism is the Aruba
batholith in the Caribbean oceanic plateau
(White et al., 1999). Mechanisms of these
types have added support to the “mantle
plume” model of continental growth (Abbott
& Mooney, 1995; Stein & Goldstein, 1996).
This model is currently gaining momentum
but is not yet the consensus view (see Section
4.4.2.4). Calculations by Barth et al. (2000)
based on the crustal La/Nb ratio suggest that
this model of crustal growth accounts for, at
most, between 5% and 20% of the total crustal
mass over geological time.

4.1.4 Crustal growth at rifted margins
A further site of crustal growth has recently
been recognized from seismic reflection stud-
ies of volcanic rifted continental margins.
Studies have shown that 90% of all passive
continental margins around the world are vol-
canic rifted margins (Menzies et al., 2002).
Continental margins of this type are charac-
terized by thick sequences of subaerially
erupted flood basalts, with volcanic sequences
up to 7 km, associated with rifting and uplift.
Related intrusive rocks are present in the
underlying middle and lower crust. Seismic
studies show that the seaward, submarine seg-
ment of the continental margin is a transition
zone with true oceanic crust, in which there
are strongly developed seismic reflectors indi-
cating alternating layers of volcanic and sedi-
mentary rocks. There is also an area of the
lower crust marked by high seismic velocities,
indicating abundant igneous rocks.

It is now recognized that volcanic rifted
margins are closely related to the LIPs discussed
in the section above, and that they represent

140 CHAPTER 4

MORB

0

0.1

0.2

0.3

V
ol

ca
ni

c 
ar

c 
T

h/
La

0.4

0 0.1 0.2 0.3 0.4

Subducting sedimentTh/La

FIGURE 4.4 Correlation between the Th/La ratio
of subducting sediment in high sediment flux arcs
and Th/La in volcanic arc magmas (after Plank, 2005).

Roll-04.qxd  10/13/06  2:55 PM  Page 140



LIPs associated with the process of continental
break-up. What is not yet clear is whether the
volcanism associated with continent separa-
tion is driving the break-up process or whether
the separation process is focusing the volcan-
ism. Nevertheless, the extensive volumes of
magma concentrated along volcanic rifted
margins cannot be ignored in models of crustal
growth.

In each of the three tectonic settings dis-
cussed above – convergent margins, within-
plate (oceanic and continental crust) and at
rifted margins – the dominant flux from the
mantle to the continental crust is basaltic.
This however poses a major problem, for the
continental crust is not basaltic in composi-
tion, rather, as will be shown below (Table 4.2),
the average bulk composition of the continen-
tal crust is andesitic. This paradox is one of the

major problems to be addressed in determining
the origin of the continental crust.

4.1.5 Crust–mantle fluxes
The most important site of present-day crustal
growth is in an arc environment, either
through the creation of a new arc or through
arc accretion. In this section we examine pre-
sent-day fluxes between the mantle and the
crust in an arc environment, in an attempt to
begin to quantify the process of crustal growth.

In a study of 17 different island arcs Reymer
and Schubert (1984) estimated that the pre-
sent-day, worldwide, magmatic crustal addi-
tion rate is 1.65 km3/yr. This is the principal
present-day flux from the mantle to the crust.
In contrast, the return of material to the man-
tle is much more complicated and involves a
number of different components (Table 4.1).
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TABLE 4.1 Recent estimates of present-day fluxes into and out of the continental crust and mantle during
subduction.

Flux Volume Mass Reference

Flux into the crust (from mantle)
Magmatic Continental growth rate
Total 1.65 km3/yr Reymer and Schubert (1986)
Net crustal growth rate
Phanerozoic 1.0 km3/yr Reymer and Schubert (1984, 1986)
Present 0.0 km3/yr Plank and Langmuir (1998)
Average over 1.94 km3/yr Total mass � 7.76 Reymer and Schubert (1986)
4.0 Ga � 109 km3

Flux back into the mantle
Rate of subduction of oceanic crust
Total 20 km3/ yr Crisp (1984)
Rate of sediment subduction
Global average 0.73 km3/ yr 1.8 � 1015 g/yr Plank and Langmuir (1998)
Average 0.5–0.7 km3/yr Plank and Langmuir (1998)
(from the literature)
Tectonic erosion and subduction of sediment
Long-term 0.90 km3/ yr von Huerne and Scholl (1991)
average
Sedimentary pore water

0.86 � 1015 g/yr Plank and Langmuir (1998)
Structurally bound water
In slab (some 0.7–1.1 � 109 g/m2 Schmidt and Poli (1998)
released through
arc magmatism)
Subducted CO2
Total slab 2.2 � 1014 g/yr Peacock (1990)
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These include oceanic crust, sediment, and
fluids – principally water.

Present-day spreading rates allow us to esti-
mate the volume of oceanic crust, which is
subducted annually. Estimates are between 18
and 20 km3/ yr, the differences being in part
due to different assumptions about the average
thickness of the oceanic crust. If this rate of
subduction has been constant over geological
time, then the Earth’s mantle should contain
5% recycled oceanic crust (Helffrich & Wood,
2001), although if this were concentrated in
the upper part of the mantle then, of course,
the proportion would be considerably greater.

Estimates of the volume of subducted sedi-
ment are subject to greater uncertainty, for
there are two separate components to this pro-
cess. On the one hand, sediment is subducted
directly from the ocean floor, along with the
slab. In addition, however, there is sediment
which initially becomes part of a subduction
accretion complex built onto the ocean floor
but which is later subducted by a process
known as “tectonic erosion.” Plank and
Langmuir (1998) calculated the global mean
sediment flux to the mantle from plate con-
vergence rates, trench lengths, and the thick-
ness of the sedimentary column in a large
number of different trenches. They also took
into account the uncertainties which arise
through the “loss” of sediment to accretion
complexes in the overlying plate. Estimates of
the annual volume of subducted sediment
vary between 0.38 and 0.75 km3/yr, although
Plank and Langmuir’s (1998) average of 0.5–
0.7 km3 is probably the most robust (Table 4.1).
To the subducting component should also 
be added the tectonic erosion element of
0.9 km3/yr (von Huerne & Scholl, 1991).

Plank and Langmuir (1998) have pointed
out that the sum of the two sedimentary sub-
duction components is almost the same as the
magmatic growth rate for the continents, indi-
cating that at the present time the continents
are in a steady state. However, the mass bal-
ance is not simple, for it has already been
noted that the flux from the mantle to the con-
tinents is basaltic, whereas the flux from the
continents into the mantle is closer to the
composition of average continental crust and

is andesitic (Plank & Langmuir, 1998).
Helffrich and Wood (2001) estimated that,
given a constant rate of subduction for 4.0 Ga,
the mantle should contain about 0.3% recy-
cled sedimentary material, although we only
know recent sediment recycling rates with any
certainty.

Water is also part of the subducting sedi-
mentary column and is present as pore water
in sediments and as structurally bound water
in metabasalts and gabbros. Estimates of the
amount of structurally bound water vary from
about 6 wt% at 20–30 km depth reducing to 2
wt% at 60 km and 1 wt% at 200 km (Poli &
Schmidt, 1995). Schmidt and Poli (1998) esti-
mated that the water input into a subduction
zone from oceanic lithosphere is 0.71–1.1 �
109 g/m2, although between 18 and 37% of this
water will be released in the generation of arc
magmas.

Figure 4.5 summarizes in a qualitative man-
ner the principal inputs and outputs into and
out of the continental crust at the present
time. In differing proportions these are also the
principal elements of continental growth and
recycling. The inputs, representing a flux from
the mantle to the crust, are magmatic contri-
butions in the subduction, intracontinental,
and continental margin environments. The
main quantifiable output is erosion-related
sediment return to the mantle through sub-
duction. Less quantifiable, and of uncertain
significance, is the delamination of the lower
continental crust (see Section 4.5.2). Also rela-
tively unknown is the role of intracrustal dif-
ferentiation and the transfer of material from
the lower to upper continental crust.

It is these basic parameters which we will
continue to explore as we now turn to the
problem of the origin of the continental crust.

4.2 FIRST ORDER CONSTRAINTS ON THE ORIGIN

OF THE CONTINENTAL CRUST

There are two principal observations which we
can use to constrain models for the origin of
the Earth’s continental crust. The first is a
knowledge of the age structure of the crust and
the second is its average composition. Both of
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these parameters, however, are hard to deter-
mine and inevitably therefore are the subject
of some debate.

4.2.1 Crustal growth through time
Determining an appropriate growth curve for
the Earth’s continental crust has been the sub-
ject of considerable controversy for the last 30
years and more. In 1969 Hurley and Rand pro-
posed, on the basis of the age distribution of
crustal rocks, that the continents had grown
progressively with time. During subsequent
decades more data on the age distribution of
crustal rocks have become available and the
model has been refined. Recent compilations
of crustal age patterns still confirm the pro-
gressive growth of the continental crust but
suggest that it has grown in a nonlinear fash-
ion over time (see Condie, 1998). In particular
it appears that perhaps as much as 50% of the
continental crust formed before the end of the
Archaean at 2.5 Ga ago. If these observations
are correct then two important questions
arise. First, what was the cause of the episod-
icity in continental growth, and second why
was there particularly rapid crustal growth
early in Earth history?

An entirely different view of crustal growth,
also current for more than 30 years, was
espoused by Armstrong (1968) who took seri-
ously the observation that continental crust
can be destroyed, recycled, and recreated

through sediment subduction. Armstrong
(1968) and more recent advocates of this model
(Sylvester et al., 1997) suggest that the entire
present-day volume of the continental crust
formed very early in the history of the Earth
but has subsequently been recycled. In this
model, the observed age distribution seen in
crustal growth curves simply reflects the sub-
tractions and additions to the crust over time.
In this “no-growth,” or “steady state” model
for crustal evolution, the process of crustal
recycling must have been of major importance
throughout geological time.

4.2.1.1 Constraining crustal growth models
The proponents of the two different crustal
growth models have supported their argu-
ments with a number of rather different lines
of evidence, drawn from both geochemistry
and geophysics. In detail the arguments are
intricate but a summary of the major claims
and counter claims is given below.

4.2.1.1.1 The age distribution of crustal rocks
An estimate of the relative volumes of conti-
nental crust of different ages is an obvious way
to assess crustal growth models. However,
making such an estimate is not straightfor-
ward for two reasons. First, it cannot be
assumed that the age of the continents is the
same at depth as it is at the surface (Corfu,
1987). Second, the reworking of older crust
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will make the observed crustal ages younger
than they really are. This latter problem seri-
ously distorted some early attempts to assess
crustal growth through time, but this has been
circumvented in more recent studies through
the use of robust isotopic methods. Some of
these are outlined below.

4.2.1.1.1.1 U–Pb zircon ages The U–Pb age
of zircon grains records the time of crystal-
lization of the host igneous rock. Thus a global
compilation of zircon ages for crustal rocks
should provide an accurate assessment of the
rate of crustal growth over geological time.
Global compilations of zircon ages from
juvenile crust were made by Condie (1998,
2000) and Rino et al. (2004). Both studies show
similar growth curves (see Fig. 4.8 for Condie’s
growth curve) which support the progressive
crustal growth model, although the age
distributions show distinct peaks at 2.7, 1.9,
and 1.2 Ga, implying some episodicity in
crustal growth.

4.2.1.1.1.2 Zircon ages combined with Nd-
model ages A particular difficulty in deter-
mining the pattern of crustal growth through
time is knowing whether or not a particular
suite of granitoids has formed directly from

the Earth’s mantle and is therefore a juvenile
addition to the crust or whether it is reworked
older crustal rocks. This problem can be resolved
by determining the Nd-isotopic composition
at the time of crystallization (determined from
the zircon age) as illustrated in Fig. 4.6. The
logic here is that if we know the time that the
crust was extracted from the mantle (from the
U–Pb zircon age) then the Nd-isotope ratio
calculated from the measured value for the
sample, at that time, can be compared to that
of the depleted mantle at the same time.
Deviations from the depleted mantle value
may imply mixing with older crust, and this
proportion can be quantified (see Fig. 4.6).

Patchett and Arndt (1986) used this
approach to calculate the proportion of newly-
formed crust in a large province of 1.7–1.9 Ga
Proterozoic rocks from Europe, Greenland, and
North America and demonstrated that a large
volume of new crust was created at that time.
Similarly, Patchett and Samson (2003) showed
that a very large volume of the North–
American-European continent was juvenile
and grew significantly during the short time
interval 1.7–1.9 Ga. They calculated that the
growth rate of this region was equivalent to
that of the present-day, global, arc growth rate,
implying that if there was crustal growth 
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anywhere else on the Earth in this time, then
the period 1.7–1.9 Ga represented a time of
very rapid crustal growth during Earth history.

More recently Nd-model ages have been
used to identify a large area in Central Asia,
the Altaid Tectonic Collage, which was the
site of voluminous juvenile crust generation
during the Phanerozoic. Studies in this
remote, relatively unknown region have esti-
mated that up to 50% of the crust is juvenile
and of Paleozoic age (Patchett & Samson,
2003; Jahn, 2004).

4.2.1.1.1.3 Model Hf ages in sedimentary
zircons A further “robust” geochronological
method is the use of model Hf ages in zircons,
for model Hf ages in zircon are a measure 
of the time at which the granitoid parent to
the zircon was extracted from the mantle.
Stevenson and Patchett (1990) used this
method to investigate the steady state crustal
growth model in the light of the apparent
absence of large volumes of early felsic crust.
They argued that if there were large volumes
of felsic crust in existence early in Earth
history, then evidence for their existence will
be preserved in clastic sediments and that
these rocks will contain zircons which will
record Hf-isotope model ages older than the
depositional age of the sediments. If, on the
other hand there was little older felsic crust,
then the Hf model ages of the zircons would be
similar to the age of sediment deposition.
They examined clastic sediments from
Archaean and Proterozoic basins and found
that in most late Archaean sedimentary
sequences (2.6–3.0 Ga) zircon Hf model ages
are within 10% of the depositional age,
implying a small volume of preexisting felsic
crust. Proterozoic sediments in contrast
showed a 400 Ma disparity between the zircon
Hf model age and their depositional age, sig-
nifying a large volume of felsic crust. These
results imply that a substantial volume of 
felsic crust was created in the time interval 3.0
to 2.5 Ga.

Taken together, the age data for crustal
rocks, for which there is now a very extensive
database, strongly support a progressive model
for the growth of the continental crust.

Geochronological studies and the distribution
pattern of juvenile crust provide very little sup-
port for an extensive, very early granitic crust.
However, other geochemical and geophysical
arguments have also been used to determine
the pattern of crustal growth over time. These
are discussed in the following sections.

4.2.1.1.2 The trace element evolution of the
mantle over time – a proxy for continental
growth?
Given that the continental crust was original-
ly extracted from the Earth’s mantle, it is to be
expected that the mantle will preserve some
geochemical record of crust extraction. This is
the basis for the trace element and isotopic
arguments developed in this and the following
section.

The incompatible trace elements Nb and U
are enriched in the continental crust relative
to the primitive mantle but are also strongly
fractionated during the crust-forming process.
The primitive mantle is thought to have had a
Nb/U ratio of about 30, whereas the modern
mantle has a ratio of about 47. This difference
is attributed to the extraction of the continen-
tal crust (Nb/U ~ 10) from the primitive man-
tle (Fig. 4.7). The large difference in Nb/U
ratios between the primitive mantle and the
modern mantle was used by Hofmann et al.
(1986) and Sylvester et al. (1997) to monitor
the growth of the continental crust over geo-
logical time. They argued that if the modern
mantle Nb/U ratio could be tracked back 
in time via ‘modern looking’ Nb/U ratios in
ancient mantle melts, then, on the grounds of
mass balance, a complimentary continental
crust must have existed. Geochemical studies
of basalts as old as 3.5 Ga (Green et al., 2000)
show that they have Nb/U ratios equivalent to
that of modern OIBs and MORBs (Fig. 4.7).

This result could imply that there was an
extensive volume of continental crust in exis-
tence at 3.5 Ga, strongly supporting the “no-
growth” crustal growth model of Armstrong
(1968). However, there are problems with this
interpretation. First, because Nb exchange
between the crust and mantle is not a simple
two-component system (see Section 4.5.1.2.3)
and second, because U is mobile in an oxidizing
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environment and so has become increasingly
mobile during Earth history as the atmosphere
has become more oxygenic (Collerson &
Kamber, 1999). Further, as U has become more
mobile, it has been more readily recycled back
into the mantle. Collerson and Kamber (1999)
therefore proposed that the Nb/U ratio of the
mantle has changed over time, initially
increasing, accompanying crust extraction
until about 2.0 Ga, after which it began to
decrease as U began to be recycled back into
the mantle (Fig. 4.7). Thus the Nb/U ratio can-
not be used to argue for “no-growth” models of
the continental crust.

4.2.1.1.3 The Nd-isotopic evolution of the
mantle as a proxy for continental growth
During mantle melting Nd and Sm are both
partitioned into the melt phase but also frac-
tionated relative to each other. The net effect
of this process is that over geological time the
mantle has become depleted in the element
Nd but enriched in the isotope ratio relative to
its initial chondritic composition (Fig. 3.27). It
is commonly accepted that the missing Nd is
now located in the continental crust and that
the record of 143Nd/144Nd isotope evolution 
in the mantle is a useful proxy for the growth
of the continents.

A number of models have been proposed
which link crustal evolution with the mantle
Nd-isotope evolution curve, the most realistic
of which is probably the transport-balance
model of Nagler and Kramers (1998). This
model is based upon their empirically derived
Nd-isotope mantle evolution curve and
assumes that the upper mantle melts to form
basaltic oceanic crust, which is then repro-
cessed to form continental crust. An impor-
tant aspect of the model is that it also includes
crustal recycling, such that as the volume of
continental crust grows with time, proportion-
ately some crust is recycled back into the
mantle through erosion and subduction.

Their best-fit models are shown in Fig. 4.8
and support a progressive growth model for 
the continental crust, with about 50% crust
formed by the end of the Archaean. Their 
calculations show that there was little crustal
recycling before the mid-Proterozoic.

4.2.1.1.4 Continental freeboard arguments
The continental freeboard is the position of
sea-level relative to the continental masses. It
is thought that the continental freeboard has
remained approximately constant, within 1 km
of the present level, for at least 2,000 Ma. If this
observation is true, then it suggests that the
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continental volume has remained essentially
constant, relative to the oceans, throughout the
last 2,000 Ma, thus supporting a “no-growth”
scenario for the past 2.0 Ga. However, a major
assumption of the freeboard argument is that
the volume for the ocean basins has also
remained constant. This was questioned by
Reymer and Schubert (1984), who pointed out
that the volume of the ocean basins should
expand with time because of the secular
decline in terrestrial heat flow. If this is the
case then continental growth is necessary to
maintain an approximately constant freeboard,
reversing the original argument for no growth
in favor of progressive continental growth.

4.2.1.2 Crustal growth curves
Crustal growth curves based upon Nd-
isotopic modeling, the Nb/U ratio in the man-
tle, and U–Pb zircon ages of juvenile crust are
shown in Fig. 4.8.

4.2.1.2.1 The steady state (no-growth) model
On balance none of the evidence presented
above supports a steady state model for 

crustal growth. Although extremely old zircons
are now known, signifying the existence of 
felsic rocks at 4.4–4.5 Ga (Harrison et al.,
2005), on balance the age distribution of
crustal rocks still weighs against this idea.
Furthermore, the steady state model is not
supported by isotopic studies of the depleted
mantle. Some years ago it was thought that
mantle Nb/U ratios provided evidence for an
extensive early continental crust, but this has
now been shown to be subject to major uncer-
tainties and also must be rejected. Continuing
investigations, using new isotopic techniques
continue to find no support for the steady state
model. For example, a recent, novel study of
the isotope 40Ca, the decay product of the
short-lived isotope 40K, failed to find evidence
of significant volumes of Hadean felsic crust
(Kreissig & Elliott, 2005).

4.2.1.2.2 The progressive growth model
Instead, much of the geological data support a
progressive growth model for the continental
crust. This is consistent with the great rarity
of very old felsic rocks and very old zircons
and also with the trace element and isotopic
memory of the mantle. In fact it is very diffi-
cult to find any evidence to support the exis-
tence of large volumes of felsic rocks present
in the very early Earth.

4.2.1.2.3 The “episodic” progressive growth
model
A variant of the progressive crustal growth
model is the episodic crustal growth model
most recently advocated by Condie (1998,
2000). Condie has argued that the age distribu-
tion of juvenile crustal rocks, as determined
from U–Pb zircon ages, is distinctly episodic,
with peaks at 2.7, 1.9 and 1.2 Ga. There is
some support for this model from Nd model
ages and there may be evidence for an addi-
tional peak in the Phanerozoic (as discussed
above). Condie (1998, 2000) has suggested that
the peaks in crustal growth represent mantle
plume activity triggered by avalanching of sub-
ducted material into the mantle. If this model
is correct we should expect to find a signifi-
cant plume signature in the geochemistry of
the continental crust.
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The major difficulty with the episodic 
distribution of crustal ages is understanding
what the patterns mean. Are they sampling
the result of a preservation bias and do not
fully represent crustal growth as it really was?
Alternatively, do they represent a single mech-
anism of crustal growth (say subduction 
related) with the peaks in the growth curve
representing accelerated periods of crustal
growth at a certain point in time (Kemp &
Hawkesworth, 2003)? A third possibility is
that there are two different mechanisms of
crustal growth, one of which is the “baseline
mechanism” and which may be subduction
related and another which is episodic and
maybe, as proposed by Condie (1998, 2000),
plume related.

4.2.1.2.4 Which growth curve?
Three different crustal growth curves are
shown in Fig. 4.8. The Nagler and Kramers
(1998) curves are based upon the Nd-isotopic
composition of the mantle. The Collerson and
Kamber (1999) curve is based upon the Nb/U
ratio of the mantle and the Condie (2000)
curve is based upon U–Pb zircon ages in juve-
nile crust. All show slightly different rates of
crustal growth, particularly in the late
Archaean and early Proterozoic.

The relative usefulness of these curves can
be assessed in the light of a new study by
Hawkesworth and Kemp (2006), Kemp et al.
(2006) who used a combination of oxygen and
Hf isotopes in zircon to assess the time at
which their parent granitoids were derived
from the mantle. In this case they used oxygen
isotopes in zircon to identify juvenile, mantle
derived grains, and zircon Hf-isotope model
ages to establish the time at which they were
extracted from the mantle. In a case study
from the granitoids of the Lachlan fold belt in
Australia, they showed a mismatch between
the U–Pb crystallization age of the zircons and
the time of their derivation from the mantle of
up to 1.5 Ga. This result implies that the crys-
tallization age of some zircons is not the same
as the time of the derivation of their parent
granitoid from the mantle, which may have
been much earlier. Some zircon crystallization
ages therefore represent the process of crust

differentiation, not crust generation. This 
finding therefore challenges the long held
assumption that zircon U–Pb crystallization
ages are the same as the time of granitoid crust
formation. The implications of this study are
that crustal growth curves based upon U–Pb
zircon ages, such as those of Condie (2000) and
Rino et al. (2004), should be considered as 
minima and probably underread the true crust
formation age. For this reason the curves of
Collerson and Kamber (1999) or Nagler and
Kramers (1998) are to be preferred.

4.2.1.3 Crustal growth rates
Many authors have sought to calculate growth
rates for particular segments of continental
crust, for particular points in geological time.
The benchmarks are the Phanerozoic magmat-
ic crustal growth rate of 1.65 km3/yr, and net
crustal growth rate of 1.0 km3/yr, of Reymer
and Schubert (1984), based on their study of
Phanerozoic arcs (Table 4.1). Where crustal
growth rates exceed the Phanerozoic growth
rate, processes of crustal growth other than
that of arc accretion, such as plume 
models, are sometimes invoked (Stein &
Goldstein, 1996).

Estimates of the present-day, net crustal
growth rate vary from about 1.0 km3/yr
(Reymer & Schubert, 1984) to zero (Plank &
Langmuir, 1998), although the time-integrated
growth rate for the entire continental crust
since 4.0 Ga is about 2.0 km3/ yr (Table 4.1),
much greater than present-day estimates,
implying that the continental crust has grown
very rapidly at some time or times in the past.
This observation adds some credibility to a
feature which is apparent on all the growth
curves, and particularly apparent on the two
preferred curves, that a major proportion of the
continental crust appears to have formed
between about 3.0 Ga and 2.0 Ga (Fig. 4.8).
This signifies that there were major episodes
of crustal growth early in the history of the
Earth. What this means is important for us to
discover.

4.2.2 The average composition of the
continental crust today
Making an estimate of the average composi-
tion of the Earth’s continental crust is not 
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a trivial task for it requires a knowledge of the
chemical composition of each of the different
crustal layers in additions to a knowledge of
the relative proportions of these layers

4.2.2.1 Estimating the composition of the
upper continental crust
Perhaps the most straightforward task in
determining the average composition of the
Earth’s continental crust is estimating the
average composition of the upper crust, for
there are a number of natural materials which
can be used as proxies. There are two popular
approaches. Taylor and McLennan (1985)
showed that the average REE pattern of post-
Archaean shales shows remarkable uniformity
and suggested that marine shales can be used
to provide the average insoluble element com-
position of the upper crust. Loess, fine grained
glacial sediments, have also been used as a
proxy for average upper crust. Here the logic is
that glacial erosion mechanically grinds and
blends large areas of bedrock and that these
compositions are not subjected to the fraction-
ation processes which take place during chem-
ical weathering. They may therefore more
faithfully record crustal compositions than
shales, although Gallet et al. (1998) have
shown that loess cannot totally escape the
effects of chemical weathering.

4.2.2.2 Estimating the composition of 
the lower crust
More difficult is the task of estimating the
composition of the lower continental crust.
There are three facets to this problem. First, is
that it requires the successful integration of
geophysical and geochemical observations.
Second, is that it requires a judgment about
the relative importance of information present
in the rare outcrops of lower crustal rocks ver-
sus the more common, but fragmentary, xeno-
liths of lower crustal material. Third, is the
thorny issue of whether or not the manner in
which the lower crust is formed today is dif-
ferent from early in Earth history.

Deep seismic reflection experiments in the
continental crust show that P-wave velocities
increase with depth and that in many cases
there is a lower crustal layer several kilome-
ters thick which has a P-wave velocity greater

than 6.9 km/sec (Durrheim & Mooney, 1991;
Rudnick & Fountain, 1995). Many studies
have equated this high velocity layer with
basaltic compositions and thus infer that the
lower continental crust is basaltic (see for
example Zandt & Ammon, 1995). This view is
also supported by xenolith studies, for the
majority of lower crustal xenoliths are mafic
(Rudnick & Taylor, 1987).

In contrast, deep crustal rocks found in
metamorphic belts, granulites, are much more
varied in composition and include both felsic
and mafic varieties (Rollinson & Blenkinsop,
1995). This is consistent with a recent study in
the North China Craton which showed that
there the lower crust can be divided into two
layers – an upper lower crust with velocities
between 6.7 and 6.8 km/sec and a lowermost
crust, with velocities between 7.0 and
7.2 km/sec (Gao et al., 1998), which is inter-
preted as a mixture of 20–40% mafic and
80–60% felsic rocks. Niu and James (2002)
report a study of seismic velocities in the
lower crust of the Kaapvaal Craton in South
Africa where they found that the base of this
34–40 km thick, and mid-Archaean, crust is
made up of felsic to intermediate rocks under-
lain by a very sharp Moho. It is possible there-
fore that some regions of lower continental
crust are felsic.

4.2.2.3 Models
A particularly influential model for the aver-
age composition of the continental crust is 
the andesite model of Taylor and McLennan
(1981, 1985). This model is based upon the
observation that modern continental growth
primarily takes place at a convergent margin.
The model has two principal assumptions.
First, that the continental crust could be 
divided into geochemically distinct upper and
lower portions which are present in the 
proportions of 1 to 2. Second, that the bulk
composition of the continental crust is
andesitic. Given these premises and an esti-
mated average composition for the upper con-
tinental crust, it was possible for Taylor and
McLennan to calculate the composition of the
lower continental crust, which they found to
be basaltic.
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The andesite model attracted a great deal of
criticism, for there seemed to be a mismatch
between Taylor and McLennan’s (1981) calcu-
lated lower crustal composition and observed
lower crustal compositions (Weaver & Tarney,
1982). There was also criticism of their choice
of average Australian shale for their upper
crustal average and over their choice of 
crustal thickness in their mass balance model
(Christensen & Mooney, 1995). This has led to
a number of revisions of the original model.

The two most serious drawbacks with the
andesite model are that there is no empirical
estimate of lower crustal compositions and
there is no serious attempt to quantify the rel-
ative proportions of upper and lower crust. So,
in a significant leap forward, Rudnick and
Fountain (1995) combined their joint expertise
in geochemistry and geophysics respectively,
to solve these two problems. They used seis-
mic reflection measurements and heat flow

data from the lower crust to estimate its broad
composition, and then refined their results
using compositional data from xenolith suites.
They calculated the relative proportions of upper
and lower crust by using a weighted average
derived from crustal sections taken from sev-
eral different tectonic settings, where the pro-
portions of upper to lower crust is known either
from observation or seismic evidence (Fig. 4.9).

A refinement of this model (Rudnick &
Gao, 2003) includes an estimate of the compo-
sition and volume of the middle continental
crust, ignored in the earlier model of Rudnick
and Fountain (1995) and a revised estimate for
the composition of the upper continental crust.
In this revised model upper, middle, and lower
continental crust are in the proportions
31.7%, 29.6%, and 38.8%. The composition is
given in Table 4.2 and, to date, it is the best
estimate we have for an average composition
of the whole crust.
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Interestingly, the differences in major 
element chemistry between the different esti-
mates of average crustal composition are not
great (Rudnick, 1995). Most models have
between 57 and 64 wt% SiO2, and between
0.50 and 0.55 molar Mg/(Mg�Fe), indicating
bulk compositions in the andesite range
(Fig. 4.10).

More instructive for models of crustal evo-
lution are the trace element concentrations.
Average crust is marked by a moderate enrich-
ment of incompatible trace elements and the
strong enrichment of the highly incompatible
elements such as Cs, Rb, Ba, Th, U, K relative
to the Earth’s primitive mantle (Fig. 4.11). The
elements U, Th, and K are the Earth’s principal
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TABLE 4.2 Average compositions of the continental crust and Archaean TTGs. 1. Rudnick and Gao (2003),
2. Rudnick and Fountain (1995), Nb and Ta from Barth et al. (2000), 3. Weaver and Tarney (1984), 4. Taylor
and McLennan (1985, 1995) and McLennan et al. (2006), 5. Condie (1997), 6. Wedepohl (1995), 7. Condie (2005) –
early Archaean, 8. Condie (2005) – late Archaean, 9. Martin et al. (2005) – late Archaean, 10. Smithies (2000),
11. Kamber et al. (2002) – early Archaean.

Continental crust Archaean TTG

1 2 3 4 5 6 7 8 9 10 11

SiO2 60.6 59.10 63.20 57.30 59.70 61.61 70.40 68.30 68.36 70.20 68.58
TiO2 0.7 0.70 0.60 0.90 0.68 0.67 0.31 0.42 0.38 0.33 0.54
Al2O3 15.9 15.80 16.10 15.90 15.70 15.04 15.20 15.50 15.52 15.74 14.25
FeO(tot) 6.7 6.60 4.90 9.10 6.50 5.56 2.48 3.04 2.91 2.84 4.24
MnO 0.1 0.11 0.08 0.18 0.09 0.09 0.06 0.07 0.05 0.04 0.06
MgO 4.7 4.40 2.80 5.30 4.30 3.65 0.96 1.39 1.36 1.09 1.03
CaO 6.4 6.40 4.70 7.40 6.00 5.39 2.74 3.26 3.23 3.17 3.41
Na2O 3.1 3.20 4.20 3.10 3.10 3.18 4.71 4.51 4.70 4.87 4.12
K2O 1.8 1.90 2.10 1.33 1.80 2.58 2.22 2.20 2.00 1.88 2.52
P2O5 0.1 0.20 0.19 0.11 0.17 0.10 0.14 0.15 0.12 0.10

100.1 98.41 98.87 100.51 97.98 97.94 99.18 98.83 98.66 100.28 98.85
Mg# 55.6 54.3 50.5 50.9 54.1 53.9 40.8 44.9 45.4 40.6 30.3
Cs 2 2.6 – 1.5 – 3.4 – – – – 2.1
Rb 49 58.0 61.0 37.0 53.0 78.0 76 67 67 50 61.78
Ba 456 390.0 707.0 250.0 429.0 584.0 500 769 847 746 295.89
Th 5.6 5.6 5.7 4.2 5.5 8.5 4.1 8.1 - 6 1.67
U 1.3 1.4 1.3 1.1 1.4 1.7 1.2 1.5 - 1 0.28
K 14,942 15,772 17,432 10,999 14,942 21,399 18,428 18,262 16,602 15,606 20,927
Nb 8 8.0 13.0 11.0 8.0 19.0 6.1 6.2 7 5.4 3.69
Ta 0.7 0.7 – – – 1.1 0.41 0.84 – 0.34
La 20 18.0 28.0 16.0 18.0 30.0 22 36 30.8 29.8 20.71
Ce 43 42.0 57.0 33.0 42.0 60.0 40 65 58.5 51.6 42.51
Pb 11 12.6 15.0 8.0 13.0 14.8 – – – – 14.8
Pr 4.9 5.0 – 3.9 – 6.7 – – – – 5.6
Sr 320 325 503 260 299 333 362 515 541 495 272
Nd 20 20.0 23.0 16.0 – 27.0 16 25 23.2 19.9 21.63
Sm 3.9 3.9 4.1 3.5 4.0 5.3 2.9 4.2 3.5 2.7 4.23
Zr 132 123.0 210.0 100.0 118.0 203.0 152 154 154 149 169.25
Hf 3.7 3.7 4.7 3.0 3.4 4.9 3.8 4.7 – 4.58
Eu 1.1 1.2 1.1 1.1 1.2 1.3 0.82 1.07 0.9 0.91 1.18
Ti 4,197 4,197 3,597 5,396 4,077 4,010 1,858 2,518 2,278 1,978 3,261
Y 19 20.0 14.0 20.0 21.0 24.0 8.5 9.1 11 6.8 13.07
Ho 0.77 0.8 – 0.8 – 0.8 – – – 0.5
Yb 1.9 2.0 1.5 2.2 1.9 2.0 0.82 0.71 0.63 0.46 1.17
Cr 135 119.0 45 35 50 32.97
Ni 59 51 17 22 21 19.62
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heat producing elements, and so their enrich-
ment in the continental crust has implications
for the Earth’s thermal budget. Relative to the
smooth decrease in incompatible elements
from Cs to Y on Fig. 4.11 there is a strong 
positive anomaly for Pb and marked negative
anomalies for the elements Ta, Nb, and Ti.

These then are the raw data that must be
accommodated in any model for the origin of
the continental crust. One way in which they
can be used is illustrated by Rudnick (1995)
who showed that the crustal La/Nb ratio (1.5)
was significantly different from that for mod-
ern arc magmas (ca. 3.0), implying perhaps
that there was another component present.
One possibility is that this component is

derived from plume magmatism, and given a
plume magma La/Nb ratio of ca 0.8 it is possi-
ble to calculate that about 10% of the conti-
nental crust is plume derived. However the
more recent upward revision of the crustal
La/Nb ratio to 2.5 (Plank & Langmuir, 1998;
Rudnick & Gao, 2003) has meant that this dis-
tinction is now much less secure.

It is important to remember that average
compositions are also time integrated compo-
sitions. This means that, if the composition 
of the continental crust has changed with
time, then this variation is lost in the crustal
average, masking what could be an important
component of crustal evolution. This is the
subject of the next section of this chapter.
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4.3 THE SECULAR EVOLUTION OF THE EARTH’S
CONTINENTAL CRUST

A major premise which lies behind much of
this book is the belief that Earth has changed,
and Earth processes have changed during Earth
history. In fact it has already been demonstrated
that the chemical composition of the subo-
ceanic, depleted mantle and the subcontinental
mantle has changed over time (see Chapter 3).
A particularly widely held view in this respect
is the belief that the mantle was hotter early in
Earth history than today. If this is true, then,
as will be demonstrated in Section 4.4, this
factor will strongly influence the process of
continent generation. In addition factors such
as the change in the oxygen concentration of
the atmosphere will also exert an influence on
element partitioning between continental
crust and mantle – see for example Section
4.2.1.1. In this section therefore, we examine
the evidence from geophysics and from geo-
chemistry for secular change in the structure
and composition of the continental crust and
the change of process that this may imply.

4.3.1 Geophysical evidence for the secular
evolution of the continental crust
Geophysical studies of the continental crust
have raised the possibility that there are differ-
ences in both crustal thickness and heat pro-
duction between Archaean continental crust
and juvenile crust that has formed more
recently.

4.3.1.1 A change in crustal thickness over
time
It was shown earlier that there is some 
discussion over the composition of the lower
continental crust and whether it is felsic 
or basaltic. One possible solution is that 
lower continental crustal compositions have
changed with time. Durrheim and Mooney
(1991, 1994) studied seismic sections through
Archaean and Proterozoic cratons and suggest-
ed that Archaean continental crust is between
27 and 40 km thick and has a thin mafic layer
at its base, making up between 5 and 10% 
of the total crustal thickness. In contrast
Proterozoic crust is between 40 and 55 km

thick and has a lower mafic layer which makes
up between 20 and 30% of the crustal thickness.
However, more recent reviews have argued
against this finding, suggesting that observed
differences in crustal thickness are more 
likely the product of differences in tectonic
setting (Wever, 1992; Christensen & Mooney,
1995; Rudnick & Fountain, 1995; Zandt &
Ammon, 1995). These authors argue that, for
example, an average crustal section in an active
rift is different from an average crustal section
of an ancient shield or platform (Fig. 4.9). For
this reason they find that the most important
differences in crustal structure arise as a conse-
quence of tectonic setting, rather than as a prod-
uct of changing crustal thickness over time.

4.3.1.2 Changes in crustal heat flow with
time
A related debate focused on heat flow data
from different regions of the continental crust.
Nyblade and Pollack (1993) showed that aver-
age heat flow measurements in Archaean 
cratons are lower than those for Proterozoic
cratons. This observation has, however, been
interpreted in two quite different ways. On the
one hand, it has been argued that cratons of
different age have different bulk compositions.
and so have different concentrations of heat
producing elements (U, Th and K), hence dif-
ferent levels of heat production. Alternatively,
the observed differences in heat flow do not
derive from the crust but reflect different
lithospheric thicknesses between Proterozoic
and Archaean cratons reflecting different 
mantle heat flow contributions (Rudnick et al.,
1998; Nyblade, 1999).

More recently the results of Nyblade and
Pollack (1993) have been challenged by Jaupart
and Mareschal (1999) who argue that “aver-
age” heat flow values for Archaean and
Proterozoic cratons are meaningless because
the variation within each group of values is so
large. Instead, these authors emphasize the
importance of the differences in crustal heat
flow values within Archaean cratons and 
within Proterozoic cratons and suggest that
the important observation is that there are dif-
ferent types of crust in both Archaean and
Proterozoic cratons.
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Despite the failure of these geophysical
arguments to unequivocally demonstrate a dif-
ference in bulk crustal composition with time,
there are a number of geochemical arguments
which do support a difference. These are
reviewed below.

4.3.2 Geochemical evidence for the secular
evolution of the continental crust
The dominant rocks of the Earth’s early conti-
nental crust are the felsic magmas of the
tonalite–trondhjemite–granodiorite suite, or
the TTG suite, as it is known (Rollinson,
2006). Compared to average crust TTGs are
more felsic, more sodic and have a lower mg-
number, and are clearly different from average
“andesitic” crust (Table 4.2, Fig. 4.10). This
implies that the magmatic flux across the
Moho has changed with time (Kemp &
Hawkesworth, 2003).

4.3.2.1 Secular variation in the trace
element composition of Archaean granitoids
4.3.2.1.1 REE in Archaean granitoids
In a study which has subsequently had a 
profound influence on our thinking about
Archaean crustal evolution, Martin (1986)
showed that the REE chemistry of granitoids
has changed with time. He showed that grani-
toids can be divided into two distinct groups
according to their age (Fig. 4.12). These differ-
ences can be summarized on a plot of (La/Yb)n
versus Ybn – the chondrite normalized ratio 

of light to heavy members of the rare Earth 
element group, that is, the slope of the REE
series, plotted against the normalized concen-
tration of the heavy REE Yb. On such a plot
granitoids which are older than 2.5 Ga define a
field of high (La/Yb)n ratios and low Ybn con-
centrations, whereas granitoids younger than
2.5 Ga plot with lower (La/Yb)n ratios and
higher Ybn concentrations.

The most interesting aspect of this geo-
chemical difference between Archaean and
post-Archaean granitoids, is why this should
be so. Martin (1986) concluded that the geo-
chemical differences reflect different mecha-
nisms of formation, one involving garnet in
the source and the other not involving. This
important difference can be used to begin to
define involving the melting process which
gave rise to TTG magmas and set limits on the
composition of the material which melted.
This is a topic to which we will return in the
next section of this chapter.

4.3.2.1.2 Rb-Sr in Archaean granitoids
Exploring in some detail the way in which
Rb/Sr ratios may change during the process 
of magma genesis related to the formation of
juvenile crust, Ellam and Hawkesworth (1988b)
found that there was a difference in geochem-
istry which, again could be linked to age. 
They found that Archaean volcanic and plu-
tonic rocks from Zimbabwe show a positive
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correlation between Rb and Sr, whereas geo-
logically recent andesites and dacites from the
Andes show a negative correlation (Fig. 4.13).
They explained the difference between the two
magma series as being due to the influence of
plagioclase in the melting process, since Sr
preferentially partitions into plagioclase rela-
tive to Rb in crustal magmatic systems. What
this might mean is that in the Archaean,
crustal rocks were produced from a source
from which plagioclase was absent, whereas
geologically recent crustal rocks are produced
in the presence of plagioclase, either in the
source or during subsequent fractionation of
the melt.

4.3.2.1.3 Secular change in granitoid
chemistry during the Archaean
Since some of the most extreme changes that
have taken place within Earth history have
taken place within the Archaean, there is a
case for supposing that secular change might
also be visible within the Archaean. This is
the thesis of Martin and Moyen (2002) who
found that chemical composition of Archaean
TTGs evolved over time from 4.0 Ga to
2.5 Ga. They show that during the Archaean

TTGs become progressively enriched in the
elements Mg, Ni, Cr, Sr, and (Na2O�CaO)
(Fig. 4.14). They interpret these differences in
terms of the progressive importance of the
mantle and the decreasing importance of pla-
gioclase in the source region of TTGs, which
probably reflects an increase in the depth of
melting of the TTG source region during the
Archaean.

4.3.2.2 Trace elements in Archaean
sediments
It has already been shown that some sedimen-
tary rocks, notably shales, can provide a very
useful average composition for the upper con-
tinental crust. An obvious extension of this
argument is to compare shales from the mod-
ern with those from early in Earth history to
see if they record a secular change. Much of
this work has been done by Taylor and
McLennan, summarized in their book of 1985
and in subsequent papers (see e.g. McLennan
et al., 2005).

Chemical differences are indeed evident
between average shale composition. Post-
Archaean sediments are characterized by high-
er levels of incompatible elements, higher
K/Na, Th/Sc, Th/La, Th, and U than Archaean
sediments (Fig. 4.15). A comparison of rare Earth
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element patterns shows that post-Archaean
sediments are characterized by a negative Eu
anomaly, relatively flat heavy REE and steeper
light REE than Archaean sediments.

The meaning of a secular change in sediment
composition has been the subject of much
debate. As mentioned above, the conventional
understanding is that it reflects a change in 
the average composition of the Earth’s upper
continental crust. However, what a change in
the composition of the upper continental
crustal compositions might mean is more
problematical. Is the difference a reflection of
different mechanisms of crust formation, or does
it indicate different amounts of intracrustal
fractionation over geological time? Furthermore,
to what extent does this change also reflect
different weathering and erosion regimes dur-
ing Earth history, driven in part by changes in
atmospheric composition?

4.4 CRUSTAL GROWTH DURING THE ARCHAEAN

The dominant rock-types of the Archaean 
continental crust are those granitoids of 
the tonalite–trondhjemite–granodiorite (TTG)

magmatic suite. Chemically they are defined
by their CIPW normative feldspar content, as
plotted on an O’Connor granitoid classification
diagram, where parental melt compositions plot
close to the tonalite–trondhjemite–granodiorite
triple point (Fig. 4.16). Compositionally TTGs
are different from average crust, in that they
are enriched in Na2O and SiO2 and depleted in
CaO, FeO, MgO and TiO2 (Table 4.2, Fig. 4.16).

4.4.1 Constraints on the origin of Archaean
TTGs
Many Archaean TTG suites have mantle-like
Sr and Nd initial isotope ratios indicating that
they were originally derived from the mantle.
In this section we use the constraints that 
can be obtained from their geochemistry, from
recent experimental studies on basaltic melting,
and from thermal modeling to set limits on
their origin. Determining the detail of this pro-
cess is complex, for many of the key variables
are not known with any degree of certainty.
Not least is the problem of evaluating the 
relative importance of the source composition
and of the melting process on TTG melt 
compositions. This was illustrated recently in 
a debate on the origin of TTGs which has
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foundered on this very difficulty, one group
emphasizing the importance of source chem-
istry, the other the importance of process
(Foley et al., 2002; Rapp et al., 2003).

4.4.1.1 Experimental studies
A large number of experimental studies have
demonstrated that when basalt is melted
under hydrous conditions the resultant melts
closely resemble TTGs in composition
(Fig. 4.16b) – see reviews by Wyllie and Wolf
(1993); Wyllie et al. (1997) and Rapp (1997). It
is the detail of these experiments, however,
which is useful in constraining the process of
TTG genesis. Crucial to the partial melting
process is the presence of water, for water low-
ers the basalt solidus into a temperature range
where melting can more readily take place.
The availability of water, therefore, is a major
constraint on models of TTG genesis. Other
key controls are the precise composition of 
the parent basalt, a factor which is not yet
fully known, and the degree of partial melting,
thought to be normally between 10 and 20%.
These different parameters govern the miner-
alogy of the residue in equilibrium with a 
TTG melt.

The critical reactions were summarized by
Wyllie et al. (1997) and are shown in Fig. 4.17.
The point at which melting begins is defined

by the solidus. This is S-shaped so that at pres-
sures below about 1 GPa melting does not com-
mence until about 900�C, whereas at higher
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pressures it begins at between 600 and 700�C.
The hornblende-out (the point at which all the
mineral hornblende has been consumed in the
melting reaction), garnet-in, and plagioclase-
out mineral stability curves subdivide the
melting region into six assemblages of residu-
al minerals coexisting with a TTG melt. These
vary from amphibolitic, that is, they include
hornblende to eclogitic (are rich in garnet and
clinopyroxene).

It is the identity of these mineral assem-
blages which is important to a full under-
standing of the process of TTG genesis. For
example, a knowledge of the residual phases
coexisting with TTG melt makes it possible,
through geochemical modeling, to predict the
trace element composition of TTG melts
formed during basalt melting and compare
them with those actually found. The inverse
process allows the measured trace element
concentrations in TTGs to be used to make
semiquantitative estimates of the pressure and
temperature conditions of melting (see e.g.
Rollinson, 1996). This approach allows models
of TTG genesis to be tested. For example, it
can be seen from Fig. 4.17 that some TTG
melts are in equilibrium with an eclogitic, that
is a garnet � clinopyroxene residue. Such an
association was demonstrated by Rollinson
(1997) from the Archaean West African
Craton, where crustal TTGs and eclogite xeno-
liths from 150 km beneath that craton, now 
in kimberlites, coexist and have compositions
suggesting geochemical complementarity.

An area of some uncertainty in basalt–TTG
dehydration melting experiments is the choice
of an appropriate basaltic starting composition.
This is extremely important in the modeling
of TTG trace element compositions. In an
empirical study, Rollinson and Fowler (1987)
showed from geochemical modeling, that
incompatible element rich meta-tholeiites
form the most appropriate source for TTGs, a
point which has been recently repeated by Foley
et al. (2002) and Kemp and Hawkesworth (2003).
This suggests that TTGs are not the product of
the melting of a depleted MORB-like basalt,
nor a typical Archaean tholeiite (Chapter 3,
Section 3.2.1.1), but a basalt which is enriched
in incompatible elements. Such an observation

could point toward a plume basalt contribu-
tion in the genesis of the continental crust.

4.4.1.2 Geochemistry
When compared with geologically recent gran-
itoids Archaean TTGs are enriched in LREE
and Sr, and depleted in heavy REE, Sc, and Y.
As already noted (Fig. 4.12) they have steep
REE patterns with concave heavy REE, and 
the negative Eu anomaly frequently found in
Phanerozoic granites is absent. On a primitive
mantle-normalized trace element diagram
they have a marked negative Nb–Ta anomaly
(relative to La) and when compared with aver-
age crust have lower Nb/Ta and high Zr/Sm
ratios (Fig. 4.18). They also have a negative Ti
anomaly (relative to Sm) and low Ni, Cr, and V
concentrations (Martin, 1994).

These geochemical characteristics are con-
sistent with the derivation of TTGs from a
hydrated basaltic source, as outlined in the
previous section, provided that the partial
melting takes place in the garnet stability field
(thus accounting for the low heavy REE, Y, Sc)
and in the absence of plagioclase (explaining
the high Sr, no Eu anomaly). The low Nb/Ta,
high Zr/Sm ratios and the concave shape of 
the REE pattern are attributed to the presence
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of amphibole in the source, indicating that the
basaltic source was hydrated (Foley et al., 2002).

These geochemical arguments imply that
TTGs have been derived from the mantle in
two stages. First the mantle melted to form a
basalt and then that basalt became hydrated
and remelted to form a TTG magma. However,
the fact that TTGs have mantle-like initial Sr
and Nd ratios means that the basaltic TTG
precursor had a short crustal residence time
(i.e. there was a short time interval between
the creation and destruction of the basaltic
crust), the normal case for oceanic crust.

Recently there has been some debate, based
upon trace element partitioning between
TTGs and their residual phases, over the depth
of basalt melting during TTG genesis. Using
similar arguments Foley et al. (2002) have
argued for relatively shallow melting in
amphibolite facies, whereas Rapp et al. (2003)
prefer deeper, eclogite facies melting. A recent
reassessment of the experimental data for
basalt melting by Moyen and Stevens (2005)
has shown, from trace element distributions,
that the likely P–T range for the production of
TTG melts are �15 kbar and 900–1,100�C
(Fig. 4.18), a narrower range than previously
proposed, but within the eclogite facies as pro-
posed by Rapp et al. (2003).

4.4.1.3 Thermal modeling
A logical test of the hypothesis that TTG
melts are produced by the dehydration melting
of wet basalt is to explore the conditions under
which such melting might take place. In a
series of thermal modeling experiments
Peacock et al. (1994) found that the most
important control on the partial melting of a
subducting basaltic slab was the age of the
slab. They found that hot, young oceanic litho-
sphere melts more readily than cooler, older
oceanic lithosphere. Their calculations
showed that for melting to take place, the
oceanic lithosphere must be less than 2 Ma old
if subduction is fast and less than 5 Ma old if
subduction is slow, implying that a slab can
melt only under rather special conditions
(Fig. 4.19). It has been argued that a hotter
Archaean mantle makes such a process more
probable early in Earth history.

However, even if melting does take place
within a subducting slab some authors have
suggested that this does not necessarily mean
that the melt can be easily extracted from its
source. This problem was investigated in a
thermal modeling experiment by Jackson et al.
(2005) who show that large volumes of TTG
melt can segregate from a basaltic parent over
geologically realistic timescales. They also
showed that the composition of the melt is as
much a function of the timescale of melting
(rapid or slow) and the precise manner in
which the melt segregates and migrates, as it
is pressure, temperature, and starting composi-
tion. Hence, a variety of melts can be produced
from an identical source.

4.4.2 Models
The evidence from experimental studies, geo-
chemical and thermal modeling outlined
above, converges to support the view that the
most probable mechanism for TTG genesis is
the partial melting of hydrated basalt. What is
not agreed, however, is the tectonic setting in
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which this partial melting took place. This is
the subject of considerable discussion, and of
great importance, for a proper knowledge of
the mechanism whereby TTG magmas are
produced will provide important insights into
one of the major tectonic processes in the early
Earth system.

4.4.2.1 The slab melting model
For many years it has been argued that TTG
genesis took place in a subduction zone through
the partial melting of a subducting basaltic slab.
This is an attractive model because it is effi-
cient, it provides a mechanism for water to be
introduced into the system, through the hydra-
tion of ocean floor basalts, and allows the gen-
eration of large volumes of TTG melts in a
uniformitarian manner. However, this approach
makes two assumptions. First, that plate tec-
tonics was operating during the Archaean, and
second that slab melting, a rather rare process
in the modern, was the main mechanism of
TTG genesis. The principal argument in sup-
port of this model is that heat production was
greater during the Archaean and the Earth’s
mantle was hotter, and under these conditions
slab melting would have been possible.

4.4.2.1.1 The adakite analogy
A particularly powerful argument in support
of TTG melt production by slab melting is the
adakite analogy. Adakites are rather rare, mod-
ern, TTG-like magmas. They take their name
from an island in the Aleutian chain where
they were first documented (Kay, 1978).
Adakites are geochemically different from nor-
mal arc magmas and show a large number of
geochemical similarities with Archaean TTGs
(Fig. 4.20). They are produced in subduction
settings where there is unusually high heat
flow, such as sites of ridge subduction. A close
examination of this process by Thorkelson and
Breitsprecher (2005) shows that melting most
readily takes place in tectonic settings where
the slab has broken during subduction and
that melting takes place along the thinned
edge of the slab. This tectonic environment is
known as a slab window. Thus the evidence
from the tectonic setting of modern adakites
strongly indicates that they are slab melts (see
Section 4.1.2).

The geochemical similarity between
Archaean TTGs and adakites strongly suggests
that TTGs are also slab melts (Martin, 1999).

4.4.2.2 Composite models – multiple
sources during subduction melting
A variant of the slab melting model for
Archaean TTG generation draws on the obser-
vation that modern subduction zone magmas
are the product of mixing and derived from
multiple sources (Section 4.1.2). Rollinson
(2006) pointed out the inadequacy of a simple
slab melting model by showing that (1) many
TTGs contain a mantle component, (2) some
contain an older crustal component, either
from recycled sediment or ancient crust
(Berger & Rollinson, 1997; Henry et al., 1998;
Halla, 2005), and (3) that some TTGs have a
contribution from a dehydrated slab (Rollinson
& Tarney, 2005). These observations combined
with our understanding of the process of mod-
ern arc magma genesis indicate that TTGs
might be a mixture of at least three different
components – a slab melt, a melt from the
mantle wedge, and melted subducted sediment.
This is in addition to an older crustal compo-
nent. Martin and Moyen (2002) outlined a
range of possible scenarios in which this mix-
ing might take place. Their model is based
upon slab melting, in which the main variable
is the angle of dip of the slab. Where the angle
of dip is low, the slab will melt at shallow
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depth and there will be minimal interaction
with the mantle wedge. At a higher angle of
dip, slab melting will take place at a deeper
level, and some interaction between the slab
melt and the mantle wedge is more probable.

4.4.2.3 Underplating and the melting of
basaltic lower crust
TTGs can also be formed by the partial melting
of basaltic lower crust underplated at a conti-
nental margin. In this model the basic premise
of basalt melting is retained, but the tectonic
setting is different and so is an important alter-
native to crust generation models which
require subduction. This is the explanation
given for geologically recent TTGs formed in
one of the granitoid batholiths of the Andean
continental margin (Atherton & Petford,
1993), where there is no evidence for subduc-
tion contemporaneous with TTG genesis. The
model might be extended into the Archaean to
envisage basalt melting beneath arc-like crust
or at the base of a thick pile of oceanic basalts.

This model was given added impetus by
Smithies (2000) and Kamber et al. (2002) who
showed that there are significant chemical dif-
ferences between Archaean TTGs and adakites,
weakening the adakite–TTG-slab melting
analogy. Smithies (2000) showed that adakites
are less siliceous and have a higher mg# than
TTGs, and Kamber et al. (2002) showed that
they have different fluid-mobile element (e.g.
Sr, K, Rb, Ba) characteristics. Given that the
mantle is highly magnesian, the difference in
mg# between TTG and adakite is thought to
reflect the different extent to which the mag-
mas have “seen” the mantle en route to the
surface. Adakites, therefore, with a high mg#
must have interacted with the mantle wedge
on their way to the surface, whereas TTGs for
some reason have not. If both melts were pro-
duced at the same depth, which is what the
experimental evidence suggests, then TTGs
must have found their way to the surface
through lithologies less magnesian than the
peridotites of the mantle wedge. On this basis
it is proposed that TTGs are not slab melts but
rather are melts of basaltic lower crust, in a
thick basaltic lava pile. One environment
today where very thick basaltic lava sequences
form is in an oceanic plateau.

Additional support for a lower crustal melting
model comes from thermal modeling experi-
ments, in which the thermal effects of multiple
basaltic intrusions injected into basaltic lower
crust are calculated (Jackson et al., 2005). There
are three important results from these experi-
ments, First, that significant melting can take
place in the lower crust of a basaltic lava
sequences, second that the melt can be
extracted from its source, and finally that the
melt is TTG in composition.

4.4.2.4 Plume/oceanic plateau models
This model is a variant of the basalt lower
crust melting model described above, but in
this case basalt melting takes place at the base
of thick basaltic crust. Crust of this type may
form through imbrication and stacking of nor-
mal-thickness oceanic crust or may form as
initially thick crust in an oceanic plateau as
the product of mantle plume-related magma-
tism (Chapter 3, Section 3.1.5).

An advocate of this model is Albarede
(1998) who argues that the episodicity of conti-
nental growth is linked to activity in the man-
tle, which strongly suggests growth through
mantle plume activity. Similar arguments
have also been advanced by Condie (2000) –
see Section 4.2.1.2. A much cited example of
this form of rapid crustal growth is the
Birimian Shield in west Africa. Here, a huge
area of juvenile crust formed within 50 Ma,
starting with extensive oceanic plateau basalts
at 2.1 Ga and rapidly followed by the genera-
tion of large volumes of granitoids (Abouchami
et al., 1990 Boher, et al. 1992).

In this model of crust generation TTG gen-
esis may take place through partial melting at
the base of a thick basaltic lava pile, such as is
found in an oceanic plateau. In this case the
sinking of a mafic eclogite crustal root into the
underlying mantle may be the trigger for melt-
ing (Zegers & van Keken, 2001). A possible
modern analog of this process is the tonalite of
the Aruba batholith, part of the Caribbean
oceanic plateau (White et al., 1999).

4.4.2.5 Discussion
Over the past few years the tectonic setting of
Archaean TTG generation has been hotly
debated. Most recently the focus of the debate
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has been between the melting of basalt in
either the lower crust or in a subducting slab.
In summary, because the adakite analog for
TTGs was thought to be incorrect a mafic
lower crustal source for TTGs had been pro-
posed. However, this conflict has now been
resolved as a result of a new analysis of
adakitic lava chemistry. A recent comprehen-
sive study has shown that there are two 
major groups of adakites. High-silica adakites
(SiO2 � 60%) have the character of slab melts
which have interacted with the mantle wedge,
whereas low-silica adakites are thought to be
melts of metasomatized mantle (Martin et al.,
2005). This finding provides a solution to the
adakite–TTG analogue problem, for now there
is greater clarity over what is meant by the
term adakite. Most important is the realization
that there is compositional similarity between
middle and late Archaean TTGs (�3.3 Ga) and
modern high-silica adakites, strongly support-
ing the earlier view that TTGs are indeed slab
melts (Martin et al., 2005).

Further evidence confirming slab melting as
an important process, at least after the early
Archaean, come from the revised estimates of
the probable TTG melting regime. Moyen and
Stevens (2005) propose that melting took place
between 900 and 1,100�C at �15 kbar (ca.
50 km) depth, implying a relatively cool
geothermal gradient of about 20�C/km. They
argue that such geothermal gradients are most
likely found in a subduction zone and that the
likely depth of melting (�50 km) is more like-
ly attained in a subduction zone rather than in
deeply buried basaltic crust.

What is not yet resolved is the origin of 
the early Archaean, low-mg# TTGs. These
rocks have melt compositions which have 
not interacted with the mantle wedge. This
might mean, as discussed above, that they
were produced in a thick basaltic lava pile.
Alternatively, they were derived by slab melt-
ing but the melt did not interact with the man-
tle because the melting took place at shallow
depth, because of the low angle dip of the slab.
This secular evolution in TTG compositions
linked it would seem, to progressive slab-melt
mantle interaction over geological time, lends
itself to a tectonic model in which the angle 

of dip of the subducting slab increased with
time (Martin et al., 2005). In summary it
would seem that there was some change in the
process of crust generation which took place
during the Archaean.

The presence of water in the melting envi-
ronment is also important for TTG genesis
and it is difficult to see how enough water
could be provided to the base of thick basalt
crust to sustain extensive melting. This is a
major difficulty for the underplating model. In
contrast, a subduction setting provides a con-
tinuous supply of ocean water through meta-
morphic dehydration reactions (Kamber et al.,
2002), again making it a more probable tecton-
ic environment for melting.

A central element in the debate over the
origin of TTGs is the competing contributions
of an intraplate, plume-related process and
subduction-related processes. For a long time
the prevailing view has been that a subduc-
tion-related process is the most probable.
However, there are two lines of evidence,
which keep reappearing, which suggest that a
plume component cannot be ruled out. Kemp
and Hawkesworth (2003) point out that the
basaltic source for TTG magmatism was
enriched in Th relative to MORB, but had a
primitive mantle-like Th/La ratio, implying a
source which is enriched, but not with a sub-
duction or crustal component. In addition
there is evidence from the apparent episodici-
ty of the crustal growth curve, which may also
imply a mantle plume contribution to crustal
growth. Thus there is an important future
agenda to identify and to quantify the relative
contributions of the subduction and plume
components during Archaean crust genera-
tion. For this we shall need to start by collect-
ing more precise trace element data for
Archaean TTGs.

4.5 CRUST–MANTLE INTERACTIONS – 
RESERVOIRS AND FLUXES

It is generally agreed that the ultimate source
of the Earth’s continental crust is the mantle.
Thus the growth history of the continental
crust through time is also the history of its
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separation from the upper mantle. This sec-
tion briefly reviews current ideas on how the
crust and mantle reservoirs might be linked
and how these linkages may have changed
through time. It then considers the evidence
for ancient and modern fluxes from the upper
mantle to the continental crust.

4.5.1 Reservoirs
There is good trace element and isotopic evi-
dence to support the view that the continental
crust and the depleted upper mantle are com-
plementary geochemical reservoirs relative to
the composition of the Earth’s primitive man-
tle. The trace element enriched nature of the
continental crust relative to the primitive
mantle was illustrated in Fig. 4.11, and, it is
argued, the depleted mantle is the comple-
mentary reservoir. At first sight the trace ele-
ment enriched character of the Earth’s
continental crust looks like a 1% melt of the
upper mantle (O’Nions & McKenzie, 1988).
However, that is not to say that this is the 
precise mechanism of its extraction, for
McKenzie (1989) showed that it is not possible
to extract such a small melt fraction from 

the mantle. Thus as already discussed, the
extraction of the continental crust from the
mantle must be a multistage process.

In this section we first examine a basic
model which outlines the key crust–mantle
relationships, and then, in the light of addi-
tional data we explore more complex models
of crust–mantle interaction.

4.5.1.1 Crust–mantle reservoirs – the basic
model
The simplest way of thinking about the rela-
tionship between the continental crust and
mantle is to use a three reservoir box model, in
which an initial primitive mantle composition
(reservoir 1) is progressively differentiated
through time into a depleted mantle reservoir
(reservoir 2) and the continental crust (reser-
voir 3). This simple approach provides a good
explanation of the Nd- and Sr-isotope compo-
sitions of the mantle and crust. On a Nd–Sr
isotope plot, crustal compositions are comple-
mentary to the mantle isotopic array (Fig. 4.21a)
relative to the composition of the primitive
mantle. Expressing the Nd-isotope data in a
slightly different manner, an εNd versus time
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diagram also shows the complementary nature
of the continental crust and depleted mantle.
Over time, as the continental crust was
extracted, the mantle has become progressive-
ly depleted in Sm and Nd, but at the same time
Sm and Nd were fractionated relative to each
other leading to an increase in εNd, relative to
CHUR. The complementary process is seen in
the continental crust, illustrated in this case
by a proxy – the shale average, showing that
over time the continental crust becomes more
depleted in εNd (Fig. 4.21b).

4.5.1.2 How many mantle reservoirs are
required to make the continental crust?
As the volume and quality of isotopic and
trace element data for the continental crust
and mantle have improved in recent years, it
has become increasingly clear that the qualita-
tive, three reservoir model outlined above is
inadequate and cannot fully explain all the
geochemical features of the crust–mantle sys-
tem. As more trace element data are consid-
ered it is apparent that additional reservoirs
need to be considered in addition to the prim-
itive mantle, the depleted mantle, and the
continental crust.

4.5.1.2.1 A Contribution from the Lower
Mantle
A central question for models of crust extrac-
tion from the mantle is whether or not the
continental crust has been extracted from the
whole mantle or just from the “depleted”
upper mantle. The debate between geophysi-
cists and geochemists over whether there is
whole mantle convection, or whether the mantle
convects as two independent layers was out-
lined in Chapter 3, Section 3.1.5. Hofmann
et al. (1986) argued that the mass balance of
trace element ratios for Nb/U and Ce/Pb in the
continental crust and upper mantle require
that the continental crust be extracted from a
volume of mantle that equates to about 50%
of the whole mantle – a volume much larger
than that of the modern depleted mantle as
defined by the 660 km discontinuity. More
recently Helffrich and Wood (2001) have con-
firmed this estimate on the basis of calcula-
tions using K, U, and Th concentrations.

Stein and Hofmann (1994) sought to resolve
this problem by proposing that, over geological
time, there have been periodic influxes of lower
mantle material into the upper mantle to
“recharge it” with the necessary trace elements
to make the continental crust. These periodic
influxes were thought to have taken the form of
mantle plumes originating in the lower mantle,
and some workers see this model as support for
a plume model of continental growth.

Calculations of this type can, however, be
turned on their head and used to argue that
since the volume of mantle required to make
the continental crust is inconsistent with the
volume of the depleted mantle the mantle can-
not be chemically layered. In that case we
arrive at a model for the mantle in which there
is a depleted portion, from which the conti-
nental crust has been extracted, and an unde-
pleted portion, but the two are not confined to
discrete layers. In addition trace element con-
straints outlined below will show that other
reservoirs are also present.

4.5.1.2.2 Buried ancient basaltic crust
There is good evidence from Nd-, Hf- and Pb-
isotopes that our planet experienced a very
early differentiation of the mantle. Each of
these isotope systems preserves a record of an
extreme mantle depletion event very early in
Earth history – now known to have taken
place within 30 Ma of the formation of the
solar system (Boyet & Carlson, 2005 – see
Chapter 3, Section 3.2.3.1). The nature of 
this depletion event, however, is not well
understood and could have resulted from the
extraction of either felsic crust, or enriched
mafic crust (Galer & Goldstein, 1988, 1991).
Evidence of the existence of very early felsic
continental crust is lacking (see Section 4.2.1),
leaving LILE enriched mafic crust as the 
likely complement to the depleted mantle
reservoir (Boyet & Carlson, 2005). It is likely
that this early mafic crust was subducted 
and buried deep in the mantle, where it is
thought to be still stored and isolated from the 
convecting mantle (see Chapter 3, Section
3.2.3.1).

Some of the initial evidence for very early
mantle depletion was based upon Nd-isotopes
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(e.g. Collerson et al., 1991; Bennett et al., 1993;
Bowring & Housh, 1995) and was challenged
by Moorbath et al. (1997), who argued that the
isotopic evidence for it was unreliable and the
product of later, open-system behavior.
Nevertheless, despite the specifics of some
localities, there is a growing body of evidence
to support an early mantle differentiation and
depletion event, and this has to be explained.

Particularly powerful in this respect are Hf
(hafnium)-isotopes, for when these data are
expressed as εHf, they are more sensitive than
their geochemical twin εNd to the processes of
mantle differentiation. Bizzarro et al. (2000)
demonstrated this for carbonatite melts and
showed that some carbonatites have a Hf-iso-
tope signature which indicates that they are
derived from an ancient, enriched mantle
reservoir, with an entirely different character
from that of depleted mantle. This reservoir
has subchondritic Lu/Hf and suprachondritic
Sm/Nd and is thought to represent an ancient
mafic component. The existence of such an
unradiogenic-Hf reservoir would also explain
the mismatch between the Nd–Hf composi-
tion of modern depleted mantle and the BSE
(Fig. 3.28). Bizzarro et al. (2000) suggest that it
could account for up to 10–15% of the total
mass of the silicate Earth. Support for such a
model has been equivocal. 

McCulloch and Bennett (1994) pointed out
that the existence of deeply buried mafic crust
in the mantle is inconsistent with the very
high temperatures of the early Archaean man-
tle and that any deeply buried crust would be
rapidly homogenized back into the mantle.
However, Bizzarro et al. (2000) dispute this and
point out that, with respect to Hf-isotopes, the
early to middle Archaean mantle was poorly
mixed and much more heterogeneous than the
modern mantle so that a mafic component
could maintain its distinctiveness.

4.5.1.2.3 Eclogite slabs in the mantle
A different four reservoir model was proposed
by McDonough (1991) and Barth et al. (2000)
who showed that, whilst the depleted mantle
and the continental crust are complementary
reservoirs for many trace elements, this is not
the case for the elemental ratios Nb/La, Nb/Ta

and Ti/Zr. Average continental crust has 
subchondritic Nb/Ta and Nb/La ratios, as does
MORB – and by inference, the depleted man-
tle. Hence, with respect to the elements La,
Nb, and Ta, the continental crust and the
depleted mantle cannot be complementary sil-
icate reservoirs. This means that there has to
be another “unidentified” silicate reservoir
enriched in Nb and Ta to balance the composi-
tion of the silicate Earth.

McDonough (1991) suggested that this
reservoir enriched in Nb and Ta was eclogite,
the refractory residue of a sinking slab, which
became isolated in the deep mantle. In a more
recent study Rudnick et al. (2000) showed that
Nb and Ta are enriched in the accessory phase
rutile in eclogitic xenoliths preserved in kim-
berlites, from regions of Archaean crust. These
eclogites have supra-chondritic Nb/La, Nb/Ta,
and Ti/Zr ratios indicating that they are the
enriched missing reservoir (Fig. 4.22). Hf-iso-
tope studies on eclogitic xenoliths show that
they are very heterogeneous, implying that
subducted ancient ocean crust is a very het-
erogeneous reservoir (Jacob et al., 2005).

Mass balance calculations suggest that this
eclogitic reservoir is of considerable size.
Kamber and Collerson (2000) estimated the
mass of deeply subducted ocean crust over
4.3 Ga to be about 1.4 � 1026 g, that is, about
3% of the mass of the silicate Earth, greater
than the mass of the continental crust, and
equal to about 20% of the mass of oceanic
crust subducted over time. Where this reser-
voir is located is not precisely known.
However, Kamber and Collerson (2000) argued
that the Nb and Ta contents of MORB world-
wide are very well correlated, implying that,
for these elements, the depleted mantle is a
well-mixed reservoir, and unlikely therefore to
contain high Nb/Ta slabs. For this reason they
propose that the eclogitic slab reservoir is
located in the lower mantle.

4.5.1.2.4 The progressive growth of the
depleted mantle with time
In an attempt to solve the paradox of very early
mantle depletion in the absence of early felsic
crust, McCulloch and Bennett (1994) proposed
a model for crustal growth in which the
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depleted upper mantle reservoir has grown in
volume with time, in parallel with the growth
of the continental crust. In this way a small
volume of highly depleted mantle could have
existed very early in Earth history as the 
complement to a very small volume of felsic
crust. Their model is constrained by isotopic
data and is based upon an episodic model of
crustal growth. The growth of the continental
crust and the complementary depleted upper
mantle reservoir is modeled in a stepwise
manner, such that between 4.5 and 3.6 Ga 

the depleted mantle reservoir represents only 
10% of the volume of the whole mantle, 
growing to 40% at 1.8 Ga – the last major 
continental-crust forming episode in their
model (Fig. 4.21b).

It should be noted, however, that a model in
which the depleted mantle makes up 40% of
the volume of the whole mantle faces the
same difficulties as those identified by
Hofmann et al. (1986) and Stein and Hofmann
(1994) (Section 4.5.1.2.1 above), for such a vol-
ume extends below the 660 km discontinuity
and raises questions about a one- or two-layer
mantle. Furthermore, the progressive growth
model of McCulloch and Bennett (1994) also
does not adequately accommodate the presence
of an early enriched mantle reservoir, described
above (Section 4.5.1.2.2).

4.5.1.2.5 The role of the subcontinental
lithosphere in the growth of the continental
crust
A potentially significant reservoir, and one
which a number of authors have suggested is
important in the context of continent forma-
tion, is the subcontinental lithospheric mantle
(SCLM). Kramers (1987, 1988), suggested that
the TTG magmas of the Archaean crust
formed in an open-system magma layer in the
early Earth, the cumulates from which are
now preserved as the SCLM. More recently
Abbott et al. (2000) proposed a model of conti-
nental growth founded upon the premise 
that the continental crust was extracted from
the SCLM.

The subcontinental lithosphere is made up
of Mg-rich peridotite, depleted in the elements
Fe, Ca, and Al, which has equilibrated at rela-
tively low temperatures (850–1,100�C) and
forms a thick mantle “keel” several hundred
kilometers thick beneath the continental
crust. The presence of this keel is thought to
account for the long-term preservation of the
continental crust. In detail, the mass of the
subcontinental lithosphere is ill-constrained
and is at most about 2% of the mass of the
mantle (McDonough, 1991). It is composition-
ally heterogeneous and typically has a multi-
stage history. For further details the reader is
referred to Chapter 3, Section 3.1.3.2.
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FIGURE 4.22 Nb versus Nb/La and Nb/Ta plots
showing the compositions of the primitive mantle
(PM), the depleted mantle (MORB/DM), the 
continental crust (Av-CC), average TTG (Av-TTG)
and the median eclogite composition (after Barth
et al., 2000; Rudnick et al., 2000). The relation-
ships illustrate that with respect to Nb–Ta–La the
continental crust and depleted mantle cannot be
complementary reservoirs derived from the 
primitive mantle and require an additional 
reservoir with a higher Nb/Ta than that of the
primitive mantle. Eclogites appear to represent
this missing reservoir. A similar relationship
seems to hold for Archaean TTGs.
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Os-isotope studies have confirmed that
there is a close link between the continental
crust and its underlying SCLM, inasmuch as
there is a relationship between the time of
crust formation and the age of the SCLM (see
e.g. Reisberg & Lorand, 1995; Pearson, 1999).
What is not well understood however, is
whether or not the connection between the
SCLM and the continental crust has anything
to do with the process of crust formation. Our
understanding of modern crust formation, 
in an arc environment, would suggest that
there is a link between the creation of new
continental crust and the process of basalt
extraction from the mantle wedge, and so it is

plausible that subarc SCLM is former, melt-
depleted mantle wedge. How this relates to
crust formation in the Archaean is less clear,
not least because there are compositional 
differences between modern and Archaean
SCLM (the Archaean is higher in SiO2 and
lower in CaO, Al2O3, see Fig. 3.12). As indica-
ted above, some authors interpret the temporal
link between the SCLM and continental crust
as genetic and would regard them as comple-
mentary reservoirs, whereas others, such as
Nagler et al. (1997) do not.

In order to elucidate this problem further
Fig. 4.23 shows the relationship between some
of the main crust and mantle reservoirs on
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FIGURE 4.23 Geochemical relationships
between some the main crust and mantle
reservoirs.
(a) Mg/Si versus Al/Si wt ratio diagram
(after Jagoutz et al., 1979) showing the 
Si-enriched nature of the Archaean SCLM
(A-SCLM) relative to modern depleted 
mantle (DM-trend), and possible models for
the origin of the A-SCLM. One model is
that of komatiite extraction. This is illus-
trated with the complementary relationship
between Munro-type komatiites from the
Sula Mountains greenstone belt, Sierra
Leone (Rollinson, 1999) and A-SCLM, rela-
tive to the primitive mantle (PM). It also
shows that Archaean SCLM did not attain
its present composition by the extraction of
average crust (Av CC) or average TTG 
(Av TTG). An alternative model for the 
origin of the SCLM is that it is derived
from PM mixed with a small fraction of
TTG melt (the mixing line is shown with
crosses marked 5–30% TTG mixing).
According to this model A-SCLM could be
formed by the removal of Archaean basalt
from PM plus 5–10% TTG melt (black oval
shape) by basalt extraction (dotted line). 
(b) CaO–Al2O3 plot illustrating the komati-
ite melt extraction model for the Archaean
SCLM and further illustrating that average
crust (Av CC) and average TTG (Av TTG)
are not complementary to Archaean SCLM. 
Ph-SCLM is the composition of the
Phanerozoic SCLM.
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Mg/Si and Al/Si ratio and CaO versus Al2O3

plots. These diagrams explore potential com-
plementary relationships between the reser-
voirs assuming primitive mantle (PM) as a
common starting composition. It should be
noted that Archaean SCLM is enriched in Si
relative to the modern depleted mantle and so
lies below the present day depleted mantle
(DM) trend. In contrast Proterozoic and
Phanerozoic SCLM lie on the DM-trend.

It can be seen from these diagrams that 
the complement to Archaean SCLM (A-SCLM)
is Archaean komatiite (of the undepleted,
Munro-type, as exemplified by the Sula
Mountains lavas) and not Archaean basalt and
not Archaean TTG. These relations show
clearly that Archaean TTG crust cannot be the
complement to the Archaean SCLM and that
Archaean TTG and SCLM are not related as
melt and residue.

A connection between komatiite melt
extraction and the Archaean SCLM is not a
new idea, and was proposed in 1989 by Boyd
and again, more recently by Abbott et al. (2000)
and Parman et al. (2004). However, there are
two problems with this analysis. First, the
relationships illustrated in Fig. 4.23 suggest
that Archaean SCLM has been depleted by
40–50% komatiite extraction. Given the large
volume of the Archaean SCLM this represents
a very large volume of komatiitic melt, which
is not known in the geological record. Second,
these ideas do not sit comfortably with the
conventional wisdom on komatiite genesis
(hot and deep) for the SCLM is relatively shal-
low and cool.

Given that there are difficulties with the
komatiite model for the origin of the SCLM,
an alternative model is proposed which starts
with the premise of crust formation through
slab-melting. A consequence of this process is
that the mantle wedge becomes impregnated
with a low percentage of TTG melt. If this
enriched primitive mantle is chosen as the
starting composition for the crust–SCLM sys-
tem, then the removal of about 30% basaltic
melt will leave a residue with the composition
of the Archaean SCLM. In this model, the
removal of a more modest fraction of basalt,
rather than a large fraction of komatiite, is

more consistent with what is observed in
Archaean greenstone belts.

These different models illustrate that the
relationship between the Archaean SCLM and
the continental crust is something of an enig-
ma. On the one hand there is a very clear tem-
poral relationship between the two, indicating
that they are part of a common process. On the
other hand they do not represent a comple-
mentary melt and restite pair. Here it is pro-
posed that the link is indirect. It is suggested,
on the basis of the geochemical relationships
shown in Fig. 4.23, that the SCLM formed in a
subduction environment in which new
Archaean crust was being created though slab
melting. As a consequence of this process the
mantle wedge was enriched with a small frac-
tion of trapped felsic melt. The subsequent
melting of the mantle wedge and the extrac-
tion of a basaltic melt can explain the forma-
tion of a highly depleted subcontinental
lithosphere.

4.5.1.3 Crust–mantle reservoirs – 
a summary
Table 4.3 below summarizes the different
reservoirs thought to be present in the modern
silicate Earth. However, of these, only the
depleted mantle and buried eclogitic slabs
have compositions which make them directly
complementary to the composition of the con-
tinental crust. It is suggested here that
Archaean SCLM is not closely related in a geo-
chemical sense to Archaean felsic crust but is
the product of basalt extraction, basalt which
now is emplaced within the Archaean crust. In
contrast, Phanerozoic SCLM may be the
restite-complement of the basaltic precursor
to modern crust. The proposal that there was
an early-formed (pre 3.7 Ga), enriched, basaltic
crust (Section 4.5.1.2.2), if confirmed, has
important implications for the balance
between the major Earth reservoirs, not least
because the primitive mantle and the bulk sil-
icate Earth can no longer be regarded as com-
positionally identical.

These relationships indicate that about
53% of the mantle was involved in the forma-
tion of the continental crust and remaining
46% was not. A subject of continuing discussion
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is the spatial relationship within the Earth of
the different mantle reservoirs identified above.

4.5.2 Fluxes
4.5.2.1 The paradox of modern mantle fluxes
One of the most profound problems in under-
standing the origin of the Earth’s continental
crust is the discrepancy between the composi-
tion of the continental crust, which is
andesitic, and the composition of the present-
day flux across the Moho, which is basaltic.
Two types of solution have been proposed. On
the one hand it has been argued that the com-
position of the continental crust has been
modified after it formed in order to adjust its
composition from a basaltic protolith to
andesite. Alternatively, the balance of fluxes
across the Moho has changed over time so that
modern processes provide an incomplete
explanation for the time-averaged composition
of the continental crust. These two models
will be examined in turn.

4.5.2.2 Processes which can modify the
composition of the continental crust
In order to transform a basaltic protolith into
crust with an andesitic composition it is neces-
sary to remove a mafic or ultramafic component

from the continental crust. This can be done
in one of two ways – either by a magmatic-tec-
tonic process (delamination) or through the
process of weathering (Albarede, 1998).

4.5.2.2.1 Lower crustal delamination
Lower crustal delamination, or crustal
foundering as it is sometimes called, describes
a theoretical model whereby lower continental
crust might become detached from the rest of
the continental crust and sink into the mantle.
This model provides a mechanism whereby
the lower continental crust, together with its
lithospheric keel, is recycled back into the
mantle. The delamination of mafic or ultra-
mafic lower crust is thought to take place
when thickened basaltic lower crust or lower
crustal cumulates are converted to eclogite,
and so undergo a density inversion, such that
they become detached from the base of the
continental crust and sink into the mantle
(England & Houseman, 1989; Kay & Kay,
1993). This is most likely where mantle tem-
peratures are relatively high, and so is restricted
to arc environments, volcanic rifted margins
or continental regions undergoing extension
(Jull & Kelemen, 2001).
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TABLE 4.3 The relationship between the different reservoirs in the modern silicate Earth.

Reservoir % BSE Relationship to the Comments
(by mass) continental crust 

Reservoirs in the modern silicate Earth
Continental crust 0.6% Grown progressively over time
Depleted mantle 50% Complementary Grown progressively over time

compositions
Ancient oceanic crust 10–15% Unrelated – formed before Located in the deep mantle
– early-formed the formation of the
enriched basalt continental crust
Oceanic crust 3% Complementary minor Located in the deep mantle
Eclogitic slabs reservoir – increased over time – and

in the SCLM
Subcontinental 2% Not known – but not Grown progressively over time
lithospheric mantle compositionally
(SCLM) complementary
Delaminated 1.3% Assume delaminated blocks comprise
continental crust and 50% crust, 50% SCLM. Located in the
SCLM upper mantle on buoyancy grounds
Primitive mantle 28–33% Not related – the initial % mass determined by difference

(parental) composition
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Plank (2005) has advanced a general geo-
chemical argument for lower crustal founder-
ing, based on crustal Th/La ratios. She argues
that the continental crust has an unusually
high Th/La ratio (0.28–0.31), a ratio which is
significantly higher than that found in oceanic
basalts (�0.2) or in arc magmas (0.2). This high
Th/La ratio can be shown to be an intrinsic
feature of the continental crust and not inher-
ited through sediment recycling. This means
that the crust’s high Th/La must be created
within itself. Plank (2005) proposes a process
of magmatic fractionation within the crust – a
hypothesis which is in accord with high Th/La
values in the upper continental crust (0.36)
and lower Th/La in the lower crust (0.15). In
this model basaltic magmas are added to the
crust and crystallize leaving low Th/La cumu-
lates in the lower crust and slightly higher
Th/La melts in the upper crust. Later partial
melting further fractionates high Th/La into
the upper crust. In order to maintain this high
Th/La ratio the high density lower crust, with
a low Th/La ratio, has to be removed by
foundering into the mantle, to leave the bulk
crust enriched in Th relative to La.

Perhaps the best documented case for lower
crustal delamination comes from the eastern
block of the North China Craton. This is a
region where the continental crust is thin, and
has a predominantly felsic lower crust, leading
Gao et al. (1998) to propose that its mafic root
has been removed. In support of this view Gao
et al. (2004) cite Jurassic adakites from this
region with very unusual geochemical proper-
ties. The adakitic composition of the lavas
indicates, as discussed earlier in this chapter
(Section 4.4.2.1), that they are melts of a mafic
source with an eclogitic mineralogy. However,
they also carry a geochemical signature of
reaction with mantle peridotite. In addition,
they contain xenocrystic Archaean zircons and
yet have no geochemical features indicative of
interaction with Archaean felsic crust. Gao
et al. (2004) suggest that the best way to inte-
grate all these observations is to interpret
these adakites as melts, produced during the
Jurassic, of Archaean mafic crust, the source 
of the zircons, which has foundered into 
the convecting mantle, and interacted with

mantle peridotite. The Archaean mafic crust is
interpreted as mafic lower crust from the
North China Craton which foundered into the
mantle during the Jurassic.

Further insights into the process of lower
crustal delamination in North China come
from the study of Os-isotopes in kimberlitic
xenoliths, derived from the subcontinental
lithospheric mantle, from this same region.
These xenoliths show a marked absence of
samples of Archaean age (Wu et al., 2003),
which is unusual, since Archaean crust is nor-
mally underlain by a thick Archaean SCLM.
This observation suggests that the original
Archaean sub continental lithosphere has also
been removed from beneath the North China
Craton, along with the mafic lower crust, and
suggests the coupled foundering of both lower
crust and SCLM into the convecting upper
mantle.

Similar observations have been made in the
younger crust of the Sierra Nevada batholith
in the USA, where Ducea and Saleeby (1998)
proposed that the very thin granite crust
(30–40 km), underlain by peridotitic upper
mantle, can be explained by the delamination
of a thick eclogitic root. Boyd et al. (2004) sup-
port this view with evidence from a seismic
tomographic study which shows the descent of
a two layer slab comprising an eclogitic upper
part and a peridotitic lower part, into the man-
tle. This may be the only place on Earth where
dense material is currently being removed
from the continental crust into the mantle.

It is clear, from the examples cited above,
that lower crustal delamination takes place.
What is less certain is the relative importance
of this process, for the number of convincing
examples of lower crustal delamination is
small. Kramers and Tolstikhin (1997) argued
on the basis of their Pb-isotope forward trans-
port model that lower crustal delamination is
a minor process and not important in modify-
ing crustal compositions. In contrast, Plank
(2005) argued that between 40 and 50% lower
crustal loss is required over geological time, to
achieve the present-day Th/La ratio of the
bulk crust. Whilst this volume equates to only
0.3% of the mantle mass, and less than 10% of
the mass of subducted slabs over geological
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time, it is still a significant proportion of the
continental crust.

4.5.2.2.2 Weathering and Mg-recycling
At its simplest, the transformation of a
basaltic protolith to andesitic crust requires
the removal of Mg and an enrichment in Si.
This describes the process of chemical weath-
ering in igneous rocks and has been advocated
by Albarede (1998) as the means whereby the
composition of the continental crust can be
modified. The chemical weathering of crustal
rocks results in the removal of MgO, Na2O and
CaO in solution and the retention of SiO2,
Fe2O3, TiO2, and K2O in the residue (Rudnick,
1995). Of the dissolved species, CaO and Na2O
end up, for the most part, in sediments, where-
as MgO becomes fixed in the oceanic crust
through hydrothermal exchange at oceanic
spreading centers. Ultimately, therefore, some
of the MgO in the continental crust is returned
to the mantle through the subduction of Mg-
enriched oceanic crust and some Ca may be
returned as subducted limestone.

Trace element ratios can also be used to
support the modification of crustal composi-
tions by weathering. Kemp and Hawkesworth
(2003) showed that on a Nb/La versus Sr/Nd
plot average crustal compositions lie away
from the expected intraplate-arc mixing line
and are displaced to lower Sr/Nd ratios. They
conclude that the Sr/Nd ratio of the bulk crust
has been modified, such that Sr has been recy-
cled back into the mantle. The mechanism 
for this removal is not unique, however, and
might include the removal of plagioclase-rich
cumulates, as well as the removal of Sr to the
oceanic crust by weathering and erosion.

The principal issue is whether or not the
mechanism of weathering and recycling can
modify the composition of a basaltic protolith
enough to produce an average crust composi-
tion which is andesitic. There are two lines of
reasoning which suggest that it may not and
that crust modification by weathering and
recycling is not a major process. First, average
crust does not closely resemble the composi-
tion of a sediment – it is metaluminous – sug-
gesting that its composition is not dominated
by a weathered component (Rudnick, 1995). 

In addition, Rudnick and Gao (2004) suggest
that MgO sequestration to the oceanic crust
may not be as significant as has previously
been thought.

4.5.2.2.3 The secular evolution of the
continental crust
It has already been shown that the composition
of the Earth’s continental crust and the Earth’s
mantle have evolved chemically over time (see
Section 4.3 and Chapter 3, Section 3.2.3).
Hence, as the continental crust has grown, so
has its composition changed, as is apparent
from the differences in the REE content and
Rb/Sr ratio of granitoids and the Th/La ratio of
sediments (Section 4.3.2). These chemical dif-
ferences could indicate that the mechanism of
crust formation has also changed with time.
Further support for this hypothesis comes
from Plank’s 2005 study of crustal Th/La
ratios, discussed above. Plank argued that the
present-day high Th/La ratio (0.28–0.31) of 
the continental crust is the product of internal
crustal fractionation. However, Archaean 
continental crust has a much lower Th/La
ratio (0.18) than modern continental crust, 
and does not require intracrustal differentia-
tion, and so may have formed in a different
manner.

Here we explore the idea that the discrep-
ancy between the average composition of the
continental crust, which is andesitic, and the
modern flux from the mantle to the continen-
tal crust, which is basaltic, can be explained in
terms of a change in the composition of the
crust-mantle flux over time. The hypothesis
adopted here is that Archaean crust had a TTG
composition, formed from a TTG melt, and
was not fractionated into lower basaltic and
upper felsic components. Modern crust on the
other hand has a basaltic bulk composition but
has been modified to andesitic through the
fractionation and the removal of a mafic lower
crustal component (Rudnick & Taylor, 1987).
Evidence for the absence of a mafic lower crust
in the Archaean comes from Archaean lower
crust preserved as granulite terrains, such 
as the Lewisian (Rollinson & Tarney, 2005),
the Limpopo Belt (Berger & Rollinson, 1997),
and the lower crust of the Kaapvaal Craton
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(Niu & James, 2002), all of which tend to be
TTG in composition. As already outlined,
Plank (2004) has shown that the low Th/La
ratio of Archaean felsic crust (0.18) does not
require an origin by fractionation and delami-
nation but is instead a product of (two-stage)
mantle differentiation.

This hypothesis can be further tested with a
mass balance calculation in which it is
assumed that the composition of the Earth’s
continental crust was TTG until the end of the
Archaean at 2.5 Ga. Crustal growth curves
(Fig. 4.8) show that between 43 and 54% of the
continental crust had formed by this time (the
Condie growth curve is considered to be a
minimum). Knowing that 43–54% of the bulk
crustal composition is TTG means that it is
possible to calculate the average composition
of the post-Archaean flux from mantle to
crust, using the average TTG compositions
presented in Table 4.2.

The results of these calculations are shown
in Fig. 4.24. Calculated compositions range
between 49 and 55 wt% SiO2, 7.2–9.1 wt%
MgO, 0.95–1.7 wt% K2O and mg# in the range
57–63. These compositions are close to those
of primitive arc picrites described by Leat 
et al. (2002) and the high-mg# andesites
described by Kelemen et al. (2003). Trace ele-
ment compositions are more difficult to con-
strain, largely because there are few good trace
element data averages for TTGs and because
the concentrations of some elements changed
during the Archaean. However, trace element
plots on a mantle normalized diagram (not
shown) are enriched in the LILEs and have
negative anomalies for Nb and Sr and a posi-
tive Pb anomaly, showing an arc-like character.
Hence, this mass balance approach is consis-
tent with the view that the relative fluxes
from mantle to crust have changed with time
– from the Archaean, when the flux was felsic,
to more recent times when it is basaltic, and 
that the basaltic contribution is arc-like in
character.

4.5.3 Input–output model for Archaean crust
It has been argued in this chapter that the con-
tinental crust has grown over geological time
and that a major phase of its growth was dur-

ing the Archaean. Models for Archaean crust
generation start with the premise that the
mantle potential temperature was higher in
the Archaean. On this basis oceanic crust
would be thicker, the angle of subduction
would be shallower and slab melting more
common. In addition, if slab melting was a
common processes then there would also be
abundant eclogitic restite, the residue of slab
melting, returned to the mantle.
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FIGURE 4.24 Calculated compositions of the flux
from mantle to crust since the Archaean expressed
as (a) mg# versus SiO2 and (b) total alkalis versus
SiO2. The plots show the results of a mass balance
calculation in which it is assumed that between 43
and 54% of the continental crust is TTG in com-
position and formed before 2.5 Ga. The calcula-
tions are based upon five different average TTG
compositions (TTG), and the bulk crustal composi-
tion of Rudnick and Gao (2003) (Av CC). All the
data are presented in Table 4.2. In (a) the composi-
tion of primitive arc picrites and boninites is taken
from Leat et al. (2002) and high mg# andesites from
Kelemen et al. (2003).
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However, as was shown in Chapter 3, the evi-
dence of higher mantle potential temperatures
in the Archaean is the subject of much debate.
On the one hand, there is no doubt that the
decay of radioactive elements in the mantle
during early in Earth history made for a hot
early mantle. What is less certain is whether
or not this period extended into the mid- and
late-Archaean, for the previously convincing
evidence from komatiites is now looking more
equivocal.

What we do know from geochemistry is
that:
� Archaean felsic crust looks like slab melt

(Section 4.4.2)
� This melt interacted and probably equilibrated

with the mantle during its ascent (Kelemen,
1995)

� The mafic source of this melt was trace 
element-enriched relative to modern MORB
(perhaps PM rather than DM)

� Archaean crust generation is coupled to the 
formation of the SCLM but not through the
extraction of TTG melt from SCLM (Section
4.4.2.5).
What is unknown is the contribution to

Archaean crust generation from sediment
recycling, and the role, if any, which
intracrustal fractionation played.

4.5.3.1 How much sediment recycling?
The transport balance model of Kramers and
Tolstikhin (1997) for the U–Th–Pb isotope sys-
tem is particularly sensitive to the extent to
which crustal material can be recycled into
the mantle and offers some constraints on the
mechanism of crustal recycling. They con-
cluded that the rate of recycling of crustal
material back into the Earth’s mantle has
increased with time, particularly since 2.0 Ga.
We know from Pb-isotope studies that some
sediment recycling took place during the
Archaean (Halla, 2005), but it would seem as
though the proportion was small.

4.5.3.2 Arc versus plume contributions
One of the important debates explored earlier
in this chapter (Section 4.4.2.5) concerns the
relative contributions of intraplate (plume)
and arc processes to the formation of the con-
tinental crust. Here again we are faced with an

apparent contradiction, because on the one
hand crustal growth curves indicate that there
were periods of rapid crustal growth during
Earth history, which are best explained by a
plume contribution to the crust. On the other
hand, the average composition of the conti-
nental crust looks very much like arc crust,
leaving little room for a plume contribution.

One of the more robust measures of plume
versus arc contributions to the continental
crust is the La/Nb ratio, for intraplate magmas
typically have La/Nb � 1.0, whereas arc mag-
mas have La/Nb � 1.0. This ratio was used by
Rudnick (1995) to estimate that between 10
and 35% of the continents formed from an
intraplate component. More recently, using
revised crustal Nb concentrations, Barth et al.
(2000) calculated that between 5 and 20% of
the continental crust is of intraplate origin.
However, Plank (2005) urges some caution in
the acceptance of these proportions, for the
impact of sediment recycling could overinflate
the arc contribution to crustal growth.

More pertinent here is the extent to which
plume magmas might have contributed to the
formation of Archaean continental crust.
Condie (2000) has suggested that, given that
the mantle potential temperature was higher
in the Archaean, there was a greater plume
contribution to Archaean continental crust
than to the modern. In addition it was noted
earlier that Archaean TTGs appear to have
been derived from an enriched mafic parent,
possibly a plume source, although of course
we are less certain about the geochemical
composition of plume magmas during the
Archaean.

4.5.3.3 Was there intracrustal fractionation
in the Archaean?
Much of the discussion of intracrustal frac-
tionation in the Archaean crust has centered
on the generation of granites and the creation
of lower crustal granulite restites. Rollinson
and Tarney (2005) have recently disputed this
hypothesis and argue that lower crustal gran-
ulites have compositions consistent with pri-
mary felsic crust. There is little evidence to
date for the removal of a mafic root from
Archaean felsic crust, during the Archaean, in
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a manner analogous to delamination models
for more recent continental crust.

4.5.3.4 Origin of the Archaean SCLM
The Archaean SCLM is very depleted in 
Ca and Al, relative to the primitive mantle 
and has a composition which lies to the high-
silica side of the depleted mantle trend. This
was the basis for the argument presented 
earlier, that it cannot be a restite after TTG
extraction but rather might be the residue
after komatiite extraction. However, as argued
above, there are problems with this model, for
komatiite melting is thought to be hot and
deep, and this is not the character of the
SCLM. In addition, the komatiite extraction
model would require larger volumes of
komatiite magma than are typically found in
Archaean terrains.

Thus it may be that a different process is
responsible for the origin of the Archaean
SCLM. If, as suggested above, some TTG melt

from slab melting remains in the mantle
wedge, shifting the composition of the mantle
wedge to a more Si- and Al-rich composition,
the subsequent melting of this enriched 
mantle could yield a basaltic melt and leave a
highly depleted mantle with a composition
similar to the Archaean SCLM (Fig. 4.23). The
tectonic setting for such a process is a sub-
duction environment in which there is slab 
melting, that is, the appropriate setting for
Archaean TTG crust formation. The advan-
tage of this model is that it provides an inte-
grated solution to the SCLM problem in that
there is an explanation for the temporal link
between SCLM and Archaean crust, whilst 
the lack of a direct genetic relationship is
maintained.

4.5.3.5 Summary
A summary of the different possible contribu-
tions to Archaean crustal growth is illustrated
in Fig. 4.25.
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5

THE ORIGIN OF THE EARTH’S
ATMOSPHERE AND OCEANS

The volatiles which now make up the Earth’s atmo-
sphere and oceans were acquired very early in the his-
tory of the planet, and their origin is most easily
explained through the standard model of planetary
accretion. During early accretion the Earth gravita-
tionally captured gases from the solar nebula. These
were subsequently lost during the later stages of
accretion but are preserved in the mantle source of
OIBs. Later accretion took place in a solar-gas free
environment in which carbonaceous chondrite grains
and planetesimals were irradiated by the young sun 
to form the rare gas phase Ne–B, now preserved in 
the upper mantle. At this stage the Earth also
acquired its major volatiles – water, nitrogen, carbon,
and sulfur – from its carbonaceous chondrite building
materials. There is now evidence to show that a liquid
water ocean was present on Earth at a very early stage
in its history, perhaps as early as the late stages of
accretion.

The concentration of volatiles in the outer Earth is
significantly lower than that found in carbonaceous
chondrites indicating that the Earth has lost a major
part of its volatiles acquired during accretion. It is
likely that some of this volatile loss took place
through impact degassing. This atmospheric loss
probably took place in the presence of a liquid water
ocean and so led to enhanced volatile loss. Subsequent
Earth history records that the remaining volatiles
were recycled from the Earth’s surface back into the
mantle through subduction and then returned again
to the Earth’s surface reservoirs.

In the modern Earth, the largest reservoirs of water,
carbon, nitrogen, and sulfur are the deep mantle (water)

and the core (carbon, nitrogen, and sulfur). Water is
recycled into the deep Earth through subduction,
although the majority of subducted water is released
in the shallow mantle. In contrast carbon is not easily
subducted, and so carbon recycling is restricted to
between the surface reservoirs and the shallow man-
tle. Nitrogen cycling is even shallower and is princi-
pally between the surface reservoirs – surface
sediment, the oceans, and the atmosphere. The mod-
ern sulfur cycle is between the modern surface reser-
voirs (sediments and the oceans) and the mantle.
However, this cycle is sensitive to redox processes and
so behaved in a very different manner in the anoxic
Archaean, such that the surface sulfur reservoirs have
grown in size with time.

The modern Earth’s atmosphere is a disequilibri-
um atmosphere and very different from that of its
planetary neighbors both in pressure and in composi-
tion and is thought to have evolved in its composition
over time. A number of lines of geological evidence
show that the partial pressure of oxygen in the Earth’s
atmosphere has increased over time and that it was
particularly low (�10�5 the modern level) in the
Archaean. Oxygen levels increased dramatically at
about 2.3 Ga, although at present there is no consen-
sus as to why that happened. There is also geological
evidence for high levels of CO2 in the Archaean 
atmosphere, although climate modeling indicates 
that there was not enough CO2 to keep the Earth
from being frozen. Since there is no evidence for an
extensive Archaean snowball Earth, an additional
greenhouse gas – methane – has been invoked as an
important constituent of the Archaean atmosphere.

The origin of the Earth’s atmosphere and oceans – the big picture
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The Earth is unique amongst the terrestrial
planets in possessing a hydrous ocean and 
a CO2-poor, oxygenic atmosphere. In this 
chapter we investigate how the Earth acquired
its volatiles and how the compositions of the
atmosphere and oceans have evolved through
Earth history. In so doing we shall find our-
selves seeking to understand early-Earth inter-
actions between the Earth’s surface reservoirs
and the solid Earth.

When measured against the mass of the
whole Earth the oceans (0.02% of the Earth’s
mass) and atmosphere (one millionth of the
Earth’s Mass) appear insignificant. However,
despite their small mass, the Earth’s volatile
reservoirs play a disproportionate role in the
Earth system. This is illustrated in four very
important interactions within the Earth system.
� First, volatiles exert an important control on

the physical properties of the mantle. For
example, the presence of water reduces the
strength of olivine aggregates and seriously
alters the viscosity of the mantle. Experimental
studies show that at 300 MPa, in the presence
of water, the viscosity of olivine aggregates
deformed in the dislocation creep regime is
reduced by up to a factor of 140. Thus a wet
mantle is a low viscosity mantle. Conversely a
mantle that is dried out by partial melting will
be stiffer and more refractory, as is the case for
the lithospheric “lid” to modern oceanic man-
tle. Thus, if it is possible to estimate the
volatile content of the mantle both now and in
the Archaean, it will be possible to set some
physical constraints on models of mantle evo-
lution over time.

� Second, volatiles have played an essential role
in controlling the evolution of life on Earth.
The principal insight of the Gaia hypothesis
discussed in Chapter 1 is that there is a rela-
tionship between the biosphere and the other

Earth reservoirs. In particular volatiles have
played a vital role in permitting the right envi-
ronment to foster the evolution of life on Earth.
This will be the subject of the next chapter.

� Third, the Earth would not have a continental
crust if it had not had a hydrosphere. Many
years ago Campbell and Taylor (1983) argued
that the presence of water on Earth is the key
to the origin of its continental crust as captured
in the pithy title of their paper No Water, No
Granites – No Oceans, No Continents. This
view is still widely held.

� Finally, the Earth owes its cool, stable climate
to the dynamic interactions between the atmo-
sphere, oceans, and the Earth’s surface, for as
long as perhaps 4.0 Ga.

Here the Earth’s volatiles are divided into two
groups. There are the major volatiles – H, C,
N, S, Cl, Br, and I, which together with oxygen
dominate the Earth’s atmosphere and oceans
and are the main topic of this chapter. In addi-
tion there are the noble gases, or rare gases –
He, Ne, Ar, Kr, and Xe, which form a very
small proportion of the Earth’s volatile budget,
but play a central role in our understanding.
The noble gases are blessed with a plethora of
isotopes, which provide vital clues to process-
es operating during Earth accretion and pro-
vide information about the ultimate origin of
the Earth’s volatile budget and the mecha-
nisms by which they were incorporated into
the mantle.

First, however, we shall consider the distri-
bution of volatiles in the different Earth reser-
voirs, and then in the second section of this
chapter we will explore how the Earth acquired
its present inventory of volatiles. In the last
two sections we examine the geological evi-
dence for the composition of the atmosphere
and oceans in the early Earth and chart their
changing composition through geological time.
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It is likely that the progressive oxidation of the
atmosphere also influenced the oceans. Certainly 
the chemistry of the Archaean oceans was different
from that of modern oceans and was richer in Ca, Mg,
K, Fe, Ba, Ce, and Si and lower in S, P, Mo, Re, U,
and Os. These differences, in part, reflect the 
different redox conditions of the Archaean Earth 

but also reflect a different oceanic biology and a 
different balance from today of the hydrothermal 
and weathering inputs into the Archaean ocean. Iron-
isotopes studies of pyrite in black shales indicate a
shift in the oxidation state of the oceans between
about 2.3 and 1.8 Ga similar to the oxidation of the
atmosphere.
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5.1 THE VOLATILE BUDGET OF THE MODERN

EARTH

Of the major volatile elements described
above, water, a variety of carbon compounds,
nitrogen and sulfur are the volatile compounds
which dominate in the modern Earth. In this
section we review the modern-Earth geochem-
ical cycles for water, carbon, nitrogen, and sul-
fur and look in some detail at volatile mass
balances between the Earth’s surface reser-
voirs and the deep Earth. Then, having estab-
lished how the modern Earth works we seek to
determine how these geochemical cycles
might have operated in the early Earth.

5.1.1 Water
5.1.1.1 The water budget of the modern Earth
The water budget of the modern Earth might
be loosely divided into the outer Earth reser-
voirs and the mantle. In the outer Earth reser-
voirs there is about 1.4 � 1021 kg of water
currently stored at the Earth’s surface as the
oceans, ice, freshwater, and groundwater. This
makes up 0.0002 of the Earth’s mass and is
equivalent to 1.515 � 1023 g of hydrogen
(Lecuyer et al., 1998). Assessing the water con-
tent of the mantle is more difficult and
depends mostly upon experimental studies of
the solubility of water in mantle minerals 
and melts. These concentrations are low, for

most upper mantle minerals are nominally
anhydrous, but the mantle is large, and at
depth dense hydrous magnesian silicates may
play an important role in storing water.

Experimental studies tell us that the water
content of upper mantle minerals is in the
range from a few tens to a few hundreds of
ppm and takes the form of hydrogen located
along structural defects in the mineral phases.
At present the best estimates of the water 
content of the upper mantle are made through
the measurement of the volatile content of
basaltic magmas. This too is a difficult enter-
prise because most basalts lose their gas 
component on eruption through degassing.
However, Saal et al. (2002) used pristine melt
inclusions in olivine to overcome this problem
and reported gas contents of primitive midocean
ridge magmas and their source (see Table 5.1).
Their water contents for the MORB source are
142 � 85 ppm in good agreement with a previ-
ous estimate of 125 ± 75 ppm of Hirth and
Kohlstedt (1996). Hauri (2002) measured the
volatile content of ocean island basalts from
Hawaii and found that water contents are
much higher than in midocean ridge basalts
(3,600–6,000 ppm) suggesting that the mantle
is heterogeneous with respect to its volatile
content (Table 5.1). From these estimates, and
assuming that the mantle is a mixture of MORB
source and OIB source in a ratio of 9 : 1, and 
that the mantle has the mass 4.3 � 1024 kg,
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TABLE 5.1 The volatile content of ocean island and midocean ridge basalts, and
the calculated volatile content of the mantle source of midocean ridge basalts
(data from Hauri, 2002; Saal et al., 2002; Lecuyer et al., 1998).

Mantle source
Ocean island Midocean for ocean ridge
basalt ridge basalt basalt
(Hauri, 2002) (Saal et al., 2002) (Lecuyer et al., 1998)
(ppm) (ppm) (ppm)

H2O 3,600–6,000 370–1,220 142 � 85
CO2 not measured 44–244 72 � 19
Cl 30–300 1–21 1 � 0.5
F 380–540 50–135 16 � 3
S 400–1600 495–1,024 146 � 35
��D �80 � 10 �40 to �80 ~�80
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the mass of water in the upper mantle can 
be estimated to be about 0.3–0.4 � 1021 kg
(Table 5.2).

Our knowledge of the water content of the
deeper mantle comes from high-pressure
experimental studies on the phases wadsleyite
(�-Mg2SiO4) and ringwoodite (�-Mg2SiO4)
found in the mantle transition zone. These
minerals have the capacity to store as much 
as 3 wt% H2O (Bolfan-Casanova et al., 2000),
indicating that the transition is water-rich.
Ohtani (2005) too has estimated that the man-
tle transition zone may store up to 2 to 3 ocean
masses of water. Additional support for the
hydrated nature of the mantle transition 
zone comes from seismic studies by Van der
Meljde et al. (2003) who report a widening 
of the 410-km discontinuity, indicative of the
presence of water within mantle minerals, and
Huang et al. (2005) who report similar results
from an electrical conductivity study.

At even deeper levels of the mantle, solu-
bility studies show that the phases Mg-per-
ovskite, Ca-perovskite and magnesiowustite
contain tens to thousands of ppm of H2O
(Bolfan-Casanova et al., 2000; Murakami et al.,
2002) leading to an estimate of between 0.15
and 0.2 wt% water in the lower mantle. This
equates to between 3.4 and 4.5 � 1021 kg of
water, that is about 2.5–3 times the present
ocean mass (Ohtani, 2005).

These observations show that
� The total water content of the Earth (excluding

the core) is equivalent to between 7 and 8
oceans and, the silicate Earth contains between
0.16 and 0.26% water.

� The mantle is layered with respect to its water
content, such that the upper mantle has a low
water content (ca. 0.02 wt%), the transition
zone has between 0.5 and 1.0 wt% water and
the lower mantle an estimated 0.15–0.20 wt %
water.
The low water content of the upper mantle

may be principally the product of degassing,
whereas the transition zone may operate as a
“water trap,” as identified by Bercovici and
Kurato (2003) in their “water-filter” model of
the mantle discussed in Chapter 3 (Section
3.3.1.2).

5.1.1.2 Water cycling on the modern Earth
Calculated fluxes of volcanic outgassing
(2.0 � 1011 kg/yr – Peacock, 1990) compared
with the total amount of subducted water
(1.83 � 1012 kg/yr – Jarrard, 2003) indicate that
there is a net flux into the mantle (Table 5.2).
A similar, net influx into the mantle was cal-
culated independently on the basis of geophys-
ical modeling, by Franck and Bounamam
(2001). However, Jarrard (2003) has estimated
that a half to two-thirds of the subducted
water escapes at subarc depths, triggering par-
tial melting.
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TABLE 5.2 Estimates of the fraction of water and mass of water in the different mantle reservoirs. Also
shown are estimates of water balance in the modern mantle.

Reservoir Fraction of water % Mass of water Reference

Water budget
Surface water 100 1.4 � 1021 kg Lecuyer et al. (1998)
Sedimentary rocks 0.11 0.23 � 1021 kg Lecuyer et al. (1998)
Upper mantle 0.02–0.03 0.2–0.3 � 1021 kg Data from Saal et al.

(2002)
Mantle transition zone 0.5–1.0 2.6–5.2 � 1021 kg Ohtani (2005)
Lower mantle 0.15–0.2 3.4–4.5 � 1021 kg Ohtani (2005)
Total Mantle 0.16–0.26 7.0–11.0 � 1021 kg

Water balance
Total water returned to 1.83 � 1012 kg/yr Jarrard (2003)
mantle (subduction)
Total outgassing (arc � ridge) 2.0 � 1011 kg/yr Peacock (1990)
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How water is transported into the mantle
and the depths to which it can be carried have
been investigated in high-pressure experi-
ments. In brief, these show that whilst
hydrous phases in basalt and subducted sedi-
ment can transport water down to the top of
the transition zone at about 410 km, hydrous
phases in mantle peridotite are capable of
transporting water even deeper, certainly into
the lower mantle and maybe into the core.

In basalts, lawsonite is the only hydrous
phase which is stable in the deep mantle and
this phase dehydrates at the depth of the 
mantle transition zone. Similarly in subducted
pelagic sediments there is a series of hydrated
aluminum silicates and oxides (including the
phase Egg – AlSiO3.OH) which also remain sta-
ble down to transition zone depths (Williams
& Hemley, 2001).

In peridotites high-pressure hydrated mag-
nesian silicate phases, named imaginatively
after the letters of the alphabet, are capable of
transporting water within a subducting slab
deep into the lower mantle. Notable are the
superhydrous phase B and phase D. This latter
phase is stable to pressures of 50 GPa and can
transport water deep into the lower mantle. If
water penetrates even deeper than this it could
be partitioned into the core as an iron hydride
through reaction with native Fe metal in the
lowermost mantle.

These experimental studies show that
water in the upper part of a subducting slab, in

basalt and sediment, is either returned to the
surface, or is stored in the upper mantle,
and/or will be trapped in the mantle transition
zone. The importance of the water storage
capacity of the mantle transition zone has
only recently been recognized and has impor-
tant implications for models of mantle evolu-
tion. However, in contrast to the upper part of
the slab, some of the water in the lower, peri-
dotitic part of a subducting slab is transported
into and may be stored in the lower mantle
(Fig. 5.1).

5.1.1.3 Water cycling in the Archaean
More difficult to predict is how water was dis-
tributed in the Archaean mantle. It will be
shown later (see Section 5.2) that the Earth
was initially volatile-rich, when it accreted
and it subsequently lost water and other
volatiles. Indicative here is the comparison
between the water content of carbonaceous
chondrites, the likely primitive material of
Earth accretion (up to ca. 10 wt%), and the
estimated water content of the present-day sil-
icate Earth and hydrosphere (0.19–0.24 wt%,
see Table 5.2).

Kawamoto et al. (1996) suggested that in the
Archaean there would have been a water-rich
transition zone, as is the case today. This may
well be correct, given the Earth had a “wet”
start. A further consideration is the extent to
which water was subducted in the Archaean.
The growth of the continental crust is probably
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FIGURE 5.1 Model of water cycling in the
Earth (after Ohtani, 2005). UM, upper 
mantle; TZ, mantle transition zone; LM,
lower mantle. The grey arrows show water-
in to the mantle, the white arrows shown
water-out of the mantle. The approximate
lower stability limit of hydrous phases in
the mantle is shown as phase-out.
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a useful monitor for the shallow subduction of
water, but it may be that, given that the
Earth’s mantle was probably hotter in the
Archaean, the deep penetration of water may
well have been prevented (Bjornerud &
Austrheim, 2004).

Intriguing in this regard are the current argu-
ments over whether komatiites are the product
of wet or dry mantle melting (Chapter 3, Section
3.2.1.2). Proponents of the wet-komatiite 
argument point to experiments which show
that komatiites from the 3.5 Ga Barberton
greenstone belt require at least 3 wt% mag-
matic water (Parman et al., 1997) to produce
their observed mineralogy. In addition melt
inclusion studies on the 2.7 Ga komatiites of
the Belingwe greenstone belt show that the
parental komatiite contained between 0.8 and
0.9 wt% water and that the mantle source
should have contained ca. 0.5 wt% water
(Shimizu et al., 2001) – significantly higher
than in the modern MORB source, but perhaps
closer to the wetter, OIB source.

If the advocates of wet komatiitic melts are
correct, then the debate centers around the
source of the water. Was this water acquired at
the time of accretion, and komatiite magma-
tism was a late degassing event, or was this the
recycling of surface water in a manner analo-
gous to that in a modern subduction zone?
Support for this latter argument comes from
the association between komatiites and
boninites in Archaean greenstone belts (Grove
& Parman, 2004), for in the modern, boninites
are known to be produced by hydrous melting
of the mantle in a subduction zone environ-
ment. Although, it seems from more recent
studies that only some Archaean boninites 
are true subduction boninites (Smithies et al.,
2004 and see Chapter 3, Section 3.2.1.3). A fur-
ther option, which has not been considered in
detail, is that komatiites come from the
hydrous mantle transition zone.

5.1.2 Carbon
5.1.2.1 The carbon budget of the modern
Earth
The Earth contains significant quantities of
carbon, principally as CO2, in its atmosphere
and oceans, in the crust, as carbonate-rich and

organic-carbon (kerogen-bearing) sediments, in
the mantle and probably also in the core.
Abundance estimates of carbon in the surface
reservoirs are relatively well known (see
Fig. 5.2), but our knowledge of the amount of
carbon in the mantle and core is less secure.

Making a correct estimate of the carbon
content of the mantle is difficult. Total carbon
concentrations in mantle xenoliths are
between 1 and 10,000 ppm, with most samples
containing less than 100 ppm (Deines, 2002).
This is similar to early estimates of carbon in
the MORB source which are around 400 ppm
(Javoy & Pineau, 1991). However, more recent
estimates of carbon in the MORB source are
much lower. Saal et al. (2002) found only
20 ppm C in pristine melt inclusions in MORB
olivine. A further difficulty with mantle car-
bon is that the precise location of the carbon is
not well known. The solubility experiments of
Keppler et al. (2003) on upper mantle silicate
minerals show that they have very low carbon
concentrations, in the range 0.1 and 1 ppm at
pressures up to 3.5 Gpa. These values are
much lower than expected and suggest that
carbon is not located in a silicate phase but
instead is as a separate carbon-rich phase.
Holloway (1998) suggested that this carbon
phase was graphite, although other workers
have argued for carbonate (magnesite), a view
which has some experimental support (Watson
et al., 1990; Biellmann et al., 1993).

A first-order minimum estimate of the
mass of carbon in the mantle can be made by
assuming that the MORB-source is typical of
the mantle as whole, and that it contains
20 ppm C, in keeping with the new results on
low carbon in the MORB source and the low
content of carbon in mantle minerals. In this
case the mantle contains 8.6 � 1022 g
(86 � 106 Gt) of carbon. This estimate is small-
er than, but of the same order of magnitude as,
that of Zhang and Zindler (1993) who used
C/3He ratios to estimate the carbon content of
the degassed mantle reservoir as 22 � 1022 g
(1.8 � 1022 mol).

Tingle (1998) estimated that the mass of
carbon acquired by the Earth during accretion
was between 1024 and 1025 g (109–1010 Gt),
0.02–0.2 wt% C. This is two to three orders of
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FIGURE 5.2 Schematic illustration of the
modern “deep Earth” carbon cycle showing
the main Earth carbon reservoirs and the
pathways between them. The important
fluxes are listed in Table 5.3. The mass of
carbon in each reservoir is given in 
giga-tonnes of carbon (1 Gt � 1015g). Figure
adapted from Killops and Killops (2005).

TABLE 5.3 Estimates of present-day fluxes of carbon into and out of the mantle.

Grams of
Mols/yr carbon/yr Reference

Carbon fluxes into and out of the mantle
Fluxes-out
Mid ocean ridges 2.3 � 0.6 � 1012 2.76 � 1013 Zhang and Zindler (1993)

0.8–1.6 � 1012 0.96–1.92 � 1012 Holloway (1998)
2.2 � 0.9 � 1012 2.64 � 1013 Marty and Tolstikhin (1998)
9.3 � 2.8 � 1011 1.12 � 1013 Saal et al. (2002)

Arcs 2.5 � 1012 3.00 � 1013 Marty and Tolstikhin (1998)
Plumes 3 � 1012 3.60 � 1013 Marty and Tolstikhin (1998)
Sedimentary basins �8.3 � 107 9.96 � 108 Sherwood Lollar et al. (1997)
Total Av. 6, range 4–10 � 1012 7.20 � 1013 Marty and Tolstikhin (1998)
Fluxes-in
Veined MORB 4 � 1012 4.80 � 1013 Staudigel et al. (1989)

3.4 � 1012 4.08 � 1013 Zahnle and Sleep (2002)
Subducted carbonate 2.3 � 1013 (max) 2.76 � 1014 Zhang and Zindler (1993)

1.4 � 1012 1.68 � 1013 Zahnle and Sleep (2002)
2.16 � 1012 2.59 � 1013 Plank and Langmuir (1998)

Total slab 5.0 � 1012 6.00 � 1013 Peacock (1990)
Total 5.4 � 1012 6.48 � 1013

(range 6.3–4.8 � 1012)
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magnitude greater than the total carbon stored
at the Earth’s surface and in the mantle
(Fig. 5.2), and implies either, massive carbon
loss during the early history of the planet, or
the presence of a large carbon reservoir in the
Earth’s core (Wood, 1993).

5.1.2.2 The global carbon cycle
Carbon is lost from the mantle through the
volcanic outgassing of CO2 and is reintroduced
through the subduction of sedimentary organ-
ic carbon, carbonate-rich sediments, and car-
bonated oceanic crust. Estimates presented in
Table 5.3 suggest that the present-day fluxes of
CO2 into the mantle broadly match the
amount released, implying that at the present
time the mantle is at a steady state with
respect to carbon. An implication of this
observation is that either all subducted carbon
is returned to the Earth’s surface or that the
mass of carbon buried, through subduction, in
the lower mantle is matched by the degassing
of deep mantle carbon.

All of this raises the question of whether
carbon, like water, can be returned to the
lower mantle. High-pressure experimental
studies on carbonated eclogites and peridotites
indicate that carbonate-rich melts are released
during the decarbonation and deep melting of
the slab before it reaches the depths of the
mantle transition zone. Only small amounts
of carbon escape this process and these are
subducted into the lower mantle (Hammouda,
2003; Dasgupta et al., 2004). The only evi-
dence we have to support this idea comes from
deep mantle diamonds which have carbon 
isotope values heavier than the mantle 
mean (�13C � � 4.5 instead of �13C � � 5.5,
McCammon et al., 2004). Since marine car-
bonate tends to be enriched in the heavier car-
bon isotope, it is possible that these diamonds
were formed through the reduction of sub-
ducted sediment which included a carbonate
component.

5.1.2.3 Carbon isotope evolution over time
It is likely that Earth acquired its carbon dur-
ing the early stages of accretion (Tingle, 1998).
This carbon was probably in the form of hydro-
carbons, not as CH4, CO, and CO2, since these
common carbon compounds do not form ice at

the temperatures of the inner solar system
(Hunten, 1993). The isotopic composition of
this initial carbon is not easily identified, for
carbon was not homogenized in the solar neb-
ular as indicated by the �13C values for car-
bonaceous chondrites which are between �25
and 0‰. Even more extreme is the isotopic
value of individual organic constituents with-
in these meteorites which can vary by as much
as 75‰ (Lecluse et al., 1998; Sephton et al.,
2003). More consistent are the iron meteorites
which have �13C values of around � 5‰ (see
Text Box 5.1).

However, during the differentiation of the
Earth carbon was isotopically homogenized to
�13C � � 5‰, as indicated by isotopic mea-
surements on midocean ridge basalts, carbon-
atites, and diamonds. The only exception to
this are a small number of diamonds which
have �13C values in the range �22 to �26‰. 
It has been suggested that these represent 
subducted biogenic carbon (Deines, 2002),
although experimental studies have now
shown that these low values are more likely to
be the product of isotopic fractionations in the
deep mantle during diamond crystallization
(Maruoka et al., 2004).

Peridotitic diamonds of Archaean age have
a similar carbon isotope value to that of the
modern mantle mean, suggesting that the car-
bon isotope composition of the mantle has
been relatively unchanged since the Archaean.
If iron meteorites are representative of the iso-
topic composition of the early bulk Earth, then
it is possible that the carbon isotope composi-
tion of the mantle might be unchanged since
the homogenization of the Earth. However,
matters may not be so simple, for there are
some initial indications that carbon isotopes
may have different histories in the upper and
lower mantle. For example, diamond data indi-
cate that there has been insufficient carbonate
carbon penetration into the deep mantle to
modify the Earth’s carbon isotope ratio since
its earliest differentiation. And yet the shallow
mantle may be different, for Wilson and
Spencer (2001) report a secular change in the
�13C signature of carbonatites. Carbonatite
carbon is carbon which is retained in the upper
mantle and is released from subducting slabs
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Most elements consist of more than one stable iso-
tope. For example, in naturally occurring oxygen the
isotope 16O makes up 99.76% of all oxygen atoms,
17O, 0.04% and 18O, 0.20% (that is the stable isotopes
occur in the ratio of 2500 : 1 : 5). Under particular cir-
cumstances the proportions of these isotopes can be
altered and the resulting isotope ratio can be used to
“fingerprint” particular geochemical processes.
Traditionally geochemists have studied the stable iso-
topes of carbon, nitrogen, oxygen, and sulfur to unrav-
el geochemical process in the solid Earth, the
hydrosphere and atmosphere. More recently, with
advances in mass spectrometry, a wealth of new ele-
ments have been added to this portfolio, in particular
some of the transition metals. In this book we shall
consider the geochemistry of the isotopes of carbon,
nitrogen, oxygen, sulfur, and iron, and make passing
reference to few more elements along the way.

Most common is the process of mass-dependent
fractionation, in which the stable isotope ratio is
altered as the consequence of physical processes dif-
ferentially affecting atoms or molecules of different
mass. Isotopes are fractionated relative to one another
according to thermodynamic, kinetic, and diffusion
processes. A simple example is the way in which oxy-
gen isotopes in water molecules are fractionated dur-
ing the process of evaporation. Water molecules
containing the lower mass isotope 16O are more like-
ly to become water vapor than those containing the
higher mass isotope 18O. Hence the water vapor is
enriched in isotope 16O and the liquid water is
enriched in isotope 18O.

MDF follows specific rules based on the relative
atomic mass differences between the fractionating
isotopes, and as a result produces highly correlated
relationships between isotope ratios for that element
(Chapter 2, Section 2.3.3.2; Chapater 5, Section
5.3.1.3). MDF is expressed as a deviation from the
appropriate standard as a “lower-case delta-value”
in parts per thousand, for example, �18O ‰, “del 
oxygen eighteen” – which is computed from the
expression

�18O(‰) � [(18O/16Osample �
18O/16Ostandard)/(18O/16Ostandard)] * 1,000

Mass-independent fractionation, is less common
and represents the processes whereby fractionations
take place in a different manner from the simple pro-
portionality predicted on the basis of atomic mass 
differences. This is particularly important in atmo-
spheric chemistry, for it has been shown in laboratory
experiments that, for example, the photochemical
oxidation of sulfur in the atmosphere can lead to

mass-independent fractionations (MIF) of the iso-
topes of sulfur. MIF may also be important in cosmo-
chemistry and may explain isotopic variations in 
the solar nebula as recorded by different meteorite
groups.

MIF is recorded as a deviation from a MDF line
and is expressed using the convention “upper-case
delta-value” in parts per thousand (e.g. ∆33S‰).

Carbon isotopes
The two naturally occurring stable isotopes of carbon
are 12C (98.89%) and 13C (1.11%). The reference
standard for carbon isotope measurements is a stan-
dard belemnite known as PDB. Carbon isotope ratios
are expressed as �13C ‰. Carbon isotopes are impor-
tant in meteorites, the mantle, the atmosphere, and 
in understanding biological processes. The mean 
mantle �13C is �5.5‰. Many biological reaction
pathways discriminate against heavy 13C in preference
to the lighter 12C. This leads to strongly negative �13C
ratios in biological materials and can provide a geo-
chemical fingerprint for biogenic processes (Chapter 6,
Section 6.2.1).

Oxygen isotopes
The three isotopes of oxygen have already been
described and are in order of abundance 16O, 18O,
and 17O. The reference standard for isotopic measure-
ments is standard mean ocean water (SMOW).
Isotope ratios are expressed most commonly as �18O
‰, but sometimes there is also interest in the ratio
�17O ‰. Oxygen isotope measurements of different
meteorite groups have been a particularly fruitful area
of study (Chapter 2, Section 2.3.3.2). Results are pre-
sented on x–y plots of �17O versus �18O and allow us
to classify different meteorite groups. These studies
also reveal that there was significant oxygen isotope
heterogeneity in the early solar system, at least in part
due to mass-independent fractionation. Oxygen iso-
tope ratios in surface water tend to be higher than
those of the Earth’s mantle, thus providing a finger-
print for surface water interaction with magmatic
rocks. Zircons with elevated oxygen isotope ratios
have been interpreted as having “seen” water from the
Earth’s surface.

Nitrogen isotopes
There are two naturally occurring isotopes of nitrogen
14N (99.63%) and 15N (0.37%). Isotope ratios are
expressed as �15N ‰ and measurements are made 
relative to the nitrogen isotopic composition of 
the atmosphere. The present-day mantle has a value
of about �15N � �5 ‰. Nitrogen isotopes are frac-
tionated during biological processes and a range of 
different fractionations has been identified in the 
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before they penetrate the mantle transition
zone. This secular change is thought to reflect
the increasing importance of sedimentary car-
bonate recycling over geological time.

5.1.3 Nitrogen
Nitrogen, unlike water and carbon, resides
mostly in the outer Earth reservoirs and
appears to have done so over most of Earth his-
tory. Zhang and Zindler (1993) have suggested
that nitrogen was rapidly degassed very short-
ly after Earth accretion and reached present
atmospheric levels after only about 200 Ma. It
is thought that nitrogen levels have remained
almost constant since this time, although
there are currently no direct data on surface
atmospheric pressures in the early Earth and
on the contribution of nitrogen.

5.1.3.1 The modern nitrogen cycle
The principal flux of nitrogen in the modern
Earth is within the surface reservoirs.
Nitrogen is removed from the atmosphere by
the processes of bacterial fixation as NH3, and
returned through the process of denitrifica-
tion. Thus the surface nitrogen cycle consists
of a wide range of biologically mediated redox
reactions. The total flux of nitrogen in nitro-
gen fixation and denitrification is ca.
3.0 � 1013 mol N/yr (in Mather et al., 2004)
indicating that the atmosphere is biologically
replenished about every 10 Ma. In contrast the
present volcanic flux of 2 � 1010 mol N/yr
(Fischer et al., 2002), requires a length of time

greater than the age of the Earth to replenish
the atmosphere. Clearly therefore, surface pro-
cesses, and, in particular, biogenic processes
dominate compositional controls on the mod-
ern atmosphere (Fig. 5.3).
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oxidation and reduction of nitrogen (Chapter 6,
Section 6.2.3).

Sulfur isotopes
There are four naturally occurring isotopes of sulfur
32S (94.9%), 33S (0.76%), 34S (4.29%) and 36S 
(0.02%). Isotope ratios are expressed as either 
�34S‰ or more rarely as �33S ‰ and measurements
are made relative to an iron meteorite sulfide stan-
dard known as the Canon Diablo troilite.

Sulfur isotope fractionation is important in the
study of atmospheric gases, sulfur in the oceans
(Section 5.4.4.1) and in living organisms. Microbes
use 32S in preference to 34S during microbial sulfate
reduction providing a sulfur isotope fingerprint for a

specific biological process (Chapter 6, Section 6.2.2).
In addition, evidence for MIF of sulfur isotopes has
provided important clues in the timing of the rise 
of oxygen in the Earth’s early atmosphere (Section
5.3.1.3).

Iron isotopes
There are four naturally occurring isotopes of iron

54Fe (5.85%), 56Fe (91.75%), 57Fe (2.12%) and 58Fe
(0.28%). Isotopic measurements are most commonly
reported as �56Fe ‰. There is the potential for iron
isotopes to be useful in biological fingerprinting, but
at present the results are equivocal because fractiona-
tions of a similar magnitude are reported as a result of
nonbiogenic processes (see Chapter 6, Section 6.2.4).
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FIGURE 5.3 Outline of the deep nitrogen cycle in
the modern Earth. The size of the reservoirs is
taken mainly from Miyazaki et al. (2004) and is in
mols. The nitrogen isotope values are from Marty
and Dauphas (2003) and the fluxes are from
Fischer et al. (2002) and are in mol/yr.
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Miyazaki et al. (2004) have estimated from
solubility experiments that the mass of nitro-
gen in the main Earth reservoirs is several
orders of magnitude greater than that of the
mantle (Fig. 5.3). However, because nitrogen
has a siderophile character, the Earth’s core 
is probably its largest nitrogen reservoir
(Fig. 5.3).

The study of nitrogen isotopes, expressed as
�15N (see Text Box 5.1), provides additional
clues to understanding both the shallow and
deep nitrogen cycles. The atmosphere provides
the standard for nitrogen isotope measure-
ments and so is, by definition, �15N � 0. At the
Earth’s surface biogenic processes such as den-
itrification may lead to an enrichment of �15N,
by 6–7‰ so that modern sediments tend to be
enriched in heavy nitrogen and are in the range
�2 to �10 (Marty & Dauphas, 2003). This pro-
cess is enhanced by an additional 2–3‰ during
the metamorphism of sedimentary rocks.
Consistent values in MORB, mantle xenoliths
and diamonds suggest that present-day mantle
has a value around �15N � � 5 (Figs. 5.4b, c).

These comparisons present us with some-
thing of a puzzle, for given that the Earth’s
atmosphere is likely to have been outgassed
from the mantle, it is not easy to understand
why the two reservoirs have such different
nitrogen isotope signatures. There is also a
large difference in the N2/36Ar ratios of the
mantle (�106) and atmosphere (ca. 104), which
is also problematic, for nitrogen and argon are
chemically similar and so should have
behaved in a similar way during the degassing
of the atmosphere.

Much debated is whether or not nitrogen is
cycled into the mantle by subduction. Marty
and Dauphas (2003) have argued in favor of
such a process. They show that whilst MORB
has a �15N � � 5‰, OIBs sources have values
between �3 and �4 (Fig. 5.4c). They interpret
the elevated values in OIB as evidence for the
recycling of heavy, sedimentary carbon, with
�15N � ca. �10‰, into the mantle through
subduction. Some of the OIB sources they
describe are as old as 2.0 Ga, indicating that
the sedimentary recycling of nitrogen is an
ancient process. These authors go as far as sug-
gesting that most of nitrogen in the mantle is
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recycled and the present isotopic signature of
the mantle reflects this process. Certainly this
is plausible given the greater mass of nitrogen
in the Earth’s surface reservoirs, and, if true, is
a powerful demonstration of the way in which
biogenic processes have profoundly influenced
the geochemical evolution of the solid Earth.

However, the ideas of Marty and Dauphas
(2003) do not seem to represent a consensus
and their model has been criticized by
Cartigny and Adler (2003). Other authors have
indicated that nitrogen recycling is of relati-
vely small importance in the modern Earth
(Zhang & Zindler, 1993; Lecuyer et al., 2000).
Fischer et al. (2002) report nitrogen fluxes into
and out of the Central American subduction
system and find that they are balanced, imply-
ing that the subduction system acts as a bar-
rier to the recycling of sedimentary nitrogen
into the mantle. Scaling these results they find
that the global flux of nitrogen at volcanic arcs
is 2 � 1010 mol/yr, whereas the global mass of
subducted nitrogen is 1.37 � 1010 mol/yr, indi-
cating that subducted nitrogen is returned to
the atmosphere in volcanic arcs. They conclude
that the only nitrogen that could be returned
to the mantle is that which is locked into sub-
ducted oceanic crust and lithosphere, and this
is thought to be relatively unimportant.

5.1.3.2 Nitrogen in the Archaean mantle
The initial nitrogen isotopic composition of
the Earth is not well known. However, nitro-
gen isotope measurements on 2.9–3.3 Ga dia-
monds from the subcontinental lithosphere
have a mean �15N value of �5, and a similar
C/N ratio to that of the modern mantle
(Fig. 5.4), suggesting that there has been very
little change since about 3.0 Ga (Marty &
Dauphas, 2003).

In contrast, the nature of the surface nitro-
gen cycle in the Archaean is the subject of
debate. Central to this discussion is when the
nitrogen biogeochemical cycle began. For
example, Mather et al. (2004) have suggested
that in the Archaean nitrogen fixation was
driven by nonbiological processes and that fix-
ation rates were lower, probably of the order of
1011. However, their model depends upon
some assumptions about the extent to which

N2 is oxidized in a CO2-rich atmosphere and
the effectiveness of lightning in the process of
nitrification. Beaumont and Robert (1999)
argued for a difference in the N-isotopic signa-
ture of modern and Archaean sediments,
implying that these differences reflect bio-
genic and nonbiogenic processes, respectively
(see Fig. 5.4a). Again these authors are arguing
that the nitrogen biogeochemical cycle had
not begun in the Archaean. However, Pinti and
Hashizume (2001) showed that the N-isotope
values in Archaean sediments are very similar
to those in modern hydrothermal vents where
biological processes control the nitrogen cycle.
In this case the nitrogen cycle might be very
ancient but is expressed in Archaean sedi-
ments as a result of fractionations associated
with biogenic hydrothermal processes, rather
than the fractionations associated with the
biologically driven redox reactions of the mod-
ern Earth.

It has already been noted that there is an
unexpected difference in N/36Ar ratio between
the mantle and atmosphere. Miyazaki et al.
(2004) have suggested that this is very ancient
and took place during core formation. They
argue that during the formation of the core
nitrogen was preferentially partitioned into
the core relative to argon. This gave rise to
huge differences in N/36Ar ratio between the
core (�109) and the other Earth reservoirs
(atmosphere � 104). Inefficiencies in the core
formation process have led to the high N/36Ar
ratios now found in the mantle (106) and
explain the difference between mantle and
atmosphere. This means that the Earth acquired
its nitrogenous atmosphere very early and that
this has been maintained since the earliest
Archaean.

5.1.4 Sulfur
Sulfur occurs mostly in the solid Earth reser-
voirs and in oceans and is only a minor com-
ponent of the atmosphere. Volcanic,
sulfur-bearing gases emitted into the atmo-
sphere have only a short residence time and
are quickly transferred into the oceans. Because
sulfur occurs in both the oxidized form –
chiefly as the sulfate mineral gypsum, and in 
a reduced state – principally as the sulfide
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mineral pyrite, the element sulfur has an
important part to play in balancing the Earth’s
redox budget. An example of this is the way in
which the burial of biogenic sulfur in modern
sediments contributes to the present-day oxy-
gen flux (Section 5.3.1.6).

5.1.4.1 The modern sulfur cycle
Sulfur is removed from the continents by
weathering, as sulfate, and is transferred to the
oceans. In the oceans, sulfate may be either
bacterially reduced to sulfide and precipitated
in sediment, or removed as sulfate through
evaporation in enclosed sedimentary basins.
Sulfur is also added to the oceans from the
mantle. There are three routes. One is via vol-
canism and is in the form of sulfur gases (SO2
and H2S), a second is through the removal of
sulfur from the basaltic ocean floor through
high-temperature hydrothermal activity, and
the third through the low-temperature weath-
ering of oceanic crust. Of these, the hydrother-
mal contribution is likely to be the greatest.

Sulfur is also returned to the mantle. This
may follow one of two routes. The sulfur that
is mobilized in the oceanic crust during high-
temperature hydrothermal activity is a mix of
ocean crust sulfide and seawater sulfate. Some
of the seawater sulfate is converted into sul-
fide and fixed in the ocean crust and subse-
quently subducted into the mantle. In addition
sulfur is removed from the oceans to form
pyritized sediments and returned to the man-
tle during sediment subduction. Estimates of
the fluxes are given in Canfield (2004) and are
shown in Fig. 5.5.

5.1.4.2 The Archaean sulfur cycle
There are two reasons why it is likely that the
Archaean sulfur cycle might have been very
different from that which is observed in the
modern. First, as will be discussed later in this
chapter, the Archaean atmosphere had very
low levels of oxygen, so that there was no
oxidative weathering of sulfide in crustal rocks
at this time. This means that no sulfate was
delivered to the Archaean oceans through
weathering and consequently the Archaean
ocean was probably very low in sulfate.
Second, the removal of sulfate from the ocean
is bacterially mediated. The operation of this

process during the Archaean depends upon
when sulfur reducing bacteria appeared during
the Archaean. Both of these topics are dis-
cussed in some detail in this chapter (Section
5.4.3.1) and the next chapter (Section 6.4.3).

Hence the Archaean sulfur cycle (Fig. 5.5)
would comprise inputs into the atmosphere
and oceans from volcanic gases and into the
oceans from hydrothermal activity but not
river-borne sulfate. In addition, in the anoxic
oceans, the oxidative alteration of the ocean
floor would not take place. Thus the surface
sulfur reservoir would have been small and
most sulfur recycled back into the mantle as
sulfide minerals. The sulfate part of the sulfur
cycle is unlikely to have been fully operational
until the late Proterozoic (Canfield, 2004).

5.2 THE ORIGIN OF THE EARTH’S ATMOSPHERE

AND OCEANS

It is most likely that the volatiles which now
make the Earth’s atmosphere and oceans were
acquired very early in the history of the planet.
For this reason we need to return to the accre-
tionary history of the Earth discussed earlier,
in Chapter 2. Particularly useful here are the
noble gases (Ne, Ar, Kr, Xe and He), for their
abundances and isotopic ratios in the solar
nebula are relatively well known, and so their
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evolution can be tracked relatively easily from
the beginning of the solar system to the present.
Also important are the carbonaceous chondrite
meteorites. These are the most volatile rich of
all meteorites and were probably the principal
carriers of the Earth’s volatile elements.

5.2.1 Possible sources of the Earth’s volatiles
Understanding the origin of the Earth’s volatiles
is best done within the context of the standard
model of planetary accretion (Chapter 2,
Section 2.3.4.1). The terrestrial planets accret-
ed from a swarm of planetesimals and plane-
tary embryos, which had in turn formed from
the solar nebula. Hence the Earth’s volatiles
are likely to have been derived from their plan-
etesimal precursors and their chondritic
“building blocks.” Morbidelli et al. (2000) sug-
gested that the most likely sources of the
Earth’s water were the outer asteroid belt, the
giant planet regions, and the Kuiper belt, and
they propose that most of the Earth’s water
was carried by a few planetary embryos from
the outer asteroid belt, and that these were
accreted in the final stages of Earth formation.
Gases of the solar nebula were probably not an
important source of volatiles, since the extreme
solar wind associated with the T-Tauri phase
of stellar evolution is likely to have blown the
solar gas away. A further important aspect of
the Earth’s accretion is that it evolved within
the “liquid water habitable zone” of the solar
system (Kasting & Catling, 2003) and conse-
quently was able to become home to life (see
Chapter 6).

5.2.1.1 Constraints on the origin of the
Earth’s volatiles from volatile element
abundance patterns
Kramers (2003) calculated major and minor
(noble gas) volatile element abundance pat-
terns in the Outer Earth Reservoir (the atmo-
sphere, hydrosphere, oceanic and continental
crust, and recycled components in MORB-
source mantle). These are presented, normal-
ized to solar abundances, together with data
for chondrites in Fig. 5.6. The following obser-
vations can be made:
1.The volatile abundances in the Earth are

quite different from elemental abundances
in the solar environment.

2.The relative volatile abundances in the
Earth are similar to those found in chondrit-
ic meteorites. Ozima and Igarashi (2000)
drew the same conclusion from their study
of the isotopic compositions of the noble
gases in the Earth’s atmosphere (assuming
that they approximate to the whole Earth
noble gas inventory), and Lecuyer et al. (1998)
found that the Earth’s D/H ratio is the same
as that in carbonaceous chondrites.

3.Although the relative volatile abundances
are similar between Earth and chondrites,
the absolute abundances are much lower in
the outer Earth.

4.The element distributions in the Outer Earth
Reservoir and chondrites are fractionationed
relative to solar concentrations.

5.The concentration of xenon in the Outer
Earth Reservoir is depleted relative to what
might be expected from the chondritic abun-
dance pattern. This has been dubbed “the
Earth’s missing xenon” and is a feature also
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seen in Venus and Mars (Tolstikhin &
O’Nions, 1994).

5.2.1.2 Evidence from the noble gases
Ozima and Igarashi (2000) found that noble gas
ratios in the upper mantle are similar to those
in the modern atmosphere. This means that
the noble gases in the mantle and the atmo-
sphere experienced the same fractionation
event, an event which must have taken place
before the formation of the Earth, in which
case the fractionation may have taken place
during chondrite formation or be an even older
process within the solar nebula.

Firm evidence of a solar signature in the
Earth’s volatile budget comes from neon-iso-
tope studies. This can be seen in the 20Ne/22Ne
isotope ratio of mantle samples (MORB and
OIB), which is greater than the value for air
and close to the value for the solar nebula, as
determined from the analysis of solar wind
(Fig. 5.7). In detail neon-isotope systematics
provide a wealth of information about the ori-
gin of the Earth’s volatiles and the manner in
which they were incorporated into the mantle.
Elevated 21Ne/22Ne isotope ratios are controlled
by terrestrial nucleogenic processes in which

4He atoms, produced by the radioactive decay
of U and Th, collide with 18O in mantle min-
erals. In contrast, those 20Ne/22Ne values
which are elevated above the atmospheric
ratio of 9.8 are thought to contain a primordial
component of solar neon (20Ne/22Ne � 13.8).
Both midocean ridge basalts and ocean island
basalts display elevated 20Ne/22Ne isotope
ratios (Fig. 5.7) indicating they have a solar
component. A further member of the neon-iso-
tope system is the component Ne–B with a rel-
atively uniform 20Ne/22Ne ratio of 12.5. Ne–B
has been identified in meteorites and repre-
sents an event in the early history of the solar
system, during which meteorites and small
planetesimals were irradiated by solar atoms
and ions by a young sun, after the removal of
solar nebular gases (Fig. 5.7).

A recent study by Ballentine et al. (2005)
has established an upper limit for the
20Ne/22Ne isotope ratio in the upper mantle.
Using the noble gas composition of gases
exsolved from basalts derived from the upper
mantle, they found that the maximum
20Ne/22Ne isotope ratio is between 12.2 and
12.5. They conclude that this ratio cannot 
be the product of mixing or fractionation 
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processes but is a signal of a Ne–B component
in the upper mantle. Ballentine et al.’s (2005)
result for the upper mantle is significantly
lower than that for OIBs, which have 20Ne/22Ne
isotope ratios greater than 13, implying 
they contain a primordial, solar noble gas 
component.

The current interpretation of these observa-
tions is that there is a deep mantle source for
ocean island basalts which formed during 
the earliest stage of planetary formation by
directly trapping the gases of the original solar 
nebula. In contrast, the outer part of our planet,
the convecting upper mantle, is made up of
planetesimals which had been heavily irradi-
ated by solar ions, during a later phase of accre-
tion when the nebular gases had been swept
away and the planetary debris could be dire-
ctly irradiated by the young sun. The deep
neon reservoir is thought to be the D” layer of
the mantle and the two reservoirs appear to
have remained isolated from each other for 
the whole of Earth history.

5.2.1.3 The cometary “late accretion” model
Chyba (1987, 1990) argued that it was possible
that a significant portion of the Earth’s oceans
were of cometary origin, delivered by comets
of the Oort cloud between 4.5 and 3.5 Ga. His
calculations, based on the lunar impacting
record and an estimate of the proportion of
impactors that would be dominantly water-
bearing, suggest that between 0.2 to 0.7 ocean
masses of water could have accreted to the
Earth by this process (Chyba, 1990). However,
there are some serious doubts about this
model. Mass balance arguments presented by
Dauphas and Marty (2002) indicate that the
mass of comets present during late accretion
was very small relative to the total mass of
impacting bodies. A second reason, given by
Chyba (1990) himself, pointed out that the
addition of cometary water to Earth is not nec-
essarily cumulative, for existing liquid water
can potentially be removed by the addition of
a later impactor. Third, Kramers (2003) pre-
sented geochemical arguments to show that
the D/H ratio of all comets so far measured
(the Oort Cloud comets) is twice that of the
Outer Earth Reservoir. In addition the C/H

and N/H ratios of comets are similar to those
of carbonaceous chondrites and four times
greater than that of the Outer Earth Reservoir
and would give rise to higher C/H and N/H
ratios than are observed. A final problem with
this model is that the late delivery of volatiles
through comets leaves little scope for later
volatile loss – an important feature of the Earth’s
volatile abundance pattern (Section 5.2.2).

5.2.1.4 The source of the Earth’s volatiles
In detail there were two sources for the Earth’s
volatiles. Neon isotopes show that neon at
least, and probably all the noble gas inventory,
was derived from a solar nebular gas. The 
second source was chondritic, and most of 
the CO2 and H2O were derived through the
accretion of chondritic material. However,
this is not the full story, for the Earth also
experienced volatile loss – the topic of the next
section.

5.2.2 Constraints on volatile loss
After the accretionary event in which the
Earth acquired its volatiles, other processes
took place which caused it to lose them. There
are two lines of evidence which tell us about
the early Earth’s loss of volatiles. The first
comes from a comparison between the volatile
concentrations in the outer Earth and those of
carbonaceous chondrite meteorites (the most
primitive and most volatile-rich of all the
meteorite groups). It is clear from Fig. 5.6 that
the Outer Earth Reservoir has two to three
orders of magnitude less volatiles than car-
bonaceous chondrites. In addition it is evident
that the lighter major elements are more
depleted than the heavy ones.

The second piece of evidence comes from
the study of xenon concentrations and xenon
isotopes. Figure 5.6 shows that xenon is more
depleted in the Outer Earth Reservoir than it
should be, compared to the other noble gases.
This feature can be seen in both Xe abun-
dances and in xenon isotope ratios. For example,
129Xe and 136Xe are radiogenic isotopes produced
by the decay of 129I and 136Pu, respectively.
Their initial concentrations can be fairly well
constrained so that the amount of expected
129Xe and 136Xe can be calculated. Calculations
of this type show that the Earth has lost 
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99% of its 129Xe and between 60 and 90% of 
its 136Xe (Kramers, 2003). Since Xe is a heavy
gas, this means that at some stage in its 
history the Earth must have experienced 
the massive loss of its whole atmosphere.
Alternatively, the strongly fractionated dis-
tribution of the volatile elements requires 
an even greater loss of the lighter gases.
Calculations of this type require that between
97 and 99% of the original atmosphere has
been lost to space.

5.2.2.1 The timing of volatile loss
The short-lived radiogenic isotopes of Xe 
also provide information on the time of
volatile loss from the Earth. Kramers (2003)
showed that I–Xe systematics place a mini-
mum time limit on volatile loss of 90 Ma, and
combined 129Xe(I)–136Xe(Pu) systematics indi-
cate that Xe loss could have occurred until
100–200 Ma after the formation of the solar
system. These results are consistent with
extensive volatile loss during Earth accretion
but imply that xenon-loss continued long 
after the early-Earth differentiation (Yokochi
& Marty, 2005).

5.2.2.2 Mechanisms of volatile loss
Models for the loss of volatiles during the
Earth’s accretion history include hydrodyna-
mic loss – a special case of the thermally driven
atmospheric escape that occurs when the aver-
age thermal energy of hydrogen atoms or
molecules in the upper atmosphere is compa-
rable to the gravitational binding energy.
When this happens the atmosphere attains an
outward velocity at high altitudes comparable
to the speed of sound so that a variety of atmo-
spheric gases can escape together. A second
mechanism of atmosphere loss is through the
process of impacting. A giant impact of the
size which created the Moon could lead to loss
of the bulk atmosphere (Porcelli et al., 2001). A
third mechanism of volatile loss is related to
the magmatic outgassing of a magma ocean and
the exchange of gases from magma to atmo-
sphere that can take place during the lifetime
of a magma ocean. In this model the differen-
tial solubilities of volatiles can explain their
different concentrations in the outer Earth
reservoir.

5.2.2.3 Enhanced volatile loss in the presence
of an early liquid water ocean
A significant consideration in the discussion
of volatile loss during impacting is whether or
not the Earth had a liquid ocean at the time of
impacting, for the “impact erosion” of an
existing liquid water ocean, by a large
impactor exerts a significant control on the
loss of volatiles from the Earth.

Genda and Abe (2005) have recently argued
that there would have been an ocean on the
proto-Earth during the giant impacting stage.
They used a radiative–convective equilibrium
model for a H2O–CO2 atmosphere and calcu-
lated that protoplanets in an Earth orbit would
have a liquid water ocean whereas protoplan-
ets in the orbit of Venus would not. They
showed that when atmospheric loss is mod-
eled in the presence of a liquid water ocean 
it is greater than atmospheric loss on a dry
planet. The reason for this is that during a
giant impact the ocean vaporizes in the area of
impact, but also vaporizes elsewhere due to
the shock waves which travel through the
ground. Thus the presence of a liquid ocean on
Earth was likely during the giant impact phase
of accretion and this would have led to
enhanced volatile loss.

There is geochemical support for this
hypothesis from Kramers’ (2003) chondrite
normalized distribution pattern of the terres-
trial volatiles (Fig. 5.8). These data show a
chondritic ratio for C and N, and an over-
abundance of H and Cl relative to C and N
(Fig. 5.8). This is unexpected since hydrogen
with its low atomic mass should be depleted
more than the heavier carbon or nitrogen. A
similar relationship is seen when volatiles are
plotted as their likely molecular species.
Again, H as H2O and Cl as HCl do not lie 
on the trend of increasing abundance with
atomic mass. This observation can neither be
explained by a cometary origin of the Earth’s
water nor by a simple bulk volatile loss or
even a fractionated volatile loss. A possible
explanation for the increase abundance in Cl
and H is that these elements were preferen-
tially retained in a liquid water ocean. Thus
whilst other volatiles were fractionated during
impacting and the related hydrodynamic
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escape, H and Cl were retained in a liquid
water ocean.

5.2.2.4 The Earth’s missing xenon
Given that xenon is the heaviest of the noble
gases, its low abundance in the Outer Earth
Reservoir relative to chondrites (Figs. 5.7 and
5.8) is puzzling. Tolstikhin and O’Nions (1994)
argued that xenon depletion is the opposite of
what is expected during hydrodynamic escape
given the large mass of these atoms. Instead
they proposed that xenon loss has to be
explained by fractional degassing. More
recently Pepin (2000) has proposed that Xe was
fractionated on the early Earth by hydrody-
namic escape, perhaps because xenon alone
amongst the rare gases has the ability to
become ionized and escape in its ionized form.
This view is consistent with the protracted
period of Xe-loss calculated from Xe-isotopes.

5.2.3 A possible sequence of events for
volatile gain and loss on the early Earth
Evidence for solar neon in the deep Earth and
Ne–B in the upper mantle indicates that the

Earth’s volatiles were acquired in at least two
different stages during accretion (Ballentine
et al., 2005). In addition the low Earth abun-
dances of volatiles relative to chondrites indi-
cate that there were subsequent volatile-loss
events.

A possible sequence of events is as follows:
1.During early accretion the Earth gravitation-

ally captured gases from the solar nebula.
These would have provided the proto-Earth
with a dense primordial atmosphere and
would have induced deep melting to produce
a magma ocean. Exchange between the
atmosphere and the magma ocean led to the
dissolution of solar gases into the accreting
planet (Porcelli et al., 2001) and their con-
vection into the deeper part of the planet. It
is possible that this early stage of accretion
was reducing in which case carbon may have
dissolved in metallic melts and subsequently
removed to the core. In addition H2O may
have reacted with metallic melts giving 
rise to iron hydride which partitioned into
the core and/or H2 which would be lost 
by hydrodynamic escape (Kramers, 2003).
During this early stage of volatile accretion
it is likely that the noble gases made up a
significant part of the volatile budget.

2.Later accretion took place in a solar-gas free
environment in which carbonaceous chon-
drite grains and planetesimals were irradiat-
ed by the young sun to form Ne–B. At this
stage the Earth acquired a large volume of
volatiles from its carbonaceous chondrite
building materials. These volatiles were
already fractionated relative to solar concen-
trations as can be seen from the distribution
pattern of carbonaceous chondrites (Fig. 5.6).
This stage of accretion was probably more
oxidizing (Kramers, 2003).

3.Several episodes of volatile loss then fol-
lowed in which the overall concentrations of
all volatiles were reduced by one or two
orders of magnitude. It is likely that this
volatile loss took place through impact
degassing and Porcelli et al. (2001) have pro-
posed that this was the Moon-forming
impact event, at ca. 30 Ma after t0. Impacting
on this scale would have led to extensive
melting and volatile loss from all the outer
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Earth reservoirs. If this event took place 
in the absence of a blanketing solar gas 
then there would have been substantial gas
loss to space.

4.However, Genda and Abe (2005) and
Kramers (2003) have shown that the Earth
was likely to have had a very early liquid
water ocean. Consequently, atmospheric
loss probably took place in the presence of a
liquid water ocean, leading to enhanced
volatile loss.

5.Subsequent Earth history records that
volatiles have been recycled from the 
Earth’s surface back into the mantle through
subduction and then returned again to the
Earth’s surface reservoirs (Honda et al.,
2004).

5.3 THE NATURE OF THE ARCHAEAN

ATMOSPHERE

There is compelling evidence from both plane-
tary science and the Earth sciences that our
modern terrestrial atmosphere is very different
in composition from the Earth’s atmosphere 
in the Archaean. A useful starting point is 
to compare the composition of the Earth’s 

present atmosphere with those of the neigh-
boring terrestrial planets, Venus and Mars
(Table 5.4). It is evident that the Earth is
nitrogenous, oxygenic, hydrous and CO2-poor
and, in the language of James Lovelock, pos-
sesses a disequilibrium atmosphere. Why
these differences exist between the terrestrial
planets is much debated. One school of
thought has argued that the initial atmospheric
compositions of the three planetary atmo-
spheres must have been identical. This means
that the present differences reflect their subse-
quent planetary evolution, which must
include differential volatile loss, chemical
reactions between the atmosphere and planet-
ary surface, and, on Earth, reflects the impor-
tance of biological process (Hunten, 1993).
Thus, in this model Mars and Venus have 
lost their hydrous oceans. 
The alternative view is that the different plan-
etary atmospheres are original and are a func-
tion of their differing distances from the sun
and contrasting accretion histories. On this
basis Genda and Abe (2005) argued that Venus
had never possessed a liquid water ocean.

However, our purpose here is to explore
how the Earth’s atmosphere has changed with
time and examine the processes which have
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TABLE 5.4 The compositions of the atmospheres of the terrestrial 
planets Venus, Earth, and Mars. Compositions expressed in parts per 
million by volume or volume percent. Data from compilation of Hunten
(1993) and Lecuyer et al. (2000).

Venus Earth Mars

1.013 bars
+270 bars equiv

Pressure of H2O in oceans
planetary +ca. 60 bars equiv
atmosphere 92.000 bars CO2 in crust 0.006 bars

CO2 96.5% 0.033% 95.3%
N2 3.5% 78% 2.7%
H2O 30–200 ppm ca. 3% ca. 100 ppm
He 12 ppm 5.2 ppm 100 ppm
Ne 7 ppm 18.2 ppm 2.5 ppm
Ar 70 ppm 9,340 ppm 16,000 ppm
Kr 0.05 ppm 1.14 ppm 0.03 ppm
Xe 0.04 ppm 0.087 ppm 0.08 ppm
D/H 2.5�10�2 1.49�10�4 9�10�4
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governed this change. Four main processes are
thought to have been important and these can
be summarized as a variety of different reac-
tions between the atmosphere and the Earth
system. They include:
� volcanic degassing – the influence of the 

mantle on the atmosphere;
� weathering – the influence of the crust (oceanic

and continental) on the composition of the
atmosphere;

� gas exchange – the influence of the oceans on
the composition of the atmosphere;

� biogenic processes – the influence of life on the
evolution of the atmosphere.
Each of these themes will keep appearing in

the subsequent discussion.

5.3.1 The rise of atmospheric oxygen
The first systematic documentation of the
changing levels of oxygen in the Earth’s atmo-
sphere was made by Cloud (1972) who showed
that strongly oxidized iron-bearing sediments
(red beds) only appeared in the geological
record at about 2.0 Ga. Similarly, sediments
containing abundant reduced iron – banded
iron formations – ceased to be formed after
about 1.8 Ga. These observations imply that
there was a significant increase in the partial
pressure of atmospheric oxygen during the
early Proterozoic.

What is less certain is the proportion of
oxygen in the atmosphere prior to this period,
during the Archaean, although the evidence
discussed below suggests that it was low. In
this context it is helpful to think about oxygen
sources and sinks. Free oxygen will only exist
on Earth if production has first satisfied all
possible oxygen sinks (Kump et al., 2001;
Lasaga & Ohmoto, 2002). When seen in this
way it is clear that there might be two differ-
ent reasons for there being low oxygen levels
in the Archaean. On the one hand oxygen pro-
duction might have been low (e.g. Canfield,
2005). Alternatively, oxygen production might
have been high but was buffered through reac-
tion with surface rocks and reduced volcanic
gases (e.g. Kump et al., 2001). The modern bal-
ance between oxygen sources and sinks was
illustrated in the oxygen cycle diagram in
Chapter 1 (Section 1.1.2.2).

First however, we must examine the evi-
dence for ancient oxygen levels from paleo-
oxygen barometers in the ancient sedimentary
record.

5.3.1.1 Evidence from redox-sensitive detrital
minerals in clastic sediments
An important source of information about the
Earth’s early atmosphere are the redox-sensi-
tive minerals uraninite, pyrite, and siderite
which are present in Archaean fluviodeltaic
sediments but which are not found in similar
modern sediments (Rasmussen & Buick, 1999;
Frimmel, 2005). Notable occurrences are in
3.1–2.7 Ga clastic, fluviodeltaic sediments of
the Witwatersrand basin in South Africa and
in 3.25–2.75 Ga fluvial siliclastic sediments
from the Pilbara Craton in western Australia.
For example detrital uraninite (uranium oxide,
UO2) is found throughout the Witwatersrand
basin succession and yet in the modern weath-
ering environment uraninite is not stable and
is removed as an oxyhydride. Similarly detrital
pyrite is also present and thought to have been
exposed for sufficient length of time to have
equilibrated with the surface environment of
its time. Pyrite oxidation takes place at even
lower levels of oxygen activity than uraninite
and so is hypersensitive to an oxygenic atmo-
sphere. Calculations show that pyrite oxida-
tion in Archaean seawater with a pH of 6.0 is
very slow, even when the atmospheric fO2 is
10�3, and provide a further upper limit on
atmospheric oxygen levels in the late
Archaean (Frimmel, 2005). Detrital siderite is
also unstable in an oxidizing environment, and
yet is locally important in the Pilbara sedi-
ments where it appears to have been reworked
through several episodes of erosion (Rasmussen
& Buick, 1999). Taken together, the evidence
from detrital redox-sensitive minerals points
to low oxygen levels in the time interval
3.25–2.7 Ga.

5.3.1.2 Evidence from Fe-mobility in
paleosols
Paleosols are fossil soils. They have formed by
weathering in the subaerial environment and
so have the potential to provide information
about the composition of the atmosphere at
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the time of their formation. In a comprehen-
sive critique of proposed paleosols in the geo-
logical literature Rye and Holland (1998) found
that all paleosols formed prior to 2.44 Ga had
experienced significant Fe-loss in the upper
part of their weathering profile. However, this
was not the case for younger paleosols formed
after about 2.2 Ga, some of which have now
been identified as former laterites (Gutzmer &
Beukes, 1998; Beukes et al., 2002). This change
in the mobility of Fe is attributed to the rise of
atmospheric oxygen in the time interval
2.0–2.45.

The oldest recorded paleosols are developed
on 2.8 Ga basalts at Mount Roe in western
Australia. In these all the iron is stripped from
the upper part of the weathering profile. Rye
and Holland (1998) have used the composi-
tions of these samples to calculate that the
partial pressure of oxygen in the atmosphere at
2.8 Ga was very low and equal to or less than
3 � 10�4 atm. Support for this view comes
from the identification of the mineral rhabdo-
phane in 2.6–2.45 Ga paleosols from Pronto
Mine Canada (Murakami et al., 2001).
Rhabdophane is a REE-bearing phosphate min-
eral produced as a weathering product of
apatite, which at Pronto Mine contains unoxi-
dized Ce(III). The recognition of Ce(III) rather
than the oxidized form Ce(IV) indicates that
the weathering of the paleosol took place
under oxygen deficient conditions.

Most workers agree that the paleosol evi-
dence indicates that there was a change in the
level of atmospheric oxygen between about
2.45 and 2.0 Ga, although Ohmoto (1996) dis-
sents from this view. He believes that the loss
of iron from paleosols was a late process and
that initially ferric hydroxides were produced
in the soil from an oxygenic atmosphere 
and subsequently removed in later reducing
solutions.

5.3.1.3 Evidence from mass-independent
sulfur fractionation
An exciting new development in the field of
stable isotope geochemistry has been the
recent recognition of the importance of mass-
independent fractionation in the sulfur isotope

system (see Text Box 5.1). This new field has
important implications for assessing oxygen
levels in the early atmosphere. Most stable
isotope fractionations are controlled by the
mass differences between isotopes. This is
mass-dependent fractionation (MDF) and is
expressed as a deviation from the appropriate
standard as a “lower-case delta-value” in parts
per thousand (e.g. �33S ‰). Mass-dependent
fractionation follows specific rules based on
the relative atomic mass differences between
the fractionating isotopes (e.g. �33S ~ 1/2 �34S,
and �36S ~ 2 �34S). Fractionations of this type
are governed by thermodynamic, kinetic, and
diffusion processes and produce highly corre-
lated relationships between �33S and �34S
(Fig. 5.9a). MIF on the other hand, is where
fractionations take place in a different manner
from the simple proportionality predicted 
on the basis of atomic mass differences.
Deviations from the MDF line are expressed
using the convention “upper-case delta-value”
in parts per thousand (e.g. ∆33S ‰). One of the
more commonly used diagrams to represent
results of this kind is a plot of mass-dependent
�34S on the x-axis versus mass-independent
∆33S on the y-axis (Fig. 5.9b).

Laboratory studies have shown that the
most likely explanation for mass-independent
sulfur isotope fractionations within the Earth
system is through reactions which take place
within the gas phase and thereby provide an
important geochemical fingerprint of atmo-
spheric processes (Farquhar et al., 2000, 2002).
A particularly important reaction is the photo-
chemical oxidation of sulfur in the atmo-
sphere. Today this reaction is prevented by the
presence of ozone and oxygen in the atmo-
sphere which shield the lower atmosphere
from the ultraviolet radiation required for 
this reaction. Experimental studies show that
only tiny amounts of atmospheric oxygen 
are needed to prevent the photochemical 
oxidation of sulfur, indicating that photo-
chemical oxidation can only take place in 
an atmosphere with very low levels of 
oxygen.

What is important for studies of the early
atmosphere is that there is a significant change
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in ∆33S values in sulfide minerals before and
after about 2.45 Ga (Fig. 5.10). This result first
reported by Farquhar et al. (2000) has subse-
quently been confirmed by Mojzsis et al.
(2003), Ono et al. (2003), and Whitehouse et al.
(2005). Before 2.45 Ga there are measurable
∆33S fractionations, whereas after this time
they are not found in the geological record.
This implies that before 2.45 Ga oxygen levels
in the Earth’s atmosphere were low and that
there was insufficient oxygen and ozone in 
the upper atmosphere to block the ultraviolet

radiation which drives the photochemical oxi-
dation of volcanic sulfur gases in the atmo-
sphere. In detail Farquhar and Wing (2003)
have identified three stages of terrestrial ∆33S
fractionation (Fig. 5.10). Prior to ~2.45 Ga
(Stage I) large positive and negative ∆33S frac-
tionations are recorded (∆33S � �3.0 to �2.0)
requiring SO–SO2 photolysis in the atmo-
sphere. Pavlov and Kasting (2002) calculated
that this reaction can only take place if oxygen
levels were �10�5 the level of the present
atmosphere (PAL). The positive and negative
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values of ∆33S imply two sulfur reservoirs – 
a water soluble sulfate reservoir with negative
values and a reduced insoluble reservoir with
positive ∆33S values. Between 2.45 and 2.0 Ga
(Stage II) there is a small range of positive ∆33S
values. Farquhar and Wing’s (2003) preferred
interpretation is that this time interval records
the onset of oxidative weathering. This
requires a rise in oxygen levels from �10�5

PAL before 2.45 Ga to �10�2 PAL which
would prevent the photochemical oxidation 
of sulfur in the atmosphere. After 2.0 Ga
(Stage III) ∆33S variations are close to zero indi-
cating an absence of mass-independent sulfur
isotope fractionation consistent with higher
levels of oxygen in the atmosphere. These obser-
vations show that sulfur MIF also strongly 
supports a major change in the level of atmo-
spheric oxygen between 2.45 and 2.0 Ga.

5.3.1.4 The oxidation state of the Earth’s
mantle
One of the major controls on oxygen levels in
the modern atmosphere is the abundance of
reducing volcanic gases, for these are an
important oxygen sink. Lasaga and Ohmoto
(2002) calculated that the modern flux of
reduced carbon species (CO and CH4) is
1,500 � 1012 mol/Kyr, and the flux of other
reduced gases (H2, H2S and SO2) is 1,000 � 1012

mol/Kyr. If this flux has changed with time,
and in particular if it was more reducing in the
past, as has been suggested by Kasting et al.
(1993) and Kump et al. (2001), then this would
exert an important influence on atmospheric
oxygen levels.

Fundamental to this process is the oxida-
tion state of the Earth’s mantle, for equilibria
between elemental carbon and C–O–H fluids
control the proportions of oxidized and reducing
gases degassed from the mantle. Particularly
important here is knowing the extent to which
the oxidation state of the mantle has changed
with time. There have been a number of mod-
els which claim that the redox state of the
mantle was different in the past due either to
the separation of the Earth’s core (Kuramoto &
Matsui, 1996), the subduction of ferric iron
(Lecuyer & Ricard, 1999), or intense mantle
plume activity (Kump et al., 2001).

The principal tool for estimating the oxida-
tion state of the mantle is the calculation of
mantle oxygen fugacities. This is a measure of
the chemical potential, that is, the reactivity
of oxygen in the mantle system. A high man-
tle oxygen fugacity indicates a relatively oxi-
dizing system. Mantle oxygen fugacities can
be calculated from redox equilibria between
mantle minerals. The results are normally
compared to the quartz–fayalite–magnetite
(QFM) reference curve, regarded as the “nor-
mal” oxidation state of the modern upper
mantle and expressed in log units � QFM.
However, this enterprise is not simple, for in
the modern mantle oxygen fugacity varies
with tectonic setting (Parkinson & Arculus,
1999), and so the “normal” mantle can be hard
to define. Furthermore, magmas can evolve
with respect to their oxygen fugacity, as they
rise to the surface and degas, placing additional
limits on our detailed knowledge of their
source (Mathez, 1984; Ballhaus & Frost, 1994).

A number of different studies have been car-
ried out to determine the oxidation state of the
Archaean mantle (Fig. 5.11). These indicate
that Archaean komatiites have oxygen fugaci-
ties which approximate the QFM buffer 
curve (Nisbet et al., 1993; Canil, 1997, 1999;
Rollinson, 1997). Similarly, Archaean basalts
have oxygen fugacities close to that of modern
MORB. Li and Lee (2004) used V/Sc ratios in
Archaean basalts as a proxy for the oxygen
fugacity of their mantle source. They show
that 3.5 to 2.7 Ga basalts from a variety of
Archaean greenstone belts have an almost
identical V/Sc ratio to that of modern MORB.
They calculate an oxygen fugacity of
QFM �0.3 � 0.5 log units for the modern
MORB source and argue that the oxygen activ-
ity of the Archaean mantle is within 0.3 log
units of the modern mantle. Support for this
view comes from chromite compositions from
a differentiated basaltic layered intrusion in
the > 3.8 Ga Itsaq gneisses of west Greenland
which plot in the same field as chromites in
modern MORB and OIB, leading Delano (2001)
and Rollinson et al. (2002) to conclude that 
the redox state of the Earth’s mantle has
remained essentially constant for the past
3.8 Ga (Fig. 5.11).
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A number of studies have used xenoliths
from Archaean subcontinental lithosphere to
make inferences about the oxidation state of
the early mantle. For example Woodland and
Koch (2003) showed that the subcontinental
lithosphere beneath the Kaapvaal Craton dis-
plays a systematic decrease in oxygen fugacity
with depth (Fig. 5.11). However, it should be
remembered that the highly depleted nature of
the Archaean subcontinental lithosphere means
that it is atypical of the mantle as a whole and
may not therefore be useful as an indicator 
of mantle redox conditions (Chapter 3, Section
3.1.3.2).

In summary redox data for the Archaean
mantle seem to show that the Earth’s mantle
is not substantially more oxidizing now than
in the Archaean and that even in the early

Archaean (3.8 Ga) the oxygen activity of the
depleted mantle was broadly the same as it is
today. Hence models for the evolution of the
Earth’s atmosphere, which require a changed
proportion of oxidizing to reducing gases from
volcanic sources over geological time, cannot
be sustained.

5.3.1.5 Charting the rise of atmospheric
oxygen over time
Currently the best fingerprint for the rise in
atmospheric oxygen is provided by the mass-
independent fractionation of sulfur isotopes.
These studies show that the Earth’s atmosphere
experienced a significant oxidation event
between 2.45 Ga and 2.0 Ga. This has been
termed the Great Oxidation Event by Holland
(2002). Pavlov and Kasting (2002) proposed
that prior to 2.45 Ga oxygen levels were less
than 10�5 the level of the present atmosphere
(PAL), that is, �2 ppm, and after 2.0 Ga were
greater than 10�2 PAL (�2,100 ppm). (Fig. 5.12)
The argument for low oxygen levels prior to
2.45 is corroborated by the existence of the
detrital minerals pyrite, uraninite and siderite
in the 3.2–2.7 Ga Witwatersrand and Pilbara
sediments, and from the composition of the
2.75 Ga Mount Roe paleosol. Evidence for high
atmospheric oxygen levels at around 2.0 Ga
comes from the presence of “red beds” in the
stratigraphic record and the discovery of lat-
erites, some of which are as old as 2.2 Ga
(Beukes et al., 2002).

Recently Bekker et al. (2004) found syn-
genetic pyrite in the 2.32 Ga organic rich
shales of the Rooihoogate formation and the
conformably overlying Timeball Hill forma-
tion of the Transvaal Supergroup, South Africa,
which shows no evidence of sulfur isotopes
MIF. This result indicates that oxygen levels
were in excess of �10�5 PAL by 2.32 Ga, thus
narrowing the interval of atmospheric oxygena-
tion to between 2.47 Ga (Mojzsis et al., 2003)
and 2.32 Ga. The rise of atmospheric oxygen
may be further constrained by the observation
that in the lowest part of the Rooihoogte–
Timeball Hill sequence there are pebbles of
sideritic facies iron formation, indicating a
reducing environment, whereas in the upper
part there are haematitic pisolites, indicating
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an oxidizing environment (Bekker et al., 2004).
It may be therefore that the first rise in atmo-
spheric oxygen took place during the deposi-
tion of the Rooihoogte–Timeball Hill sequence
at 2.32 Ga.

Collectively these data indicate that there
was a change in the proportion of oxygen in
the Earth’s atmosphere over time. This change
seems to have taken place at about 2.3 Ga.
However, why, and precisely how the compo-
sition of the atmosphere changed at this time
is still a matter of debate and will be discussed
further below.

5.3.1.6 Oxygen regulation over geological time
In the modern Earth oxygen production
through photosynthesis is balanced by the
reduction of oxygen by organic carbon. Strictly
therefore no oxygen should accumulate.
However, over Earth history oxygen levels have
been regulated by the compounds of carbon,
sulfur and iron and the presence of free oxygen
can be explained by the removal of a small

amount of organic carbon and sulfur in the
form of pyrite, during the burial of sediments.

The burial history of organic carbon over
time can be deduced from the carbon isotope
record (Fig. 5.13). Dissolved inorganic carbon
is converted to organic carbon by autotrophic
processes. In the course of these reactions car-
bon isotopes are fractionated such that 13C is
enriched in the inorganic reservoir and depleted
in the organic carbon reservoir. Records of 
the composition of the organic reservoir over
geological time can be obtained from the iso-
topic composition of buried organic carbon
and of the inorganic carbon from the isotopic
composition of carbonates precipitated from
the oceans. Perhaps, rather surprisingly this
isotopic record shows that the compositions of
organic and inorganic carbon have been
approximately constant since about
3.2–3.5 Ga (Schidlowski, 1988). This agrees
with evidence from the fossil record which
tells us that oxygen-producing cyanobacteria
were present on Earth by at least 2.7 Ga and
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maybe as early as 3.5 Ga (Catling et al., 2001)
(see Chapter 6, Section 6.5.1).

Bjerrum and Canfield (2004) have used the
relationship in Fig. 5.13 to calculate the ratio
of organic carbon burial to the total amount of
carbon buried in the sedimentary record over
time. They show (Fig. 5.13b) that organic car-
bon burial was less in the Archaean than at the
present day. These authors also calculated the
effects of a third carbon isotope reservoir – that
of carbonate in the oceanic crust – and showed
that in this case the degree of organic carbon
burial was much less in the Archaean than at
present. This result would imply that oxygen
levels were low in the Archaean, not because

of extensive consumption (large oxygen sinks)
but because oxygen production was very low.
However, some of the assumptions used in
these calculations have been challenged, for
example there is evidence that the average
organic content of sediments has remained
constant at 0.5 wt% over geological time
(Catling & Claire, 2005) and the evidence for a
depleted �13C reservoir of carbonates in the
oceanic crust is not consistent with the carbon
isotope measurements of Nakamura and Kato
(2004) for 3.5 Ga carbonatized basalts.

A central question in this discussion is why
atmospheric oxygen levels rose so sharply at
about 2.3 Ga. A related question is why there
was a delay of several hundred million years
between the first oxygen production from
cyanobacteria and the rise of atmospheric oxy-
gen. A number of possible explanations have
been offered. First, there may has been a dra-
matic change in the abundance of volcanic,
reducing gases added to the Earth’s atmo-
sphere at 2.45 Ga, through the upwelling of an
oxidized lower mantle plume (Kump et al.,
2001; Barley et al., 2005). However, this model
neither sits comfortably with the redox data
for the Archaean mantle discussed earlier, nor
with the reducing nature of the modern lower
mantle (McCammon, 2005). Alternatively,
oxygen sinks in the form of new continental
and oceanic crust, formed in the late Archaean
as the consequence of abundant plume mag-
matism, may have consumed oxygen, delaying
its rise in the atmosphere until 2.4–2.3 Ga
(Barley et al., 2005).

A second possibility, proposed by Catling
et al. (2001) is that oxygen levels in the Earth’s
atmosphere result from a net loss of hydrogen
from the Earth through the process of hydrogen
escape. This model is based upon the assump-
tion that a significant methane component had
accumulated in the atmosphere in the late
Archaean and that the hydrogen was produced
through the oxidation of this methane. In this
model, the rise in oxygen levels in the atmo-
sphere marks the point at which crustal oxy-
gen sinks become saturated, permitting the
level of free atmospheric oxygen to rise.

A third model for the rise in atmospheric
oxygen levels at ca. 2.45 Ga focuses on an
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increase in oxygen production, rather than, as
in the previous models, a decrease in its con-
sumption. Bjerrum and Canfield (2002, 2004)
argue that oxygen production in the Archaean
was limited by the supply of phosphorus as a
nutrient, since during the Archaean most
phosphorus was adsorbed onto Fe-oxides in
BIFs (see Section 5.4.3.2). This changed
between 2.4 and 2.5 Ga, with the increase in
sulfate levels in the oceans leading to the
sequestration of Fe as sulfide, hence freeing up
more phosphorus. Thus after about 2.4 Ga 
the increased availability of phosphorus per-
mitted an increased oxygenic photosynthesis,
leading to higher levels of oxygen in the atmo-
sphere.

Deciding between these competing options
requires a quantitative knowledge of oxygen
sources and sinks in the late Archaean/early
Proterozoic (Catling & Claire, 2005). Initial
attempts at such a quantification suggest that
the redox states of the continental crust and/or
the mantle may hold the key to this puzzle
(Claire et al., 2005), although this more sophis-
ticated approach is still in its infancy.

The implications of the rise in the level of
atmospheric oxygen between 2.47 and 2.32 Ga
are profound and affected more than just the
composition of the Earth’s atmosphere, oceans
and surface. It was noted earlier that Th/U 
and Nb/U ratios in the Earth’s mantle have
changed with time (see Chapter 3, Section
3.2.3.3 and Chapter 4, Section 4.2.1.1). The
increase in these ratios is thought to reflect
the increasing mobility of U in an oxygenic
surface environment and implies the return of
oxidized materials from the Earth’s surface to
the mantle by subduction.

5.3.2 The reduction in atmospheric CO2
levels over geological time
There are a number of reasons for believing
that the Earth originally had a more CO2-rich
atmosphere than it does today. At a very basic
level the simple comparison with its planetary
neighbors Mars and Venus shows that they
both now have atmospheres with more than
95% CO2 (Table 5.4). Since it is likely that, in
the absence of living organisms and an active
tectonic cycle, these planets have retained

much more of their original atmosphere than
has the Earth, CO2 was probably more abun-
dant in the early Earth. A second reason for
believing that the Earth originally had more
CO2 in its atmosphere is from estimates of the
total amount of organic and carbonate carbon
on Earth – thought to be at least 3.6 � 1021 mol
(Fig. 5.14). (If this was all present as CO2,
although of course there is no certainty that it
all was, then it would have made an atmo-
sphere of about 60 bars (Table 5.4)).

The third reason for inferring a more CO2-
rich atmosphere in the past arises from what
has become known as the “faint young sun
paradox.” This was first articulated by Sagan
and Mullen (1972) who argued from solar mod-
els that in the early Archaean, the sun, as a rel-
atively young star, would have had a 25–30%
lower luminosity than it does now. This
reduced luminosity, it is argued, would have
led to much lower surface temperatures on
Earth that at present, and a frozen Earth until
about 2.0 Ga ago. The paradox arises because
the Earth’s oldest known sediments from the
� Ga Isua greenstone belt are clearly water-lain
and show no evidence of a frozen Earth (Fedo
et al., 2001).

One of the most widely accepted solutions
to the faint young sun paradox is that the early
Earth had a greenhouse atmosphere which
compensated for the lower solar luminosity,
and which kept surface temperatures above
freezing throughout Earth history. The princi-
pal greenhouse gas, capable of producing a
warm young Earth is CO2, and it would have
had to make a significant contribution to the
composition of the atmosphere prior to about
2.0 Ga. In the sections which follow we dis-
cuss the geological evidence in support of the
“CO2-rich atmosphere” hypothesis, explore
possible modifications to this hypothesis in
the form of methane mixing, examine ways in
which CO2 levels have been reduced over time
and seek to quantify CO2 levels in the Earth’s
atmosphere over geological time.

5.3.2.1 Geological evidences for an early,
CO2-rich atmosphere
Mineral CO2-barometers and other features of
the Archaean sedimentary record confirm that
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there were higher levels of CO2 in the
Archaean atmosphere than today, and in some
cases permit us to quantify them.

Nahcolite. The mineral nahcolite (imagina-
tively named after its formula NaHCO3) is a
primary evaporite mineral that has been found
in 3.4 Ga sediments in the Barberton green-
stone belt and in 3.2 Ga silicified sediments at
Pilbara in western Australia (Lowe & Tice,
2004). Experimental studies show that,
although nahcolite is not normally a stable
phase in evaporites, it may become so if there
is a high enough partial pressure of CO2. On
the basis of their observations Lowe and Tice
(2004) calculated a minimum CO2 level of
between 1.4 and 10% in the atmosphere, for
Archaean surface temperatures of between 55
and 85	C. It should be noted, however, that
this value would be much lower if lower sur-
face temperatures were used in the calculation.

Paleosols. Paleosols formed before 2.2 Ga
tend to contain iron silicates, rather than
siderite–iron carbonate. Rye et al. (1995) used
carbonate-silicate mineral equilibria in the
2.75 Ga Mount Roe paleosol to estimate the
partitioning of CO2 between soil and air in 
the late Archaean. Their calculations suggest a
maximum partial pressure of 10� 1.4 (0.04)
atmospheres CO2 in the late Archaean atmo-
sphere, significantly lower than the estimate
of Lowe and Tice (2004) based on nahcolite. A
lower limit for atmospheric CO2 comes from
the study of siderite–clay mineral equilibria
for weathering rinds on clasts in river gravels
from the 3.2 Ga Moodies Group of the Barberton
greenstone belt, in south Africa (Hessler et al.,
2004). In this study the minimum partial pres-
sure for atmospheric CO2 at 3.2 Ga was calcu-
lated to be 2.5 � 10�3 bars at 25	C.

Archaean weathering profiles. Further evi-
dence for a CO2-rich Archaean atmosphere
comes from indications of an aggressive
weathering regime in the late Archaean sedi-
mentary record, driven by a high content of
carbonic acid in the weathering environment.
Two different arguments are used to support
this claim. First, first-cycle sediments are
much more refractory than their modern

counterparts. An example of this is seen in the
sediments of the 3.2 Ga Moodies Group in the
Barberton greenstone belt, where Lowe and
Tice (2004) show that only the most refractory
components of the source terrain are present
and all other mineral phases have been
removed. Weathering rates, however, are also a
function of temperature and high tempera-
tures in the Archaean could have been caused
by greenhouse gases other than CO2. This
means that arguments based upon weathering
intensities cannot be used to argue for CO2 as
a unique weathering agent.

The second argument is based upon the
chemical index of alteration (CIA) of Archaean
sediments, which is another measure of the
refractory nature of the sedimentary source.
On the CIA scale fresh granitoids are 45–55
and Mesozoic to recent shales are 70–75.
Archaean shales from the ca. 3.0 Ga Buhwa
greenstone belt in southern Zimbabwe have
very high CIA values of between 95 and 100,
indicating that they were derived from a
source region which had experienced the com-
plete removal of Na, Ca and Sr and the conver-
sion of virtually all plagioclase to aluminous
clays (Fedo et al., 1996). Similarly weathering
profiles in the 3.0 to 2.78 Ga Central Rand
Group in the upper part of the Witwatersrand
succession extend to several meters below ero-
sional unconformities and have CIA values in
the range 80–90 (Frimmel, 2005).

Interestingly, when this line of enquiry is
extended back in time to the oldest known
clastic sediments – the � 3.7 Ga sediments of
the Isua greenstone belt – there is no strong
evidence for extreme source weathering. Bolhar
et al. (2005a), found that most Isua samples
have CIA values between 46 and 69, with only
a few samples with higher values. At first
glance this suggests that weathering in Isua
times was not extreme, although it may be
that weathering in an emergent oceanic set-
ting (Isua) took a different form from that in a
continental setting (Kaapvaal). Alternatively
the CIA is not a good measure of atmospheric
CO2 levels. In this context the work of
Holland (1984) is important. He examined the
acid–base balance of Archaean rocks and cal-
culated the amount of CO2 needed per kilo-
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gram of igneous rock to obtain average shale.
These calculations showed that there was no
great difference between average Archaean
shales and modern shales, suggesting that CO2
levels in the Archaean atmosphere were not
much greater in the Archaean than at the 
present day.

5.3.2.2 The role of methane
One of the important observations made by
Rye et al. (1995) in their paleosol study of
Archaean CO2 levels is that the calculated lev-
els are too low. The greenhouse properties of
an atmosphere with 0.04 atmospheres of CO2
are not enough at 2.75 Ga to compensate for
the effects of the lower solar luminosity. This
means that there has to have been an addi-
tional greenhouse gas present in the Archaean
atmosphere. A similar line of reasoning has
been followed by Zahnle and Sleep (2002) in
their modeling of CO2-drawdown (Section
5.3.2.3). They too find that there was not
enough CO2 present in the Archaean to warm
the Earth sufficiently to maintain “modern”
surface temperatures. The solution to the
problem has to be that there was an additional
greenhouse gas in the Archaean atmosphere.
The preference is for methane, since it would
have been stable in an anoxic atmosphere.

A likely source of this methane in the
Archaean is methanogenic bacteria, probably
one of Earth’s earliest life-forms (Hayes, 1994;
Kasting & Seifert, 2002). Today methane levels
in the Earth’s atmosphere are kept low
(1.7 ppm) through reaction with atmospheric
oxygen. In an anoxic Earth, however, methane
levels could have risen to several orders of
magnitude greater than today. Methanogens
thrive at higher temperatures and, so the
warming effect of higher methane levels could
have resulted in increasing CH4 production.
There is some evidence that this may have
happened during the late Archaean, for
between 3.0 and 2.5 Ga there was a negative
excursion in the 13C isotope record (Hayes,
1994), which could be explained in terms of an
overabundance of biogenic methane (Fig. 5.13).

A further consequence of a methane-rich
early atmosphere is that it will photolyze in the
upper atmosphere and undergo photochemical

reactions to produce hydrogen (Catling et al.,
2001). The net effect of this process is to liber-
ate oxygen and allow it to accumulate in the
Earth system.

5.3.2.3 Controls on CO2-drawdown
In the modern Earth the principal agent of
CO2-drawdown is through the weathering of
silicate rocks as part of what is known as the
“Urey Cycle,” after its identification by Urey
(1952). The chemical reaction which sum-
maries this process is

CO2 � CaSiO3 → CaCO3 � SiO2

In the Urey cycle the CO2 sequestered dur-
ing silicate weathering eventually becomes
immobilized as limestone. The process is then
reversed during the burial and metamorphism
of limestone, and CO2 is released back into the
atmosphere. The principal feedback in this
cycle is through the strong temperature depen-
dence of silicate weathering, so that in a warm
Earth CO2 is consumed at a greater rate than
in a cool Earth. However, the more rapid
uptake of CO2 reduces the greenhouse effect,
cooling the Earth so that CO2 consumption 
is reduced. In this way the continental cycle 
of silicate weathering buffers atmospheric CO2
levels and climate.

In a quasi-uniformitarian Urey cycle-based
model Kramers (2002) sought to quantify the
CO2-drawdown capacity of the continental
crust over time as a function of area of the sil-
icate landmass. The change in area of the sili-
cate landmass over time can be monitored
using the crustal growth curve and erosion
rates through the volume of crust-mantle recy-
cling. This means that CO2 is removed from
the atmosphere proportionate to the volume of
rock mass. Drawdown curves are shown for
two different crustal drawdown capacities
(Fig. 5.14), and the results compared to an esti-
mate of the amount of CO2 accumulated in the
atmosphere as a result of mantle degassing
over time. These calculations show that CO2-
drawdown exceeded CO2 degassing at some
time between 2.5 and 1.5 Ga, indicating that
the Earth’s CO2 atmosphere was removed at
some time between 2.5 and 1.5 Ga ago.
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An alternative sink for CO2 is the oceanic
rather than the continental crust and a number
of authors have argued that this was also  an
important process, perhaps the dominant pro-
cess, in the Archaean. This approach to CO2-
drawdown was modeled by Zahnle and Sleep
(2002). They show that CO2 storage as carbonate
in the ocean crust is controlled by the hydrother-
mal flux through the oceanic crust – the seafloor

weathering flux. This in turn is governed by the
exchange of CO2 between the oceans and atmo-
sphere, the supply of water to the ocean crust,
and the availability of “reactable” cations in
the oceanic crust. In a simple mass balance
exercise Zahnle and Sleep (2002) demonstrate
the importance of an oceanic crust reservoir by
showing that present-day mantle outgassing of
CO2 at ocean ridges is the same as the mantle
ingassing of carbonated oceanic crust during
subduction. Their calculations are credible in
as much as one of the outputs of their model is
a steady state reservoir for carbon in the oceans
and atmosphere, which looks very similar to
that which exists today.

This model also works well for the Archaean,
with its likely higher mantle heat flow and
smaller continental mass and is consistent
with calculations which show that there was a
much higher flux of hydrothermal fluid into
the early oceans compared to the present day
(Section 5.4.2). In addition, it is consistent
with the many observations of carbonate alter-
ation in Archaean mafic and ultramafic rocks
(Rose et al., 1996; Nakamura & Kato, 2004).
Nakamura and Kato (2004) proposed a global
carbon flux of 3.8 � 1013 mol/yr into the ocean
floor at 3.46 Ga, an order of magnitude greater
than the modern carbon flux of veined MORB
(Table 5.3). If these Archaean fluxes are used in
Zahnle and Sleep’s (2002) ingassing-outgassing
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mass balance model it predicts an Archaean
atmosphere with a CO2 level of between 8 and
14 PAL (0.002–0.004 bars).

If the Zahnle and Sleep (2002) model for
CO2-drawdown is correct, and CO2 was princi-
pally stored in the oceanic crust during the
Archaean, this does not necessarily negate the
calculations of Kramers (2002), but it does
shift the time of CO2-drawdown back to per-
haps the mid-Archaean. However, a problem
with the Zahnle and Sleep (2002) model is
that, unlike the Urey cycle, the Archaean
oceanic weathering cycle has no inbuilt tem-
perature feedback and needs a “thermostat” to
maintain equable surface temperatures on the
early Earth. This problem could be solved
(just) if there were very high levels of CO2 in
the atmosphere, but the better solution is to
include methane as a significant component of
the Archaean atmosphere.

5.3.2.4 Quantitative estimates of CO2 levels
over time
The data presented above can be used to set
some limits on CO2 levels over geological
time. The 2.75 Ga paleosol evidence sets an
upper limit of 0.04 bars on CO2 levels whereas
the weathering rind study of Hassler et al.
(2004) may set a lower limit of 0.0025 bars for
3.2 Ga. Calculations by Mel’nik (1982) show
that CO2 levels were not greater than 0.1–0.15
bars, for otherwise BIFs would be present as
iron carbonates rather than oxides. The nahco-
lite study of Lowe and Tice (2004) lies within
this range, although this result must be reg-
arded as a maximum, as does the estimate of
Zahnle and Sleep (2002) based purely on a
mass balance between volcanic CO2 and sub-
ducted, carbonated ocean crust (Fig. 5.15).

Figure 5.15 also shows that these data con-
firm what has already been discussed, that
estimates of CO2 levels in the Archaean are
lower than those required to compensate for
the faint young sun and an additional green-
house gas is required. This additional gas was
most probably methane.

5.3.3 How high were surface temperatures on
the early Earth?
Ever since the faint young sun problem was
identified by Sagan and Mullen (1972) there

has been some uncertainty attached to the
temperature of the Earth’s surface during its
earliest history. Initial calculations based upon
a 25–30% lower solar luminosity indicated
that the Earth should have been frozen until
about 2.0 Ga resulting in global glaciation.
This is no surprise for ices of various kinds 
are commonplace on other planets and their
moons. However, this was not the case on Earth,
as has been discussed above. Investigating this
problem from the high-temperature end, Sleep
et al. (2001) calculated that surface tempera-
tures fell to below 100	C in as little as 2 Ma
after the lunar impact magma ocean. Hence
inferences of a hot early Earth – the Hell-like,
“Hadean” period of Earth history – appear to
be ill-founded, and it may be that Hell was
quite cool, maybe even cold!
Geological evidences. The presence of liquid
water on Earth over most of its history sets an
approximate limit to Earth’s surface tempera-
ture over time, indicating that, with the excep-
tion of a few ice ages, it has been maintained
between greater than 0°C and less than 100	C.
However, estimates of actual surface tempera-
tures in the early Earth are few and are based
upon oxygen isotope studies. Knauth and Lowe
(1978, 2003) used the temperature dependence
of oxygen isotope fractionation between chert
and ocean water to show that cherts in the
3.2–3.5 Ga Barberton greenstone belt equili-
brated under ocean temperatures of 70 � 15	C
(a hydrothermal ocean?). In a similar manner
Veizer et al. (1989) found that mid- to late-
Archaean limestones formed from ocean water
about 30	C warmer than that at the present
day. Evidence from the upper temperature
limit of oxygen photosynthesis and the pres-
ence of photosynthesizing bacteria since about
2.7 Ga, limit surface temperatures to below
73	C (Lowe & Tice, 2004).

Early-Earth climate modeling. As already dis-
cussed (Section 5.3.2) the preferred solution to
the faint young sun paradox is that the early
Earth had a greenhouse atmosphere, which
mitigated the effects of the lower solar lumi-
nosity. The preferred greenhouse warming gas
is carbon dioxide, although there is good evi-
dence that this must have been supplemented
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with methane (Zahnle & Sleep, 2002; Kasting,
2005).

A variety of climate models have been used
to calculate the balance between the concen-
tration of CO2 in the atmosphere of the early
Earth and surface temperatures. The model of
Kasting (1993) illustrated in Fig. 5.15 explores
the effect on temperature of between 0.1 and
10 bars CO2 in the atmosphere at ca. 4.5 Ga,
and assumes no albedo effect from cloud cover.
The resulting temperatures were generally
higher than the present-day mean of 15	C,
apart from during glacial events as indicated
by the inflexion at 2.5 Ga. More recently
Zahnle and Sleep (2002) have shown that in
climate models where CO2 is the main green-
house gas, temperatures may have been as 
low as 1	C, and in some special cases below
freezing. However, in climate models which
include methane, temperatures of about 15	C
can be sustained.

The first glaciations. The earliest glacial
events on Earth appear to be recorded in the
diamictites of the Mozzan sediments of the
2.9 Ga Pongola supergroup in South Africa
(Young et al., 1998) and in their possible correl-
atives in the West Rand Group of Witwatersrand
succession (Frimmel, 2005). Slightly younger
glacial sediments are reported from the early
Proterozoic Huronian (Nesbitt & Young, 1982)
and the 2.3 Ga sediments of Transvaal
Supergroup, South Africa (Bekker et al., 2004).
These latter diamictites are thought to have
formed at low latitudes, for paleomagnetic
estimates on contemporaneous lavas indicate
a latitude of 11 � 5	 (Evans et al., 1997),
prompting discussion of a Paleoproterozoic
“snowball Earth.”

These results suggest a largely ice-free world
during the Archaean with excursions into
freezing temperatures in the early Proterozoic
and maybe at 2.9 Ga.

5.4 THE NATURE OF THE ARCHAEAN OCEANS

When integrated over Earth history, probably
the two most significant contributions of dis-
solved ions to the oceans have been from
rivers – reflecting a continental contribution –

and from ocean-ridge hydrothermal vents –
representing a mantle contribution. The rela-
tive balance of these two has been the subject
of much discussion. In addition to these con-
tributions, the composition of the modern
oceans is determined by a wide variety of other
processes. These include outputs to sediment
through scavenging and precipitation, equilib-
ria of the surface layers with the atmosphere,
and a range of biologically mediated processes.

Thus in the Archaean, when initially there
was no life – or life of a different kind, when
the atmosphere was more CO2-rich and less
oxygenic, and when landmasses were smaller,
but weathering processes more aggressive, it is
to be expected that sea water had a very differ-
ent composition from the present day. In fact,
in an early study Walker (1983) suggested that
in the Archaean oceans had a lower pH and a
lower carbonate and sulfate content, but high-
er concentrations of Ca, Fe2�, Ba, Si, Na, Cl
and bicarbonate.

In this section we first explore the likely
timing of ocean formation and then investi-
gate the nature of ocean water chemistry in
the early Earth.

5.4.1 First indications of water – a cool early
Earth?
Until a few years ago the best evidence for 
the antiquity of the Earth’s oceans was from
the > 3.7 Ga water-lain sediments of the Isua
greenstone belt, west Greenland. Now we
think that the oceans are probably much older
than this, for there are several new, but indi-
rect, lines of evidence which point to the exis-
tence of liquid water extremely early in Earth
history. Perhaps the most striking of these is
the observation that some carbonaceous chon-
drite meteorites display hydrothermal alter-
ation. This means that there was water
present on their parent asteroid and implies
that liquid water was present even during the
process of planetary accretion (Zolensky,
2005). This argument is consistent with the
evidence from the distribution of volatile ele-
ments on the modern Earth (Section 5.2.2.3)
which is most easily explained if there had
been a liquid water ocean on Earth during
impacting.
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Further support for the notion of a very
early water-ocean comes from the thermal
modeling of Sleep et al. (2001) who showed
that an early magma ocean, formed as a result
of the Moon-forming event, would have cooled
extremely rapidly, so that the Earth’s surface,
covered perhaps by only a thin crust, was at
temperatures below 100	C at some time
between 4.54 and 4.51 Ga. Liu (2004), in a
study which supports this finding, calculated
that under the high pressures of the primitive
atmosphere – maybe 250–400 bars – a liquid
ocean would begin to condense at temperatures
even as high as 300–450	C, again supporting
the view that a liquid water ocean condensed
very rapidly after the formation of the Moon.

These calculations are also consistent with
evidence from the oldest known Earth materi-
als, the 4.4 Ga-old zircons from western
Australia, which also indicate the presence of
liquid water on the Earth at the time of their
formation. Wilde et al. (2001) and Valley et al.
(2002) found that these ancient zircons contain
elevated oxygen isotope ratios, very similar 
to geologically more recent samples in which
the oxygen isotopes indicate interaction with
meteoric water. This oxygen isotope evidence
provides a tantalizing glimpse at a possible
hydrological cycle in ancient crust possibly as
early as 4.325 Ga (Cavosie et al., 2005).
Together these different lines of evidence 
provide strong evidence for cool surface tem-
peratures on the young Earth, and support 
the idea of a liquid water ocean between 4.4.
and 4.5 Ga.

Although the first water lain sediments
have now been supplanted as the critical evi-
dence for water on Earth, they are not without
their own controversy. There has been much
recent discussion of possible water lain sedi-
ments on Akilia Island in west Greenland
older than 3.85 Ga (Nutman et al., 1997),
although their sedimentary origin has been
questioned by Fedo and Whitehouse (2002).
There has also been some debate over the 
sedimentary status of the better known 
“sediments” in the Isua Greenstone Belt in
west Greenland. Now the matter is settled for
Fedo et al. (2001) have provided good evidence
that water lain sediments and subaqueous 

pillow lavas formed at Isua before 3.71 Ga.
However, what were once believed to be sedi-
mentary carbonates are now thought to be
metasomatized volcanic rocks (Rose et al.,
1996). Even older sediments may be present in
this area, for south of Isua there is a region 
of older crust (�3.8 Ga), from which BIF has
been reported (see Nutman et al., 1997;
Rollinson, 2002).

5.4.2 Proxies for the composition of ancient
sea water
Chemical sediments such as evaporates, lime-
stone, BIF and chert are rocks which have been
precipitated directly from sea water and so are
important as potential proxies for the composi-
tion of ancient sea water. Recent studies by
Bolhar et al. (2004, 2005b) and Kamber and
Webb (2001) have shown, from a comparison
between ancient and modern carbonates, that
the REEs and Y are very effective in finger-
printing the sea water signal in ancient chemi-
cal sediments (although see Johannesson et al.,
2006). Modern ocean waters are characterized
by positive La and Y anomalies, and a negative
Ce anomaly and the REE and Y show a pattern
of relative enrichment from light to heavy REE
(Fig. 5.16). The Ce deficiency reflects the ease
with which soluble Ce(III) is oxidized to the
relatively insoluble Ce(IV) and subsequently
scavenged from the water column (Bau, 1999).
The presence of a negative Ce-anomaly there-
fore provides a useful monitor of oceanic redox
conditions. An additional feature of REE � Y
water chemistry is that it allows us to distin-
guish between marine and hydrothermal com-
ponents in ocean water. Modern hydrothermal
fluids have a very different composition from
ocean waters, making them relatively easy to
recognize. They have much higher abundances
of the REE � Y, show relative depletion from
light to heavy REE � Y, and have a prominent
Eu anomaly (Fig. 5.16).

5.4.2.1 Archaean limestones
Archaean limestones make up a relatively
minor part of the Archaean sedimentary record
and are known from ca 3.5 Ga onwards.
Nevertheless, they have the potential to record
important information about the composition
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of Archaean sea water. This was recognized by
Veizer et al. (1989) who showed that Archaean
limestones have an order of magnitude more Fe
and Mn than Phanerozoic limestones, and have
mantle-like strontium and oxygen isotope
ratios indicating a significant mantle (hydrother-
mal) flux into the Archaean oceans. In a more
recent study, Kamber and Webb (2001) found
that stromatolitic carbonates from the 2.5 Ga
Campbellrand carbonate platform in South Africa
have positive La and Y anomalies (Fig. 5.16)
identical to those in modern ocean water. This
confirms the view that ancient carbonates can
serve as a proxy for the composition of ancient
sea water, although the absence of a negative
Ce anomaly indicates that, unlike the modern
oceans, the water mass was not oxidizing.

5.4.2.2 BIFs
Recent precise measurements of REE and Y in
2.5 to 3.7 Ga-old BIFs show that they also 

contain a “sea water fingerprint.” REE patterns
in magnetite-, siderite- and jasper-rich bands
display positive La and Y anomalies and show
a progressive enrichment in REE from light to
heavy (Bolhar et al., 2004), identical to the pat-
tern found in modern sea water (Fig. 5.16).
However, unlike modern sea water, there is no
Ce anomaly, implying anoxic conditions, con-
sistent with the abundance of Fe in solution.
In addition, these lithologies have a positive
Eu anomaly, indicating that they formed from
ocean water which contained a significant
hydrothermal component. A fuller discussion
of the importance of BIFs for deciphering
Archaean ocean chemistry is given later in
Section 5.4.4.2.

5.4.3 Quantifying the hydrothermal input
into the Archaean oceans
The two principal sources of dissolved ions 
in the modern oceans are the continents, via
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FIGURE 5.16 Rare Earth element � Y plots
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from Bolhar et al., 2004, 2005b; normalization
Kamber et al., 2005). The upper section of the
diagram shows that hydrothermal vent fluids
are characterized by a positive Eu anomaly,
whereas modern ocean water is characterized
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anomaly in oxidized water and a progressive
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riverine input, and the mantle – the source of
ocean-floor hydrothermal solutions. Given
that the volume of the continents has increased
over time, and that mantle heat flow has
decreased, it is likely that the balance between
continental and hydrothermal fluxes into the
oceans was very different early in Earth history.

This problem has been investigated by a
number of workers using stable and radiogenic
isotopes who found that Archaean chemical
sediments tend to have significant hydrother-
mal signature (e.g. Veizer et al., 1989). Kamber
and Webb (2001) attempted to quantify the 
relative contributions of river water and the
hydrothermal flux to the Archaean oceans
using the REE, Nd- and Sr-isotope composi-
tions of late Archaean stromatolites. They
found that the Campbellrand microbialites
possess a primitive Sr- and Nd-isotope signa-
ture and have a positive Eu-anomaly – both are
features of a hydrothermal contribution to late
Archaean ocean water chemistry. They show
that isotopic variability within this sedimen-
tary sequence implies mixing between mantle-
derived fluids and a continental component,
which in this case they show to be river water,
rather than a clastic component. From this
mixing relationship Kamber and Webb (2002)
found that there was a 50-fold increase of the
hydrothermal flux to river water flux ratio in
the Archaean ocean relative to the present-day.
This change is too great to be explained simply
by waning mantle heat flow and must repre-
sent a lowered continental flux into the oceans
during the late Archaean compared to the 

present-day. This is counter-intuitive given
the more aggressive weathering expected in a
late Archaean atmosphere, and so must imply
that there was limited continental uplift dur-
ing the late Archaean, and consequently much
less erosion at this time.

5.4.4 The redox state of the Archaean oceans
It was shown earlier (Section 5.3.1.6) that the
level of atmospheric oxygen has risen over
time. Hence it is to be expected that the
oceans too will show some evidence of pro-
gressive oxidation. Kasting et al. (1993) pro-
posed a three-stage, three box model in which
initially the atmosphere, surface ocean and
deep ocean were all reducing. As the atmo-
sphere was progressively oxidized, first the
surface ocean and then the deep ocean became
oxidized. This process can be monitored using
sulfur and iron, the two great redox buffers of
the marine environment.

5.4.4.1 Sulfide/sulfate equilibria
One of the major sources of sulfate in the mod-
ern oceans is through the oxidative weathering
of sulfide in crustal rocks. This process returns
the sulfur as soluble sulfate to the oceans.
During the Archaean, when oxygen levels
were thought to have been much lower, this
process would have been suppressed, leading
to lower sulfate levels in the Archaean oceans
(Fig. 5.17). If true, this inference has a profound
impact on the changing nature of oceanic
redox processes over time, for today the micro-
bial sulfate–sulfide redox reaction is the main
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oceanic oxygen buffer. Thus there must have
been a different oxygen buffer in the Archaean
ocean.

Evidence to support the idea of low-sulfate
levels in the Archaean oceans comes from the
degree of mass-dependent sulfur isotope frac-
tionation observed between sulfide and sulfate
species in ancient sediments (�34Ssulfate �
�34Ssulfide). This fractionation is driven by the
microbial reduction of sulfate to sulfide,
which in the modern produces a very large
fractionation of between 45 to 70‰ �34S.
However, before 2.5–2.7 Ga the recorded frac-
tionation is much smaller and is only about
10‰. A recent experimental study has made
sense of these observations. Habicht et al.
(2002) showed that, using bacterial cultures 
in the laboratory, the degree of fractionation 
is governed by the sulfate concentration of 
the aqueous environment, and that at low 
sulfate levels there is a low degree of isotopic

fractionation. The critical value seems to be
about 200 �mol.l�1 of sulfate, below which
isotopic fractionation changes from modern to
Archaean levels. Applying this result to the
Archaean oceans indicates that before
2.5–2.7 Ga sulfate levels were about 200
�mol.l–1, that is about 140 times less than at
the present day (Table 5.5). Supporting evidence
for a low-sulfate ocean in the Neoarchaean
come from the presence of halite rather than
gypsum in 2.58 Ga supratidal sediments
(Eriksson et al., 2005).

An interesting consequence of these obser-
vations is that if sulfate reduction was not a
common process in the oceans during the
Archaean, then sulfate reducing bacteria were
also not abundant. This means that organic
matter must have been processed by some
other metabolism. Habicht et al. (2002) have
suggested that this was probably methanogenic
bacteria, which would have given rise to 
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TABLE 5.5 Estimates of the pH, element ratios and composition of Archaean sea water compared to mod-
ern sea water. Modern sea water data from Holland (2003) and Bruland and Lohan (2003). Elemental con-
centrations that were higher in the Archaean oceans are indicated in italics.

Present-day oceans Archaean oceans
(mmol.l–1) (mmol.l–1) Reference

pH 7.5–8.5 (mean � 8.0) ≥6.5
CaCO3 Close to saturated Saturated/super saturated Walker (1983)
Mg2�/Ca2� 5.3 1 to 3 Late Archaean (Hardie, 2003)
Fe2�/Ca2� ca. 5 � 10�8 Max 4 � 10�3 Walker (1983)
Na 469
Mg 52.8 55 to 95 Late Archaean (Hardie, 2003)
K 10.2 14 to 24 Late Archaean (Hardie, 2003)
Ca 10.3 28 to 50 Late Archaean (Hardie, 2003)
Fe 5 � 10�7 0.1 to 1.0 Ohmoto (2004) Mn
Sr 0.10
Ba 1.1 � 10�4 Higher by factor of 10 Walker (1983)
HCO3 1.75
CO3 0.27
SO4 28.2 ≤0.2 Habicht et al. (2002)
P 2.3 � 10�3 1.5 to 6 � 10�4 Bjerrum and Canfield (2002)
Cl 546
Si 0.09 Saturated (no biological removal) Walker (1983)
Mo 0.0001 lower Siebert et al. (2005)
Re 4 � 10�8 lower Seibert et al. (2005)
U 1.4 � 10�5 lower Siebert et al. (2005)
Os 5 � 10�11 lower Siebert et al. (2005)
Ce 8.6 � 10�6 higher Bolhar et al. (2004)
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significant quantities of atmospheric methane,
as required by early atmospheric models
(Section 5.3.2.2).

A puzzling exception to these inferences
about low-sulfate levels in the Archaean
oceans is the presence of bedded barite
deposits formed during the time interval 3.2 
to 3.5 Ga. The formation of evaporitic barite
requires relatively high concentrations of sul-
fate, oxidizing conditions and of course elev-
ated levels of Ba. These mid-Archaean deposits
have a much lower �34S isotopic signature
(ca. �5.0) than modern marine sulfates
(ca. �20.0). Huston and Logan (2004) propose
that mid-Archaean barite deposits are indi-
cative of oxidized sulfur in the Archaean
atmosphere, formed through the photolytic
oxidation of volcanic gases (although this pro-
cess can be anoxygenic and does not require
free oxygen). In the absence of sulfate reducing
bacteria, relatively high levels of sulfate accu-
mulated in the shallow marine environment.
Their disappearance from the geological record
at ca. 3.2 Ga could indicate the rise of sulfate-
reducing bacteria at this time. The alternative
explanation for these anomalous sulfate occur-
rences is that they were evaporitic accumul-
ations in areas of localized high oxygen
productivity, and carry no information about
the composition of the Archaean oceans.

5.4.4.2 Evidence from banded iron
formations
Banded iron formations, as their name implies,
are banded, iron-rich sedimentary rocks with
�15 wt% Fe made up of alternating iron-rich
and iron-poor (often silica-rich) layers a few
millimeters thick. BIFs, as they are known, are
found throughout the Archaean record and
extend into the early Proterozoic. The oldest
recognizable iron formations are from the Isua
greenstone belt and have been dated at 3.71 Ga.
BIFs were abundant in the late Archaean and
persist until about 2.4 Ga. They then reappear
at about 1.8 Ga before disappearing completely
from the geological record. The largest BIF
sequences formed at 2.5 Ga and are from the
Hamersley Range in Australia and the Transvaal
Supergroup in South Africa.

The very regular and continuous nature of
the laminae in BIFs and the absence of a ter-
rigenous component have led most authors to
conclude that they formed as chemical precip-
itates in a quiet sedimentary environment, far
off-shore. Most models for the formation of
BIF are based upon a hydrothermal, oceanic
source for the iron and a two-layer model of
the ocean. The lower layer of the ocean is
thought to have been anoxic, whereas the
upper layer was oxidizing, although probably
not as oxidizing as the modern oceans. In
anoxic, sulfur-poor waters, iron exhaled from
hydrothermal vents would remain in solution,
and only when these waters rose above the
chemocline into the oxidizing zone would iron
precipitate as ferric oxyhydroxides, later to be
converted to hematite (Fig. 5.18). Support for
the hydrothermal origin of the iron comes
from a variety of sources including sulfur iso-
tope studies (see e.g. Bowins & Crocket, 1994)
and the REE � Y data discussed in Section
5.4.2. It is likely that the silica-rich bands,
which are interlayered with the iron-rich lay-
ers, were formed in quiescent periods between
intervals of hydrothermal activity and reflect
the silica saturation of sea water, in the
absence of the biological utilization of silica.

Greater detail about these processes is
beginning to emerge from the new field of
iron-isotope geochemistry (Fig. 5.18). Iron iso-
topes are normally expressed as the 56Fe/54Fe
isotope ratio (�56Fe), and are remarkably
unfractionated in most igneous rocks, but at
low temperatures show measurable fractiona-
tions. What is important is that these fraction-
ations are closely associated with redox
changes, hence they provide powerful insights
into biological and geochemical processes in
the aqueous environment. Johnson et al. (2003)
calculated the iron-isotopic compositions of
the main iron-bearing minerals in the late
Archaean iron formations of the Transvaal
Supergroup from South Africa and used iron-
isotope fractionation factors to interpret their
mode of formation. Using the composition of
modern hydrothermal fluids, with a slightly
negative isotopic signature as the starting
composition of the iron, they found that above
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the thermocline Fe(II) was oxidized by both
inorganic processes and by photosynthetic
bacteria, to produce ferric oxides with a heavy
isotopic signature (more positive �56Fe). In this
environment, residence times are low and iron
isotopes have the capacity to record quite
rapid changes in ocean water composition. In
the deeper parts of the basin the iron-rich min-
erals are thought to have precipitated inorgan-
ically under relatively anoxic conditions.
Here, with much longer residence times for
iron, iron isotopes are much less responsive to
changes in ocean chemistry.

A very particular finding of iron isotope
studies comes from the recent discovery that
there is a strong temporal control on the com-
position of iron in diagenetic pyrite. Rouxel
et al. (2005) have found that �56Fe values for
pyrites in black shales can be grouped into
three categories which correspond very closely
to the time intervals previously recognized for
the oxygenation of the atmosphere (Fig. 5.10).
They found that �56Fe in pyrites older than about
2.3 Ga show a wide spread of negative values,
whereas between 2.3 and about 1.7 Ga the

range is much reduced and more positive. In
younger rocks the range is indistinguishable
from that of igneous rocks and modern
hydrothermal systems (Fig. 5.19). These rather
striking changes in isotopic composition are
thought to reflect the way in which, during the
Archaean, the oxide minerals in BIFs were
enriched in 56Fe, so that the remaining iron in
the ocean water became isotopically depleted,
as recorded in diagenetic pyrites. At 2.3 Ga
with the increase in sulfur supply to the
oceans through the oxidation of crustal rocks,
and the waning of the hydrothermal iron sup-
ply, the pyritic removal of iron from ocean
water began to take over. At 1.8 Ga, a last
“burst” of hydrothermal activity led to a short
interval of BIFs, lowering the Fe-isotope ratio
of the oceans (Kump, 2005).

The regular precipitation of iron oxides
from the Archaean oceans is also thought to
have had a strong control on phosphate levels.
Phosphate is important because it is a major
nutrient which controls oxygen productivity.
Bjerrum and Canfield (2002) calculated the 
dissolved phosphate content of the Archaean
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oceans from the phosphorus content of BIFs,
and found that it was 10–25% lower than in
the present day. They suggest that dissolved
orthophosphate was adsorbed onto precipitat-
ing iron oxide mineral surfaces and so
removed from solution. They estimate that
the low levels of phosphorus severely limited
oxygen productivity and that, relative to the
present-day, there was a 75–90% reduction in
the rate of burial of organic carbon during the
late Archaean (see Fig. 5.13).

5.4.4.3 Other redox-sensitive trace elements
In oxidizing waters the trace elements Mo, Re,
Os, and U become soluble and the isotopes 
of Mo are fractionated, making them useful
marine redox monitors (Holland, 2003; Siebert
et al., 2005). This means that in oxidizing
waters the elements Mo, Re, Os and U will be
present in solution, and available to be scav-
enged during the sedimentation of organic
matter, to be ultimately concentrated in
organic-rich shales. These elements behave in
the opposite way to Fe, which is soluble only
in its reduced form, and also unlike Fe, they do
not control the redox state of oceanic water,
they simply respond to it.

On this basis Holland (2003) proposed that
prior to the “Great Oxidation Event” at 2.3 Ga
(see Section 5.3.1.6) the abundances of these
elements should be low in organic shales,
whereas after 2.3 Ga, when the oceans were
more oxidizing their concentrations should be
much higher. This was investigated by Siebert

et al. (2005) in a study of black shales from 
sedimentary basins with ages between ca.
3.2 Ga and 2.2 Ga. They found evidence for
slight Re and Mo mobilization at 3.15 Ga,
more convincing evidence of oxidizing condi-
tions at 2.7 Ga, but little evidence of oxidation
in samples dated between 2.2 and 2.3 Ga.
These results are not, at first sight, consistent
with a Great Oxidation Event at 2.3 Ga and so
may reflect the greater sensitivity of Re and
Mo to low oxygen levels than is Fe, or they may
be recording more localized redox phenomena.

5.4.4.4 Redox buffering of the Archaean
oceans
Sulfur isotope fractionations show that the
Archaean oceans had a much lower level of
sulfate, probably more than a hundred times
less, than the modern oceans. This observa-
tion is consistent with geological indications
of low levels of atmospheric oxygen during the
Archaean, resulting in low levels of sulfide
oxidation during weathering and low levels of
dissolved sulfate in Archaean rivers. An inter-
esting extension of this observation is that it
seems that ocean sulfate levels continued to
remain low during the Proterozoic implying
that atmospheric oxygen levels may not have
risen substantially until the Neoproterozoic
(Kah et al., 2004).

The bacterial reduction of oceanic sulfate 
to sulfide is the principal redox buffer of the
modern oceans. In the Archaean, prior to 
the rise of atmospheric oxygen and when the
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oceans were low in sulfate, the redox state of
the oceans was buffered by Fe, as is evidenced,
at least in part, by the presence of BIFs. Hence
the model proposed by Kasting et al. (1993) for
the progressive oxidation of the atmosphere
and oceans, in which there was oxidation first
of the atmosphere, then of the shallow marine
environment, and finally of the deep oceans,
seems to be supported by geochemical evidence.

The oceanic record, as seen in the temporal
distribution of BIFs and the Fe-isotope record
of diagenetic pyrite, appears to reflect the pro-
gressive oxygenation of the atmosphere, with
maybe a relatively late oxidation of the deep
oceans (Canfield, 2005). What is even more
important though, and suggested by the phos-
phorus study of Bjerrum and Canfield (2002), is
that redox equilibria in the Archaean oceans
were not simply responding to atmospheric
conditions, but were controlling the rise of
oxygen in the atmosphere.

5.4.5 The composition of Archaean sea water
Table 5.5 summarizes our current knowledge
of the composition of Archaean sea water from
a variety of sources. There are some important
differences from modern seawater, as has
already been discussed in the text. Where the
concentrations of elements were higher in the
Archaean these are italicised in the table. The
estimates taken from Hardie (2003) are based
upon the assumption that the oceans have
maintained a constant volume since the
Archaean and element concentrations are cal-
culated from estimated ocean ridge/river water
flux ratios.

These compositional differences reflect the
different processes operating in the early Earth.
In part they reflect the different redox con-
ditions that existed but also indicate a 
different biology of the oceans and a different
balance between hydrothermal and weather-
ing inputs from that of the modern.
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6

THE ORIGIN OF LIFE

Life is improbable, but under the favorable physico-
chemical conditions of the early Earth it did begin.
These conditions included an appropriate surface
temperature, the presence of liquid water, the avail-
ability of appropriate chemical ingredients, the pres-
ence of a magnetic field, and an environment in which
there were redox contrasts, all set in the context of a
dynamic planet experiencing periodic resurfacing.

Life is also complex and the detailed chemistry of
how the organic molecules which sustain and regulate
life were formed is yet to be worked out. However,
there was process in which simple molecules were
synthesized to form complex polymers useful in the
process of replication and the transmission of genetic
information. Many believe that the nucleic acid RNA
was a precursor to the modern DNA and that life first
developed in an “RNA world.” In addition the relevant
energy sources were harnessed to facilitate life. Now
these come mostly from sunlight, but in the early
Earth they were probably chemical.

Recognizing life in the Archaean record depends
mostly upon geochemical signals. The isotopes of
essential elements in living organisms – carbon, sulfur,
nitrogen, and iron – have all been useful in identifying
biogenic signatures in ancient sediments. In addition
the preservation of biomarker molecules in kerogen
has allowed ancient living organisms to be identified
with certainty. Stromatolites, laminated carbonate
sediments precipitated in association with microbial
activity, are also thought to provide evidence of life 
in the Archaean. These data show that in the late

Archaean, by 2.7 Ga microbial life was diverse 
and abundant. However, tracing the record further
back in time brings greater uncertainties, but there 
is good evidence of sulfate reducing bacteria as far
back as 3.5 Ga and some evidence for photosynthe-
sising cyanobacteria as old as 3.8 Ga in the Isua 
sediments.

In the past 30 years insights from molecular phy-
logenetics have allowed a new tree of life to be
mapped. This comprises three domains – Bacteria, the
Archaea (a new group), and Eucarya (the group to
which all plants and animals belong). These three
groups have their origin in a “last common ancestor,”
and there is much scientific interest in identifying 
the habitat and time of appearance of this precursor
organism. Geological evidence from isotopic and
biomarker evidence shows that the bacteria were in
existence by 3.5 Ga and that the Eucarya had separated
from the Archaea before 2.7 Ga. Photosynthesising
cyanobacteria were in existence by or before 2.7 Ga,
several hundred million years before the rise of atmo-
spheric oxygen.

A favored habitat for the emergence of life on
Earth is in an oceanic hydrothermal system. This is
consistent with the thermophilic character of the
most ancient members of the tree of life. Such sys-
tems were abundant in the Archaean and would have
provided the energy, nutrients and catalysts needed
for complex organic synthesis, and hence for life. They
may even have provided a mineralogical mechanism
for the formation of the first living cells.

The origin of life – the big picture
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Seeking to understand the origin of life is one
of the greatest scientific questions we can ever
pose, and for us as humans it is perhaps the
most pertinent. For even a cursory examina-
tion of the complexities involved leads almost
to incredulity. As Nisbet pointed out two
decades ago in his book The Young Earth

Life is improbable, and it may be unique to this planet,
but nevertheless it did begin and it is thus our task 
to discover how the miracle happened (Nisbet, 1987,
p. 343).

Rarely in science does the scientists’ indi-
vidual philosophy of life penetrate into their
formal scientific reporting, but in this subject
area such speculation is rife. For example,
Richard Fortey writes in his Life: An
Unauthorized Biography

It is not trivial to draw a parallel between the
biography of life and an autobiography. From my early
days, luck . . . has played a part in deciding which
direction I have taken . . . . The greater story of life on
our planet is partly a story of luck, [partly a story] of
changes imposed upon the world by earthly and
universal forces, and partly a story of genes, and finally
a product of the changes life itself has wrought to modify
the odds (Fortey, 1998).

and Nobel prize winner Jacques Monod in
his book Chance and Necessity writes

It is by chance that man has no importance in the
Universe, that he counts for nothing, for his emergence
is the result of chance; this the principal result of 
science is also the most unacceptable (Monod, 1972).

Both authors, in their different ways, are
reflecting on the enormity of the subject at
hand.

Given such a huge scientific task, it is
appropriate at the beginning of this discussion
of the origin of life to ask how the Earth
Sciences can illuminate this problem. Clearly
much of the detailed genetics and molecular
biology is outside its remit. Nevertheless, the
early geological record contains important
clues about the time at which life developed
on Earth. There are chemical signals, pre-
served in ancient rocks which provide a record

of life’s developmental pathway. In addition,
and this is where Earth scientists excel, it is
possible to interpret the rock record in order to
establish the former environmental setting of
these early signals of life. Thus the habitat of
the Earth’s earliest life can also be established,
providing a set of general constraints, which
inform the more detailed enquiries of the
molecular biologist and organic chemist.

6.1 SETTING THE SCENE FOR LIFE

6.1.1 What makes a habitable planet?
As far as we know the Earth is the only planet
inhabited by life. Why is this so? What are
Earth’s unique features that confer on it the
status of a habitable planet? Here we identify
six features which make Earth home to life.
� First, the Earth occupies the “habitable zone”

of the solar system. This means that it lies at a
distance from the sun which, over the past
4.5 Ga, as the sun has warmed, has consistent-
ly maintained a surface temperature conducive
to life (Kasting et al., 1993; Kasting & Catling,
2003).

� The presence of liquid water on Earth is the
second essential for life. Water is the dominant
component of modern cells and a necessary
medium for the majority of the relevant chem-
ical reactions needed for the emergence of life.
Life would have not evolved in the absence of
water.

� Life also needs the “right chemistry,” which in
addition to the polymerized compounds of car-
bon, includes phosphorus, nitrogen, sulfur, and
a variety of transition metals that are used in
the redox chemistry of metabolism.

� The dynamic nature of planet Earth is impor-
tant here for the periodic resurfacing of the
planet means that fresh supplies of life-
supporting elements are provided at the sur-
face, preventing the premature exhaustion of
the process of life. There is probably a close con-
nection between the presence of water on the
Earth and its dynamic nature, for planets that
“dry out” cease to be active. This is perhaps the
principal reason for the differences between
Earth and its near neighbors, Venus and Mars.
The presence of water and the dynamic nature
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of the Earth, also indirectly influence the Earth’s
“self-regulatory” mechanisms, proposed by
Lovelock (1979), and which have allowed the
Earth to maintain a stable temperature over its
life-span.

� A further factor which contributes to the hab-
itable nature of planet Earth is that life on
Earth today is protected by the van Allen belt,
a product of the Earth’s magnetic field. Hence,
the dynamo effect of the Earth’s core, may also
be a significant factor in Earth sustaining life
(Nisbet & Fowler, 2003).

� Finally, life needs a redox contrast in order to
function. Prior to photosynthesis it is likely
that organisms would have occupied habitats
where naturally occurring redox contrasts were
present. Such conditions are likely to have been
available in the atmosphere, where there is and
has been, a mixture of oxidized and reduced
gases, in the oceans, and at atmosphere-rock
and sea-water-rock interfaces

6.1.2 Steps toward synthesizing a cell
Life is complex, and a single cell contains
complexities of the most incredible kind. If we
knew how to assemble a cell, we would have
solved the problem of the origin of life. For in
comparison to a single cell, the complexities
of the higher orders of life are trivial. Take for
example, Escherichia coli a single celled
organism a micron in size, which lives in the
human gut. It swims, conjugates and replicates
itself in 20 minutes. Its complexity is illus-
trated by its chromosomes which consists of 
a single double stranded chain of DNA with
more than 4.6 million nucleotides (the indi-
vidual building blocks of the DNA molecule
and each a complex molecule), which together
specify more than 4,000 different genes (Berg,
2000).

So what are the steps necessary to construct
a single cell from nonliving starting materials?
The first stage is the manufacture of the main
“abiotic” molecules which are foundational to
life. Abiotic molecules tend to be based upon a
single carbon atom, they are monomers, and
are the prelude to larger carbon-based molecules
– polymers. Once polymers have formed the
process of replication becomes important.
Molecules capable of replication are thought

to require at least 20–100 monomeric units.
When the capacity for replication has been
achieved these “loose” molecules must be
kept together in order to capitalize on their
chemical interactions. Hence the need for a
membrane. When this is done we have created
a primitive cell, and have taken a major step
forward in solving the problem of the origin 
of life. Now we look at the processes in more
detail.

6.1.2.1 Abiotic synthesis – making the
molecules of life
The world before life – the prebiotic world – is
a place where some very complex chemistry
must have taken place. But how did it all start?
There have been two fruitful lines of enquiry –
one assuming that life started with only those
molecules which were naturally occurring in
the oceans and atmosphere. The other
approach looks outside the Earth.

6.1.2.1.1 The Miller–Urey experiment
One of the most basic groups of molecules
necessary for life are the amino acids. These
are important because they are the building
blocks of proteins, which themselves are
essential to many of the functions of a cell.
Over 50 years ago an attempt to synthesize
amino acids from simpler molecules was car-
ried out by Stanley Miller, working with
Harold Urey at the University of Chicago. 
The “Miller–Urey” experiment as it has become
known was based upon Urey’s idea that 
the synthesis of organic molecules would have
occurred in a reducing atmosphere and was
driven by energy from lightning. Miller passed
an electrical discharge, to simulate lightning,
through a mixture of steam, hydrogen, ammo-
nia, and methane, in a glass chamber in order
to investigate which molecules might be gen-
erated by this process. The results were very
positive and the experiment yielded a number
of biologically significant molecules including
amino acids, hydroxyacids, urea and an “oily
material” (Miller, 1953; Miller & Urey, 1959).
A similar set of experiments by Oro (1961)
showed the importance of HCN, which when
polymerized gives rise to the purines – adenine
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and guanine – essential components of both
RNA and DNA. Whilst these experiments were
able to make proteins, the much more difficult
task of making nucleic acids, was not achieved.

Many workers have since replicated these
results, but since the 1960s our understanding
of the nature of the Archaean atmosphere has
changed and it is now known to have been
more CO2-rich than assumed by Miller and
Urey. Recently methane has been recognized
as a likely component of the Archaean atmo-
sphere, but still, this is only a mildly reducing
component and insufficient to support Miller–
Urey chemistry (Chapter 5, Section 5.3.2.2).
Hence the highly reducing atmosphere assumed
in these early experiments is now thought to
be unlikely.

6.1.2.1.2 Meteoritic evidences
An alternative source of prebiotic molecules
on the early Earth is from meteorites.
Carbonaceous chondrite meteorites contain
abundant carbon, present in a variety of
molecular forms, including amino acids, poly-
ols such as sugars and sugar-alcohols. These
molecules are all important to life and form
key components of nucleic acids and cell
membranes (Cooper et al., 2001). Similar
molecular evidence for amino acids is found 
in even more ancient fragments of the early
Universe –IDPs. These molecules formed either
in the solar nebula or in an interstellar envi-
ronment (Flynn et al., 2003). Comets have also
been considered a viable potential source of
prebiotic molecules although currently the
view is that most organic material was deliv-
ered by asteroids rather than by comets
(Dauphas & Marty, 2002).

These lines of evidence demonstrate that the
early Earth could have accumulated abiotic
molecules in its oceans and smaller bodies of
water from both extraterrestrial and terrestrial
sources.

6.1.2.2 Prebiotic synthesis – proteins, nucleic
acids, and replication
The next stage in complexity is the construc-
tion of polymers from abiotic monomeric
molecules. This is the stage at which proteins
and nucleic acids are formed. Proteins are long

unbranched molecules, made up from amino
acids and are the main structural and functional
agents in a cell. In the game of molecular 
synthesis, proteins are extremely important
because one group of proteins, known as
enzymes, operate as biological catalysts. These
have the function of delivering the right chem-
icals to the right place for organic synthesis.

However, amino acids are unlikely to form
themselves into polymers without the help of
some form of catalyst (Bada, 2004). Possible
natural catalysts are mineral surfaces such as
in the regular, repeating structure of clays
although once bound to a clay the polymer has
to be released. This is achieved in the labora-
tory with salt solutions and may, in nature,
reflect an evaporative marine environment.
An alternative venue is at hydrothermal vents
where peptide bond formation is favored, and
where catalysis may take place on sulfide min-
eral surfaces (Bada, 2004). Such a process has
been described by Holm and Charlou (2001)
who found linear saturated hydrocarbons with
chain lengths of 16 to 29 carbon atoms in high-
temperature hydrothermal fluids from a vent
in the Mid-Atlantic Ridge.

If molecules are to be useful in the “life-
business” they need to be able to copy them-
selves. Important here are the two nuclei acids
RNA (ribonucleic acid) and DNA (deoxyri-
bonucleic acid). DNA occurs in the nuclei of
cells and is the principal component of chro-
mosomes. It contains, in encrypted form, the
instructions for the manufacture of proteins.
Thus, encoded within the DNA of an organ-
ism is the order in which amino acids should
be strung together to form all the necessary
proteins. The clever feature of the DNA
molecule is in its double helix structure, for it
is this structure which allows the molecule to
replicate accurately.

However, DNA needs RNA to catalyze pro-
tein manufacture and it is now thought that
RNA preceded DNA in molecular evolution.
This has led to the concept of the “RNA
world” (see Section 6.4, and Joyce, 1989, 2002).
The RNA molecule has the capacity to both
store information and to catalyze reactions,
but unlike DNA it does not have the capacity
to synthesize proteins. Nevertheless, it does
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TEXT BOX 6.1 Glossary of scientific terms used in this chapter
amino acid An organic compound that is the building block of proteins. Amino acids may be joined 

together in any order by peptide bonds, to create a vast number of polypeptide chains 
with different amino acid sequences

assimilatory The reduction of an inorganic molecule to incorporate it into organic material. Energy is 
reduction not made available during this process
autotrophy The ability to synthesize organic compounds from inorganic compounds using

chemical energy
biolipid A reduced carbon compound, commonly synthesized by organisms. Cholesterol is 

an example
Calvin–Benson cycle The synthesis of carbohydrate from CO2, in particular during oxygenic photosynthesis
chloroplast That part of plant cells and eukaryotic algae which conduct photosynthesis
dissimilatory The reduction of an inorganic molecule in association with the decomposition
reduction of an organic molecule. Energy is released
DNA Deoxyribonucleic acid – the molecule that is the main repository of genetic information 

in living organisms. It occurs almost exclusively in the nuclei of eukaryotes
enzyme A biological catalyst. The great majority of catalysts are proteins
eukaryote Organisms whose cells have a nuclear membrane; includes all higher

organisms such as plants and animals
extremophile Microbes which exist in extreme environments on Earth – at great depth or at

extremes of temperature
geolipid The molecule produced from a biolipid after an organism has died. For example the 

biolipid cholesterol is converted at death to the geolipid cholestane
heterotrophy The process whereby an organism uses existing preformed organic molecules for its 

energy needs
lithotrophy The process whereby an organism uses inorganic substances as a source of energy
mesophile Microbes which thrive in an aqueous environment at moderate temperatures –

ca. 25–40�C.
methanogen A cell which generates methane as a by-product of its metabolism
mitochondria The part of a eukaryotic cell which is responsible for energy generation
monomer A single-unit molecule from which a polymer can be constructed
nucleotide The building block of a nucleic acid; the central structure of which is a 5- carbon sugar 

molecule (ribose)
peptide bond The covalent bond that joins the carboxyl group of one amino acid to the amino 

group of another
photosynthesis The reaction, driven by energy from sunlight, whereby CO2 is converted into

carbohydrate. This reaction produces oxygen. Anoxic photosynthesis uses light energy 
but does not produce oxygen

phototrophy The fixation of CO2 by photosynthesis, where the energy source is sunlight
polymer A large molecule that is produced from smaller molecules (monomers) by connecting 

subunits to form a linear chain. Both DNA and RNA are linear polymers of nucleotides
ribosome Part of a cell which is a complex of protein and RNA. It is the site of protein synthesis
RNA Ribonucleic acid – a polymer that carries genetic information and can act as an enzyme
rRNA Ribosomal RNA – the RNA that occurs in ribosomes
rubisco Ribulose-1,5-bisphosphate carboxylase. An important enzyme used in the process of 

photosynthesis
saturated A hydrocarbon which has used all of its bonding electrons to make single bonds to 
hydrocarbon other atoms
thermophile Microbes which grow best, in an aqueous environment, at high temperatures �45–80�C.
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have several features which make it attractive
as a major stage in the development of life. It
is a versatile molecule, readily soluble in
water, simpler but more stable than DNA. But
RNA is also a complex molecule and so is 
likely to have developed from a self replicating
precursor. How exactly the RNA world devel-
oped is still uncertain. What is needed is a gen-
eral mechanism of self-replication, in which
the rate of polymer replication exceeds the
rate of destruction, so allowing the polymer
molecules to survive. Experimental studies
suggest that low temperatures favor nucleic
acid survival over higher temperatures and
that salty solutions also favor their longevity.
Possible pre-RNA candidates are the nucleic
acid analogs peptide nucleic acid (PNA) and
threose nucleic acid (TNA), or perhaps even a
polymer which bears no relationship to a
nucleic acid (Joyce, 2002).

Somehow, and at present, we know neither
when nor how the RNA world was overtaken
by DNA, a molecule which proved capable of
carrying sufficient information to permit the
synthesis of proteins. Initially RNA must have
played the role of both replicator and catalyst,
until its replacement by DNA saw it demoted
to the role of catalyst.

6.1.2.3 Suitable energy sources – a variety of
metabolisms
In addition to being able to replicate, life
requires a source of energy. In the modern, 
the two processes – the genetic makeup and the
metabolic processes in a cell – are inextricably
linked. An organism cannot grow without a
supply of energy and yet it cannot reproduce
without the means to pass on essential infor-
mation. Most Origin of Life theories empha-
size one or other of the processes, either the
replication process or the energy source as the
essential component. It is very difficult to
know which came first.

In the modern biosphere most energy comes
from sunlight, but this skill had to be learned
and it is likely that the first life obtained its
energy from inorganic chemical reactions.
There are a wide range of possible oxidation–
reduction reactions which life utilizes to 
generate energy. These define a number of 

different metabolic pathways which can be
classified as follows:

Autotrophic metabolisms are those which
fix (or literally “eat”) CO2 by using inorganic
compounds. There are two main classes. The
first is lithotrophy (also known as chemoau-
totrophy, and chemolithoautotrophy) and is
probably the most primitive. Here the energy
source is chemical. Reduced inorganic com-
pounds such as hydrogen, hydrogen sulfide,
and ferrous iron are oxidized by oxygen,
nitrate, sulfate, sulfur, or carbon dioxide.
Likely metabolic processes involved hydrogen
produced through water–rock reaction in a
submarine environment (Nisbet & Fowler,
2003); thus in some Archaea (the methanogenic
Archaea), CO2 is reduced by hydrogen to form
methane utilizing the reaction

CO2(aq) � 4H2 → CH4 (aq) � 2H2O

The second class of autotrophic metabolism is
phototrophy, the process of photosynthesis. In
this case the energy source is sunlight. There
are two types of phototrophy – oxygenic and
anoxic. Oxygenic photosynthesis creates oxy-
gen and amongst the bacteria is performed by
cyanobacteria. The basic reaction forms carbo-
hydrate and oxygen and can be written

6CO2 � 6H2O → C6H12O6 � 6O2

Anoxic photosynthesis utilizes light energy,
but does not produce oxygen. Green and pur-
ple bacteria of the sulfur and nonsulfur kind
are anoxic photosynthesizers. The sulfur bac-
teria oxidize sulfide to elemental sulfur and
can even oxidize it further to sulfate.

Autotrophs are the primary producers, that
is they are the organisms that make organic
matter from an inorganic source. Also there
are heterotrophic metabolisms (organotrophy)
which take energy from existing organic com-
pounds. These organisms depend therefore
upon preexisting organic matter.

6.1.2.4 Holding it all together – the
manufacture of membranes
A final step in the evolution of cellular life 
is the development of the cell membrane. 
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This then provides a stable environment for
biochemical reactions to take place and protects
and encloses the genome. In more advanced
cellular development the cell nucleus is also
contained within a membrane. Modern cell
membranes are constructed from phospho-
lipids, a group of organic molecules which
have an affinity for water at one end but not at
the other. These molecules are reinforced by
other molecules, such as cholesterol, to give a
rigid structure and thereby stiffen the mem-
brane (Killops & Killops, 2005). Molecules of
this type can be synthesized on a base of metal
ions, and it has been suggested that the first
membranes were synthesized on the surface of
iron-sulfide bubbles in hydrothermal vents
(Russell & Hall, 1997).

6.1.3 Possible habitats for the earliest life
Microbial life is now known to exist on Earth
in all sorts of improbable settings. These are
the extremophiles. Extremophiles are those
microbes which exist in the hottest and cold-
est environments on Earth, and in places deeper
than we imagined life could exist a decade or
two ago. Thus the question of where life began
is perhaps more open than it has been for a
long time.

6.1.3.1 Primaeval soup
The notion of a primaeval (or prebiotic) soup
implies that the early ocean was a “soup” of
organic molecules. Within this melee chemi-
cal reactions took place, polymerized
molecules formed and learned to self-replicate,
finally to emerge as living cells. In reality, the
ancient oceans probably had very active
hydrothermal systems in which large volumes
of water were circulated through the upper
levels of the oceanic crust and so were unli-
kely to be an active meeting place for organic
molecules (Nisbet & Fowler, 2003).

6.1.3.2 Hydrothermal vents
One place where life either began or at least
spent its formative years is in deep-oceanic,
hydrothermal vents. Hydrothermal vents are
of a number of types, but the most spectacular
are “black smokers,” where mineral-laden,
superheated water is discharged into cold
ocean floor water creating a black, sulfide-rich,

smoke-like plume. Both these ridge-flank,
high-temperature vents, and more distal lower
temperature vents are considered possible
sites for early life.

There are a number of reasons why deep
ocean hydrothermal vents might have been a
suitable environment for the origin and nur-
turing of early life. These are briefly listed
here. First there is evidence from the RNA
“family tree of life” (Section 6.4.1) that the
earliest life forms developed in a high-temper-
ature environment. These microbes are known
as thermophiles, first identified in hot springs
and now known from the deep oceans. A sec-
ond reason to favor a deep ocean site for the
development of life is that it is protected from
damaging solar radiation and from the
volatilization of the surface of the oceans
through asteroid impacting. Third, hydrother-
mal vents are rich in thermal energy, rich in
nutrients in the form of metal-rich solutions
and provide abundant mineral surfaces to cat-
alyze chemical reactions. A more detailed dis-
cussion of this possible habitat is given in
Section 6.5.2.

6.1.3.3 Clay minerals
One of the greatest difficulties in synthesizing
complex organic molecules, such as RNA and
DNA is the initiation of the self-replication
process. An ingenious idea suggested by
Cairns-Smith (1971) is that clay minerals play
a part in the replication process. Clay minerals
are not living but have a chemical structure
which is characterized by endless repetition,
and Cairns-Smith proposed that organic
molecules might have “learned” the idea of
self-replication from clays. Clays form in a
variety of geological settings but interestingly
are a common alteration product of ocean-
floor basalt adjacent to hydrothermal vents.
More recently, Ferris (2002) has suggested that
the volcanic clay montmorillonite could have
been the catalyst on which the chemical pre-
cursors to RNA were assembled to form the
first short RNA polymers.

6.1.3.4 Extraterrestrial origins
It is well established that meteorites contain
organic molecules, and it is possible that
together with comets they delivered prebiotic

THE ORIGIN OF LIFE 221

Roll-06.qxd  10/13/06  2:34 PM  Page 221



molecules to the early Earth (Chyba, 1993;
Pierazzo & Chyba, 1999). This “cosmic” origin
for prebiotic carbon comes under the exciting
new interdisciplinary field of astrobiology,
popularized by NASA, and defined modestly as
“the study of the origin, evolution, adaptation
and distribution of past and present life in the
Universe” (see Grady, 2003). Life’s cosmic ori-
gins have previously been discussed under the
grand title “panspermia” (Crick, 1981) and
popularized by Hoyle and Wickramasinghe
(1993). The possibility of life on the Martian
meteorite ALH84001 announced in 1996
(McKay et al., 1996) has given new impetus to
this theory, and although the claims for life
within ALH84001 have not been proven, this
research has given new focus to the present
round of exploration of the Martian surface.

At the present time the balance of evidence
is against a cometary origin for prebiotic car-
bon on Earth, for the same comets would also
have delivered water to the Earth and yet the
D/H ratio of the terrestrial oceans is different
from that in comets. The more likely extrater-
restrial input is from asteroids and meteorites,
for there is evidence from both lunar and ter-
restrial samples that the late heavy bombard-
ment event at 3.9 Ga (Section 6.4.1)
contributed meteoritic material to the Earth at
this time.

6.2 GEOCHEMICAL SIGNALS OF BIOLOGICAL

ACTIVITY

Much of the evidence for the earliest life on
Earth is based upon geochemical indicators of
former living organisms. At best these indica-
tors allow us to identify a specific organism or
metabolic pathway. At worst, and this is par-
ticularly true for the early Archaean, geo-
chemical signals are ambiguous, and biogenic
and nonbiological signals easily confused.

There are two main types of geochemical
proxy used to identify former life. These are
biomarker molecules and isotopic fractionations.
Biomarker molecules are specific molecules
preserved in sediments as molecular fossils,
which are unambiguous indicators of their bio-
logical precursors. Some of the most successful

biomarkers are organic molecules called lipids.
Biolipids are reduced carbon compounds, such
as cholesterol, which are commonly synthe-
sized by organisms. When a microorganism
dies some of its molecular make-up may be
converted through diagenetic processes into a
related molecular form – a geolipid. So for
example the “living” biolipid cholesterol
(C27H46O) is converted to the “fossil” geolipid
cholestane (C27H48). The geolipid bears the
same carbon molecular structure, or “skele-
ton”, as the biolipid. It is this skeletal form
which can be recognized in the geological
record and provides the diagnostic signal of
former life (see Eglinton & Pancost, 2004).

The most frequently used isotopic proxies
are those of the carbon and sulfur systems,
although the study of nitrogen and iron iso-
topes is increasing (see Text Box 5.1). Isotopic
biomarkers work in a different way from
biomolecules. Take the case of carbon. During
a chemical reaction associated with a particu-
lar metabolic pathway, the heavy and light iso-
topes of carbon can become fractionated
relative to one another, principally as a result
of the kinetic effects related to the reaction.
Carbon-based molecules which result from
this fractionation, and which are preserved in
the geological record, will carry a memory 
of the isotopic fractionation. At its simplest,
this isotopic memory can be related back to
the original chemical reaction. In this way 
isotopic biomarkers are indicators of processes –
particular chemical reactions, which are part
of particular metabolic pathways, which in
some instances may be specific to a particular
group of organisms. Clearly the challenge is 
to identify those fractionations which are 
definitely biological in origin, and cannot be
confused with other geological processes such
as diagenesis, metamorphism, or fluid-rock
reactions.

6.2.1 Carbon isotopes
Most biological reaction pathways discrimi-
nate against heavy carbon 13C and become
enriched in the lighter stable isotope 12C. So
for example in photosynthesis, 13C is discrim-
inated against during the fixation of CO2 so
that plants and autotrophic microbes tend to
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have low �13C values in the range �20 to �30.
The net result of this fractionation is that
there is a terrestrial reservoir of organic carbon
which is depleted in 13C (�13C � �20 to �30 ‰),
relative to the mantle value �13C of �6‰, and
a complementary enriched carbon reservoir in
the form of limestones which has �13C values
in the range �1 to �2‰ (Schidlowski, 1988).
This fractionation of carbon isotopes is
thought to be very ancient, dating from at least
3.5 Ga (see Fig 5.13).

Carbon isotope fingerprinting of biological
processes is now a highly developed field with-
in biogeochemistry and has a power of resolu-
tion far superior to that needed for the early
Archaean organic sedimentary record (Hayes,
2001, 2004). Some of the relevant fractiona-
tions are identified in Table 6.1 below.

The isotopic fingerprinting of photosynthesis.
Photosynthesis is currently an important
means of fixing inorganic carbon and is used
by plants, algae, bacteria, and Archaea. A par-
ticularly important enzyme (catalyst) in this
process is Rubisco, the official shortened 
name for a molecule with a much more intri-
cate systematic name. The reactions which
take place in this process operate according to 
the Calvin–Benson Cycle and lead to isotopic 
fractionations of up to 30‰.

Methanogenesis. Methanogens produce much
more extreme carbon isotope fractionations,
although these can be very variable. A recent
experimental study by Valentine et al. (2004)
on moderately thermophilic methanogens
showed that those which consume acetate
show only a small carbon isotope fractionation
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TABLE 6.1 Carbon isotopic fractionations in a variety of different biochemical pathways (data from
Hayes, 2001; Orphan et al., 2001; Valentine et al., 2004; Horita, 2005).

Biogenic processes

Pathway Organism Enzyme Fractionation ‰

Photosynthesis
C3 pathway Green plants and algae Rubisco (form I) �30

Bacteria and Rubisco (form II) �22
cyanobacteria

C4 pathway Green plants and algae Rubisco (form I) �30
Acetyl-CoA Carbon monoxide �52

dehydrogenase
Methanogenesis
CO2 reduction by H2 Methanothermobacter Rubisco (form III) �22 to �58

in some
methanogens

Aceticlastic reaction Methsanosaeta �7
thermophilia

CH4 consumption Methanotrophic �13C values up to �96
Archaea

Abiotic processes

Reactants Environment Fractionation ‰

CO, CO2, CH4 Atmospheric reactions up to �25
CO–H2 to CO2, CH4 Crust–mantle reactions up to �64
CH4 to C Diamond reactions in up to �26

deep mantle
CO2–H2 Hydrothermal reactions �35 to �60

in ocean crust
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of 7‰, whereas those which reduce carbon
dioxide using hydrogen show a much stronger
fractionation in the range of 22–58‰. At the
extreme, methanotrophic archaea, organisms
which consume methane, can be massively
depleted in 13C and may have values as low
as �96 ‰ (Orphan et al., 2001).

The nonbiological fractionation of carbon 
isotopes. Horita (2005) has shown in a recent
review that abiotic reactions can also produce
carbon isotope fractionations and that these
fractionations can be as large as those driven
by biogenic processes. Particularly important
is the production of methane (Sherwood Lollar
et al., 2006). In the vicinity of ocean-floor
hydrothermal vents, ultramafic rocks contain-
ing olivine may react with seawater, and dis-
solved bicarbonate can become converted to
methane. In the presence of a Fe–Ni alloy cat-
alyst carbon isotopes are fractionated as much
as 50–60‰ at 200� C and 35 to 40‰ at 300� C
(Horita & Berndt, 1999). This degree of frac-
tionation is very similar to that produced by
methanogenic bacteria.

There are therefore, problems in uniquely
identifying biogenic signatures in the ancient
sedimentary record, for there is an overlap 
in the degree of carbon isotope fractionation
between biogenic and abiotic processes.
Sometimes both biogenic and abiogenic car-
bon may be mixed together as recently sug-
gested by Ueno et al. (2006) for methane in
fluid inclusions. Characterizing biogenicity is
currently the topic of much debate in the early
Archaean sediments of west Greenland and
Australia (see Section 6.3). One possible solu-
tion may be that, rather than simply relying on
strongly negative absolute �13C values in the
geological record, we must evaluate the extent
of the fractionation by measuring the differ-
ence between the isotopic composition of the
organic carbon and its source. Commonly this
is inorganic carbon in the form of calcite
(Sumner, 2001).

6.2.2 Sulfur isotopes
Sulfur is essential to modern life and is present
in cells at about the 1% level (dry mass).
However, most sulfur in the environment
exists in its oxidized state, as sulfate, and must

be reduced to H2S to be useful in biosynthesis.
The reduction of sulfate to sulfide is biologi-
cally mediated and the isotopic fractionations
which take place during these reactions can be
used as a biogenic fingerprint in the geological
record. A summary of these processes is given
below. For a fuller treatment the reader is
referred to the reviews by Shen and Buick
(2004) and Strauss (2003).

During microbial sulfate reduction microbes
utilize 32S over 34S so that sulfides become
depleted in 34S relative to the original sulfate.
This may take place via one of two metabolic
pathways. During assimilatory reduction, sul-
fur is incorporated into the cell from the sub-
strate, and there is a transfer of sulfate across
the cell membrane. This is the means by
which green plants, fungi, and most bacteria
reduce sulfate to sulfide. During this process
the overall isotopic fractionation is small, and
is usually less than about 3‰. The second
pathway is dissimilatory sulfate reduction. In
this case sulfur is not incorporated into the
cell, and sulfate reduction is closely linked to
the oxidation of organic matter. Dissimilatory
sulfate reduction is carried out by several dif-
ferent groups of microbes within the Archaea
and the bacteria. In the marine environment,
at normal marine sulfate levels, �34S fractiona-
tions of between 10–40‰ are recorded between
sulfate and sulfide, although this decreases at
lower sulfate concentrations. The most
extreme fractionations have been recorded
between H2S and sulfate in pore waters, where
Wortmann et al. (2001) found differences as
great as 72‰.

The preservation of biogenic sulfur signa-
tures in the geological record depends upon
the mineralogical form in which the sulfur is
preserved. Normally this is as iron pyrites –
FeS2, and the additional isotopic fractionation
associated with this reaction is low, less than
1‰. This means that the bacterial fractiona-
tion of sulfur can be preserved relatively
unmodified in the sedimentary record, in sedi-
mentary pyrite. There are however a number
of issues which can complicate the recognition
of biogenic sulfur isotope signatures. First is
the reoxidation of reduced sulfur species,
which can occur in repeated cycles and give
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rise to significant �34S depletions. Complications
of interpretation also arise from the isotopic
fractionations that accompany the dispropor-
tionation of intermediate sulfites into sulfide–
sulfate mixtures.

Inorganic sulfur isotope fractionation. 
The isotopic fractionation of sulfur during
hydrothermal reduction of sea-water sulfate 
is governed by equilibrium fractionation 
processes. These fractionations vary as a func-
tion of temperature and give rise to isotopica-
lly heavy sulfates which are easy to distinguish
from marine sulfate in the geological record.
Isotopic depletions can also take place during
the magmatic reduction of gaseous SO2 to H2S,
giving rise to �34S depletions in the range
15–20‰. Abiotic sulfur isotope fractionations,
therefore, tend to be the result of hydrother-
mal reactions, and so the cautious interpre-
tation of sulfur isotope signatures should
include an assessment of the likelihood of
hydrothermal activity in the rocks under
investigation.

6.2.3 Nitrogen isotopes
Nitrogen is central to the chemistry of life as 
a component of proteins and genetic material
and in the modern world is abundant as
gaseous nitrogen in the atmosphere (Chapter 5,
Section 5.1.3). This is assimilated into the bio-
logical cycle through a variety of metabolic
pathways ending up as a component of amino
acids and nucleic acids. Hence both nitrogen
and the presence of the ammonium ions have
great potential as biomarkers (Boyd, 2001;
Papineau et al., 2005).

Within the modern nitrogen cycle there is 
a variety of different metabolic processes,
which give rise to a range of isotopic fraction-
ations. These are summarized in Fig. 6.1 (after
Papineau et al., 2005). Here we focus on two
specific processes within the nitrogen cycle.
First, is the production of ammonium ions,
and second the process of denitrification.

Ammonium ions are produced by two dif-
ferent types of metabolic process. One is via
the bacterial fixation of nitrogen. The other is
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through the reduction of nitrate via bacterial
nitrification. The net effect of these different
processes is to produce ammonium ions
enriched in heavy nitrogen, some of which 
is incorporated into the crystal structure of
clays and buried as sediments. With increased
depth of burial and metamorphism the NH4

�

is structurally incorporated into biotite. At the
higher grades of metamorphism, at amphibo-
lite facies and above, biotites become further
enriched in �15N (Boyd, 2001). Hence, although
ammonium ions are common in the biotites 
of metasedimentary rocks, and these often
have enriched �15N values of between 5 and
20‰, it is often difficult to uniquely define 
the metabolic origin of this signature. Even
more problematical is the fact that there 
are also nonbiogenic processes which also 
fix nitrogen, the best known of these being
lightning.

The process of denitrification, is the domi-
nant metabolic process whereby marine
nitrate is converted into atmospheric nitrogen,
and is the principal control on the �15N com-
position of the oceans and modern sediment
(Fig. 6.1). This leads to an enrichment of �15N
in the oceans of �7 ‰. This enrichment is
transmitted to marine organisms such as phy-
toplankton and ultimately to sedimentary kero-
gen, which is then preserved in the sedimentary
record. There seems to be little further frac-
tionation during the processes of diagenesis,
for modern sedimentary organic matter has
average �15N values between �6 and�7‰, close
to that of ocean nitrate.

Nitrogen isotopes therefore provide a
means of identifying denitrification in the geo-
logical record, through the �6 to �7‰, �15N
enrichment of sedimentary kerogen (Fig. 6.1).
Interestingly, Beaumont and Robert (1999) pro-
posed that this enrichment is not found in
early Archaean sediments, reflecting perhaps
the absence of nitrates (and so denitrification)
in the anoxygenic Earth, although this idea is
not universally accepted (Chapter 5, Section
5.1.3.2). A further uncertainty is whether or
not nitrogen isotope fractionations in ammo-
nium, in metamorphosed Archaean sediments,
reflect a true signature of biogenic nitrogen
fixation.

6.2.4 Iron isotopes
Iron is thought to have been an important part
of the biogeochemistry of the early Earth.
However, fractionations within the iron-iso-
tope system tend to be smaller than those
observed for the lighter elements and are fre-
quently only a few parts per mil. This means
that it can be difficult to uniquely identify bio-
genic iron-isotope signatures in the geological
record because abiotic fractionation is of com-
parable magnitude (Fig. 6.2).

Biogenic fractionations. There are two types
of bacteria capable of fractionating iron iso-
topes and these represent two different types
of Fe-metabolism. Fe(III)-reducing bacteria
use Fe(III) as an electron acceptor during respi-
ration. One genus, the mesophilic, dissimila-
tory Shewanella alga was found by Beard et al.
(1999) to produce Fe(II) with �56Fe 1.3‰ lighter
than the ferrihydrite substrate on which it was
grown. In contrast, photosynthetic Fe(II)-oxi-
dizing bacteria, operating under anaerobic con-
ditions, and using Fe(II)aq as an electron donor,
crystallize hydrous ferric oxide, enriched in
�56Fe by about 1.5 ‰ (Croal et al., 2004).

Inorganic fractionations. Johnson et al. (2003)
report inorganic �56Fe fractionations of up to
2.8‰ for Fe(III)–Fe(II) equilibria in dilute aque-
ous solutions and Anbar (2001) summarizes a
range of inorganic iron-isotope fractionations,
with a spread of up to 6‰ (Fig. 6.2).

It is possible that organisms used Fe(II) as an
electron donor in anoxygenic photosynthesis
very early in Earth history (Croal et al., 2004).
Hence Johnson et al. (2003) interpreted the
high �56Fe values in Archaean BIFs as a product
of anoxygenic phototrophic Fe(II)-oxidizing
organisms (Fig. 5.18), although Croal et al.
(2004) point out that this can only be the case
if there is independent evidence for an anoxy-
genic environment. Yamaguchi et al. (2005),
on the other hand, argue that dissimilatory
iron reduction also evolved very early and
interpret negative �56Fe values in 2.9–2.6 Ga
magnetite-bearing, organic-rich Archaean sed-
iments (not BIFs) as a product of microbial 
dissimilatory Fe(III) reduction. This of course
requires a source of oxidized iron, which is 
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a problem in the absence of an oxygenic atmo-
sphere.

Given these conflicting interpretations of
the iron-isotope record, coupled with organic
and inorganic iron-isotope fractionations of
similar magnitude, it is not possible at the pre-
sent time to use iron isotopes to uniquely fin-
gerprint early life on Earth.

6.2.5 Biomarker molecules
Most of the useful biomarker molecules are
found in kerogen. Kerogen is the most abun-
dant form of organic carbon in the Earth’s
crust and is made up of polymeric hydro-
carbons, produced during the burial of organic
matter in sedimentary rocks. It occurs as 
finely disseminated particles of organic matter
and represents the selective preservation of
biopolymers and the creation of new “geo-
polymer” molecules, through the process of
diagenesis. Biomarker molecules can either 

be chemically bound into the structure of
kerogen, or, in their unaltered form, may be
enclosed within larger kerogen molecular
structures.

The most stable biomarker molecules are
those with a carbon base. Sulfate reducing
microbes also produce biomarker molecules,
but these do not survive the processes of sedi-
mentary burial and diagenesis. Thus in ancient
rocks the most likely biomarkers will be com-
pounds of carbon. Currently, the oldest record
of molecular hydrocarbon biomarkers comes
from the 2.7 Ga organic-rich shales of the
Fortescue Group in the Pilbara Block, western
Australia (Brocks et al., 1999; Brocks &
Summons, 2003). These rocks have experi-
enced only low grade metamorphism and have
been no hotter than 200–300�C since their 
formation. Contained within the kerogen of
these sediments are the molecules belonging
to 2�-methylhopanes and steranes with C26 to
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C30 structures. The steranes are characteristic
of eukaryotes, and the 2�-methylhopanes 
are geolipids, the degradation product of the
biolipids 2-methyl bacteriohopanepolyols,
synthesized only by cyanobacteria. Hence the
oldest biomarker molecules indicate that the
Eucarya and cyanobacteria were present at ca.
2.7 Ga.

6.3 THE GEOLOGICAL RECORD OF LIFE’S ORIGINS

Searching for life on the early Earth is a diffi-
cult enterprise, for most of the features which
we use to identify life have their nonbiological
equivalents. However, painstaking work over
the past few decades has revealed that, cer-
tainly by the late Archaean, there was abun-
dant life on early Earth, long before the
appearance of the more conventional fossils.

6.3.1 Impacting – a difficult start
Life on Earth did not get off to an easy start. It
is likely that during the final stages of accre-
tion the Earth had already acquired a liquid
water ocean (Chapter 5, Section 5.4.1), and it is
possible that even at this stage life may have

begun to develop in this early ocean. However,
these early attempts at life would have been
frustrated by impacting events and the
volatilization of this early ocean.

The impacting history of the early Earth 
has long since been destroyed. However, we
have a good idea of what it must have been
like from the lunar record. In fact the Earth’s
stronger gravitational field and larger surface
area mean that it would have been much more
severely impacted than the Moon (Fig. 6.3),
although the number of impactors would have
declined massively in the first few hundred
million years (Maher & Stefenson, 1988; Sleep
et al., 1989).

The lunar record shows that within this
period of impacting, there was a particularly
intense event at about 3.9 Ga, lasting perhaps
100 Ma (Kring & Cohen, 2002). This event has
become known as the “late heavy bombard-
ment,” and is thought to have been responsi-
ble for most of the impact craters on Mercury,
the Moon, and the Martian highlands. Its effect
on Earth would have been profound, although
recognizing it in the terrestrial record is not
straightforward. In fact the only terrestrial
“memory” of the late heavy bombardment
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comes from tungsten isotope anomalies in
the �3.7 Ga metasediments of the Isua green-
stone belt (Schoenberg et al., 2002). It is possi-
ble that this late, intense impacting event
explains why there are so few rocks on Earth
older than 4.0 Ga.

A number of explanations have been offered
for the origin of the impactors in the late
heavy bombardment event. These can be cate-
gorized into either cometary or asteroid mod-
els. At the present time, isotopic and trace
element data support an asteroidal rather than
cometary origin (Kring & Cohen, 2002).

The implications of the late heavy bom-
bardment event for the evolution of life on
Earth are substantial. It has not gone unno-
ticed that there is a very short time interval
between the end of the late heavy bombard-
ment and the formation of sediments at Isua.
Indeed the evidence for impacting at Isua
recorded by Schoenberg et al. (2002) could sig-
nify that the two events overlapped. This
means that either life did not start until after
ca. 3.9 Ga, or if it had developed earlier, it had
to survive a “high temperature stage” during
which the oceans boiled.

6.3.2 The earliest record – W Greenland
In recent years the battle for the earliest signa-
ture of life on Earth has been fought out in
west Greenland. One of the key localities is
the Isua greenstone belt, arguably the oldest
sequence of sedimentary rocks on Earth and an
obvious place to search for the earliest record
of life. The first indications of a biogenic 
signature in the Isua sediments came from
studies by Schidlowski et al. (1979) and
Schidlowski (1988) who reported light carbon
isotope signatures in the metamorphosed 
sediments. They found �13C values as low
as �25 ‰ in graphite in iron formation (values
which are typical of graphitized kerogen) and
�13C values in carbonates with a mean value
of�2.5‰. On the basis of the difference in car-
bonate-organic carbon �13C values of greater
than 20‰, Schidlowski (1988) proposed that
carbon fixation was already taking place
through photosynthesis at Isua times.

In 1996, Mojzsis et al. reported a new 
carbon isotope study of the Isua rocks. Instead

of analyzing carbon from crushed samples of
the whole rock, as had Schidlowski (1988),
they used an ion microprobe to measure the
carbon isotope ratios of individual graphite
grains within the sediment. In this study 
they targeted graphitic inclusions located
within the Ca-phosphate mineral apatite, an
accessory phase in BIF, on the basis that phos-
phorus is likely to have been an essential com-
ponent of ancient biological cycles. They
found isotopically light carbon with a range 
of values (�13C � � 24 to �35‰, mean value �
30‰ � 3), which they interpreted as biogenic.
Further support for the presence of ancient 
life at Isua came from a study by Rosing 
(1999) who reported graphitic “globules” in
clastic sediments with a �13C values as low
as � 19‰. This result has now been extended
to � 25.6‰ (Rosing & Frei, 2004), placing 
both studies within the range of the carbon
isotope fractionations diagnostic of photosyn-
thesis.

However, despite the apparently convincing
biogenic signature, great care is needed in
interpreting these carbon isotope results, for
the rocks at Isua are deceptive. Although they
show well-preserved primary structures in both
sediments and igneous rocks (Appel et al., 1998),
they have been extensively deformed and
metamorphosed to amphibolite grade. In fact
the samples examined by Mojzsis et al. (1996),
and by Rosing (1999), have probably been
metamorphosed twice (Rollinson, 2002, 2003).
Unfortunately this is not the only difficulty
with the Isua sediments, for the carbonate rocks
at Isua, originally thought to be limestones are
now known to be igneous rocks which have
been metasomatically altered (Rose et al., 1996).
This means that possible biogenic signatures
need to be critically examined and metamor-
phic artifacts eliminated before biogenicity
can be claimed (Fedo et al., 2006).

Considerable light has recently been shed
on this dilemma by two very detailed petro-
graphic studies of the graphitic rocks at Isua.
Lepland et al. (2002) examined the mineral
apatite, host to the graphite grains studied by
Mojzsis et al. (1996). They found that there
were two types of apatite in the Isua sedi-
ments, distinguished on the basis of their rare
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Earth element patterns. There are primary and
secondary apatites. The primary apatites are
devoid of graphite, whereas the secondary
apatites, which formed during the migration of
later fluids, contain abundant graphitic carbon.

In a related study Van Zuilen et al. (2002,
2003) showed that there are also two types of
graphites at Isua. There is secondary graphite
which is the product of the metamorphic 
disproportionation of Fe(II)-carbonates, and
characterized by whole rock �13C values of
between � 10 and � 12‰, and primary graphite,
not the product of metamorphic reactions,
which has lighter �13C values, and which could
be biogenic. Van Zuilen et al. (2002, 2003) con-
cluded that the carbon globules in the clastic
sediments studied by Rosing (1999) might be
primary graphite and so biogenic in origin,
whereas the sample examined by Mojzsis et al.
(1996) contains secondary graphite and is 
part of a later, metamorphic siderite–graphite
assemblage.

Given the uncertainty over the interpreta-
tion of the carbon isotope data from Isua, other
isotopic methods have been used to assess the
likelihood of life on Earth at Isua times. Even
so, none of these is conclusive. Early studies of
possible microfossils and biogenic amino acids
have now been shown to be the product of 
contamination (Nagy et al., 1981; Appel et al.,
2003). Sulfur isotope studies on sedimentary
pyrite in iron formations (Strauss, 2003) and
nitrogen isotope studies on nitrogen in graphitic
carbon (Van Zuilen et al., 2005) have also proved
inconclusive. Only the iron-isotope data of
Dauphas et al. (2004) are within the range of
iron oxidizing photoautotrophic bacteria, but
this is also within the inorganic range and so,
again, is inconclusive.

Isua therefore, illustrates how difficult the
search for early life can be. Many Isua sedi-
ments contain carbon in the form of graphite,
which, on the basis of its carbon isotope signa-
ture might have been kerogen. However, in
most cases the graphite is a metamorphic arte-
fact and not biogenic. The only study which
has thus far withstood scrutiny is that of
Rosing (1999), whose isotopically light graphitic
globules might be biogenic in origin. However,
even here Van Zuilen et al. (2005) urge caution,

for “the degree of present graphite crystalli-
nity, the amount of trapped argon, the low
nitrogen content, and the �15N signature” ren-
der them similar to metasomatically derived
graphite in other samples from the greenstone
belt. Maybe this is not surprising given the
metamorphic history of the Isua belt, for the
graphite in the samples studied by Rosing (1999)
has been multiply metamorphosed (Rollinson,
2003). For this reason, the high crystallinity
need not be fatal for a biogenic origin.

6.3.3 The oldest microfossils
The confident recognition of Archaean micro-
fossils is difficult. They tend to be miniscule,
imperfectly preserved and have simple mor-
phologies that can be mimicked by nonbiolog-
ical structures (Schopf et al., 2002). Thus
identifications of Archaean microfossils based
upon morphology alone are open to serious
criticism, and even when such identifications
are supported by geochemical evidence, 
the interpretation can still be ambiguous.
McLoughlin et al. (2005) recently reviewed the
criteria for the biogenicity of Archaean micro-
fossils. These include an established Archaean
age for the samples, a biogenic morphology
and geochemical evidence for biological pro-
cessing which is syngenetic with the alleged
“microfossils.”

6.3.3.1 Fossil bacteria
Silicified spherules and “rod-shaped” bodies, a
few microns in size, have been described from
cherts in the 3.5 to 3.3 Ga Hooggenoeg and
Kromberg Formations of the Onverwacht
Group, the lowermost part of the Barberton
Greenstone Belt, in South Africa (Westall et al.,
2001). The shape, size, and colonial occurrence
of these forms suggest that they are fossilized
bacteria (Bacteria and Archaea). Spherules
form rounded shapes about 1 �m in diameter
and have the morphological characteristics of
coccoid bacteria. They show some structural
complexity reminiscent of cell division and
occur in three-dimensional, cluster-like colonies.
The “sausage-shaped” rods are between 2 and
4 �m in length and are thought to be of probable
bacillar bacterial origin. Also present are
smooth, ropy-textured, bedding plane films
forming wispy laminae in the cherts. These are
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thought to represent biofilm – an extracellular
excretion of micro- (and macro-) organisms,
found on sediment surfaces, which is amenable
to mineralization, and preservation in the 
sedimentary record. Within this “biofilm” are
what appear to be gas escape structures, typical
of bacterial colonies. The association of
biofilm-like structures together with silicified
spherules and “sausage-shapes” makes a strong
case for these forms being fossil bacteria.

6.3.3.2 Microbial filaments
6.3.3.2.1 Organic filaments in the 3.5 Ga
Apex chert, Pilbara
Kerogenous filaments in cherts from within
the Apex basalt sequence in the Pilbara
Craton, western Australia, became famous in
the late 1980s as the world’s oldest microfos-
sils. They were described by Schopf and Packer
(1987) and Schopf (1993) and have, until
recently, been widely accepted as authentic,
because of their supposed good preservation
state. The kerogenous filaments are divided
into cell-like compartments and have carbon
isotope signatures as low as (�13C � �30‰) –
all the hallmarks of microfossils (Schopf, 1993;
Schopf et al., 2002).

However, this claim has been contested by
Brasier et al. (2002, 2005) who argue that these
structures are not biological in origin. New
geological mapping of the outcrop of the Apex
cherts has shown that they are not deposited
in a quiet marine environment as first supposed
but instead formed as a hydrothermal vent
breccia. Many of the supposed microfossils
occur in fabrics now identified as late-stage fis-
sure infillings. In addition, Brasier et al. (2002,
2005) showed that the filamentous forms
described by Schopf (1999) are branched, a 
feature not otherwise seen until much later in
the evolutionary record, indicating that they
are secondary artefacts of crystal growth. The 
previously described cell-like structures are
now thought to be the result of silica crystal-
lization. The filaments are not hollow, as 
previously supposed but are composed of car-
bonaceous material wrapped around quartz
crystals. The isotopically light carbon com-
pounds, also previously regarded as a biogenic
signature, are hypothesized to have been 

produced from volcanogenic carbon monoxide
by a Fischer–Tropsch-type process in a hydro-
thermal vent environment (Brasier et al., 2002).

6.3.3.2.2 Organic filaments from the 3.42
Buck Reef Chert, South Africa
Similar filamentous structures to those found
in the Apex chert have also been described
from South Africa. In this case a biogenic ori-
gin seems likely. Tice and Lowe (2004) found
carbonaceous filamentous structures up to 1.5
�m wide and 100 �m long forming black
bands within the chert. These filaments have
�13C values between � 20 and � 35‰ and are
thought to be remnants of microbial mats. The
particular unit examined, the Buck Reef
Chert, extends for more than 50 km and can be
traced across a range of depositional settings,
from shelf to deep basin. Tice and Lowe (2004)
argue that this would be unlikely if the chert
was of hydrothermal origin and prefer an ori-
gin through precipitation from silica-saturated
seawater. Controls from the likely environ-
ment of deposition and Fe(II) minerals in the
sedimentary succession suggest that the
microbes formed in shallow water, and so
were probably photosynthesizers, but formed
in an anoxygenic setting. Hence they were
probably not cyanobacteria but anoxic photo-
synthesizers.

6.3.3.2.3 Pyritized filaments in 3.24 Ga
cherts, Pilbara
Densely intertwined, pyritized threads, up to 
2 �m wide and 300 �m long, are found in chert
in the 3.24 Ga Sulfur Springs massive sulfide
deposit, in the Pilbara Craton (Rasmussen,
2000). These filaments exhibit a similar 
morphology to microfossils described from
younger rocks and for this reason are thought
to be biogenic. Similar carbonaceous filaments
in related rocks have isotopically light carbon
signatures (�13C � � 27 to � 33‰), supporting
a probable biogenic origin (Duck et al., 2004).
The fact that the filaments described by
Rasmussen (2000) are found within a massive
sulfide deposit, suggests that they formed in a
shallow, sea-floor hydrothermal vent system,
and so were probably mesothermophilic,
chemotrophic, prokaryotes.
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6.3.3.3 Stromatolites and microbialites
Stromatolites are “laminated lithified sedi-
mentary growth structures that form by accre-
tion, through the addition of new laminae
away from the point or surface of accretion.”
They normally are made up of carbonate min-
erals and thought to have formed in a shallow
water environment. Modern freshwater stro-
matolites are made up of algal and cyanobacte-
rial filaments. In the marine environment they
form microbial mats and columns. These
comparisons led many scientists to believe
that stromatolites found in the ancient record
are biogenic in origin and that they are in fact
microbialites. That is, they are sedimentary
structures in which minerals are precipitated
as either a by-product of microbial metabolisms
or as a by-product of microbial decay.

However, the biogenic view of stromato-
lites is not universally accepted. For example,
Grotzinger and Knoll (1999) have pointed out
that laminated growth structures can form
from microbial, chemical, and physical pro-
cesses and it is important to distinguish
between these three. They suggest that in the
early Earth stromatolites formed through 
in situ chemical precipitation, whereas in
younger Proterozoic and more recent sedi-
ments they probably formed through micro-
bial trapping and binding of sediment.
However, it is increasingly being realized that
carbonate precipitation processes which had
previously been thought of as entirely inorgan-
ic are now known to be microbially controlled
(Bosak & Newman, 2003).

6.3.3.3.1 3.45 Ga Stromatolites from Pilbara
The oldest known stromatolites are from 3.45
Ga-old rocks in the Pilbara Craton in western
Australia. A recent study by Van Kranendonk
et al. (2003) supports earlier claims of their
biogenicity (Lowe, 1980; Walter et al., 1980).
Van Kranendonk et al. (2003) present convinc-
ing geochemical evidence that the stromato-
lites of the Strelly Pool chert formed in an
anoxic marine setting. Field observations of
the stromatolitic structures indicate that a
binding agent was required for the stromato-
lites to grow and this is presumed to have been
biogenic. These observations suggest that the

Strelly Pool Chert stromatolites were anoxic
photosynthesizers occurring as a microbial mat.

6.3.3.3.2 Late Archaean stromatolites
Younger stromatolites have been described from
3.0 Ga rocks at Steep Rock in Canada (Wilks &
Nisbet, 1985), from the 2.7 Ga Cheshire for-
mation of the Belingwe Greenstone belt
(Martin et al., 1980) and from 2.52 Ga shelf
carbonate sediments in the Campbellrand 
subgroup, South Africa. In this latter locality
there are also well-documented calcified
microfossils of cyanobacteria (Kazmierczak &
Altermann, 2002). It is also possible that at
this locality the mineralization of the dead
bacteria was the result of the action of het-
erotrophic bacteria.

Microbial mats have also been reported
from 2.8 to 3.0 Ga clastic sediments in the
Mozaan Group, South Africa (Noffke et al.,
2003). These sediments formed in a high-
energy environment and contain “wrinkly”
microstructures which resemble filamentous
bacteria. They are thought to have been ben-
thic bacteria, analogous to those that stabilize
sediment in modern, high-energy siliclastic
environments. Carbonaceous residues from
these rocks have a light carbon isotopic signa-
ture (�13C � �24‰), consistent with a bio-
genic origin. Modern analogs indicate that
these microbes could have been either
cyanobacteria, or sulfur-oxidizing proteobacte-
ria. It is possible that these sediments formed
in the photic zone leading Noffke et al. (2003)
to prefer photoautotrophic cyanobacteria,
although the oxygen created by the cyanobac-
teria would also permit the coexistence of sul-
fur-oxidizing bacteria.

6.3.3.4 Late Archaean microbial diversity
By the time we reach the late Archaean there
is a strong biogenic signal in the geological
record. A particularly good example comes
from the remarkably well-preserved sediments
of the 2.7 Ga Belingwe Greenstone belt in
Zimbabwe. Grassineau et al. (2001, 2002) have
examined carbon and sulfur isotopes in cherts,
shales, and stromatolites from the lowermost
part of the Belingwe succession – the Manjiri
Formation – and from the top of the succession–
the Cheshire formation. Both of these units
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display a very wide range of �13C and �34S val-
ues, which Grassineau et al. (2001, 2002) ele-
gantly interpret in terms of diverse metabolic
processes.

Carbon in Belingwe carbonates has �13C val-
ues between �1.5 and �9.0‰. Organic carbon
has values between �7 and �44‰ (Fig. 6.4b).
Organic carbon–carbonate fractionations in
the range �30 and �25‰ are thought to be the
isotopic fingerprint of the enzyme rubisco and
so indicate former photosynthesis and the
presence of cyanobacteria. More extreme
organic carbon-carbonate fractionations, with
values of around �40‰, are thought to indi-
cate the existence of methanogenic and
methanotrophic bacteria.

The very wide range of sulfur isotope 
values found at Belingwe (�34S � �17 to �18)

(Fig 6.4a) is unusual for Archaean sulfides, 
and, in part, is the result of the very careful,
microscale sampling used in this study.
Grassineau et al. (2001, 2002) argue that the
wide range of sulfur isotope values implies
that several different isotopic fractionation
processes were taking place (Fig 6.4a). They
proposed that the very light �34S values are
best explained by a two-stage sulfate reduction
process. In other words, seawater sulfate was
reduced to sulfide by sulfate reducing bacteria,
and then reoxidized by sulfide oxidizers, before
being reduced again by sulfate reducers. If 
correct, this model requires that both sulfate
reducing and sulfide oxidizing bacteria were
present, and so the full sulfur oxidation–
reduction cycle was in operation during the
late Archaean.
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The carbon and sulfur isotope data provide
evidence for a complex microbial community
in Belingwe, at 2.7 Ga. There were photosyn-
thesizing oxygenic bacteria, sulfate and sulfite
reducers, sulfide oxidizers, methanogens, and
methanotrophs. These may have formed an
ecosystem in which cyanobacteria in shallow
water reefs managed atmospheric CO2 to pro-
vide oxygenated surface waters, whilst along
strike there were microbial mats containing
photosynthesizing green sulfur bacteria,
together with sulfate and sulfur reducing 
bacteria. In the mud below these mats were
methanogens overlain by methane oxidizing
bacteria (Grassineau et al., 2002).

6.4 THE MICROBIAL RECORD OF LIFE’S ORIGINS

A different insight into the history of life on
Earth, and one which is completely indepen-
dent of the fossil record, comes from an under-
standing of evolutionary relationships within
the microbial world.

6.4.1 The RNA tree of life
Dramatic new insights into the evolution of
life came through the application of molecular
phylogenetics to the tree of life. The initial
work was done in the 1970s by Carl Woese at
the University of Illinois, who used ribosomal
RNA (rRNA) gene sequences to construct a
molecular-sequence-based phylogenetic tree.
This was used to relate all organisms to each
other, from which it was possible to construct
a history of life (Woese et al., 1990). Woese’s
work challenged the contemporary view of
five “kingdoms” of life – plants, animals, pro-
tists, fungi, and monera and instead proposed
three “domains” of life. These were dominat-
ed by microbial life and were defined as the
Eucarya (comprising eukaryotes – organisms
whose cells have a nuclear membrane; this
includes all higher organisms including plants
and animals) and the Prokaryota. The
Prokaryota are subdivided into the domains
Bacteria and Archaea – single celled organisms
which have no nuclear membrane. Bacteria are
relatively well known as the cause of much
human and animal disease, whereas Archaea
were a new discovery (Fig. 6.5).

The methodology of molecular phylogeny
involves the alignment of pairs of rRNA
sequences from different organisms. The dif-
ferences are counted and used as a measure of
“evolutionary distance,” although of course
there is no absolute timescale embedded in
this process. This approach allows phyloge-
netic trees to be identified and maps prepared
to show the evolutionary paths which lead to
modern rRNA sequences (Pace, 1997). From
the entire tree, core lineages can be identified,
and from these (the ultimate goal) a last com-
mon ancestor can be identified.

Pace (1997) identified two important out-
comes of the RNA tree of life approach to phy-
logeny. First, it has become clear from the
RNA sequencing that the major organelles of
eukaryote cells – mitochondria and chloro-
plasts are derived from an original symbiotic
relationship with bacteria. Mitochondria are
representative of Proteobacteria (purple bacteria)
and chloroplasts of cyanobacteria. A second
outcome of this approach is that it shows the
main links between the domains. For example,
it has become clear that the Eucarya and
Archaea have many properties in common,
and appear to belong to a common lineage.
The bacteria on the other hand are different.
This means that some of the features of the
Eucarya, such as the origin of the nuclear
membrane, might be understood from examin-
ing their Archaeal roots (Pace, 1997).

More recent investigations have shown that
the branching “tree of life” may look more
like a braided river, for there seems to have
been considerable merging and splitting of
lines, including gene swapping (Doolittle,
1998, 1999; Nisbet & Sleep, 2001). This means
that tracing phylogenetic relationships back
through the tree of life may not be as easy as
had previously been supposed, and it seems as
though the molecular record is more noisy
than had been initially expected (Nisbet &
Fowler, 2003).

6.4.1.1 Metabolic themes
It is difficult to classify microbes on the basis
of their metabolic properties, for similar
metabolic pathways seem to have been used
several times during the development of

234 CHAPTER 6

Roll-06.qxd  10/13/06  2:34 PM  Page 234



microbial life. Nevertheless, it is possible 
to identify “domain-level tendencies” in the
RNA tree of life (Pace, 1997). These can be
summarized as follows:

Archaea are mostly lithotrophic and form
two major groups, both of which rely on
hydrogen:
� in the Euryarchaeota CO2 is converted into

methane;
� in the Crenarchaeota sulfur is converted into

hydrogen sulfide.
The deepest members of the Bacteria are also
lithotrophs and use hydrogen, together with
sulfur compounds, or with low levels of oxygen.
Chlorophyll-based photosynthesis was also
developed by the bacteria although much later.

6.4.2 The last common ancestor of all life
The last common ancestor is the notional 
population from which all modern living cells 
are thought to be derived. It is probable that
these organisms were akin to the bacteria,
were DNA-based, lived in a hydrothermal set-
ting (although Brochier & Philippe, 2002 have

suggested an alternative), and metabolized
hydrogen (Pace, 1997; Nisbet & Fowler, 2003).
There is some debate about the precise tem-
perature at which these organisms lived and
some authors prefer a mesophile, rather than a
hyperthermophile origin for the last common
ancestor (Nisbet & Fowler, 2003).

The thermophilic character of the last 
common ancestor (Fig 6.5) has important
implications, for it indicates that life, at some
stage early in its development, passed through
a high-temperature “bottle-neck.” There are two
possible scenarios for this thermophilic stage.
First is the transient heating and volatilization
of the oceans which took place during the late
heavy bombardment at 3.9 Ga (see Section
6.3.1). In this case the heating of the oceans
operated as a “filter,” such that only ther-
mophilic organisms survived these events.
The second scenario is that life developed in
the vicinity of sea-floor hydrothermal vent
systems. This model is discussed in Section
6.5.2 and has much to commend it, not least
because many of the elements fundamental to
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the construction of basic “life” molecules are
readily available in this environment.

It has been suggested that nitrogen-based
metabolisms must also be very ancient, as is
the ability to incorporate ammonium into
amino acids and nucleotide bases. In addition,
the great variety of nitrogen-fixing organisms
in both the Archaea and Bacteria imply that
this capability too may be a feature of the last
common ancestor (Papineau et al., 2005).
Similarly, many hyperthermophilic organisms
reduce elemental sulfur to H2S using a
metabolic pathway which is found in both the
Bacterial and Archaeal lineages. The fact that
this metabolic style is common to both lin-
eages suggests either that it is also very
ancient and inherited from the last common
ancestor (Mojzsis et al., 2003) or that it is the
result of a transfer.

6.4.3 A chronology for the tree of life
Although the rRNA tree of life is able to place
organisms broadly into their correct relative
positions, it does not have a reliable inbuilt
clock (Graur & Martin, 2004), and so, until
recently the timing of events on the tree of life
has been poorly known. In a recent review
Shen and Buick (2004) used fossil, rather than
molecular evidence to place some initial time
constraints on the evolutionary appearance of
the Archaea, Bacteria and Eucarya (Fig. 6.6).

The principal biomarkers used to date the
tree of life are those isotopic fractionations

and relevant biomarker molecules that can 
be attributed to specific bacterial groups. For
example, Brocks et al. (1999) used biomarker
molecules to identify cyanobacteria in 2.6–
2.7 Ga shales from the Pilbara Craton, western
Australia. They also found steranes derived
from eukaryotes in the same samples, imply-
ing that this domain is also at least 2.7 Ga old.
An earlier study by Hayes (1994) had already
established that methanogenic Archaea were
present at 2.7 Ga.

Microbial sulfate reduction is known from
3.47 Ga barites, from North Pole, Australia
(Shen & Buick, 2004). Petrological arguments
constrain the temperature of sulfate reduction
to below about 60�C and so limit the type of
sulfate reducing bacteria to mesophiles. This
argument is used to place sulfate reducing bac-
teria just above Thermodesulfobacterium.on
the RNA tree (Shen & Buick, 2004). There are
important implications in this finding, for sul-
fate reduction is a complex metabolic process.
This means that even by 3.47 Ga microbes had
developed many of the key cellular systems
found in their modern relatives and implies that
even at 3.47 Ga they had had a long history.

6.5 IN THE BEGINNING

6.5.1 A brief history of life on Earth
The history of life in the Archaean can be divi-
ded into four stages – life before photosynthesis,
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anoxygenic photosynthesis, oxygenic photo-
synthesis, and the evolution of the Eucarya
(Nisbet, 2002). The first two stages correspond
to the time before oxygen was produced on
Earth, the third stage with the interval when
oxygen was produced but it was not present 
in the atmosphere, and the final stage with the
rise of atmospheric oxygen (Kerr, 2005). Here
we attempt to set some time boundaries on
these different stages of the evolution of life.

By the late Archaean the Earth was home to
a wide range of microbial life. This is clear
from the work of Grassineau et al. (2001, 2002)
at Belingwe. There is good evidence for
cyanobacteria and possible heterotrophs in the
Cambellrand carbonate platform at 2.52 Ga
and for cyanobacteria in the microbial mats of
the Mozaan Group at 2.8 to 2.9 Ga. Other
studies have identified cyanobacteria and
biomarkers from Eucarya in 2.6–2.7 Ga shales
from the Pilbara, and evidence of methanogen-
esis and methanogens at 2.7–2.8 Ga (Hayes,
1994; Brocks et al., 1999; Rye and Holland,
2000). Hence we can be reasonably certain that
by the late Archaean oxygenic photosynthesis
had been established and the Eucarya had
evolved. Tracing life further back in time is
more problematical.

6.5.1.1 The rise of the Eucarya
The accepted view of the Eucarya is that they
derived their chloroplasts from cyanobacteria
and their mitochondria from purple bacteria.
Therefore they post-date these precursors.
Biomarker molecules in 2.6–2.7 Ga Pilbara
shales indicate that the Eucarya were in exis-
tence by this time, although Hartman and
Fedorov (2002) have challenged the conven-
tional view and believe that they could be
much more ancient.

6.5.1.2 Cyanobacteria and oxygenic
photosynthesis
There is good geological evidence from the
Mozaan Group in South Africa for cyanobacte-
ria at 2.8 to 2.9 Ga (Noffke et al., 2003). Older
indications come from carbonaceous filaments
in the 3.24 Ga Sulfur Springs cherts in Pilbara
and in the 3.42 Ga Buck Reef Chert in South
Africa, both of which have rubisco-like, light
�13C isotopic signatures. There are also biogenic

stromatolites in the 3.45 Ga Strelly Pool chert
at Pilbara, although there is no claim that
these were the product of cyanobacterial activ-
ity. Nevertheless, these data support the 
general argument of Schidlowski (1988) that
the global difference between the �13C isotopic
signatures of average carbonate carbon and
kerogenous, organic carbon is constant and
identical to the rubisco fractionation of about
30‰ since 3.5 Ga (Fig 6.7). Any earlier evi-
dence for rubisco fractionation is tentative,
but it is possible that the Isua kerogen glob-
ules, with a light �13C isotopic value of about
�26‰ could originally have been photosyn-
thesizing cyanobacteria (Rosing & Frei, 2004).

6.5.1.3 Anoxygenic photosynthesis
Photosynthesis probably evolved as organisms
learned to use pigments to capture energy
from light. Nisbet et al. (1995) suggested that
early organisms associated with hydrothermal
vent systems developed phototaxis using near-
infrared radiation and that this ‘skill’ eventu-
ally gave rise to photosynthesis. In a study of
the major groups of photosynthetic bacteria
Xiong et al. (2000) found that chlorophyll-
biosynthesis evolved from bacteriochlorophyll
biosynthesis, indicating that the anoxygenic
form of photosynthesis evolved before the oxy-
genic form. Dating the rise of anoxic photo-
synthesis, however, is not easy. Xiong’s work
indicates that six major bacterial lineages had
developed before the cyanobacteria came into
existence, at or before 2.8 Ga. On these
grounds anoxic photosynthesis probably exist-
ed in the mid-Archaean and maybe earlier.
Molecular phylogeny tells us that purple bac-
teria are probably the earliest photosynthetic
lineage, although the geological record is silent
on this subject.

Anoxygenic photosynthesis is found in pur-
ple and green sulfur and nonsulfur bacteria. In
the sulfur bacteria there is photosynthetic oxi-
dation of sulfide to elemental sulfur, although
there is no recognizable isotopic fingerprint of
this process. There may however be a record of
anoxygenic photosynthesis from another
source, for it is possible that some organisms
used Fe(II) as an electron donor, in a very early
form of anoxygenic photosynthesis. If this is
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the case then the high �56Fe values in Archaean
BIFs could be evidence of anoxygenic photo-
trophic Fe(II)-oxidizing organisms (Johnson
et al., 2003; Croal et al., 2004). Given the pos-
itive �56Fe value of �0.7 ‰ in the Isua iron 
formation (Dauphas et al., 2004) it is possible
that anoxygenic photosynthesis can be traced
back to this time.

6.5.1.4 Sulfate reducers
Shen and Buick (2004) demonstrated the great
antiquity of sulfate reducing bacteria. The
complexity of these organisms implies that
they had a long evolutionary prehistory, prior
to their first recorded appearance at 3.47 Ga.
However, in preoxygenic times the early
oceans were sulfate-poor, suggesting perhaps
that these bacteria were localized to evaporitic
environments.

6.5.1.5 Life before photosynthesis
The evolutionary lineages of the microbial world
might be traceable to the oldest sediments, at ca.
3.8 Ga (Fig. 6.7). It is likely, however, that even
before this time life existed on Earth and may

have survived the late heavy bombardment.
We know little about this earliest life, except
that the last common ancestor was probably
based upon a hydrogen-based metabolism.
There are however a number of other possible
metabolisms involving sulfur reduction, nitro-
gen reduction and carbon reduction which are
all extremely ancient (Papineau et al., 2005).

6.5.2 The earliest habitat
The idea that modern hydrothermal systems
represent “an ancestral niche” for life is a pop-
ular theme in contemporary writing on the
origin of life. Here we investigate this idea
more fully in order to explore the role played
by hydrothermal systems in the early evolu-
tion of life.

Deep ocean hydrothermal vent systems are
a relatively new geological discovery and over
the past two to three decades have provided a
wealth of information about the cooling of the
oceanic crust, the formation of massive sulfide
mineral deposits, and have revealed a whole
new biota including extremophile microbes.
We now know that oceanic hydrothermal vents
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are of at least two types. There are the well-
known high-temperature systems (�300�C),
associated with ocean ridges, and the more
recently discovered, cooler (40–75�C) off-axis
systems (Kelley et al., 2001). What is unknown
at present is whether it is the high- or low-
temperature systems which have had the 
most influence on the development of early
life.

The case that oceanic hydrothermal sys-
tems were particularly instrumental in the
development of early life on Earth is strength-
ened when we consider how prevalent they
were in the Archaean. Geochemical studies of
Archaean oceanic chemical sediments show
that they frequently have a strong geochemical
signature of vent fluids, indicating that such
fluids made a significant contribution (more
than at present, see Kamber & Webb, 2002) to
the composition of the Archaean oceans
Section 5.4.3, this volume). Hydrothermal sys-
tems are also an important means of cooling
the Earth. Given a hotter early Earth, in which
the mantle potential temperature was perhaps
200�C greater than today (see Chapter 3,
Section 3.2.2.3), the oceanic crust would have
been thicker, and hydrothermal systems most
likely more abundant.

Hydrothermal systems provide a suitable
environment for the synthesis of complex
organic molecules. For life to evolve, complex
polymers have to be formed. One place where
this happens at the present-day is in deep-sea
hydrothermal vents. Holm and Charlou (2001)
reported complex hydrocarbons formed by
inorganic processes in high temperature fluids
(364�C) from the Mid-Atlantic ridge. The high
productivity of organic molecules in this par-
ticular setting is attributed to reactions
between the hydrothermal fluids and ultra-
mafic ocean-floor rocks. Interestingly, the
reduced nature of oceanic hydrothermal fluids
provides a microenvironment, albeit in an
aquatic setting, not dissimilar to that investi-
gated by Miller and Urey fifty years ago.
Organic synthesis is aided by appropriate cata-
lysts. In the case of deep oceanic vent systems
both sulfide minerals and clays are present and
capable of catalyzing organic reactions.

There has been some scepticism about the
feasibility of high-temperature hydrocarbon
synthesis, for it has been argued that fragile
molecules such as amino acids are destroyed
in high-temperature vent systems (Miller &
Bada, 1988). However this concern appears to
be unfounded for amino acids have now been
reported in vents as hot as 308�C in the Izu-
Bonin arc in the Pacific (Takano et al., 2004).
In fact, when applied to DNA there is a positive
side to this process, for the frequent damage to
DNA in a high-temperature environment con-
fers the ability of damage repair on the DNA of
these organisms (Reysenbach & Shock, 2002).

A further aspect of molecular synthesis in a
high-temperature environment is the recogni-
tion of “heat-shock proteins,” proteins whose
synthesis is promoted by heat stress. One par-
ticular group of heat-shock proteins is seen as
particularly relevant to the development of
photosynthesis. These are the chaperonins,
which play an important role in binding and
shaping the enzyme rubisco.

Hydrothermal systems are an important
source of nutrients and energy. Hydrothermal
systems are environments where there is a
close interaction between geochemical and
microbial processes. Their principal feature is
that they represent surface fluids, drawn deep
into the Earth, where they are reduced, heated,
and laden with dissolved minerals and then
forced back to the surface where they react
with oxidizing fluids (Fig. 6.8). In the absence
of sunlight in the deep ocean, the principal
source of energy comes from redox reactions.
In the absence of oxygen, as would be the case
in the early Earth, chemolithoautotrophic pri-
mary production is driven by reactions which
utilize H2 to reduce CO2, or sulfur. In addition
to the chemical energy supplied in hydrother-
mal systems heat is also an important energy
source. It has been proposed that a primitive
heat-sensing capacity in early organisms,
developed in a “hot” environment might be the
precursor to the development of light sensitivi-
ty and photosynthesis (Nisbet & Fowler, 2003).

Living cells depend principally on a supply
of carbon, oxygen, nitrogen, hydrogen, phospho-
rus, and sulfur. In addition their biochemistry

THE ORIGIN OF LIFE 239

Roll-06.qxd  10/13/06  2:34 PM  Page 239



requires a wide range of trace metals. These
either form an essential part of the molecule or
act as a catalyst in molecular synthesis (e.g.
Foustoukos & Seyfreid, 2004). For example
Fe–S is important in the rubisco molecule and
Mn in bacteriochlorophyll.

Particularly important here is the role of tran-
sition metal sulfides. In 1988 Wachtershauser
proposed that pyrite, abundant in hydrother-
mal vent systems, provided an energy source
for the first life. He suggested that pyrite pro-
vided the catalyst necessary to drive a number
of essential chemical reactions which are
important precursors to life. More recent stud-
ies have confirmed this view and have shown
that the sulfides of Fe, Ni, Co, and Zn can 
play an important role in the fixation of carbon
in a prebiotic world (Cody et al., 2004).
Transition metal sulfides also play a role in
more advance organic synthesis, and Huber
and Wachtershauser (1998) showed how amino
acids were converted into their peptides using
a (NiFe)S catalyst.

Hydrothermal vents are home to thermophilic
bacteria. One of the most important discoveries

to arise out of the mapping of the universal phy-
logenetic tree (Woese et al., 1990) is that the
most deep-rooted lineages are thermophilic
(Fig. 6.5). Thermophiles are microbes which
grow best between > 45 and 80�C, and hyper-
thermophiles are those which comfortably
live at temperatures above 80�C. Thermophilic
organisms are found in both the Archaea and
the Bacteria indicating that this property is
extremely ancient and that the last common
ancestor was thermophilic.

Thermophilic microbes have been known
for some years from the hot springs of
Yellowstone National Park, USA (Farmer,
2000) but now are also documented from deep
ocean hydrothermal vents, the most extreme
of which is an Fe(III)-reducing member of 
the Archaea that can grow at 121�C (Kashefi 
& Lovley, 2003). Ocean vent microbial com-
munities are diverse and include Archaea and
Bacteria (Hoek et al., 2003) which utilize
hydrogen- and iron-oxidizing and sulfur-reduc-
ing metabolisms to produce microbial mats.
They form rod-like, coccoid, and filamentous
forms (Reysenbach and Cady, 2001). An equally
diverse array of thermophilic microbes is also
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Roll-06.qxd  10/13/06  2:34 PM  Page 240



known from deep 65�C fluids, extracted from
older, cooler ocean crust (Cowen et al., 2003).

The case for a mesophile, rather than a ther-
mophilic or hyperthermophile origin for life
has been argued by Forterre (1995). As dis-
cussed above, RNA is unstable at high temper-
atures and it unlikely than the RNA world
began in a high-temperature vent environment.
Mesophile organisms, on the other hand, would
thrive at the warm (ca. 40�C) margins of a
hydrothermal system, rather than in its high-
temperature core. In this case it is possible
that the hyperthermophiles are organisms
which have strayed into and adapted to a high-
er temperature environment, from a cooler, less
damaging environment (Forterre, 1995). In this
model a mesophile organism would predate a
thermophilic common ancestor.

It is possible that inorganic cell prototypes were
created in hydrothermal systems. Iron sul-
fides are abundant in oceanic hydrothermal
systems and are one of the main products of
high-temperature vents. Russell and Hall
(1997) and Martin and Russell (2003) proposed
that iron monosulfide bubbles, created in an
oceanic hydrothermal setting formed a tem-
plate for the structure of the first cells. In this
model the FeS membrane acted as a catalytic
chamber within which organic synthesis 
could take place. As this process evolved, the
sulfide membrane became coated with abiotic
organic polymers which eventually took over
from the sulfide and replaced their function.

As already mentioned, there is currently
some debate about the type of hydrothermal
system which was most likely to be responsible
for the development of early life – terrestrial or
oceanic, high-temperature hyperthermophilic
or moderate-temperature mesophilic. On balance
most arguments seem to support an oceanic
setting, and the highly energetic, mineral laden
system of deep ocean hydrothermal vents is
the favored locality. In support of this hypoth-
esis some of the sites of the most ancient
recorded Archaean fossils are probably from
this setting. Interestingly even at Isua the exis-
tence of methane- and saline-fluid inclusions
indicate the operation of an oceanic high-tem-
perature hydrothermal system (Appel et al.,

2001). Nevertheless, one of the challenges of
recognizing life from such systems is that they
are capable of producing organic-looking signa-
tures abiotically, and so confusing the search
for ancient life. Recently a number of authors
have drawn attention to the mid-Archaean car-
bonaceous cherts from the Pilbara Craton
(Lindsay et al., 2006; van Kranendonk, 2006;
see also section 3.3.2). These are most proba-
bly hydrothermal in origin and could represent
a silica-rich slurry in which life first evolved.
However, it is possible that in these rocks any
early biosphere signal is masked by a predom-
inant abiotic component.

If true, the hydrothermal vent hypothesis
for the early development of life is a superior
example of interactions within the Earth 
system. In this environment we have fluxes
between sea-water and the ocean crust (and
sometimes the mantle), and a range of biogenic
processes taking place at the interface between
the two.

6.5.3 Who is pulling the strings?
Lovelock (1979) argued that the modern atmo-
sphere is a disequilibrium atmosphere, strongly
modified by the presence of life on Earth.
Extending this argument it is possible that
over geological time there has been a long-
term interaction between living organisms 
and the atmosphere so that the atmosphere is
the product of, and is controlled by, “life.” In
turn the atmosphere has influenced the Earth’s 
climate, maintaining equable temperatures for
the last 4.4 Ga, and hence the presence of 
liquid water on Earth. Water is an important
contributor to the dynamic nature of our 
planet, for without water the mantle would be
more viscous and, in the absence of hydrous
subduction, the continents unlikely (Rosing
et al., 2006). So, it would appear that life has
had a major influence not just on the Earth’s
atmosphere, as proposed by lovelock, but on
the solid Earth as well.

What is less certain, but important to pon-
der (see e.g. Nisbet, 2002) is whether the Earth
could have maintained its equable climate 
purely by inorganic means. What would an inor-
ganic Earth look like? Nisbet (2002) has sug-
gested a sluggish form of carbon management. 
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If CO2-drawdown was in excess of volcanic
CO2 production then the Earth’s temperature
would fall, leading to a temporarily frozen
Earth. At this point CO2-drawdown would
cease and volcanic outgassing would return the
Earth to warmer temperatures. Alternatively,
huge volcanic outpourings of CO2 – for there is
plenty of carbon in the mantle – might other-
wise lead to a greenhouse Earth. In this case it
is uncertain as to whether an inorganic carbon
cycle would control surface temperatures, or
whether the Earth would become a runaway
Venusian greenhouse.

A more complex ocean–atmosphere cycle,
discussed in Chapter 5, involves the elements
phosphorus, sulfur, iron, and oxygen (Fig. 6.9).
At low oxygen levels, typical of the Archaean,
the lack of sulfide weathering results in a 
low-sulfate ocean, which permits high levels
of dissolved Fe(II). The oxidation and precipi-
tation of the iron would lead to low P-levels 
in the oceans, for the phosphorus is adsorbed
onto the iron oxides. At about 2.3–2.4 Ga there
were higher oxygen levels, which permitted
higher concentrations of sulfate in the ocean,
so that iron was removed from the ocean as 
a sulfide, releasing phosphorus to act as a
nutrient. Increased phosphorus led to greater 
oxygen productivity and, through positive
feedback led to an increase in oxygen levels.

What is not clear, however, is the precise
cause of the rise in oxygen at between 2.3 and
2.4 Ga. It was not simply an increase in
cyanobacterial oxygen production, because
cyanobacteria had already been in existence
for several hundred million years. Another,
inorganic trigger is required – related perhaps
to a change in the proportion of reducing vol-
canic gases produced, or to the way in which

oxygen was utilized in oxdizing crustal rocks
(Catling & Claire, 2005).

So, what of Gaia? Our knowledge from the
modern Earth carbon cycle suggests that inor-
ganic processes could (probably) have main-
tained Earth’s temperature within the bounds
of 0–100�C. However, evidence from the rise 
of oxygen over time, displays a much more
complex process, one which reflects the intri-
cate interaction between organic and inorganic
Earth processes.
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7

POST-SCRIPT

Much of the contemporary discussion on Earth
systems is focused on the relatively recent
geological past and on the Earth’s surface envi-
ronments. This has tended to keep the discus-
sion of Earth systems within only a few
sub-disciplines of the Earth Sciences and away
from ‘traditional hard-rock geology.’ My goal,
in this book, has been to show that if we con-
sider the Earth on a long time scale, then Earth
interactions involve all the major Earth reser-
voirs, including the solid Earth and the deep
Earth. It has been my purpose here to draw
attention to these interactions and to show
that the solid Earth is an integral part of the
Earth System which cannot be ignored, partic-
ularly in a discussion on the early Earth.
Hence the focus of this book has been different
from other Earth system science texts.

However, the reader will have detected that
a detailed systems approach to the early Earth
is not yet highly developed, especially when
compared to the similar approach to the mod-
ern Earth. At best we are able to develop
input–output models for the major Earth reser-
voirs in the Archaean. Only now are there
attempts to begin to quantify these variables –
see for example the model of Claire et al.
(2005) for the rise of atmospheric oxygen.

In 2005, the journal Science celebrated its
125th anniversary by devoting an issue to the
subject of “What don’t we know?” Such is 
the thrust of modern science. However, it is
important not to forget what we do know. 

So, it has also been my aim here to show that
we actually know a great deal about the early
Earth. Even though there are gaps in the 
geological record and ambiguities of interpre-
tation in some difficult geological terrains, we
certainly know enough now to map out a
detailed sequence of Earth events since accre-
tion and we broadly understand the major pro-
cesses operating in the early Earth. In this
context, a particularly important result is the
growing recognition that many of the signifi-
cant events in the history of our planet – the
formation of the oceans, the core, the separa-
tion of the Moon, and the creation of the first
basaltic crust – all took place within a few tens
of millions of years of the formation of the
solar system.

We also know that the Earth reservoirs have
changed in composition over time. Such
changes have been documented in this book.
See for example – the isotopic evolution of the
mantle (Chapter 3, Section 3.2.3), the secular
evolution of the continental crust (Chapter 5,
Section 5.3), the evolution of the composition
of the atmosphere (Chapter 5, Section 5.3) and
oceans (Table 5.5). Secular change in the bio-
sphere, a process which we otherwise call evo-
lution, is discussed in Chapter 6. Charting
these changes and identifying the precise char-
acter of the systems of the early Earth is a task
which is well underway. 

Ahead lies the task of beginning to quantify
interactions between the early Earth reservoirs.
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Acasta Gneiss, 9, 25
accretion, planetary see planetary accretion
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albedo effect, 206
Altaid tectonic collage, 145
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amino acid, 217–18, 225, 230, 239
Amitsoq gneiss, 25, 113, 115–16
ammonium ions, 225–6, 236
amoeboid olivine, 45, 47, 48
amphibolite, 135, 136
amphibolite solidus, 157, 159
andesite, 18, 27, 135, 136

high magnesium, 135, 136, 138, 172
anorthosite, 23, 28
apatite, 229
Apex chert, 231
arc accretion, 19, 141
arc magmatism, 18, 105, 136–9

carbon flux, 181
magma sources, 137
melt thickness, 138
Nb-Ta depletion, 138
sedimentary component, 139
slab source, 136–7
wedge source, 136–7

Archaea, 220, 223, 224, 230–1, 234–6
Archaean (definition), 9
Archaean atmosphere see atmosphere

Archaean basalt, 101–2, 109, 132
oxygen fugacity, 197–8

Archaean boninites see boninite
Archaean chromitites see chromite
Archaean granitoid see TTG
Archaean greenstone belt see greenstone belt
Archaean mantle, 101–10

composition, 107
heterogeneities, 132
hydrated, 109
melt production, 109
models, 128–31
potential temperature, 108–10, 172–3
sediment recycling, 173
temperature, 105, 109
thermal evolution, 107–10
xenoliths, 106–7

Archaean microfossils see microfossils
Archaean ocean see ocean
Archaean ophiolite, 106
Archaean plate tectonics, 160
Archaean shale, 155–6
Archaean subduction see subduction
Archaean sulfur cycle see sulfur cycle
Archaean tholeiite, 101–2
Archaean TTG see TTG
argon, radiogenic in mantle, 94–5
Aruba batholith, 140, 161
assimilatory sulfate reduction, 224
asteroid, origin of life, 222
asteroid belt, 188
asthenosphere, 71, 83, 85, 89
astrobiology, 222
atmophile element see elements
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atmosphere
Archaean, 193–206
carbon dioxide see carbon dioxide
composition of Earth’s atmosphere, 193
ocean interaction, 242
origin, 187–93
oxygen see oxygen

autotrophy, 199, 220, 222

bacteria, 223, 224, 230–1, 234–6
anaerobic, 225
iron oxidizing, 226–7, 240
iron reducing, 226–7, 240
methanogenic, 203, 234, 236, 237
nitrification, 226
nitrogen fixing see nitrogen
photosynthesising, 205, 212
purple bacteria, 234
sulfate reducing, 210

banded iron formation, 12, 19, 194, 199, 201, 
205, 207, 211–13

hydrothermal origin, 211–13
iron isotopes, 211–13, 226–7, 238
phosphate levels, 201, 212–13, 229
proxy for ocean composition, 207–8

banded ironstone see banded iron formation
Barberton greenstone belt, 15, 16, 18, 102, 106,

115–16, 180, 202, 205, 230
barite, 211, 236
baryonic matter, 31
basalt, 97–9, 122

Archaean see Archaean basalt
early basaltic crust, 123, 125, 164–5
mass, 169
high alumina, 135, 136–7
high magnesium, 135
melting, hydrous, 157–9
midocean ridge see midocean ridge basalt
recycling, 122, 127
solidus, 157–8

basaltic andesite, 135, 136
Belingwe greenstone belt, 11, 16, 17, 19, 106, 180,

232, 237
late Archaean microbial diversity, 232–3

beryllium-10, 139
Beta pictoris, 39, 40, 49
BIF see banded iron formation
big bang theory, 30, 31, 32, 33
biofilm, 230–1
biolipid, 222
biomarker molecules, 222, 227–8, 236
Birrimian Shield, 161
black shales, 212–14
black smoker, 221

boninite, 18, 105–6, 131
Archaean, 180

box model, 4
BSE see bulk silicate Earth
Buck Reef chert, 231, 237
Buhwa greenstone belt, 202
bulk silicate Earth, 71, 81, 107, 117

K/U ratio, 94–5, 108
U/Th ratio, 117–19

CAI, 44, 47, 48
calcium-40, 147
Calvin–Benson cycle, 223
Campbellrand supergroup, 208, 232, 237
Canyon Diablo troilite, 112, 117, 184
carbonaceous chondrite see chondrite

carbonatite, 182
carbon

budget of Earth, 180–4, 201
burial of organic carbon, 199–200
burning, 37
in core, 192
cycle, deep, 181
global, 182
graphite see graphite
in mantle see mantle
mass in the whole Earth, 180
mass subducted, 182

carbon dioxide 
drawdown, 201, 203–4, 241
mineral barometers, 201–2
reduction over geological time, 201–5
sink, 204
storage in oceanic crust, 204–5
volcanic flux, 205

carbon in the core see core
carbon isotopes, 182–4

Apex chert, 231
Belingwe greenstone belt, 232–4
biogenic fingerprint, 222–4
Buck Reef chert, 231
in carbonaceous chondrites, 182
in carbonatite, 182
in diamond, 182
fractionation during methanogenesis, 

222–3
fractionation during photosynthesis, 222–3
fractionation in hydrothermal vents, 224
in iron meteorites, 182
Isua greenstone belt, 229–30
in limestone, 223
in midocean ridge basalt, 182
non-biogenic fractionation, 224
record over time, 199–200, 203
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in solar nebula, 182
Sulfur springs, 231

cell
membrane, 220–1, 224, 241
metabolism see metabolism
prototypes in hydrothermal system, 241
replication, 217, 220
synthesis, 217–22

chalcophile element see elements
chemical index of alteration, 202
chemocline, 212
chemolithoautotrophs, 240
chert, 19, 231

proxy for ocean composition, 207
cholestane, 222
cholesterol, 221–2
chondrite, 44, 45

carbonaceous, 44, 46, 82, 84, 117
carbon isotopes, 182
D/H ratio, 188–9
volatile content, 188–90, 192, 206
water content, 179
Earth composition, 51, 132
enstatite, 44, 45
model for the Earth, 65, 79–82, 122
normalization, 55–6
ordinary, 44
oxygen isotopes, 45, 46

chondrule, 44–6
chromite

Archaean, 122
oxygen fugacity, 197–8

CHUR, 111, 113
CIA see chemical index of alteration
clay, origin of life, 218, 221
COBE, 33
comet, 190

D/H ratio, 190
origin of life, 222

compatible element (definition) see elements
continental crust

age distribution, 143–4
composition, 136, 148–52
andesite model, 149–51, 169–74
Archaean, 171
La/Nb ratio, 152, 173
lower crust, 149, 151
Th/La ratio, 156, 170
trace elements, 151, 152
upper crust, 149, 151
extraction from the mantle, 123, 134
as geochemical reservoir, 134
heat flow, 153
intracrustal fractionation, 156, 170–1, 173–4

lower crust, 149, 151, 153, 171
basaltic, 161
melting, 161
mass, 134
origin, 133
recycling, 123, 127, 143, 146
secular evolution, 153–6, 171–2
sediment recycling, 134, 160
nitrogen, 186
rate, 141
tectonic erosion, 141
thickness, 153
volume, 147

continental crustal growth
arc magmatism, 134–9
in Archaean, 174
episodic model, 144–8, 162, 166
fluxes, 141–3, 169–74
growth curve, 143–8
growth rate, 141, 148
intraplate magmatism, 139
plume model, 140, 152, 158, 162, 164, 173
progressive model, 144–8
in Proterozoic, 144, 161
rifted margins, 140–1, 169
steady state model, 144–8

continental crust formation, 134–42
importance of water, 134
link to subcontinental lithosphere, 166–8

continental crust-mantle interaction, 162–74
eclogite link, 165
lower mantle contribution, 164
subcontinental lithosphere, 166–8
three reservoir model, 163–4

continental flood basalts, 97, 140
continental freeboard, 146–7
continental margin, rifted, 140–1
core 

carbon content, 181
composition, 54, 58
cooling, 97
formation, 51, 54, 57, 61

element fractionation, 66, 119, 121 
high pressure model, 60
low pressure model, 59
timing, 60, 67

impurities, 54
light elements, 58
nitrogen content see nitrogen
radioactive heating, 54
siderophile elements, 58
temperature, 54

core-mantle boundary, 72, 93, 97, 99, 132
cosmic microwave background, 30, 31, 33
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cosmological nucleosynthesis, 36
cosmological redshift, 30
craton (definition), 9
craton, distribution, 10
crust see continental crust
crustal foundering see delamination
cyanobacteria, 199, 223, 227–8, 232, 233, 237, 242

D”–layer, 73, 97, 99, 122, 130, 132, 190
daisyworld, 3
Darwin Rise, 100
Deccan basalts, 140
delamination, 99

lower crust, 142–3, 161, 169–71
mass, 169

denitrification, 225–6
diagenesis, 222, 226
diamictite, 21, 205–6
diamond, 182

carbon isotopes, 182
inclusions, 78, 80, 85, 109
nitrogen isotopes, 184–6

dissimilatory sulfate reduction, 224
DNA, 217–20, 235, 239
Dongwanzi ophiolite, 106
dunite, 71, 80, 92, 93

Earth
accretion history, 66, 67
age, 51, 66
chondrite model, 65, 79–82
differentiation, 51, 114, 122
fractionation, 65
isotopic accretion modeling, 68
volatiles see volatiles

Earth system science, 2, 243
eclogite, 71, 161, 170

residue of slab melting, 158, 172, 174
rutile, 165–6
xenoliths, 107, 131

eclogite slabs in the mantle, 165–6, 168
mass, 169

Egg phase, 179
element abundances, solar, 37
element classification, Goldschmidt, 40, 42
elements 

atmophile, 40
chalcophile, 40, 42, 43
compatible (definition), 41, 71
high field strength (definition) 41, 135
incompatible, 151–2

definition, 41, 71
lithophile, 40, 42
low field strength, 138

definition, 41, 135

major elements (definition), 41
minor elements (definition), 41
platinum group, 119
refractory, 42

definition, 41
siderophile, 40, 42

diagrams, 57
in Earth’s mantle, 66
excess, 59

trace elements (definition), 41
diagrams, 55–7

volatile, 42
abundance patterns, 188, 191
definition, 41
outgassing, 191, 194

elements origin, 36
Emperor-Hawaii volcanic chain, 97, 98
enzyme, 218, 223
Escherichia coli, 217
Eucarya, 228, 234–6, 237–8
Eukaryotes, 228, 234–6
evaporite, 19

proxy for ocean composition, 207
extremophile, 221

faint young sun paradox, 201–6
feedback loop, 5
Fischer-Tropsch process, 231
flux, 5
forcing, 5
Fortescue group, 20, 22, 227

Gaia hypothesis, 2, 3, 241, 242
galaxy 

elliptical, 34
formation, 33, 34, 35
the Milky Way, 34
quasars, 34
spiral, 34

GENIE model, 4
geochemical cycle, 4, 6, 7
geochron, 117, 118
geolipid, 222
GERM model, 4, 6
giant impact see impacting
glacial sediments see diamictite
GLOSS, 139
Gorgona island, 104
Gothåbsfjord, 23, 24, 25
granite gneiss terrain, 10, 22, 23
granite-greenstone belt terrain, 10
granulite belt, 23, 149
granulite, restite, 173
graphite, 229–30
gravitational collapse, 39
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great oxidation event see oxygen
greenhouse atmosphere, 201
greenstone belt, 12, 17, 23, 97, 106, 174, 180

Abitibi see Abitibi greenstone belt
Barberton see Barberton greenstone belt
Belingwe see Belingwe greenstone belt
Isua see Isua greenstone belt
Kalgoorli see Kalgoorli greenstone belt
lithological packages, 19
Michipicoten see Michipicoten greenstone 

belt
tectonic setting, 17, 18
Wind River see Wind River greenstone belt
Yellowknife see Yellow knife greenstone belt

habitable zone, 188, 216
Hadean (definition), 9
Hafnium-isotopes, 27, 112, 114–17

garnet fractionation, 114–15
Lu-Hf decay constant, 27, 115–16
majorite fractionation, 115
mantle evolution, 114–17, 165
in oceanic basalt, 114

Hammersley range, 211
harzburgite, 71, 80, 105
heat-shock proteins, 239
Hertzsprung-Russell diagram, 35, 36
Hf-W isotopes see tungsten isotopes
high-alumina basalt see basalt
high field strength element see elements
high grade gneiss terrain, 22
high magnesium basalt see basalt
HIMU mantle see mantle
Huronian, 206
hydrodynamic loss of volatiles, 191–2
hydrogen burning, 37
hydrogen escape, 200
hydrological cycle, on early Earth, 207
hydrothermal exchange, 171
hydrothermal vent, 224, 231

deep ocean, 238
high temperature, 239
off axis, 239
organic synthesis, 239
origin of life, 218, 221, 224, 235–6, 238–41

hyperthermophile, 235–6, 241

IDP, 48, 49
impacting, 51, 192, 228

giant impact, 51–2
loss of volatiles, 191–2
ocean vaporization, 191
origin of life, 228–9

incompatible element see elements
interplanetary dust particles see IDP

intraplate magmatism, 139
iron isotopes, 184, 226–7

abiogenic fractionation, 226–7
in banded iron formation see banded iron 

formation
biogenic fractionations, 226–7
in geological record, 213, 237
in hydrothermal fluids, 227
Isua, 229–30

iron meteorite see meteorite
iron oxidizing bacteria see bacteria
iron-reducing bacteria see bacteria
isochron calculation, 13
isotopes

C see carbon isotopes
Fe see iron isotopes
Hf see hafnium isotopes
N see nitrogen isotopes
Nd see neodymium isotopes
Ne see neon isotopes
O see oxygen isotopes
Os see osmium isotopes
Pb see lead isotopes
S see sulfur isotopes
short-lived, 58, 62

isotopic biomarker, 222–7
Isua greenstone belt, 16, 24, 25, 106, 113, 131, 196,

201, 202, 206–7, 227, 229–30, 241
banded iron formation, 229–30
carbon isotopes, 229–30
iron isotopes, 229–30, 238
nitrogen isotopes, 229–30
sulfur isotopes, 229–30

Itsaq gneiss, 9

Jack Hills, 9, 26, 27, 115–16
Jamestown complex, 106

Kaapvaal craton, 15, 20, 87, 103, 109, 131, 149, 198
Kalgoorli greenstone belt, 16
Karoo igneous province, 140
kerogen, 180, 226, 227, 231
kimberlite, 71, 76–7, 80, 86, 170
komatiite, 12, 16, 18, 19, 28, 89, 102–5, 121–2, 129,

130, 168, 174
Al-depleted, 103–4
Al-undepleted, 103–4
Barberton type, 103–5
contamination, 102–3
eruption temperature, 108
melting temperature, 104
MgO content, 102, 108
Munro type, 103–4, 168
oxygen fugacity, 197–8
Si-enriched, 103–4
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komatiite (cont’)
thermal erosion, 103
Ti-depleted, 103–4
wet melting, 104–5, 180

komatiitic basalt, 102
Kuiper belt, 49, 188

Lachlan fold belt, 148
large igneous provinces, 97, 98, 139–40
last common ancestor, 235–6
late heavy bombardment, 68, 222, 228–9, 235
laterite, 195
late veneer, 60, 67
lawsonite, 179
layered intrusion, 23
lead isotopes, 112

future paradox, 118
isotopic evolution of the mantle, 117–19
kappa conundrum, 118–19
primordial composition, 117

lherzolite, 71
garnet lherzolite, 74
melting, 90
plagioclase lherzolite, 74
spinel lherzolite, 74

life
abiotic synthesis, 217
construction of cell membrane, 217, 220–1
domains, 234
extraterrestrial origin, 221–2
geochemical signals, 222–8
geological record, 228–4
molecular synthesis, 217
origin, 215
prebiotic sythesis, 217
replication, 217, 220

limestone, 19, 205, 208, 229
proxy for ocean composition, 207–8

Limpopo belt, 11, 23, 24
lipid, 222
lithophile element see elements
lithosphere, 71, 83, 85

sub continental see subcontinental lithosphere
sub oceanic, 84–5, 89

lithotroph, 220, 235
Lovelock, 2, 3, 217, 241
low field strength element (definition) see elements
lower continental crust see continental crust
lower mantle see mantle
Lu-Hf decay constant see hafnium isotopes
Lunar impact record see Moon

magma ocean, 192, 207
perovskite fractionation, 64–5
terrestrial, 51, 60, 61, 62, 63, 64, 65, 122, 129, 132
transient, 63

magmatic outgassing see volatiles
magnesiowustite, 71, 83, 94, 178
magnesium number (definition), 135
major elements see elements
majorite, 71, 74, 78, 94, 104, 114
mantle

active flow, 100–1
Archaean see Archaean mantle
carbon content, 83, 180
composition, 79, 82–3, 84
convection, 93–6, 123, 124, 130–2

layered convection, 93–6, 119, 124, 166
crust-forming reservoirs, 163–9
degassing, 95
depleted, 71, 80, 165–6
diapir, 136
fertile, 71, 80
fluxes, 99–101, 169–74
heat budget, 96–7
heat production, 75, 96–7, 125, 129
helium isotopes, 95–6
heterogeneity, 98, 127
HIMU, 79, 127, 130
hotspot volcanism, 97, 100, 140
hydrous, 64, 88, 128, 130, 138
keel, 166, 169
lower mantle, 73, 83, 93–6, 164

carbon content, 182
water content, 178

Mars, 134, 189, 193, 201, 216
atmospheric composition, 193

mass, 70
mass dependent fractionation see stable isotopes
mass independent fractionation see stable isotopes
mechanical boundary layer, 85
melt inclusions, 177, 180
melting, 78, 89–93, 120

melt column, 91
melt extraction, 92
melting triangle, 90
melt reaction, 92–3
melt thickness, 91–2
polybaric, 91, 92

metasomatism, 77, 100
minerals, carbon content, 180
models, 121–7

D”, 125
lava lamp, 124–5
plum pudding, 121, 126–7
SUMA, 128
water filter, 125–6
whole mantle convection, 127–8, 132

Nb/U ratio, 145–6, 201
nitrogen see nitrogen
nitrogen isotopes see nitrogen isotopes
noble gases see noble gases
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oxidation state, 197–8, 200
oxygen fugacity, 197–8
passive flow, 100–1
phase changes, 74
potential temperature, 91–2
plume, 73, 97–9, 121, 125–6, 130, 140, 164

carbon flux, 181
control on atmospheric oxygen levels, 200

primitive mantle, 72, 81, 83, 84, 120, 131
Nb/U ratio, 145–6

redox see mantle oxidation state
replacement time, 101
secular cooling, 107–10
sub-arc, 88–9
temperature, 98, 153, 159
tomography, 73, 74, 94, 98–9, 124–5
transition zone, 73, 78, 126, 178–9

water content, 178, 179
upper mantle, 73, 83

upper mantle, water content, 178
upper mantle mass, 101

U/Th ratio, 118, 201
viscosity, 110, 176
volatiles, 176–80
water content, 83, 126, 177–8
wedge, 88–9, 100, 136–8, 168

melting, 136–7
whole mantle convection, 93–6
xenolith, 76, 79, 86, 106–7, 121

in alkali basalt, 76–7
carbon content, 180
kimberlite, 76–7, 170
oxygen fugacity, 198

mesothermophiles, 235, 240, 241
metabolism, 220

autotrophic, 220
hydrogen based, 238
pathways, 222, 224, 225
phototrophy, 220
processes, 233
themes, 234

meteorites, 43–5
chondrite see chondrite
classification, 43
iron, 43, 45
lunar, 228
Martian, 45, 222

methane
in Archaean atmosphere, 200, 202–6
in fluid inclusions, 224

methanogenesis, 223–4
methanogenic bacteria see bacteria
Michipicoten greenstone belt, 11
microbial diversity, in late Archaean, 232–3, 237
microbialite, 232
microbial mat, 231–2

microfossils, 230–2
archaea, 230–1
bacteria, 230–1
microbial filaments, 231
stromatolites, 231

midocean ridge
basalt, 78, 79, 91–2, 94, 95, 125, 126
carbon content of source, 177
carbon isotopes, 182
oxygen fugacity, 197–8
U/Pb ratio, 118
water content, 177
water content of source, 177

midocean ridge
basalt flux, 100–1
carbon flux, 181

Miller-Urey experiment, 217–18
minor elements see elements
Minto block, 24
model age calculation, 13
molecular phylogenetics, 234, 237
molybdenum isotopes, 213
monomer, 217
montmorillonite, 221
Moon

composition, 53
formation, 52, 207

timing, 54, 67
giant impact hypothesis, 51, 52
impact record, 192, 228
Moon forming event, 207
oxygen isotopes, 53
siderophile elements, 53

MORB see mid-ocean ridge basalt
Mount Narryer, 26
Mount Roe, 195, 198–9, 202–5
Mozaan Group, 206, 232, 237

Nahcolite, 202, 205
Nb-Ta depletion see arc magmatism
neodymium isotopes, 111–14, 112

chondritic evolution, 111
model ages, 144–5
142Nd anomaly, 62, 113–14
142Nd evolution of the mantle, 113–14, 122
143Nd evolution of the mantle, 111–13, 146–7, 164–5
Nd-Sr diagram, 163
Nd-Sr mixing, 139
proxy for crustal growth, 146–7, 163–4

neon-B, 189, 192
neon isotopes, 189–90

in mantle, 189–90
in midocean ridge basalts, 189–90
in ocean island basalts, 189–90
solar signature, 189–90, 192

nitrification, bacterial, 226
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nitrogen, 184–6
bacterial fixation, 184
in core, 185–6
cycle, 184–6, 225–6

Archaean cycle, 186
fluxes, 184–6
in mantle, 184–6
subduction see subduction
volcanic flux, 184, 186

nitrogen isotopes, 183, 185–6
in Archaean mantle, 186
in Archaean sediments, 186, 229
in the core, 184–6
in diamond, 184–6
fractionations, 184–6, 225–6
in hydrothermal vents, 186
Isua, 229–30
in mantle, 184–6
in metamorphism, 184–5, 225–6
in midocean ridge basalt, 184–6
in modern organic matter, 184–6
in modern sediments, 226
in ocean island basalts, 184–6
in the oceans, 225–6

noble gases, 176, 187
in mantle, 189
solar, 189–90

North China Craton, 87
North Pole, 236
nucleic acid, 218–19, 225

ocean
Archaean, 206–14
atmosphere interaction, 209–14, 242
composition, 206–9, 210, 213–14

Ce anomaly, 207–8
proxies, 207–8
REE, 207–8
sulphate level, 201, 209–11

early hydrothermal ocean, 205
gas exchange, 194
hydrothermal contribution, 206, 208–9
progressive oxidation, 209–14
redox state, 209–14
river contribution, 206, 209
very early ocean, 191–3, 207, 228

ocean crust 
carbon dioxide storage see carbon dioxide
carbonate content, 200
recycling rate, 142
spreading rate, 142
thickness, 91

oceanic plateau, 19, 78, 97, 140, 161
accretion, 140
melting, 140

ocean island basalt, 78, 79, 94, 95, 118, 121, 125,
126, 127, 130

water content of source, 177
OIB see ocean island basalt
Ontong Java ocean plateau, 140
Oort cloud, 49, 190
ophiolite, 71, 75, 76, 79, 80, 93

Dongwanzi, 106
Oman, 76

ophiolitic chromites, 120–1
origin of life see life
origin of the elements see elements
orogenic lherzolite, 75, 76
osmium isotopes, 112

chondritic reference values, 119–20
mantle evolution, 120, 122

outer Earth volatile reservoir 
see volatiles

oxygen
burning, 37
cycle, 7, 194
great oxidation event, 198–9, 213
isotopes, 183
paleobarometers, 194
production, 194, 201
regulation, 199–201
rise over time, 194–201, 242–3
sinks, 194, 200–1
sources, 194, 201

ozone, 195

paleoplacer, 21
paleosol, 19, 21, 194–5, 202–5
panspermia, 222
partial melting, 89
partition coefficient, 71–2
peridotite-chondrite mantle model, 81
perovskite, 64–5, 72, 75, 78, 83, 94, 104, 114, 116,

129, 178
perturbation, 5
phase B, 179
phase D, 179
phospholipids, 221
phosphorus, in banded iron formation see banded

iron formation
photochemical reaction, 195–7, 203
photosynthesis, 199, 223, 235

anoxic, 220, 226, 237–8
at Isua, 229
oxygenic, 220, 237–8

phototaxis, 237
phototrophy, 220
picrite, 92, 97, 130
Pilbara craton, 18, 20, 22, 26, 105, 194, 198, 202,

227, 231, 232, 241
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planetary accretion, 49, 187–8, 192
late accretion, 190
role of water, 206
standard model, 49–51
timing, 54

planetary embryo, 50, 51, 188
planetary resurfacing, 216
planetesimal, 39, 49, 50, 52, 188
planet, extrasolar, 51
gaseous, 49, 51

giant, 49, 51
icy, 49
jovian, 49, 51
terrestrial, 49

plate boundary, destructive, 136
platinum group elements see elements
plume see mantle plume
polymer, 217–18, 227
Pongola supergroup, 20, 21
post-perovskite phase, 72, 75
preliminary reference Earth model, 73
presolar matter, 48
primary melt (definition), 135
protein, 218
protocrust, 117, 122
protoplanet, 52
protoplanetary disk, 38, 49, 51
Pt-Os isotopic system, 121
pyrite

detrital, 21, 194, 198–9
iron isotopes in diagenetic 

pyrite, 212–13
in organic synthesis, 240

pyrolite, 82

QFM reference curve, 197–8

rare gases see noble gases
red beds, 194, 198–9
refractory element (definition) 

see elements
refractory inclusions see CAI
reservoir, 5, 243
residence time, 5
residual mantle column, 89
rhabdophane, 195
rhyolite, 18
ringwoodite, 72, 74, 178
RNA, 217–20

RNA tree of life, 234–6
Chronology, 236
last common ancestor, 235, 238

RNA world, 218, 241
Rooihoogate formation, 198–9
rubisco, 223, 233, 237, 239–40

SCLM see subcontinental lithosphere
seawater see ocean
secular change, 28, 153–6, 184
sediment

first water lain, 207
recycling see continental crust

sedimentary basin (in the Archaean), 19
self regulation, 216–17
sequence stratigraphy, 18
shale average, 164
SHRIMP, 12, 25
siderite, detrital, 194, 198–9
siderophile element see elements
Sierra Nevada Batholith, 170
silicon burning, 37
singularity, 32
slab melting, 137–9, 159–61, 174
Slave Craton, 25
SNC, 45
snowball Earth, in Paleoproterozoic, 206
solar element abundances, 37, 38
solar luminosity, 19, 201–6
solar nebula, 187–8, 190

carbon isotopes, 182
condensation, 38, 49
evolution, 39, 50
primitive, 38

solar neon see neon isotopes
spinifex texture, 102
stable isotopes, 183–4

mass dependent fractionation, 183, 195–7
mass independent fractionation, 183, 195–7
see also isotopes

star
beta pictoris, 39, 40
main sequence, 35, 39
protostar, 35
red giant, 35, 36
supergiant, 35
T-Tauri, 39
white dwarf, 35, 36

star formation, 35
statistical upper mantle assemblage, 121
steep rock, 232
stellar nucleosynthesis, 36
strelly Pool chert, 232, 237
stromatolite, 19, 208–9, 232, 237
subcontinental lithosphere, 85–9, 100, 121

age, 86, 109
Archaean, 85–8, 106–7, 131, 174
basalt extraction, 168
composition, 87–8
komatiite extraction, 168, 174
link to continental crust, 166–8
mass, 169
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subcontinental lithosphere (cont’)
Phanerozoic, 85–8
Proterozoic, 85–8

subduction, 100, 105
amount of water, 142
Archaean, 107
beginning of subduction, 123, 130
carbonate mass, 181
deep, 124, 127
flux, 100–1
lithosphere, 136
nitrogen, 184–6
ocean crust

mass, 165
Mg-enriched, 171

pelagic sediment, 179
slab, 136

angle of dip, 160–2
rate, 141, 142, 159
ridge, 160
sulphur, 187
water, 178

sulfate reducing bacteria see bacteria
sulfate reduction, 224
sulfur

in Archaean atmosphere, 187
bacterial reduction, 187
cycle, 186–7, 209

Archaean, 187
hydrothermal flux, 187
in oceanic crust, 187
subduction flux, 187
surface reservoir, 187
volcanic flux, 186–7, 196
weathering flux, 187, 241

sulfur isotopes, 184, 195–9, 224–5, 232–4
Belingwe, 232–4
biogenic indicator, 224–5
fractionations

biogenic, 224–5
non-biogenic, 224–5
mass dependent, 210
mass independent, 195–9

Isua, 229–30
reservoirs, 197

Sulfur Springs, 231, 237
Superior Province, 105
supernova, 35, 37
Syrtis Major caldera, 134

thermal boundary layer, 85
thermophile, 221, 223, 235, 240, 241
timeball Hill, 198–9
tonalite see TTG
trace element diagrams see elements

Transvaal Supergroup, 206, 211
tree of life see RNA
trondhjemite see TTG
T-Tauri stars, 39
TTG, 22, 151, 154–5

average composition, 151, 157
experimental studies, 157–8
melting 

adakite analogy, 160–2
depth of melting, 159
eclogite residue, 158
experimental studies, 157–8
mantle wedge involvement, 160
multiple sources, 160, 162
plume model, 161–2, 173
tectonic setting, 159–62
thermal modelling, 159
two stage, 159
underplating model, 161
water, 156–62

Nb-Ta anomaly, 158
origin, 156–62
Rb/Sr ratio, 154–5
REE content, 154
source, enriched basalt, 158

tungsten isotopes, 60, 62, 121, 229

uniformitarianism, 27, 28
universe 

age, 32
anisotropy, 33
big bang theory, 30, 31, 32, 33
dark energy, 31
expansion, 31
inflation, 31, 32
steady state, 5
transparent, 33

upper mantle see mantle
uraninite, detrital, 21, 194, 198–9
uranium recycling, 117, 119, 124, 145–6, 201
Urey cycle, 203

Van Allen belt, 217
Venus, 134, 189, 191, 193, 201, 216

atmospheric composition, 193
volatile budget of Earth, 177–87
volatile element (definition) see elements

outer Earth reservoir, 177, 188, 190
outgassing, 191, 194

volatile loss
from early Earth, 190–3
mechanisms, 191–2
role of oceans, 191–3

volatile recycling, 193
volcanic outgassing flux, 178
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wadsleyite, 72, 74, 126, 178
water budget of Earth, 177–80
water in mantle see mantle
water 

mass in the whole Earth, 178
weathering, 19, 21, 187, 194, 202–5

continent recycling, 171
oxidative, 197
profiles in Archaean, 202
rates, 21, 202, 209
rind, 202–5

West African craton, 158
Wind River greenstone belt, 106
Witwatersrand basin, 20, 22, 194, 198, 202, 206

xenon, 188–90
missing from Earth, 188–90, 192

xenon isotopes, 190–2
timing of volatile loss, 191

Yellow knife greenstone belt, 106

Zimbabwe craton, 11, 18, 23
zircon

detrital, 21, 145, 207
hafnium model ages, 145, 148
oxygen isotopes, 148, 207
U-Pb geochronology, 12, 14, 25, 26, 

144–5, 148
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