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PLANETARY CRUSTS: THEIR COMPOSITION,
ORIGIN AND EVOLUTION

Planetary Crusts is the first book to explain how and why solid planets and satellites
develop crusts. This extensively referenced and annotated volume presents a geo-
chemical and geological survey of the crusts of theMoon,Mercury, Venus, the Earth
and Mars, as well as the distinct crusts of the asteroid Vesta and the satellites Io,
Europa, Ganymede, Callisto, Titan and Triton.
Spanning a much wider compass than mere descriptions of the diverse crusts

encountered throughout the Solar System, the book begins with a discussion of the
nature of Solar System bodies and their formation. The authors then adopt a
comparative approach to investigate the many current controversies surrounding
the development and evolution of planetary crusts. These include the origin of
the Moon and Mercury, the nature of the Mercurian plains, the exotic chemistry of
Mars, differences in the geological histories of Venus and Earth, the significance
of the rare earth element europium, the primitive crusts on the Earth, the onset of
plate tectonics, the composition of the mantle, the origin of granites, why Ganymede
differs from Callisto, and many other debated topics. The authors conclude that
stochastic processes dominate crustal development, and the book ends with a
discussion of the likelihood of Earth-like planets and plate tectonics existing else-
where in the cosmos.
Written by two of the world’s leading authorities on the subject, this book

presents an up-to-date survey of the numerous scientific problems surrounding
crustal development. It is a key reference for researchers and students in geology,
geochemistry, planetary science, astrobiology, and astronomy.
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Preface

This work is not intended as a textbook, or as a review, but represents an enquiry into
the problem of how and why solid planets produce crusts. As this seems to have
happened at many different scales throughout the Solar System, we were curious to
see whether some general principles might emerge from the detail. The formation of
the planets themselves is the outcome of essentially random processes, constrained
mainly by the history of the inner nebula and by the cosmochemical abundances of
the chemical elements. But perhaps the production of crusts might be a simpler or
more uniform process, a notion supported by the frequent appearance of basaltic
lavas of assorted types on the surfaces of rocky bodies.
This book is also written from geochemical and geological perspectives, the

areas with which the authors are most familiar. We were immediately faced with the
problems of ordering the discussion in a logical sequence because “good reasons
could be found for placing every chapter before every other chapter” [1]. Although
one might reasonably expect to begin such a book with a discussion of the continental
crust on which we are standing, this useful feature, like the Earth itself in a wider
planetary context, is one of the least enlightening places from which to discover how
planets form crusts. For this reason, our familiar continental crust appears late in the
discussion. We decided instead to begin with simpler examples.
The formation of the two types of crust on theMoon, the highlands and the maria,

indeed form the clearest and best understood examples of the complex processes
that lead solid bodies in the Solar System to form crusts. So after considering the
formation of the Solar System, we open the debate with the interesting and well-
resolved example of primary and secondary crusts on the Moon. Next we describe
what little is known about the crust of Mercury, that forms at present the closest
analogue to the well-studied lunar example.
The recent investigations of the martian crust provide an excellent example of

the complexities of crustal development on a more evolved planet. Mars is one of
the few planetary bodies for which samples, in the form of martian meteorites,
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are available for study. The amount of information now available for Mars is
substantial enough to warrant two chapters. The strange case of Venus, our “twin
planet”, discussed next, shows bizarre contrasts to the familiar geology of the Earth
and provides a sobering insight into how similar planets can develop in different
directions throughout geological time.
The five chapters on terrestrial crusts that follow illustrate the unique importance

of water in crustal development. Beginning with the oceanic crust, another example
of a secondary crust, we discuss in the following four chapters, the development of
our useful continental crust. These latter chapters illustrate the complexities of
terrestrial crustal development, the onset of plate tectonics and the slow evolution
of the present continental crust from its enigmatic beginning in the Hadean.
In the penultimate chapter, some readers may be surprised to find a discussion

about the crust of an asteroid and of some of the major satellites of the giant planets.
However, these provide further examples of crustal diversity, as well as providing
insights into early planetary evolution. Their crusts likewise provide interesting
contrasts with those in the familiar inner Solar System. We conclude with some
speculations on the likelihood of extra-solar examples of geological processes such
as plate tectonics and of the possible presence of Earth-like planets with benign
crusts elsewhere. We close each of the major chapters with a synopsis of the salient
points.
We hope that the broader perspective adopted in this book will encourage our

more terrestrially oriented colleagues to consider the interesting and unusual scien-
tific problems presented by other bodies in the Solar System. Here we are mainly
concerned with why and how crusts develop on planets in the Solar System rather
than with local geological details that are unique to each planet. While interesting
in their own right, the details on the Earth, for example of the formation of mountain
ranges, or the location of subduction zones, belong in another treatise. Thus while
continent–continent collisions may be broadly similar, the resulting geology
exposed for our observation may be strikingly different. For example the European
Alps, derived from the collision between Africa and Europe, differ in much tectonic
detail from the Himalaya and the Tibetan Plateau, that formed from the collision of
India with Asia during the Tertiary.
The operations of these stochastic processes mimic, on a smaller scale, the larger-

scale sequence of random events that led to the accretion of the terrestrial planets.
Thus readers seeking enlightenment on topics such as the tectonic evolution of the
Archean crust of the Earth or the manner of the accretion of terranes to cratons
during the assembly of continents on the Earth will need to look elsewhere [2].
The proliferation of planetary missions over the past decade, especially to Mars,

has resulted in a tidal wave of spectral data and truly spectacular images. Although
some of these results are of direct interest to our enquiry, most shed light more on
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surface processes and geological phenomena. Accordingly, we have resisted the
temptation to focus too much of our attention on these pictures, stunning as they
may be. We use planetary images sparingly, mostly where they illustrate specific
points being discussed.
Although we try to refer to much of the relevant literature, the book is not

intended as a review, but reflects our assessment of the evidence. Here we have
chosen to take a broad overview so that many may become irritated by a perceived
cavalier treatment of their specialty. However, specialist treatises often suffer from
the Law of Diminishing Returns (witness the proliferation of multi-author volumes
on the Archean or on the early Solar System) and we make no apology for this
attempt to widen horizons.
Here we have attempted to give references to all sources of fact, information,

opinion and interpretation other than our own. The rapidly increasing number of
papers on all topics has made it inevitable that we have missed some significant
contributions. We apologize for such omissions and have found the existence of
“invisible colleges”, within which authors circulate their preprints, to be a partial
solution in dealing with the deluge.
We list references by number in order of appearance in each chapter, rather than

break up the continuity of the text with lists of names and dates. Except for two-
author papers, first authors only followed by et al. are given, as it is pointless in
a work such as this to provide lists of authors that on occasion extend to 50 or
more names [3]. Most material is easily accessible on the Smithsonian/NASA ADS
Abstract Service or Georef (the premier database from the American Geological
Institute).
We have referenced mostly more recent works, except where older papers have

acquired classic status, remain the sole source of information or provide cautionary
tales. The average lifetime of a scientific paper rarely exceeds five years. After that
period, the results are either incorporated into the general corpus or, if erroneous,
are mostly ignored.We have excluded all references to conference abstracts and other
grey literature except in a few cases where the information is not available elsewhere.
We rarely include references to websites and the like, regarding them as too ephem-
eral for incorporation here. We have attempted to survey the literature through 2007.
In attempting such a broad synthesis, we are conscious of the risks either of

offending the specialist or of boring the general reader. The individual chapters and
sections could be the subject of books in their own right (and in many cases have
become so). In trying to solve this problem, extensive use has been made of notes
and comments that attempt to steer a course between the Scylla of minutiae and the
Charybdis of lack of precision. However, the huge amount of literature that we feel
requires comment means that the material in the notes sometimes exceeds the length
of the discussion in the main text.

Preface xvii



We have endeavoured, not always successfully in such a seriously overloaded
discipline, to avoid jargon and acronyms, which continue to spread like a virus.
Among much bad usage, it seems impossible to read anything about Precambrian
geology without encountering those terrible twins, autochthonous and allochtho-
nous. These have displaced the basic English terms, native and foreign, with words
that demonstrate the erudition of the writer and send the less erudite searching for
their dictionaries. However, like much jargon (delamination is another example),
such usage casts a veneer of understanding that serves to obscure the underlying
complexities. Sophistication should not be confused with explanation.
Elemental abundances, as in the vast majority of the geochemical literature, are

given in wt%, ppm, ppb or ppt rather than as wt%, mg/g, ng/g, µg/g or pg/g. We
regard the latter convention as likely to lead to error and confusion, as well as having
elements of scientific pretension. As wt% (parts per 100) has been retained in this
latter usage, it even lacks the pedantic excuse of consistency. Density is expressed in
units of g/cm3 rather than kg/m3 because most of the geological and geophysical
literature continues to use these units. We list units of pressure as kilobars (kbar) or
gigapascals (GPa) as appropriate [4]. We apologize that in the absence of better
alternatives for these stupendous periods of time, millions of years are abbreviated
to Myr and billions of years to Gyr.
Books should reflect the opinions of the authors. It is no service to readers to

provide a list of ongoing controversies or of problems without making some
assessment of a likely resolution or outcome. This is indeed not without hazard.
Here we have attempted to give our own judgment on such controversial matters as
the existence of plate tectonics in the Archean, the nature of the Hadean crust of the
Earth, the value of the decay constant for 176Lu, the stratigraphic record on Venus,
the evolution of Mars, the age of martian meteorites, the composition of the
continental crust and of the Earth and many other difficult topics. On occasion, as
in the discussion of mantle plumes, the origin of eucrites or the source of the bodies
responsible for the lunar “cataclysm”, we have preferred to wait for new evidence.
Meanwhile, as Francis Bacon remarked, we remain conscious of “the subtilty

(sic) of Nature, the secret recesses of truth, the obscurity of things, the difficulty
of experiment, the implication of causes and the infirmity of man’s discerning
power” [5].

Notes and references

1. Kerridge J. F. (1988) Meteorites and the Early Solar System (eds. J. F. Kerridge and
M. S. Matthews), University of Arizona Press, p. xvi.

2. Among the masses of literature on these subjects, excellent expositions can be found
in Cloud, P. (1988) Oasis in Space: Earth History from the Beginning, W.W. Norton;
and (2002) in The Early Earth: Physical, Chemical and Biological Development (eds.
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C.M.R. Fowler et al., 2002), Geological Society of London Special Publication 199.
The assembly of the terrestrial continents, is well treated in Rogers, J. J.W. and Santosh,M.
(2004) Continents and Supercontinents, Oxford University Press; and in Bleeker, W.
(2003) The late Archean record: a puzzle in c. 35 pieces. Lithos 71, 99–134. A good
example of the problems involved in such reconstructions can be found inWindley, B. F.
et al. (2007) Tectonic models for accretion of the Central Asian orogenic belt. J. Geol.
Soc. London 164, 31–47.

3. Workers in particle physics are even less (or more) fortunate with lists of authors often
exceeding 500.

4. As 10 kbar equals one GPa, we wonder about the necessity for this change, apart from
the need to celebrate the life of that distinguished French scientist, Blaise Pascal
(1623–1662). Bars bear an obvious relationship to atmospheric pressure, just as cycles
per second seemmore understandable than Hertz. We deplore the attempts of committees
to force-feed the use of “international units”. It is interesting that that useful unit, the
Angstrom (10–8 cm, about the size of an atom) has survived the attempts of such
committees to order the universe in multiples of 1000 from an essentially arbitrary base.

5. This translation from Latin of aphorism 92 from “Novum organum” by Francis
Bacon (1620) is from Peter Medawar (1979) in Advice to a Young Scientist, Pan
Books, p. 6.
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Prologue

We are apt to judge the great operations of Nature on too confined a plan.
(Sir William Hamilton) [1]

It seems inevitable that rocky planets, like bakers, cannot resist making crusts, heat
being the prime cause in both cases. Although trivial in volume relative to their
parent planets, crusts often contain a major fraction of the planetary budget of
elements such as the heat-producing elements potassium, uranium and thorium
as well as many other rare elements while the familiar continental crust of the Earth
on which most of us live is of unique importance to Homo sapiens. It was on this
platform that the later stages of evolution occurred and so has enabled this enquiry to
proceed.
Planetary crusts in the Solar System indeed have undeniable advantages for

scientists: they are accessible. Unlike the other regions of planets that we wish to
study, such as cores and mantles, you can walk on crusts, land spacecraft on them,
collect samples from them, measure their surface compositions remotely, study
photographs, or use radar to penetrate obscuring atmospheres. Despite this acces-
sibility, the problems both of sampling or observing crusts are non-trivial: most of
our confusion in deciphering the history of crusts ultimately turns on our ability to
sample them in an adequate fashion. We discuss these diverse problems in the
appropriate chapters.
This advantage of relatively easy access to crusts is also offset by the distressing

tendency for crusts to be complex, so that one may easily become lost in the detail,
failing to see the forest for the trees. This is particularly true of the continental crust
of the Earth that is sometimes heterogeneous on a scale of meters. One consequence
of this myopia is that one sometimes encounters claims that extrapolate from a small
region to produce a world-embracing model. The furore over whether there was an
early granitic continental crust during the Hadean is a familiar example of the perils
of extrapolation from a handful of zircon grains preserved in younger sedimentary

1



rocks. As Charles Gillispie has remarked “the inherent difficulties of the science,
Lyell thought, had rendered it peculiarly susceptible to the interpretations of ancient
miraclemongers and their modern successors” [2]. Moreover the fundamental
lesson from comparative planetology is that each rocky planet and satellite has
some significant variation from the geological insights gained by studying our own
planet.
Another major problem besets attempts to understand the origin and evolution of

planetary crusts. Just as it is difficult to trace back the orbit of a near-Earth asteroid
that was thrown into an Earth-crossing orbit by Jupiter, or to decipher the oceanic
source of an ore deposit that is now outcropping in the middle of a continent, so
planetary crusts, that are the final products of extensive planetary differentiation,
mostly conceal their previous history.
We usually see only the end product, the classic problem in geology. The upper

continental crust of the Earth, that we can investigate so readily, is the product of
intra-crustal melting within a crust derived by three stages of remelting of rocks
derived from a mantle with a complex history. The other solid bodies in the Solar
System display crusts that are often equally complicated, the results of planetary
differentiation processes that, although following the laws of physics and chemistry,
differ in detail from one body to another.
These are some of the reasons that the development of the geological sciences

lagged behind that of most other sciences. Contrary to popular mythology, they are
amongst the most difficult and complicated of subjects. This is readily demonstrated
by considering the historical development of the various sciences. Thus classical
physics was well established by Newton, with the publication of the Principia in
1687. Biology was set upon the right track by Darwin in 1859 when he published
The Origin of Species. The underlying basis of chemistry became understood with
the formulation of the Periodic Table of the Elements by Dmitri Ivanovich
Mendeleev in 1869. The fundamental nature of atoms was established nearly a
century ago in 1911 by Ernest Rutherford. Even the origin of the chemical elements
themselves was understood following the work of the Burbidges, Willy Fowler,
Fred Hoyle and independently by Al Cameron in 1956.
However, it was only as late as 1963, three centuries after Newton’s physical

insights, that Fred Vine and Drum Matthews hit upon the fundamental process of
plate tectonics. Then geologists finally understood what was going on under their
feet. This mechanism explained the architecture of the surface of the Earth that had
been painfully established in the previous 150 years following the pioneering works
of James Hutton, William Smith and Charles Lyell.
There is a further philosophical problem that bedevils geology, a term that we use

here in its broadest sense to encompass the study of the “origin, structure and
history” of planets. Planets differ from stars, whose classification and evolution
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have been understood for nearly a century. Thus the Hertzsprung–Russell diagram,
fundamental to astrophysics, dates from 1913. It is nearly a century old, as is the
robust OBAFGKM classification of stars [3]. In contrast to stars, the planets,
including the terrestrial planets and the Earth and indeed most of the geological
record, are essentially the end result of the operation of stochastic processes. Planets
are individuals that refuse to be placed into neat pigeonholes, unlike stars.
Thus it is difficult to find geological laws or generalizations of general applic-

ability such as the Hertzsprung–Russell diagram or the Periodic Table of the
Elements that enabled the rapid development of astronomy and chemistry. Such
problems are responsible for the lengthy development of geology and of the
continual appearance of bizarre theories to account for geological phenomena.
So we need to heed the wise advice of Sir William Hamilton that heads this

section and that of Al Hofmann, who, in studying the mantle of the Earth, employed
“a simple-minded, uniformitarian approach that uses known geological processes
and avoids exotic processes wherever possible” [4].
It is only occasionally that the investigation of geological details has led to

insights into fundamental processes, examples being the unconformities in
Scotland at Jedburgh and more famously at Siccar Point that enabled Hutton to
develop the concept of deep time. The K-T boundary outcrop at Gubbio, in Tuscany,
Italy is another such that led to the recognition of the catastrophic impact of a 10 km
diameter asteroid that ended the Cretaceous Period. But much of the rock record that
has been painstakingly assembled over the past two centuries reflects localized
events. Standing on the Earth, it is difficult to appreciate the slow process of plate
tectonics: it was the data frommarine geophysics, not surface outcrops, road-cuts or
drill cores, that provided the compelling evidence for sea-floor spreading that was
the key to understanding the mobile nature of the surface of the Earth [5].
Early attempts to decipher the geological record were bedevilled by the occur-

rences of similar-looking rocks that turned out to be of different ages. The study of
individual ore deposits that we find so useful for our technical civilization reveals
that they form mostly as a consequence of local geological conditions. So they
provide only indirect evidence of the processes that have resulted in the concentra-
tion of the ore elements by many orders of magnitude from those of the bulk planet.
Venus, in contrast to the Earth, has a totally different geological history. Like
Mercury and perhaps Mars, all seem unlikely to have much in the way of ore
deposits.
Another problem is that geology has had to wait for the development of specia-

lized techniques, from marine magnetometers to mass spectrometers, in order to
resolve its problems. As Bill Menard [6] has remarked “geology was moribund
during the period from about 1860 to about 1940 because it lacked the techniques to
solve its important problems … (and) the geologists … were inevitably doomed to
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working on trivia until new tools were forged”. In the meantime, according to
Stephen Brush, “Geologists in the 20th century became accustomed to carrying on
interminable controversies about problems that they were unable to solve” [7]. Such
debates have often reached levels reminiscent of medieval religious disputes, a
classic example, that is worthy of historical study, being the question whether
tektites originated from the Moon or the Earth. The wrangle over the reality of
mantle plumes forms a current instance.
Fortunately, the advent of sophisticated analytical techniques has helped to

resolve many of the problems raised by the field observations and so has enabled
us to embark on this discussion.
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The planets: their formation and differentiation

Alphonso, King of Castille,…was ill seconded by the astronomers whom
he had assembled at considerable expence (sic)…. Endowed with a
correct judgement, Alphonso was shocked at the confusion of the circles,
in which the celestial bodies were supposed to move. ‘If the Deity’ said
he, ‘had asked my advice, these things would have been better arranged’

(Pierre-Simon Laplace) [1]

1.1 Planetary formation

Although this book is concerned with the crusts of the solid bodies in the Solar
System, it is necessary to delve a little deeper into the interiors of the planets, to see
how the planets themselves came to be formed and why they differ from one
another. It is only possible to understand why and how crusts form on planets if
we understand the reasons how these bodies came to be there in the first place and
why they are all different from one another. Following 40 years of exploration of
our own Solar System, the discovery of over 200 planets orbiting stars other than
the Sun has brought the question of planetary origin and evolution into sharp focus.
The detailed study of planets is in fact a very late event in science and has required the
prior development of many other disciplines.
This highlights a basic problem in dealing with planets, at least in our Solar

System, that are all quite different, so that it is difficult to extract some general
principles that might be applicable to all of them.
Stars, although they vary in mass, have similar compositions and so are amenable

to mathematical and physical laws, a feature that has led to the thriving field of
astrophysics. But there is a fundamental difference between stars and planets. Stars
form “top-down” by condensation, essentially of hydrogen and helium gas, from
dense cores in molecular clouds. Their major differences in mass, luminosity and
surface temperature are well displayed on the celebrated Hertzsprung–Russell
diagram that is nearly a century old. The success of the Hertzsprung–Russell
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representation is that the luminosity and surface temperatures of stars are under-
pinned by the basic nuclear physics of stellar processes, just as the Periodic Table of
the Elements is based on the electronic structure of atoms, something of which the
originators of both classifications were unaware.
Planets, in contrast to stars, were assembled randomly, “bottom-up” from left-

over material in the nebular disk, at least in our Solar System but likely elsewhere.
They are all distinct, forming from a complex mixture of components that can be
loosely labeled as gases, ices and rock. From our observations both of our own and
extra-solar planets, these bodies may form from any combination of these three
components. There is no equivalent of the Hertzsprung–Russell diagram for planets
or much sign of one appearing.
It is even difficult to arrive at a satisfactory definition of a planet; witness the

furore over the status of Pluto or its larger colleague Eris, that are eccentric dwarfs
when placed among the planets, but are the largest icy planetesimals in the Kuiper
Belt in their own right [2]. As Confucius remarked “the beginning of wisdom is to
call things by their right names”.
In our Solar System, we have eight planets, all of them distinct from one another

in mass, density, composition, obliquity and rotation rates. Their only common
properties are near-circular orbits and low inclinations to the plane of the ecliptic
(the Earth–Sun plane), characteristics that enabled Laplace to conclude in 1796 that
they had originated from a rotating disk of gas and dust, the solar nebula.
While we still have only one planetary system to examine closely, it includes over

160 satellites [3] but of these, none resemble one another, even among the “regular”
satellites. Like the planets, each satellite exhibits some peculiarities of composition
or behavior. This tells us that there is no uniformity in the processes of planetary or
satellite formation from the gases, ices and rocky components of the primordial
nebula. Clones of our planets or our Solar System are consequently expected to
be rare.
Our limited sampling of extra-solar planets displays much wider variations from

our own system in terms of mass and spacing of planets while, to add additional
complexity, many of these newly discovered planets are in highly elliptical orbits. It
appears likely that we will find planets forming from Keplerian disks around young
stars that will occupy all possible niches available within the limits imposed by the
cosmochemical abundances of the elements and the laws of physics and chemistry
(Fig. 1.1).
The Earth is the unique planet. No hard-won geological or geophysical truths

discovered about our own planet, or even the detailed sequence of geological events,
has much applicability elsewhere in the Solar System. Indeed, the sequence of
geological processes on Earth has little predictive power. If one had visited the Earth
during the Permian, one would not have foreseen the world of the Triassic with its
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completely different fauna. To a visitor in the warm Cretaceous, it would have been
difficult to imagine the cooling throughout the Tertiary or the onset of the ice ages.
Even more unpredictable was the catastrophe that would end that benign period,
remove the giant reptiles and lead to the dominance of mammals. That event, that
has now resulted in the Earth being overrun by one species, was one consequence of
the great K-T boundary collision of the Earth with a 10 km diameter asteroid. Nor
could a visitor to Venus a billion years ago have foreseen the total resurfacing of the
planet that was to occur shortly thereafter. Planetary history, like planetary forma-
tion, is dominated by stochastic and unpredictable events.
The problems of studying planets are well illustrated by the history of attempts to

understand the Earth. Often beset by the notions of miracle mongers, the con-
sequence was that geology was a latecomer among the sciences. Even so, it took
150 years following the insights into deep time by James Hutton in 1788 to under-
stand that plate tectonics is the mechanism responsible for the architecture of the
Earth’s surface. But the Earth is an unusual planet even by the standards of the Solar
System. The geological, geochemical and geophysical truths extracted from over
200 years of study are not easily applied to other planets.
Plate tectonics has the useful property both of building continents and of forming

ore deposits useful for advanced civilizations and so enabling this discussion to take
place. However, this process is unique to the Earth among our planets. The trivial
terrestrial water content of a few hundred parts per million, responsible for plate
tectonics and the growth of continents, was a late stochastic addition to the planet.

"Metals" (2%)

Helium (24%)

Hydrogen (74%)

Ammonia

W ater

Rock Methane

Fig. 1.1 The pie diagram on the left shows the composition of the primordial solar
nebula, constituted of 98% gases (H and He) and 2% “metals” (in astronomical
jargon). The right-hand pie diagram breaks down the “metals” sector into “ices”
(mostly water, ammonia and methane) and “rock” (the remaining elements).
Planets may form from any combination of gases, ices and rock. Thus Jupiter
and Saturn are dominantly hydrogen and helium (“gas giants”), Uranus and
Neptune are “ice giants” while the terrestrial planets are formed from rock.
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Many of the difficulties in trying to understand the petrology and evolution of the
Moon arose from uncritical attempts to apply our hard-won experience with wetter
terrestrial rocks to our bone-dry satellite.
Even when nature got around to building two similar planets, it finished up with

the Earth and Venus. These twins, unlike Mars and Mercury, are close in mass,
density, bulk composition and in the abundances of the heat-producing elements
(potassium, uranium and thorium). But Venus is a one-plate planet without a moon
and appears to undergo planetary-wide resurfacing with basalt perhaps once every
billion years. What causes the difference between the geological histories of these
twins? The short answer is water, but much may be due to variations in the early
history of impacts during planetary accretion. As the study of Venus shows,
similarity is not identity and the Earth resembles Venusmuch as Dr Jekyll resembled
Mr Hyde. As we search for terrestrial-like planets elsewhere, we need to find out the
reasons for these differences and the conditions that allow these diverse bodies, or
Mercury and Mars for that matter, to form at all. Just as geology arose in the
nineteenth century, now the study of planets represents a new area in scientific
enquiry.

1.2 The solar nebula and the giant planets

The solar nebula from which the Sun and planets formed had three basic constitu-
ents: loosely “gases”, “ices” and “rock”. The dominant component was gas (98%
hydrogen and helium). The heavier elements (“metals” to the astronomers) that
amounted to about 2% by mass, had accumulated in the interstellar medium from
10 billion years of nucleosynthesis in previous generations of stars. Abundant
elements such as carbon, oxygen and nitrogen were present in the nebula as ices
(e.g. as water, methane, carbon monoxide, carbon dioxide and ammonia). The
remaining elements, that fill the rest of the periodic table, were present mostly as
dust and grains (rock). This rock component had a composition that is given by the CI
meteorites, the most primitive stonymeteorites (Table 1.1). The rationale for equating
their composition to that of the primitive solar nebula is that the composition in this
class of meteorites, when ratioed to a common element such as silicon, matches the
composition of the solar photosphere. As the Sun contains 99.9% of the mass of the
system, their composition is taken to reflect that of the rock fraction of the original
solar nebula [4].
Perhaps the most fundamental division in the Solar System is the difference

between the giant planets and the small terrestrial planets, although even the giant
planets differ significantly among themselves. Jupiter and Saturn, in addition to their
massive gaseous envelopes, possess cores of rock and ice that are between 10 and 15
Earth-masses. In contrast, Uranus and Neptune, that are 14 and 17 Earth-masses
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Table 1.1 The composition of the rock fraction of the primordial solar nebula*

Atomic
number Element Mean CI chondrite

Atomic
number Element Mean CI chondrite

Ref. 1 Ref. 2 Ref. 1 Ref. 2
3 Li (ppm) 1.49 1.50 47 Ag (ppb) 197 199
4 Be (ppb) 24.9 24.9 48 Cd (ppb) 680 686
5 B (ppb) 690 870 49 In (ppb) 78 80
9 F (ppm) 58 61 50 Sn (ppb) 1680 1720
11 Na (ppm) 4982 5000 51 Sb (ppb) 133 142
12 Mg (wt%) 9.61 9.89 52 Te (ppb) 2270 2320
13 Al (ppm) 8490 8680 53 I (ppb) 433 433
14 Si (wt%) 10.68 10.64 55 Cs (ppb) 188 187
15 P (ppm) 926 1220 56 Ba (ppb) 2410 2340
16 S (wt%) 5.41 6.25 57 La (ppb) 245 234.7
17 Cl (ppm) 698 704 58 Ce (ppb) 638 603.2
19 K (ppm) 544 558 59 Pr (ppb) 96.4 89.1
20 Ca (ppm) 9320 9280 60 Nd (ppb) 474 452.4
21 Sc (ppm) 5.90 5.82 62 Sm (ppb) 154 147.1
22 Ti (ppm) 458 436 63 Eu (ppb) 58 56.0
23 V (ppm) 54.3 56.5 64 Gd (ppb) 204 196.9
24 Cr (ppm) 2646 2660 65 Tb (ppb) 37.5 36.3
25 Mn (ppm) 1933 1990 66 Dy (ppb) 254 242.7
26 Fe (wt%) 18.43 19.40 67 Ho (ppb) 56.7 55.6
27 Co (ppm) 506 502 68 Er (ppb) 166 158.9
28 Ni (wt%) 1.08 1.10 69 Tm (ppb) 25.6 24.2
29 Cu (ppm) 131 126 70 Yb (ppb) 165 162.5
30 Zn (ppm) 323 312 71 Lu (ppb) 25.4 24.3
31 Ga (ppm) 9.71 10.0 72 Hf (ppb) 107 104
32 Ge (ppm) 32.6 32.7 73 Ta (ppb) 14.2 14.2
33 As (ppm) 1.81 1.86 74 W (ppb) 90.3 92.6
34 Se (ppm) 21.4 18.6 75 Re (ppb) 39.5 36.5
35 Br (ppm) 3.5 3.57 76 Os (ppb) 506 486
37 Rb (ppm) 2.32 2.30 77 Ir (ppb) 480 481
38 Sr (ppm) 7.26 7.80 78 Pt (ppb) 982 990
39 Y (ppm) 1.56 1.56 79 Au (ppb) 148 140
40 Zr (ppm) 3.86 3.94 80 Hg (ppb) 310 258
41 Nb (ppb) 247 246 81 Tl (ppb) 143 142
42 Mo (ppb) 928 928 82 Pb (ppb) 2530 2470
44 Ru (ppb) 683 712 83 Bi (ppb) 111 114
45 Rh (ppb) 140 134 90 Th (ppb) 29.8 29.4
46 Pd (ppb) 556 560 92 U (ppb) 7.8 8.1

*Two estimates of the composition of type CI carbonaceous chondrites. (1) Mean CI
abundances from Palme, H. and Jones, A. (2004) in Treatise on Geochemistry (eds. H. D.
Holland and K.K. Turekian), Elsevier, vol. 1, Section 1.03, Table 3, p. 49. (2)
Mean CI chondrite composition from Anders, E. and Grevesse, N. (1989) GCA 53, Table 1,
p. 158. Little significant change has occurred in the 15 year interval between the
two estimates.
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respectively, contain only 1 or 2 Earth-masses of gas and are mostly composed of
ice and rock. These ice giants are analogues for the cores of Jupiter and Saturn.
The difference is that Jupiter and Saturn have captured much larger amounts of
gas. In addition to the distinction in composition between these giants and the
terrestrial planets, there is also a major contrast in mass. Mercury, Venus, Earth, the
Moon and Mars contain only a trivial amount (2 Earth-masses of rock) compared
with the total of 440 Earth-masses of gases, ices and rock that reside in the giant
planets.
It was only after the Sun began the hydrogen to helium nuclear reactions that

strong solar winds developed, sweeping out the inner nebula, with the ices conden-
sing at 5 AU at a so-called “snow line”. The formation of the planets was thus a very
late event in the history of the disk, beginning only after the Sun had entered the T
Tauri stage of solar evolution [5]. This enhancement at the snow line of ices and
dust, locally increased the density of the nebula by around 5 AU and led to the
rapid (105 year) runaway growth of bodies of ices and dust of around 10–15 Earth-
masses. It is likely that four cores formed of which the ice giants Uranus (14.5 Earth-
mass) and Neptune (17.2 Earth-mass) are surviving examples.
The lifetime of the nebula was only a few million years. Disks around stars have

lifetimes between three and six million years so that Jupiter and Saturn had to
acquire their complement of gases within that period [6]. The early growth of these
massive cores enabled them to begin capturing the gases (H and He) before the
nebula was dispersed. Perhaps either the core of Jupiter grew faster than the others,
or it was closer to the Sun. Whatever the sequence, Jupiter was able to accrete about
300 Earth-masses of gases. This is much less than that present in the original nebula,
with the result that Jupiter does not have the composition of the Sun, but is enriched
in the ices and rock component, or metals by a factor between 3 and 13 [7]. Saturn,
with a similar size core, managed to capture only about 80 Earth-masses of gas and
so is more strongly “non-solar” in composition. Uranus and Neptune lost out almost
completely and finished up with 1 or 2 Earth-masses of gas.
These non-solar compositions of the giant planets are key evidence for their

“bottom-up” or core accretion models of formation from the solar nebula. The core
accretion model indeed faces some problems of timing relative to the lifetimes of
nebulae, although the times required to form the cores and collapse the gases on to
them are not well constrained and probably can be fitted into the fewmillion years of
disk lifetimes.
The alternative model for giant planet formation by condensation directly from

the gaseous nebula is usually referred to as the disk instability model. Its main
attraction is fast formation (a few thousand years), but it also faces theoretical
difficulties. Although disks may break up, whether giant planets form from these
clumps remains uncertain [8]. Apart from this, there are two fatal flaws. First, the
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giant planets are predicted to be of solar composition; but Jupiter and Saturn are
enriched by several times in ices and rock relative to the solar composition.
Secondly the interior of Jupiter is at pressures of 50–70Mbar with temperatures
up to 20 000K so that the material is present as a plasma of protons and electrons,
so-called “degenerate matter”. A core cannot “rain out” in a giant gaseous proto-
planet in the manner that the iron core of the Earth forms. Our metallic core forms
due to the density difference between molten iron and silicate at the much lower
temperatures and pressures within the early Earth compared to giant Jupiter. In the
center of a giant gaseous protoplanet, such density contrasts do not exist. The core
has to be present to begin with, around which the gas can subsequently accrete.
The extra-solar planets provide some evidence in support of the core-accretion

model. These are gas giants resembling Jupiter, but they form predominantly around
stars with high metal contents. So nature apparently needs metals (i.e., ices and
rock) to build gas giants elsewhere. This correlation between the existence of extra-
solar planets and metal-rich stars is prima facie evidence that giant gas-rich planets
form around ice and rock cores.
Finally, the existence of Uranus and Neptune, 14 and 17 Earth-masses respec-

tively, that are mostly ices and rock with about 1 or 2 Earth-masses of gas, shows
that nature indeed managed to make two cores within our own system. Although
the proponents of the disk instability model account for these ice giants by
evaporating gas from larger bodies due to the intervention of another star, such
ad hoc explanations do not explain how the cores came to be, while drastic but
unobserved effects on the Edgeworth–Kuiper Belt and the Oort Cloud might be
expected.
The differences among our giant planets were probably caused by the earlier

growth of Jupiter. As the giant began to dominate the scene, its gravitational field
then dispersed the other cores, that had formed around the snow line, outwards into
the gas-poor regions of the nebula [9]. In this scenario, the giant planets, that contain
so much material far from the Sun, formed before the terrestrial planets. These
accreted later from the dry rocky refractory material (about 2 Earth-masses) that was
left over in the inner nebula following the dispersal of the gaseous and icy compo-
nents of the nebula [10].

1.2.1 The depletion of the volatile elements in the inner nebula

One might have expected that the composition of the Earth and the other inner
planets would mirror that of the original rock component (represented by the CI
chondrites) of the solar nebula. However the moderately volatile elements (that have
condensation temperatures in the range 400–1100K) are strongly depleted both in
the Earth, Venus and Mars as well as in many classes of meteorites (Fig. 1.2).
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This depletion in the volatile elements is most readily shown bymeasurements of the
abundances of the gamma-ray emitters, potassium (moderately volatile) and uranium
(refractory). The initial solar nebula value of theK/U ratio, as given by theCImeteorites,
is near 60 000, but the ratio for the Earth is 10000 (or 12 500) while that for Venus is
similar within rather wide limits. The martian K/U ratio is about 20 000 [11].
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Fig. 1.2 The depletion of potassium, a volatile element, relative to uranium, a
refractory element, both relative to CI, in the inner Solar System; CM and CVare
classes of carbonaceous chondrite
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It has been well established that this depletion is a bulk planetary and not a
surficial effect. Potassium and uranium, although distinct in ionic radius and
valency, are both incompatible (see Section 1.6), being concentrated in residual
melts (and crusts) and so remain together during planetary differentiation.
Alternative suggestions to account for the depletion of potassium: that it is buried
in planetary cores, or is evaporated during planetary accretion, are untenable. As
well as potassium, many other elements in the periodic table are also depleted,
independently of the size of the planet.
Another useful volatile/refractory pair in this context are rubidium and strontium

[12]. The Rb/Sr ratio of the Earth is 0.03, an order of magnitude lower than the
primordial solar nebula ratio as given by the CI meteorites. This, coupled with
primitive 87Sr/86Sr values in lunar samples and meteorites tells us that this volatile-
element depletion occurred close to the formation of the Solar System and was not
due to later planetary processes such as evaporative loss during accretion.
This depletion is well illustrated by the composition of the Earth, plotted relative

to CI (Fig. 1.3). The striking feature of this plot, that resembles the abundances of
the elements in the other terrestrial planets as well as in many classes of meteorites
other than CI, is that the depletion of the elements correlates with volatility, not with
any other chemical parameters. Thus the diagram includes elements of diverse
geochemical affinities that all plot on the depletion trend. These include those that
enter metal phases (siderophile elements), sulfides (chalcophile elements) or silicates
(lithophile elements) during crystallization of a molten planetary body.
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Fig. 1.3 The composition of the Earth relative to CI showing an enrichment in
refractory elements and a depletion in volatile elements.
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In summary, the inner nebula was depleted in volatile elements whose condensa-
tion temperatures are less than about 1100K. This event was probably due to early
intense solar activity, so that the Sun was already formed, but occurred before the
formation of chondrules. The consequence is that the inner planets do not contain
the primordial solar nebular abundances (CI) of the chemical elements.
There are three reasons to raise this topic of volatile-element depletion in planet-

ary compositions in a book about planetary crusts. In the first instance, many of
these elements are incompatible and so finish up being highly concentrated in crusts.
Secondly, the abundance of the moderately volatile element potassium, whose 40K
isotope decays to 40Ar, is a major heat source and so is a driving force in planetary
tectonics. Finally, many of the volatile elements (notably carbon, but including
nitrogen, phosphorus, sulfur, potassium, sodium and copper) that are essential to life
as it occurs on the Earth, are low in abundance in the inner nebula. There is thus a
certain irony in the fact that, at least in our Solar System, these elements that are
essential for life, are depleted in the habitable zone [13].

1.3 Planetesimals and the accretion of the terrestrial planets

Following the formation of the gas and ice giants, all that was left in the inner nebula
was dry rocky rubble, of which the asteroids are analogues. There is little evidence
of the presence of either gases or ices during the accretion of the Earth. Rare gases
are notably depleted in the Earth; their abundances differ from those in the nebula
and the relative depletion of the lighter ones (e.g. 20Ne, 36Ar) suggests that they were
derived later from a CI-type source. If the Earth had accreted in a gas-rich nebula,
one would expect also that ices would have been present and that the Earth would
have accreted much more water ice, as well as methane and ammonia ices. In this
case, the planetary budget of water, carbon and nitrogen would be orders of
magnitude greater than observed. Thus in contrast to the giant planets, the inner
planets accumulated from the dry, rocky debris left after the gaseous and icy
components of the nebula had been dissipated. It is worth noting that elements
such as potassium and lead, that are much less volatile than water, are depleted in the
Earth and the primary minerals of most meteorites are anhydrous. Melting of water
ice has formed secondary minerals in CI, but this has not altered their bulk chemical
composition, that matches that of the Sun for the non-volatile elements.
The material in the inner nebula, beginning with grains, accreted into bodies that

ranged in size from meter-sized lumps to Moon-sized bodies before colliding to
form the terrestrial planets. These building blocks are termed planetesimals, a term
that originated in a somewhat different sense with T. C. Chamberlin (1843–1928)
and F. R. Moulton (1872–1952). The best surviving analogues are the asteroids,
along with Phobos and Deimos, the tiny moons of Mars [14].
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Two stages may be distinguished in the process of forming terrestrial planets. The
first is a fairly rapid build-up to hundreds of bodies that may approach the Moon,
Mercury or evenMars in size from narrow (0.1 AU) zones in the nebula. This occurs
on timescales of a few million years [15]. These planetesimals retained many
variations in composition such as are displayed by our current samples of meteorites
that form analogues for the now-vanished planetesimals. These planetesimals were
dry, volatile depleted and had wide variations in the abundance and oxidation state
of iron (Fig. 1.4).
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Fig. 1.4 A plot of reduced Fe (Fe and FeS) against oxidized Fe (FeO) using precise
data indicates that most meteorite groups do not form linear arrays with slopes
of −1. The wider significance is that most chondrites are depleted in total iron
relative to CI. As Ni and Co both show similar depletions, this indicates that there
was widespread separation of metallic iron (with Ni and Co) from silicate, as
well as variations in oxidation state in the nebula before the accretion of chondrites.
The abbreviations (EH, IAB, H etc.) refer to various common meteorite groups.
Adapted from Larimer, J.W. and Wasson, J. T. (1988) inMeteorites and the Early
Solar System (eds. J. F. Kerridge and M. S. Matthews), University of Arizona
Press, p. 19, Fig. 7.4.1.
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Somewere differentiated into metallic cores and silicate mantles that are common
in the bodies in the asteroid belt [16]. Examples of such early processes that resulted
in a differentiated asteroid are provided by the basaltic meteorites (eucrites) derived
from 4 Vesta (see Section 13.3), 450 km in diameter. These provide evidence of the
eruption of basalts on the surface of that asteroid at about 4560Myr, a date that is
within a few million years of Tzero [17].
The chief consequence for the formation of the terrestrial planets is that many of

these bodies melted and differentiated within a few million years of the origin of the
Solar System. This conclusion is discussed in more depth in Chapter 13 but the
evidence frommeteorites and from the zoned arrangement in the asteroid belt is that
most asteroids sunwards of 2.7 AU melted. For example, the iron meteorites
presently in our collections come from over 60 parent bodies. The implication
from what must be a very restricted sampling is that melting and differentiation
was widespread. Most ordinary chondrites contain reduced metal, sulfide and
silicate phases. In addition, they have also been depleted in volatile elements,
displaying similar geochemical fractionations to those observed in the terrestrial
planets. The heat source for melting these small bodies was probably the short-
lived radioactive elements 26Al or 60Fe. The result is that the Earth and the inner
planets accreted from objects that had previously melted and differentiated. In these
planetesimals metal–sulfide–silicate equilibria were established under low pres-
sures. Both the small mass of the asteroid belt and the failure of the asteroids to
collect themselves into a planet are due to the influence of Jupiter, which depleted
the belt and pumped up the eccentricities (e) and inclinations (i) of the survivors so
that they were unable to collect themselves into a planet.
The larger terrestrial planets, Earth and Venus, took longer to form than their

smaller relatives and accreted in a much more violent environment. As the planetary
embryos became larger, gravitational effects became dominant and massive colli-
sions between planetesimals became the norm. During the process of collisional
accretion of the planets, the intermediary bodies grew to large sizes. Mercury and
Mars represent survivors of the final population that accreted to Venus and the Earth.
It took somewhere between 10 to 100Myr for this multitude of bodies to be
assembled into the Earth and Venus. The accretion of the terrestrial planets in the
planetesimal hypothesis is hierarchical; many of the objects accreting to the Earth
were of lunar size. Giant impacts thus were rather common and varied: from head-
on collisions of the sort that produced Mercury, to merger of planetesimals, mass
loss and break-up of bodies through to glancing collisions. Finally, one body at least
the size ofMars, named Theia, that might have survived as a planet in its own right if
it had not collided with the Earth, formed the Moon as a result of the glancing
collision with the Earth. This Moon-forming event was among the last of the giant
collisions [18].
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Computer simulations for the inner planets indicate that before the final sweep-up
there were probably over 100 objects about the mass of theMoon (1/81 Earth-mass),
10 with masses around that of Mercury (1/18 Earth-mass) while a few exceeded the
mass of Mars (1/9 Earth-mass), most of which accreted to Venus and the Earth. In
addition there were likely billions of kilometer-size planetesimals.
During the later stages of planetary accretion in an essentially chaotic environment,

the large planetesimals were widely scattered, so that during the final accumulation of
the Earth and Venus, much radial mixing took place. In contrast to the accretion of the
smaller planetesimals from restricted radial zones, the material now in the Earth and
Venus probably came from the entire inner Solar System. But whether these two
planets or some alternatives were the final outcome, was a matter of chance.
The planetesimal hypothesis thus predicts the occurrence of very large collisions

in the final stages of accretion; these account for many of the features of the inner
planets and greatly influence early crustal development and evolution. The impact
of a Mars-sized object accounts for the origin, angular momentum and composition
of the Moon (Chapter 3). The high iron/silicate ratio in Mercury can be accounted
for by removing much of its silicate mantle during the collision of Proto-Mercury
with an object about 20% of its mass (Chapter 4). The curious siderophile-element
composition of the terrestrial mantle, which is parallel to but depleted to about 0.008
times that of CI, may be due to the subsequent addition of material of CI composi-
tion that constituted a “late veneer”.
These massive collisions have sufficient energy to melt the terrestrial planets,

thus facilitating core–mantle separation. When these bodies were assembled into
planets, the question of whether re-equilibration betweenmetal and silicate occurred
under the higher pressures in planetary interiors depends on the degree of rehomo-
genization following such events as the Moon-forming collision. The question
remains open, as simulations of that event show that the core of the impactor rapidly
coalesced with the core of the Earth.
During the differentiation of planetesimals into metallic cores and silicate man-

tles, separation of tungsten (into iron cores) from hafnium (retained in silicate
mantles) occurred. During the accretion of the planets, further melting, perhaps as
a consequence of impacts, could have caused rapid and perhaps catastrophic core
formation as metal segregates from silicate. This would have rendered it difficult
to reach non-unique conclusions about the time of core formation on the Earth from
the Hf–W isotopic system. Although a Hf–W model age of 30Myr (after Tzero) is
usually quoted, the problem is that the massive cores of lunar-size planetesimals
were added to the Earth randomly; the interpretation of the Hf–W isotopic system
remains controversial [19].
Such a collisional history also accounts for the variations in composition of the

terrestrial planets as the planets accreted from differentiated planetesimals, which had
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already undergone many collisions. Thus some diversity of composition could be
expected. Early planetary atmospheres might also have been removed or added by
cataclysmic collisions, accounting for the significant differences among the atmospheres
of the inner planets. Thus “in the context of planetary formation, impact is the most
fundamental process” [20] while “chaos is a major factor in planetary growth” [21].
The collisions occurring during accretion are quintessential stochastic events. Of

course the probability of impacts of bodies of the right mass and at the appropriate
angle and velocity to produce the Moon, or remove the mantle of Mercury, is low.
However other collisions during the hierarchical accretion of the terrestrial planets,
involving different parameters, might produce equally “anomalous” effects; such as
a moon for Venus, no moon for the Earth, or different masses, tilts or rotation rates
for the inner planets. The variations in composition and later evolution of the
terrestrial planets are thus readily attributable to the random accumulation of
planetesimals with varying compositions. Computer simulations indeed have diffi-
culty in reproducing the final stages of accretion of the inner planets, commonly
producing fewer planets with large eccentricities and wider spacings, that empha-
size the importance of stochastic processes in planetary formation [22].
The source of water in the Earth and Venus has remained a contentious topic. The

D/H ratio of the Earth’s oceans is much higher than that of the solar nebula. The D/H
ratio in the only three comets measured is a factor of two higher than oceanic water
[23]. Both nebular and cometary origins are thus unlikely as are, in our opinion, wet
planetesimals. There is not space here to enter this lengthy debate and we accept the
view that the water in the terrestrial planets was derived in a “hit or miss” fashion
from later drift-back of icy bodies from the Jupiter region [24].
Three observations support this model. Firstly, the anhydrous composition of

most common meteorites is consistent with the snow line model and suggests that
the planetesimals forming the Earth sunwards of the asteroid belt were likewise dry.
Secondly many elements such as potassium and lead are much less volatile than
water but are depleted in the terrestrial planets, so it would be surprising if water
somehow escaped the general depletion that affected the nebula out to several AU.
Finally if the inner planets had accreted from wet planetesimals, their initial water
contents could be expected to be relatively uniform. However, Venus is much less
differentiated and degassed than the Earth (see Sections 7.5.2 and 7.6.1) and in that
case, the planet might be expected to have retained a wet mantle that would facilitate
the development of plate tectonics, contrary to observation.

1.4 The random nature of terrestrial planet formation

An interesting question is that although the four inner planets display much diver-
sity, perhaps if the process was repeated often enough, then clones of the Earth
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might appear in other planetary systems. This relates to questions such as the
habitability of planets, the possibilities of the development of continental-type
crusts on other planets and the emergence of life and technological societies that
are addressed in Chapter 14.
Indeed a sober contemplation of our own Solar System, the only example available

for close study, reveals just how difficult it is to make planets that resemble our own.
But while we have only eight planets, these are accompanied by over 160 satellites.
Even disregarding those that have been captured, the regular satellites are often referred
to as “miniature Solar Systems”. This is not a useful comparison, as the spacing is
different and the regular satellite systems of Jupiter, Saturn and Uranus accreted in a
different scenario without accretional heating, at much lower temperatures than the
terrestrial planets [25]. Even though they are the result of formation in circum-planetary
disks, both the systems and the individual satellites are so different that they could well
belong to separate planetary systems. Clearly chance events have dominated, an
observation that reinforces the random nature of planetary building processes.
Mercury, only 5% of the mass of the Earth, is a body that has survived by reaching a

stable orbit, although it is much smaller than the body that formed the Moon following
its collision with the Earth. Mars, 11% of the mass of the Earth and about the size of the
lunar-forming impactor, is another survivor that might have been swept up into a larger
planet. With a lower density than the Earth, it forms another example of a planet
assembled at an earlier stage from a distinct collection of rocky planetesimals (Fig. 1.5).
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Fig. 1.5 The mantles and cores of the terrestrial planets and the Moon (16% etc =
core volume). Adapted from McBride, N. and Gilmour, I. (eds., 2004) An
Introduction to the Solar System, Cambridge University Press, p. 46, Fig. 2.8.
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The best that nature was able to accomplish in our own planetary system in
constructing a clone of the Earth was to produce Venus, a planet close enough in
mass and composition (including the heat-producing elements, K, U and Th) to be
considered as a twin planet to the Earth (Chapter 7). But Venus has had a distinctive
geological history and provides no haven for life. Amongst other differences, the
planet displays no evidence of the operation of plate tectonics, a process that is
restricted to the Earth in our planetary system. Venus thus provides an excellent
example of the fact that while planets may be similar, they are not necessarily
identical.
So none of our planets nor their satellites resemble one another except in the

broadest outlines, and planetary-forming processes in our system seem to be
essentially stochastic. These difficulties in constructing Earth-like planets have
been discussed in greater detail elsewhere [26] and are referred to in Chapter 14.

1.4.1 Meteorites and planetary composition

The most reasonable internal structures for the terrestrial planets involve metallic
iron cores overlain by silicate mantles, and it was Victor Goldschmidt who pointed
out that the metallic, sulfide and silicate phases in meteorites were analogues [27].
Although this generalization still holds, it has not proven possible to correlate
specific classes of meteorites, either alone or in combination, with the composition
of the bulk Earth. Neither K/U ratios, volatile element compositions, nor rare-gas
abundances in the Earth fit. So although the Earth has a general “chondritic”
composition, it cannot be linked either to a specific meteorite class or some mixture
of the many groups [28].
The asteroid belt constitutes not much more than 5% of the mass of the Moon,

and so it is a poor quarry from which to get material to build the planets. This
depleted state of the asteroid belt itself is due to the early formation of Jupiter and
dates from the earliest stages of the solar nebula. Thus the belt predates the
accretion of the Earth and the inner planets. Oxygen isotope data show that,
except for fractionated basaltic meteorites (ruled out on other grounds), no
observed class matches the terrestrial data except for the enstatite chondrite
class of meteorites.
Because of this similarity in oxygen isotopes and their extremely reduced nature,

enstatite chondrites are often thought to be suitable building blocks for the Earth
[29]. However their low Al/Si and Mg/Si ratios and their high K/U ratios rule them
out as candidates. So it is a coincidence that the Earth and the enstatite chondrites
share the same oxygen isotopic composition. As is well known to philosophers,
similarity does not imply identity.
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1.4.2 Uncompressed density and bulk planetary compositions

The bulk density of planets can be precisely determined from geodetic data. In turn,
the best geophysical measure of a planet’s bulk composition comes from the average
uncompressed (or “zero pressure”) density. However, pressure corrections to
uncompressed density estimates require detailed knowledge of the internal planet-
ary structure (i.e., details of core, mantle and crust structures), equations of state of
the various materials that make up the planet (e.g. bulk moduli and their pressure
derivatives) and the thermal structure of the planet.
For Earth, the uncompressed density is well constrained. In addition, the basic

materials that make up planets (e.g. metallic phases, silicate minerals) and their
equations of state can be reasonably inferred from experiments and from seismolo-
gical studies on Earth. However, for the other terrestrial planets and moons where
there are no seismological data (or very limited data, as for the Moon) the internal
physical structures and thermal states are less clear.
For the Earth, Moon andMars, there are precise moment of inertia factors (I/Mr2),

which provide constraints on internal structure. For Mercury and Venus, no such
data are available and accordingly estimates of uncompressed density are much
more model dependent. Some reasonable assumptions, such as the planet being
fully differentiated, can be made to constrain internal structure; however other
important factors, such as the oxidation state of the planet (governing bulk metal/
silicate ratios), can only be made with considerably less confidence. In general,
the larger the planetary body, the greater and more complex the pressure corrections
and consequently the greater the uncertainties. Thus, the uncompressed density of
Mercury should be better known than that of Venus.
Stacey [30] reviewed the question of the equations of state of planetary materials

and estimated an internally consistent set of uncompressed densities for the terres-
trial planets. His values are, in order of increasing uncertainty: Earth: 3.955 g/cm3;
the Moon: 3.269 g/cm3; Mars: 3.697 g/cm3; Mercury: 5.017 g/cm3; Venus: 3.868
g/cm3. No systematic evaluation of precision has been performed and Stacey [30]
commented: “It is difficult to assign uncertainties because of unknown composi-
tional variations and temperatures, especially for Mercury and Venus, without
moment of inertia control, but they are clearly large enough to justify neglect of a
crust”. Accordingly, for this book, we quote uncompressed densities for the Earth
(3.96 g/cm3), Moon (3.27 g/cm3) and Mars (3.70 g/cm3) at three significant figures
and for Mercury (5.0 g/cm3) and Venus (3.9 g/cm3) at two significant figures. These
values are slightly lower (up to 0.1 g/cm3), especially for Mercury and Venus than
commonly quoted values.
On the basis of these values, a few simple conclusions can be reached. The

uncompressed densities and therefore bulk compositions of the terrestrial planets
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vary considerably with the Moon having the lowest value (consistent with the
presence of only a very small core) and Mercury the largest (consistent with an
immense core, due to loss of silicate material during a late-stage giant impact). Mars
almost certainly has a significantly lower (by ~6–7%) uncompressed density com-
pared to the Earth, consistent with its volatile-rich and more oxidized state. The
uncompressed densities of Venus and Earth are probably indistinguishable within
uncertainties and combined with their very similar size, indicate a similar bulk
composition and internal mantle/core structure.

1.5 Types of crusts

Once a rocky terrestrial planet has been assembled, what happens next? The release
of gravitational energy during the process of collisional accretion from large pre-
cursors results in hot, probably mostly molten planets, while radioactivity provides
an ongoing heat source. Cooling of the planets drives the tectonic processes that
result in the variety of planetary surface features that we observe.
One of the characteristics of planets is that they form crusts, distinct from the bulk

composition of the planets; this is the topic of this book. However just as the planets
themselves are not identical, not all crusts are equal. Three types of crusts on rocky
planets, conveniently divided into “primary”, “secondary” and “tertiary” may be
distinguished [31]. Icy crusts that occur further away from the Sun may be either
primary or secondary.
Primary crusts are formed as a consequence of initial planetary differentiation,

caused, for example, by melting during accretion. Primary crusts form on short
timescales (approximately 108 years) following accretion. One of the distinguishing
features of primary crusts is that they can contain high concentrations of incompa-
tible elements. This is because primary crusts are derived from mostly molten
planets and so are able to garner trace elements from large volumes of planetary
mantles.The ancient, heavily cratered crust of Mars in the southern highlands is a
probable example. The putative Hadean crust of the Earth might also have been one,
if remnants had been preserved. The highland crust of theMoon that now constitutes
8–9% of the Moon, was produced directly following the formation of the Moon and
forms the type example. The icy crusts of Europa and Callisto, produced by early
differentiation, probably also belong in this category.
Secondary crusts form on much longer timescales. These products of partial

melting of the silicate mantles of our rocky planets are various species of basalts.
Typical examples include the oceanic crust of the Earth, the present surface of
Venus, the volcanic outpourings that gave rise to the Tharsis plateau and the north-
ern plains on Mars and the lunar maria. The basalts that form the dark maria on the
Moon were derived from partial melting from the lunar interior over a period
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exceeding 109 years. However, they constitute only about 0.1% of lunar mass and so
require only minimal amounts of mantle melting. Likewise the oceanic crust of the
Earth constitutes only 0.1% of the mass of the planet; but as it is continuously
formed by partial melting in the mantle, the total volume extruded over geological
time has perhaps amounted to 10% of that of the Earth [32]. Because magmas that
form secondary crusts are derived from partial melting of a very limited volume of
planetary mantles, secondary crusts are enriched in incompatible elements to a
much lesser degree than primary crusts.
Tertiary crusts are formed by dehydration or melting of secondary crusts. The

continental crust of the Earth remains the only current example in our Solar System.
Because such crusts build up over long periods of time, they can contain enrich-
ments of incompatible elements resembling primary crusts, due to the continuous
recycling of the secondary crust. It has taken the Earth over four thousand million
years to form the continental crust. It seems difficult to produce such tertiary crusts,
as no evidence has appeared elsewhere in the Solar System of the existence of such
silica-rich crusts analogous to that of the terrestrial continental crust. But that
platform constitutes only a trivial fraction (0.4%) of the mass of the Earth, while
the useful granitic upper crust produced by intra-crustal melting amounts to perhaps
0.1%. Indeed microclassifiers might wish to form another subdivision to include the
production of such zoned crusts.
In the absence of recycling of the oceanic crust that occurs on the Earth, crustal

growth on the other rocky planets in our Solar System is essentially irreversible, a
process that results mostly in surfaces covered with basalt, the so-called “stagnant-
lid” regime. On the Earth, the continental crust remains buoyant, destroyed only by
erosion, unlike the oceanic crust that is rapidly recycled back into the mantle.

1.6 Geochemical processes during crust formation

The formation of crusts serves to concentrate incompatible elements toward the
surface. These processes accelerate mantle cooling, as the incompatible elements
include the radiogenic heat-producing elements potassium, uranium and thorium.
On account of this, it is a common error to overestimate the abundances of such
elements in calculating bulk planetary compositions, as these are inevitably based
on and biased toward near-surface samples. We discuss some examples of this
problem in Chapter 12.
What are the reasons for the concentration of certain elements in planetary crusts?

The two principal factors influencing planetary compositions in the inner Solar
System are volatility on the one hand and their siderophile, chalcophile or lithophile
character on the other. Volatility is a major factor in determining the bulk planetary
composition and as we have seen, is responsible for the scarcity of gases, ices and
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volatile elements in the terrestrial planets. After a terrestrial planet has formed, the
initial differentiation into a rocky mantle and a metallic core causes element
fractionation based on the relative effects of their siderophile, chalcophile and
lithophile affinities.
The composition of the silicate mantle is subsequently dominated by the geo-

chemistry of the lithophile elements that form ionic bonds with oxygen. Thus,
during crustal formation, the principal factors influencing the distribution of the
lithophile elements are those that control their entry into lattice sites in silicate
minerals (Fig. 1.6). This figure clearly illustrates that the enrichment of elements in
the continental crust depends on the size and valency of the lithophile elements and
illustrates the significance of these parameters during crystallization of silicate
melts.
Olivine and pyroxene dominate the mineralogy of the terrestrial upper mantle and

the mantles of the Moon, Mars and Venus, because iron and magnesium are
abundant products of nucleosynthesis in stars. The lithophile elements are often
divided into “compatible” and “incompatible” elements. Compatible elements are
those that enter the Fe and Mg sites in these mantle minerals. Elements whose
size or valency exclude them from the dominant mantle minerals are termed
“incompatible”. During the formation and crystallization of magmas, such elements
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(including the heat-producing elements potassium, uranium and thorium) are con-
centrated and so eventually find their way into the crust. It is because of this
combination of cosmochemical and geochemical factors that crusts, despite their
volumetric insignificance relative to planets, are so important in planetary evolu-
tion. However, estimates of crustal, or even planetary, compositions can be biased
towards overestimates of the abundances of the incompatible elements because of
this near-surface concentration.

1.6.1 Europium as a universal tracer

In many respects, the rare earth element (REE) europium, an element whose
abundance rarely exceeds a few parts per million in crustal rocks of any planet,
turns out to be one of the most useful elements in geochemistry and cosmochem-
istry. By its enrichment or depletion relative to the other REE, one can trace much
of the history of processes in the Solar System and the Earth. But the element is
also useful to astrophysicists. Europium is formed in stars almost entirely by the
r-process of nucleosynthesis. The atomic emission lines of europium at 4129
and 4205 Å are readily measured in stellar spectra, so that its abundance gives a
measure of the contribution to the element abundances by the nucleosynthesis of the
r-process isotopes, particularly in the earliest stars. By measuring Th/Eu ratios
(using the Th line at 4019 Å), an estimate of the age of the star can be established
by the depletion in thorium (232Th has a half-life of 14.2Gyr) relative to the
abundance of europium [33].
Next, europium records the existence of a diverse series of events in the early

Solar System that are recorded in the earliest samples to which we have access: the
calcium–aluminium inclusions (CAIs) in primitive meteorites. These include high
temperature evaporation and condensation processes that separated europium rela-
tive to the more refractory lanthanides on account of its relative volatility.
However, when processes of planetary differentiation begin, europium with its

ability to record oxidizing or reducing environments, is of extraordinary usefulness.
Thus in basaltic meteorites that are derived from the asteroid 4 Vesta, depletions and
enrichments in europium record the details of crystal–liquid fractionation occurring
in basaltic lavas.
The depletion of europium in lunar basalts and its complementary enrichment in

the feldspar-rich lunar crust was a major key to our understanding that much of the
Moon was melted and that a feldspar-rich crust had developed very early in lunar
history. Such events did not occur on the Earth, and are probably unique in the
Solar System, with a possible exception on Mercury. To account for the amount of
feldspar in the lunar crust, close to 50% of the aluminium and europium in the bulk
had to be concentrated in the crust, shortly after the formation of the Moon.
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Flotation of feldspar crystals in a dry magma ocean is the only viable hypothesis.
All basalts derived from the lunar interior display a complementary depletion in
europium, due to an overall depletion of their source regions by the prior crystal-
lization of the plagioclase feldspar now in the highland crust. In retrospect, this
behavior of europium was one of the most significant geochemical observations on
lunar rocks.
The distribution of REE in the crust of the Earth, that has been a major clue to the

evolution of the continental crust, further highlights the importance of europium.
The uniform REE patterns observed in continental-crustal sediments on the Earth,
with the regular depletion in europium, provide not only a key to the problems of
estimating the composition of the crust, but provide a crucial piece of evidence
about its evolution. Europium is trivalent under the oxidizing conditions at the
surface of the Earth, so that the observed depletion of that element in the upper crust
records a previous history of that element as a divalent ion under more reducing
conditions. This depletion in europium thus provides evidence that the present
upper crust of the Earth was formed by the production of granitic melts deep within
the crust under reducing conditions; leading to the retention of europium in plagio-
clase in the deep crust, with a corresponding depletion at the present surface. The
general absence of europium depletion in Archean crustal terrains demonstrates the
difference between Archean and Post-Archean crustal development. Overall, an
extraordinarily useful element [34].

Synopsis

Planets differ fundamentally from stars in that they form “bottom-up” in the nebula
by essentially random processes, from any combination of the original gases, ices
and rock. The early formation of Jupiter dominates the evolution of the rest of the
Solar System. The solar nebula itself has a limited life span of a few million years.
But in the inner nebula, the gases, ices and many volatile elements (e.g. potassium,
lead, bismuth, evaluated most readily by K/U or K/Th ratios) were swept out to a
snow line around 5 AU by early intense solar activity. This volatile-element deple-
tion, relative to CI, included biologically important elements such as carbon,
nitrogen, potassium and phosphorus and influenced the abundance of 40K, an
important early heat source. The planetesimals were next assembled from the left-
over dry rocky rubble, remnants of which now form the asteroid belt. Many were
melted and separated metal from silicate. Our present supply of meteorites provides
useful, if inexact analogs. Mars and Mercury formed very rapidly within a few
million years, but Earth and Venus took between 10–100Myr to complete accretion,
although a 30Myr age of uncertain status is often quoted from the Hf–W isotopic
systematics.
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The accretion was hierarchical, so that the largest objects (Mars-sized) accreted
last, one such event on Earth occurring at the right velocity and angle to form the
Moon. So the formation of the Earth was essentially accidental. Venus or Earth were
equally likely outcomes, or alternatively totally different planets.
Earth and Venus have similar uncompressed densities, implying similar bulk

compositions but Mars is 6–7% less dense and has a higher volatile-element
content. Both Mars and Mercury provide examples of objects that failed to accrete
into larger planets. The energies involved in accretion are sufficient to cause
planetary-wide melting with core and mantle formation.
Three major classes of crust, primary, secondary and tertiary, may be distin-

guished among the variety observed. Primary crusts result from initial planetary
melting, secondary crusts are derived by partial melting in mantles and tertiary
crusts by reprocessing of secondary crusts. The distribution of elements between
cores, mantles and crusts is governed by the invariant laws of physics and chemistry
while the concentration of elements into crusts depends mostly on the difference in
ionic radius and valency from the common mantle elements (e.g. iron, magnesium).
Finally, the rare earth element europium turns out to be the single most informative

member of the periodic table for the study of crusts and planetary evolution on account
of its unique combination of distinctive valence behavior, ionic radius and volatility.
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2

A primary crust: the highland crust of the Moon

Comparisons with the Earth’s geologic style, though inevitable, have
proved to be treacherous guides to the Moon.

(Don Wilhelms) [1]

Every school child is aware that the Moon is not a planet. So why begin this
discussion on planetary crusts with examples from a planetary satellite? The reason
is that the two types of crusts on the Moon, that form the lighter highlands and the
darker maria, are among our best examples of primary and secondary crusts. Their
origin and evolution are better understood than those of any other examples in the
Solar System, including the Earth. In addition, the Moon, in contrast to the Earth,
forms a classic example of a one-plate planet, which is the norm for our Solar System.

2.1 The composition of the Moon

The mean lunar radius is 1737.1 km, which is intermediate between that of the two
jovian satellites of Jupiter, Europa (r= 1561 km) and Io (r= 1818 km). The Moon is
much smaller than the jovian satellite Ganymede (r= 2634 km), which in turn is the
largest satellite in the Solar System and like the saturnian satellite Titan, is larger
than Mercury. Although the jovian satellites and also Titan are comparable in mass,
the Moon/Earth ratio is the largest satellite-to-parent ratio in the planetary system, a
consequence of a distinctive origin. The Charon/Pluto ratio is larger, but Pluto, an
icy planetesimal, is less than 20% of the mass of the Moon and is one of the
largest Trans-Neptunian Objects in the Kuiper Belt, rather than being a planet.
Charon is only relevant here as another example of the collisional origin of a
satellite.
The mass of the Moon is 7.35 × 1025g, which is 1/81 of the mass of the Earth. The

lunar density is 3.346 g/cm3, a fact that has always excited interest on account of the
Moon’s proximity to the Earth, which has a much higher density of 5.54 g/cm3 [2].
This major difference in density posed a serious dilemma for workers seeking to
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understand the origin of these two closely associated rocky bodies. The low density
of the Moon tells us that it is depleted in metallic iron relative to the inner planets.
The high value for the moment of inertia of our satellite (I/Mr2 = 0.3935) means that
there is only a slight increase in density toward the center, so that the Moon has only
a tiny core (350 km radius) at best.
Although the Earth contains about 28% metallic iron, the Moon has less than

about 2 or 3%. However, the lunar mantle has a high FeO content (present in
silicates) so that the bulk Moon iron content, expressed as FeO, is 13%, that is
50% more than for the current estimates of 8% FeO in the terrestrial mantle. Along
with its depletion in metallic iron, the Moon also has a low abundance of the other
siderophile elements [3].
Compositional data for the bulk Moon and the lunar highland crust are given in

Tables 2.1 and 2.2 [4]. Notable differences between the Moon and the Earth are the
bulk FeO content and the Al2O3 abundance that is reflected in the abundances of the
other refractory elements. These are enriched in the Moon by a factor of 1.5
compared to the Earth or of about 3 compared to CI.
Figure 2.1 shows the relative compositions of the Earth and Moon, normalized to

the CI abundances. This shows the two extreme features of the lunar composition
that make it unique. These are the enrichment in refractory elements and the
depletion in volatile elements. The depletion in the Earth relative to CI correlates
with volatility. But although the Moon is more highly depleted in volatile elements
than the Earth, curiously this depletion is apparently uniform relative to the Earth
[5]. Clearly the Moon has a composition that cannot be made by any single-stage
process from the material of the primordial solar nebula and calls for a distinctive
mode of origin. Thus the cause of the enrichment in refractory elements and the

Table 2.1 The major element composition of the bulk Moon and
that of the lunar highland crust (wt% oxides). Data from Note 4

Oxide Bulk Moon Lunar highland crust

SiO2 47.0 46.0
TiO2 0.3 0.3
Al2O3 6.0 28.0
FeO 13.0* 4.5
MgO 29.0 4.5
CaO 4.6 16.0
Na2O 0.09 0.45
K2O 0.01 0.075
∑ 100.0 99.8

* 2.3% Fe or FeS is allotted to a lunar core and 10.7% to a lunar
mantle; Mg# [molar (Mg/Mg + Fe)] = 0.80.
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Table 2.2 The elemental composition of the bulk Moon and
that of the lunar highland crust. Data from Note 4

Element Bulk Moon Lunar highland crust

Li (ppm) 0.83 2
Be (ppm) 0.21 –
B (ppm) 0.1 –
Na (wt%) 0.06 0.33
Mg (wt%) 17.5 2.71
Al (wt%) 3.17 14.8
Si (wt%) 21.9 21.5
K (ppm) 83 600
Ca (wt%) 3.28 11.4
Sc (ppm) 19 5
Ti (ppm) 1800 1800
V (ppm) 150 21
Cr (ppm) 4200 500
Mn (wt%) 0.12 –
Fe (wt%) 10.6 3.5
Co (ppm) 20 –
Ni (ppm) 400 –
Cu (ppm) 15 –
Zn (ppm) 5 2.0
Ga (ppm) 1.0 –
Ge (ppm) 0.14 –
As (ppm) 0.007 –
Se (ppm) 0.09 –
Rb (ppm) 0.28 1.7
Sr (ppm) 34 140
Y (ppm) 6.3 13.4
Zr (ppm) 17 63
Nb (ppm) 1.3 4.5
Mo (ppb) 1.4 –
Ru (ppb) 30 –
Rh (ppb) 10 –
Pd (ppb) 22 –
Ag (ppb) 0.8 –
Cd (ppb) 1.0 –
In (ppb) 0.12 –
Sn (ppb) 5.0 –
Sb (ppb) 0.6 –
Te (ppb) 14 –
Cs (ppb) 12 100
Ba (ppm) 11 70
La (ppm) 1.10 5.3
Ce (ppm) 2.87 13
Pr (ppm) 0.411 1.8
Nd (ppm) 2.13 7.4
Sm (ppm) 0.69 2.0
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uniform depletion of the very volatile elements may be a consequence of the
condensation of the Moon from vapor following the giant impact [6].
The initial interest in the bulk lunar composition was to test the hypothesis that the

Moon was derived from the silicate mantle of the Earth, a notion dating back to
George Darwin, resolving the difference in density between the two bodies.
Although hotly debated following the Apollo sample return, the siren-like attrac-
tions of the model have diminished, despite the similarity in oxygen isotopes
between the two bodies [7]. This model has not survived the demonstration of
significant differences (e.g. FeO content) and the acceptance of the single-impact
hypothesis for lunar origin that derive 85% of the Moon from the mantle of the
impactor (Theia), not from the Earth.
The bulk composition of the Moon can thus be understood within the general

framework of the standard model for the evolution of the inner Solar System. All
inner bodies in the Solar System are depleted in volatile elements relative to the
composition of the primordial rocky component (CI) of the solar nebula (Chapter 1).
Initial differences have been exacerbated by massive collisions that have produced
extremes. The composition of the metal-poor Moon in contrast to metal-rich
Mercury represents examples of the range in compositions that result from the

Table 2.2 (cont.)

Element Bulk Moon Lunar highland crust

Eu (ppm) 0.26 1.0
Gd (ppm) 0.92 2.3
Tb (ppm) 0.17 0.35
Dy (ppm) 1.14 2.3
Ho (ppm) 0.255 0.53
Er (ppm) 0.75 1.51
Tm (ppm) 0.11 0.22
Yb (ppm) 0.74 1.4
Lu (ppm) 0.11 0.21
Hf (ppm) 0.51 1.4
W (ppm) 0.008 –
Re (ppb) 1.6 –
Os (ppb) 25 –
Ir (ppb) 23 –
Pt (ppb) 40 –
Au (ppb) 7 –
Hg (ppb) 0.7 –
Tl (ppb) 0.2 –
Pb (ppm) 0.004 1.0
Bi (ppb) 0.17 –
Th (ppb) 115 900
U (ppb) 30 240
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stochastic assembly of planetary-sized bodies from a hierarchy of smaller bodies. It
points to the importance of such processes in the inner solar nebula that have led to
such random outcomes.

2.2 The lunar surface

Ninety-nine percent of the lunar surface is older than 3Gyr and more than 80% is
older than 4Gyr. In contrast, 80% of the surface of the Earth is less than 200 million
years old. The absence of plate tectonics, water and life, together with the essential
absence of an atmosphere, means that the present lunar surface is unaffected by the
main agents that shape the surface of the Earth. The major process responsible for
modifying the lunar surface is the impact of objects ranging from micron-sized
grains to bodies that were tens to hundreds of kilometers in diameter.
As a consequence of this bombardment, the surface of theMoon is covered with a

debris blanket, called the regolith. It ranges from fine dust to blocks several meters
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Fig. 2.1 The composition of the Moon compared with that of the Earth, both
normalized to CI carbonaceous chondrites. The material in the impactor mantle
(Theia), from which the Moon was derived, was inner Solar-System material
already depleted in volatile elements at Tzero. The abundances in the Earth
provide an analogue for its composition. The significant point is that, compared
to the Earth (or Theia), the lunar depletion is uniform and not related to volatility,
which would produce a much steeper depletion pattern (lower dotted line). Thus,
the lunar pattern is interpreted as resulting from a single-stage condensation from
vapor (>2500K) that effectively cut-off around 1000K [4].
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across. Although there is much local variation, the average regolith thickness on the
maria is 4 to 5m, whereas the highland regolith is about 10m thick. The regolith is
continuously being turned over or ‘‘gardened’’ by meteorite impact. The near-
surface structure, revealed by core samples (the deepest was only 3m at the
Apollo 17 site), shows that the regolith is a complex array of overlapping ejecta
blankets typically ranging in thickness from a few millimeters up to about 10 cm,
derived from the multitude of meteorite impacts at all scales. These sheets have little
lateral continuity even on scales of a fewmeters. The rate of growth of the regolith is
very slow, averaging about 1.5mm per million years or 15 Å per year.
A megaregolith of uncertain thickness covers the heavily cratered lunar high-

lands. This term refers to the debris sheets from the craters and particularly those
from the large impact basins that have saturated the highland crust. The aggregate
volume of ejecta from the presently observable lunar craters and basins amounts to a
layer about 2.5 km thick. The postulated earlier bombardment may well have
produced megaregolith thicknesses in excess of 10 km, particularly north of the
2500 km diameter South Pole–Aitken Basin. Related to this question is the degree of
fracturing and brecciation of the deeper crust due to the large basin collisions. Some
workers equate this fracturing with the levelling off of the P-wave seismic velocity
(VP) to a constant 6.8 km/sec at 20–25 km. In contrast to the highlands, bedrock is
present at relatively shallow depths (several meters) in the lightly cratered maria.

2.3 Structure of the crust

Re-evaluation of the Apollo seismic data indicates that at the Apollo 12 and 14 sites,
the lunar highland crust is 45 ± 5 km thick (rather than earlier estimates of 60 km)
[8]. The farside crust averages about 15 km thicker than that of the nearside so that
the overall lunar crustal thickness is 52 km [9]. The crust thus constitutes about 8.7%
of lunar volume. The maximum relief on the lunar surface is over 16 km while the
largest impact basin (South Pole–Aitken) is 12 km deep [10]. In contrast, the relief
on the Earth is just over 20 kilometers, ranging from the fossiliferous Ordovician
limestones on top ofMt. Everest to the marine muds on the bottom of the Challenger
Deep in the Marianas Trench. Mars, again a small body, has a greater range of relief
than either the Earth or the Moon, with nearly 30 km from the top of OlympusMons
to the bottom of the Hellas impact basin. Clearly crustal relief is unrelated to
planetary size and is independent of processes like plate tectonics.
The mare basalts (Chapter 3) that form the type example of a secondary crust

cover 17% of the lunar surface, mostly on the nearside. Although prominent
visually, they are usually less than 1 or 2 km thick, except near the centers of the
basins so that these basalts constitute only a trivial volume of the crust. Seismic
velocities in the crust increase steadily down to 20 km. At that depth, there is a
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change in velocities within the crust that possibly represents the depth to which
extensive fracturing, due to massive impacts, has occurred. At an earlier stage, this
velocity change was thought to represent the base of the mare basalts, but these are
now known to be much thinner, typically less than a few kilometers in thickness.
The lower section of the crust from 20 to 45 km has rather uniform velocities of
6.8 km/sec, corresponding to the velocities expected from the average feldspathic
composition of the lunar samples from the highlands.

2.3.1 Tectonics

The dominant features of the lunar crustal surface are the old heavily cratered
highlands and the younger basaltic maria, that have flooded into the large impact
basins. There is a general scarcity of tectonic features due to internal processes on
the Moon, in great contrast to the dynamically active Earth. There are no large-scale
tectonic features and the lunar surface acts as a single thick plate that has been
subjected to only small internal stresses.
Many overlapping lineaments have been discerned on the surface of the high-

lands. Although it was once supposed that this ‘‘lunar grid’’ had developed through
internal tectonic stresses [11], the lineaments that constitute the grid were formed by
the overlap of ejecta blankets from the many multiringed basins and have no
tectonic significance [12].
Apart from structures due to cratering, most of the lunar tectonic features are related

to stresses associated with subsidence of the mare basins, following their flooding with
lava. Wrinkle ridges (or mare ridges) are low-relief, linear to arcuate, broad ridges that
commonly form near the edges of the circular maria. They are the result of compres-
sional bending stresses, related to subsidence of the basaltic maria during cooling.
Rilles, which are extensional features similar to terrestrial grabens, are often

hundreds of kilometers long and up to 5 km wide. Unlike the wrinkle ridges, they
cut only the older maria as well as the highlands and indicate that some extensional
stress existed in the outer regions of the Moon prior to about 3.6Gyr. They should
probably be termed ‘‘grabens’’ so as to avoid confusion with the sinuous rilles, such
as Hadley Rille, that are formed by flowing lava, presumably through thermal
erosion. The set of three rilles, each about 2 km wide, that are concentric to Mare
Humorum at about 250 km from the basin center are particularly instructive exam-
ples, showing a clear extensional relation to subsidence of the basin.

2.3.2 Lunar stratigraphy

The succession of events on the lunar surface has been determined by establishing a
stratigraphic sequence based on the normal geological principle of superposition, a
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fundamental contribution due to Gene Shoemaker [13]. Geological maps based on
this concept have been made for the entire Moon, notably by Don Wilhelms [12].
Relative ages have been established by crater counting, and isotopic dating of
returned samples has enabled absolute ages to be assigned to the various units.
The formal stratigraphic sequence is given in Table 2.3.
The Nectarian (3850–?3920Myr) and Pre-Nectarian systems (?3920–

?4520Myr) on the Moon cover the period of time represented on Earth by the
Hadean Eon, where the terrestrial rock record is missing. Like meteorites, the Moon
has thus been a kind of Rosetta Stone in providing us with insights into the early
history of the Solar System not available on the Earth.
The Pre-Nectarian System includes a number of impact basins, the oldest being

the doubtful Procellarum Basin that covers much of the lunar nearside. Most of the
Nectarian System resides on the farside, coincident with the Feldspathic Highlands
Terrane (FHT). Tectonic activity is absent while the only evidence of volcanism is
the rare presence of basaltic clasts in highland breccias. The Nectarian System
includes all events from the formation of the Nectaris Basin to that of the
Imbrium Basin and includes 11 other large impact basins, such as Crisium [14].
The Imbrium System is divided into the Lower Imbrium Series (3.85–3.82Gyr)

that extends to the formation of the Orientale Basin and the Upper Imbrium Series
(3.82–3.1Gyr) dates from that event and includes most of the lava plains down to

Table 2.3 The stratigraphic sequence for the Moon [12]

System
Age
(billion years) Remarks

Copernican 1.0 to present The youngest system, which includes fresh ray craters
(e.g. Tycho), begins with the formation of Copernicus.

Eratosthenian 1.0–3.1 Youngest mare lavas and craters without visible rays
(e.g. Eratosthenes).

Imbrium 3.1–3.85 Extends from the formation of the Imbrium Basin to the
youngest dated mare lavas. Includes Imbrium Basin
deposits, Orientale and Schrödinger multiring basins,
most visible basaltic maria, and many large impact
craters, including those filled with mare lavas (e.g.
Plato, Archimedes). Sometimes divided into Early
Imbrium from the formation of the Imbrium Basin
(3.85Gyr) to the formation of the Orientale Basin
(3.82Gyr), and the Late Imbrium from 3.82 to 3.10Gyr.

Nectarian 3.85–3.92 Extends from the formation of the Nectaris Basin to that of
the Imbrium Basin. Contains 12 large, multiring basins
and some buried maria.

Pre-Nectarian Pre 3.92 Basins and craters formed before the Nectaris Basin.
Includes 30 identified multiring basins.
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the age of the youngest dated lavas. The limits of the Eratosthenian System (3.2–
0.8Gyr) are more difficult to define precisely. It includes some basaltic plain units
and all the craters without visible rays down to the formation of the crater
Copernicus, about 1Gyr ago. The Copernican System dates from the formation of
that crater down to the present.

2.4 Craters and multiring basins

One of the most diagnostic features of the lunar surface, that is in great contrast to
the surface of the Earth’s crust, is the ubiquitous presence of impact craters at all
scales, from micron-sized ‘‘zap pits’’ to multiring basins. Although the volcanic
origin of the lunar craters was popular before the Apollo missions, “two landforms
so clearly different in gross geometry as terrestrial calderas and lunar craters hardly
can be proved to be analogous on the basis of minor morphologic characteristics” as
Richard Pike has remarked [15].
Although the correct explanation for the origin of the lunar craters had already

been reached by G.K. Gilbert in 1893 and Ralph Baldwin in 1949, this topic was the
subject of ongoing controversy until the Apollo sample return. The question still
surfaces occasionally in popular articles. As meteorites and other impacting bodies
could be expected to strike the Moon at all angles, the circularity of the lunar craters
was long used as an argument against impact and in favor of a volcanic origin. It was
eventually realized that bodies impacting the Moon at velocities of several km/sec
explode on impact and form a circular crater regardless of the angle of impact,
except for very oblique impacts. The morphology of the craters resembles that of
terrestrial explosion craters and is quite distinct from the landforms of terrestrial
volcanic centers [15].
The ultimate form resulting from impact is the multiring basin, which may have

six or more rings. The type lunar example is the Orientale Basin (Fig. 2.2). This
structure is 920 km in diameter (about the size of France), with several concentric
mountain rings that have a typical relief of about 3 km, with steep inward-facing
scarps. These formed in a few minutes following the impact of a body perhaps
50 km in diameter. The central portion has been flooded much later with a thin
filling (0.6 km) of mare basalt. Thirty such basins have been recognized on the
Moon with another 14 probable ones.
The largest confirmed example is the South Pole–Aitken Basin (centered at

180° E, 56° S) that is 2500 km in diameter and 12 km deep. The presence of a larger
Procellarum Basin (3200 km diameter, centered at 23°N, 15°W) covering much of
the nearside is questionable.
There has been much controversy over the origin of multiring basins. However a

consensus has emerged that the mountain rings are fault scarps, formed by collapse
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into a deep transient crater formed by the initial impact. The depth of excavation of
the lunar basins decreases with increasing basin diameter. A transient cavity forms
during the initial stage of the impact, but most excavated material comes from
shallower depths. Thus no unequivocal lunar mantle material has been recognized in
the returned samples from the lunar highland crust and so the transient depth of
excavation of the largest basins does not appear to have exceeded 50 km [16].

Fig. 2.2 Mare Orientale, the classical example of a multiring basin. The diameter
of the outer mountain ring, Montes Cordillera, is 900 km. The structures radial to
the basin are well developed. The small area of mare basalt to the northeast is
Grimaldi, while the western shore of Oceanus Procellarum fills the northeastern
horizon. NASA Orbiter IV 187M.
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The scale of impact melting in the development of the highland crust remains
problematical. Although impact melt normally constitutes only a few percent of the
crater volume, evidence from the Sudbury impact event in Canada reveals that a
large initial melt pool resulted that eventually formed the Sudbury igneous complex
(SIC). Crystallization of impact melt pools following major basin-forming impacts
on the Moon might have resulted in the formation of “igneous” rocks. Such events
on the Hadean Earth may also have produced small amounts of felsic differentiates,
perhaps accounting for the controversial evidence from zircon grains that range in
age from 4.36 to 3.9Gyr [17].

2.4.1 A lunar cataclysm?

The intense cratering of the lunar highlands and the absence of a similar heavily
cratered surface on the Earth were long recognized as due to an early ‘‘pre-
geological’’ bombardment although its cause and when it happened have been
strongly debated.
In contrast, the lightly cratered basaltic mare surfaces, on which the cratering rate

is about 200 times less, had escaped this catastrophe and were clearly younger. The
ages of the mare surfaces, dated from the sample return to be between 3.1 and
3.8Gyr, showed that the cratering flux declined to that observed terrestrially within
a factor of two.
Although it was also established that the intense cratering of the highlands

occurred more than 3.8Gyr ago, the radiometric ages of the ejecta blankets from
the large collisions tend to cluster around 3.9Gyr, with the dates for the
Imbrium collision being 3.85, and for Nectaris 3.95Gyr, although ages up to
4.1Gyr have been suggested for the latter. This is a surprisingly narrow range
and indicates a rapid increase in the cratering flux before 3.8Gyr. Impact melt
breccias from lunar highland rocks and impact glasses from lunar meteorites
from several random (probably farside) sites show a similar clustering of ages in
this time interval [18].
The non-cataclysmic explanation is that the cratering represents the final sweep-

up of large objects during the accretion of theMoon. The clustering of ages has been
suggested to be an artefact of the sampling by the Apollo and Luna missions of
nearside young impact basins [19]. Arguments for the sweep-up of the accretionary
tail include the large number of apparently old very degraded basins. This strati-
graphic evidence for an extended sequence of collisions has been elegantly
described by Wilhelms [12] but such a sequence of impacts may also occur within
a brief timeframe (basins form on a timescale of minutes) so the visible lunar-basin
sequence might well form within the 200Myr interval recorded by the radio-
metric ages.
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The major problem with this scenario of an accretionary tail is that extrapolation
from the rate at 3.8Gyr back to 4.5Gyr results in the accretion of a Moon several
orders of magnitude larger than observed. It seems probable that accretion of the
Moon was essentially complete and that the Moon was at its present size by about
4450Myr, around the time of the crystallization of the feldspathic highland crust.
Indeed the most likely scenario for lunar origin assembles the Moon in periods
ranging from a few hours to 100 yr following the giant impact.
The alternative model, accepted here, suggests that the bombardment is due to a

late spike in the cratering flux, the “lunar cataclysm” [20]. Arguments in favor of the
cataclysm include the scarcity of impact melts older than 4Gyr and the lead isotope
data, which indicate a major resetting of the lead ages at about 3.9Gyr. Although it is
often argued that the sampling from the Apollo missions is dominated by Imbrium
ejecta, lunar meteorites have provided fresh insights. These provide a random
sampling of the surface but display few impact melts older than 3.92Gyr supporting
the notion of a “cataclysm”.
The cataclysm has wider implications as it appears to have affected the entire

inner Solar System [18]. Impact heating events on the asteroid 4 Vesta also appear to
be concentrated between 4.1 and 3.4Gyr, giving support to the concept of a
cataclysmic period of cratering throughout the inner Solar System although this
example perhaps lasted for a longer period than in the case of the Moon [21].
However this model of a late spike of large impactors raises a serious question. It

is a major dynamical problem to store such bodies for several hundred million years
after the formation of the Solar System. If the bodies originated in the main asteroid
belt, howwere they suddenly perturbed into lunar-crossing orbits? One possibility is
that a large asteroid broke up [22]. Another is that some objects escaped being swept
up into the planets and remained as “loose cannons” until they collided, producing a
shower of impactors. These could also have been sent sunwards from the Kuiper
Belt by the outward migration of Uranus and Neptune and so the late heavy
bombardment, in this scenario, was due mostly to comets. Alternatively these
bodies in turn precipitated a shower from the asteroid belt. These questions remain
open [23].
A principal reason for discussing this late lunar bombardment that occurred

around 4Gyr in a book dealing with crusts is that it seems inevitable that such a
bombardment also affected the Earth, Mars and Mercury (any evidence from
Venus has been obscured). But while Mars and Mercury exhibit ancient cratered
terrains, no such terrains are known on Earth. For example, there was no decisive
petrographic and geochemical evidence of a late heavy bombardment around
3.85Gyr in the Early Archean rocks at Isua, Greenland [24]. If the cataclysm
model is correct, most of the Hadean Eon was much less turbulent than commonly
imagined.
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2.5 Composition of the lunar highland crust

The lunar highland crust is our best understood example of a primary crust that
formed directly following upon accretion. A consequence of the massive bombard-
ment that pulverized the lunar highlands is that the rocks returned by the Apollo
missions from the lunar highlands are impact melts and breccias, usually consisting
of rock fragments or clasts set in a fine-grained matrix. Lunar breccias are divided
into monomict, dimict, and polymict breccias, consisting, respectively, of a single
rock type, two distinct components, and a variety of rock types and impact melts.
Polymict breccias, involving several generations of breccias, are the most common
rock type returned from the lunar highlands. They are further subdivided into
fragmental breccias, glassy melt breccias, crystalline melt breccias (or impact melt
breccias), clast-poor impact melts, granulitic breccias and regolith breccias.
In addition to the information gained from the returned Apollo and Luna samples,

our understanding of the lunar crust has been aided by the discovery of lunar
meteorites of which about 30 have been found so far [25]. Many appear to be
from the lunar farside; they are distinct from the nearside highland samples returned
by Apollo 14, 15, 16 and 17 and Luna 20. However, their major element composi-
tion is close to that of estimates of the average highland crust. They confirm, as do
the Galileo, Clementine and Prospector missions, the essentially anorthositic nature
of the lunar highland crust.
The key to establishing the bulk composition of the crust is to integrate the sample

data with the global coverage provided by the orbital data, tying this into the Apollo
sample sites [26]. Data for the average composition of the highland crust are given
in Tables 2.1 and 2.2.
The lunar highland crust is ancient. The most generally accepted age is 4460 ±

40Myr that is taken to represent the crystallization of anorthosites from the lunar
magma ocean – see Chapter 3 [27]. The upper crust is plagioclase-rich (averaging
30% Al2O3). Evidence from the composition of the uplifted central peaks of impact
craters indicates that this composition extends to at least 30 km [28].
It is a general article of faith, although without much supporting evidence, that the

highland crust becomesmore basic with depth [28]. So the crust is often divided, on the
basis of geophysical modeling, into an upper anorthositic and a lower noritic layer. One
must be cautious with such models, in view of the failure of terrestrial geophysical
interpretations to predict the deep crustal structure that was revealed in the Russian,
German and Chinese super-deep drill holes. The lunar model is perhaps driven by
terrestrial analogy, where the lower continental crust is muchmore basic than the upper
crust. However this difference is due to intra-crustal melting on the Earth that produced
a granitic upper crust and a more basic residual lower crust. Such processes of intra-
crustal differentiation seem unlikely to have operated on the Moon [29].
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Although the bombardment of the lunar highlands has destroyed much original
textural evidence, it has had little effect on their bulk chemistry, so enabling geoche-
mists to unravel the evolution of the Moon. Moreover, some monomict breccias have
low siderophile-element contents indicating little contamination from the meteoritic
bombardment. These are considered to be ‘‘pristine’’ rocks that represent the original
igneous components making up the highland crust [30, 31].
Three of these pristine constituents make up the lunar highland crust, namely,

ferroan anorthosites that are the dominant component, KREEP and the Mg-suite.
Analyses of typical crustal samples are given in Tables 2.4–2.6.

2.5.1 Anorthosites

The most abundant rock type is ferroan anorthosite that constitutes at least 80% of
the highland crust. The pristine clasts in lunar meteorites are mostly ferroan
anorthosites (Fig. 2.3).
Anorthosite is mainly (95%) composed of calcium-rich plagioclase (anorthite,

An95 to An97) and has a strong enrichment in the rare earth element, europium,
typical values of Eu/Eu* being about 50 (Fig. 2.3) [32]. The lunar crust thus contains
at least half of the europium in the Moon, resulting in a mantle depleted in that
element. This was one of the keys that unlocked our understanding of the evolution
of the Moon.
Low-Mg pyroxene is the next most abundant mineral, but mafic (Mg- and

Fe-rich) minerals are merely minor constituents in this nearly monomineralic

Table 2.4 Major element composition of typical samples (lunar sample numbers in
parentheses) from the lunar highlands (wt%). Data from Note 4

Oxide
Anorthosite
(15415)

Gabbroic anorthosite
(68415)

Anorthositic
gabbro (15455)

Norite
(78235)

Impact
breccia (14310)

SiO2 44.1 45.5 44.5 49.5 47.2
TiO2 0.02 0.32 0.39 0.16 1.24
Al2O3 35.5 28.6 26.0 20.9 20.1
FeO 0.23 4.25 5.77 5.05 8.38
MnO – 0.06 – 0.08 0.11
MgO 0.09 4.38 8.05 11.8 7.87
CaO 19.7 16.4 14.9 11.7 12.3
Na2O 0.34 0.41 0.25 0.35 0.63
K2O – 0.06 0.10 0.061 0.49
Cr2O3 – 0.10 0.06 0.23 0.18
P2O5 0.01 0.07 – 0.04 0.34
∑ 100.0 100.1 100.0 99.8 98.8
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Table 2.5 Trace element composition of typical samples (lunar sample numbers
in parentheses) from the lunar highlands (ppm). Data from Note 4

Element
Anorthosite
(15415)

Gabbroic
anorthosite (68415)

Anorthositic
gabbro (15455)

Norite
(78235)

Impact
breccia (14310)

I. Large cations
Cs 0.02 – 0.12 0.064 0.54
Rb 0.22 1.7 1.1 0.92 12.8
K 151 650 830 510 4080
Ba 6.3 76 42 80 630
Sr 173 182 220 – 250
Pb 0.27 0.78 1.0 – 6.2
K/Rb 690 380 750 550 320
Rb/Sr 0.001 0.009 0.005 – 0.05
K/Ba 24 8.5 20 6.4 6.5

II. Rare earth elements
La 0.12 7.3 3.0 – 56
Ce 0.28 18.3 6.7 9.2 144
Pr – – – – 17
Nd 0.18 11.3 3.73 – 87
Sm 0.046 3.09 0.88 5.4 24
Eu 0.81 1.11 1.67 1.49 2.15
Gd 0.05 3.78 0.90 1.03 28
Tb – – 0.14 – 5.1
Dy 0.044 4.18 0.84 – 33
Ho – – 0.17 2.26 6.5
Er 0.019 2.57 0.46 – 20
Yb – 2.29 0.36 1.47 18
Lu – 0.34 0.06 1.64 2.5
Y – 22 4.8 0.24 175
La/Yb 3.4 3.0 3.0 – 3.1
Eu/Eu* 51.6 0.99 5.58 – 0.25

III. Large high valence cations
U 0.0017 0.32 0.05 1.97 3.10
Th 0.0036 1.26 0.23 0.19 10.4
Zr – 100 11 0.59 840
Hf – 2.4 0.17 – 21
Nb – 5.6 0.95 – 52
Th/U 2.1 3.94 4.6 – 3.4
Zr/Hf – 42 65 3.1 40
Zr/Nb – 18 11.5 – 16

IV. Ferromagnesian elements
Cr – 700 440 – 1250
V – 20 16 – 36
Sc – 8.2 – – 20
Ni 1.0 180 12 – 270
Co – 11 10 12 17
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feldspathic rock. The anorthosites are typically coarsely crystalline with cumu-
late textures. Their age of 4460Myr is taken to represent their crystallization age
from the lunar magma ocean and the flotation of the feldspathic highland crust
as ‘‘rockbergs’’. Alternatively, this date may represent an ‘‘isotopic closure age’’
during cooling of the crust. The volume of feldspar in the crust (that is nearly
9% of the Moon) means that at least half of the Eu in the Moon resides in the
crust.

Table 2.5 (cont.)

Element
Anorthosite
(15415)

Gabbroic
anorthosite (68415)

Anorthositic
gabbro (15455)

Norite
(78235)

Impact
breccia (14310)

Cu – 12 1.3 – 5.0
Fe (%) 0.18 3.30 4.49 – 6.51
Mn – 470 – 3.93 850
Zn 0.26 4.8 1.9 600 1.8
Mg (%) 0.05 2.54 4.86 1.5 4.75
Ga – 2.0 2.6 7.12 3.2
Li – 5 – – 22

Table 2.6 Volatile- and siderophile-element composition of typical samples
(lunar sample numbers in parentheses) from the lunar highlands (ppb except
where given as ppm). Data from Note 4

Element
Anorthosite
(15415)

Gabbroic
anorthosite (68415)

Anorthositic
gabbro (15455)

Norite
(78235)

Impact
breccia (14310)

Os – – – – 10.5
Ir – 4.6 0.024 0.14 10.5
Re 0.0008 0.43 0.006 0.012 1.0
Ni (ppm) 1.0 180 12 12 270
Au – 2.7 0.042 0.42 4.3
Sb 0.70 530 0.22 0.08 4
Ge 1.2 73 9.4 19 110
Se 0.23 98 8.3 7.5 120
Te – – 2.6 – –
Ag 1.7 – 1.7 0.40 –
Zn (ppm) 0.26 4.8 1.9 1.5 1.8
In 0.18 – 0.05 – 30
Cd 0.57 2.8 1.0 2.9 8.4
Bi 0.1 – 0.14 0.05 –
Tl 0.09 – 0.054 0.02 –
Br 2.3 – 35 6 –
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2.5.2 KREEP

In addition to europium, there is a strong enrichment in the highland crust of
incompatible elements. This component has been termed KREEP and it dominates
the trace-element chemistry of the highland crust. It originated as the residual
melt, two percent or so, that contained the incompatible trace elements that were
excluded from the major mineral phases (olivine, orthopyroxene, clinopyroxene,
plagioclase, ilmenite) during crystallization of the magma ocean (Chapter 3). The
KREEP component is enriched in potassium, rare earth elements, and phosphorus,
hence the name, as well as a host of other incompatible elements. It is commonly
applied as an adjective to refer to highland rocks that contain this characteristic
trace-element signature [33]. This residual phase was the last to crystallize, at
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Fig. 2.3 Rare earth element patterns for typical highland crust samples showing
enrichment in europium due to feldspar and depletion due to the presence of
KREEP. Data from Ref. 4.
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about 4.36Gyr and apparently pervaded the crust, with which it was intimately
mixed by cratering [34].
Extreme enrichment of the REE up to 1000 times CI (or solar nebular abundances)

is known. This concentration of trace elements amounts to a significant part of the
total lunar budget and must have been derived from a major portion of the Moon on
geologically short timescales. Thus it provides strong evidence for themagma ocean
hypothesis that involved large-scale lunar melting.
The KREEP component is not uniformly distributed across the lunar crust. It

appears to be scarce on the lunar farside and, most significantly, in the deeply
excavated South Pole–Aitken Basin. Although it was the residual melt that was
sandwiched between the top of the cumulate pile and the bottom of the anorthositic
crust during the crystallization of the magma ocean, KREEP does not seem to have
formed a globe-encircling layer. Instead the residual melt appears to have been
concentrated on the nearside as a lens or pod underlying Oceanus Procellarum.
The REE patterns in the lunar highland crust thus reflect the presence of two

dominant components, anorthosite and KREEP. Except for the depletions in Eu due
to KREEP or enrichments in Eu caused by feldspar, these REE patterns are closely
parallel, while the other element ratios are quite uniform (Fig. 2.3). If multiple
igneous events occurred during the formation of the highland crust, one might
expect to see a wide diversity of REE patterns such as are observed in terrestrial
igneous rocks. Thus the evidence for the frequently invoked “serial magmatism”

is weak.
An enigmatic rock type, KREEP basalt, with only a few undisputed examples, is

highly enriched in incompatible elements (K, REE, P) but has a more primitive Mg/
(Mg + Fe) ratio. This combination of primitive and evolved components suggests
that these samples were derived, like the members of theMg-suite (see below), from
different sources and they may ultimately be derived from melt pools, even if they
are not direct impact melts. Probably the Apennine Bench formation is composed of
KREEP basalt. This formation appears to have formed close in time to the excava-
tion of the Imbrium Basin and may be related to that event.
However, the continuing bombardment of the crust may have produced large

volumes of impact melt. As noted earlier, a terrestrial analog is the Sudbury impact
basin in Canada, where the SIC formed from the differentiation of a pool of impact
melt, entirely of crustal rocks, that originally was about 90 km in diameter and 3 km
deep. Differentiation of this crustal melt resulted in a differentiated sequence
resembling that of layered intrusions, except that the compositional layering is
simple, as might be expected from the monotonic crystallization of a single melt
pool. Most layered intrusions on Earth have received pulses of new magma that
have upset such an orderly crystallization sequence. Also in contrast, the SIC
contains only traces of olivine but is about 60% granophyre, reflecting its crustal
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origin [35]. Impacts on the Moon produce less melt than on the Earth, but the early
lunar crust was hotter, perhaps contributing to melt production as on Venus.
So the possibility exists that much of the complexity read into the lunar crust by

terrestrially oriented petrologists is the result of the crystallization of such impact
melts, rather than reflecting serial magmatism or multiple intrusions, with such
activity continuing for some hundreds of millions of years. Impact-produced melts
offer a simpler solution to the dilemma of an energy source for these events. When
mare basalts eventually erupted (Chapter 3) they involved only a trivial percentage
(1%) of the volume of the Moon and so require minimal energy sources.

2.5.3 The Mg-suite

A minor constituent of the lunar crust, perhaps amounting to 10% in the areas
sampled by the Apollo missions, is referred to as the Mg-suite. It appears to be
concentrated on the nearside rather than distributed globally within the crust, so
probably it is of local significance. Among its members are dunites, gabbroic
anorthosites, norites, spinel troctolites and troctolites, none of which seem to be
genetically related. The Mg-suite rocks range in age from about 4.44Gyr down to
about 4.2Gyr; typical ages are 100–200Myr younger than those of the ferroan
anorthosites. They have higher Mg/(Mg + Fe) ratios compared to the ferroan ano-
rthosites, but it is the Mg# that is high rather than the Mg content. If the Mg-suite
rocks are indigenous igneous rocks, their parent magmas must have formed in
regions of the lunar mantle much higher in Mg# than the source regions of the
mare basalts [36].
The Mg-suite is petrographically distinct from the older ferroan anorthosites and

does not appear to be related directly to the crystallization from the magma ocean. It
is particularly enigmatic, as in contrast to normal igneous rocks, it contains two
contradictory components. The high Mg/(Mg + Fe) ratios indicate a primitive
source but theMg-suite is also distinguished by high concentrations of incompatible
elements, that are typical of highly differentiated igneous rocks. The source of this
highly evolved component is KREEP and indeed the Mg-suite seems to be asso-
ciated with KREEP-rich regions. It seems apparent that some kind of mixing of
KREEP with some more primitive magma has occurred; but where this occurred
and the source of the “primitive” Mg-rich component are both unclear.
Conventional theories based on terrestrial petrology propose that the Mg-suite

originated as plutons that intruded the crust in separate igneous events. However, in
common with other crustal samples, all Mg-suite rocks have parallel REE (less
europium) patterns, a characteristic compatible with mixing, but not a pattern that is
predicted to occur in separate igneous intrusions. Furthermore, it is of interest that
the Mg-suite contains Mg-rich orthopyroxene, a mineral that is lacking in mare
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basalt, so that the primitive component of the Mg-suite originates in a location
distinct from the source region of the mare basalts.
During crystallization of the magma ocean (Chapter 3), Mg-rich minerals (e.g.

olivine and orthopyroxene) are among the first to crystallize and accumulate on the
bottom of the magma chamber, at depths exceeding 400 km. It is sometimes
suggested that massive overturning has occurred to bring these deep-seated cumu-
lates within reach of the surface. However, the magma ocean had completed crystal-
lization by 4400Myr with only the KREEP component remaining liquid until about
4360Myr. There is no obvious source of energy for remelting early refractory
Mg-rich cumulates nor is the low Ni content of the Mg-suite compatible with this
notion. So the idea that the primitive component of the Mg-suite comes from
deep within the early cumulate zones in the mantle appears unfounded and the
high concentrations of Ni in olivine predicted by that model are missing from the
Mg-suite.
An alternative suggestion to overturning is that the Mg-suite is produced from

impact-generated melts. The impacting bodies would have a high Mg# and acquire
the KREEP component during impact melting and mixing. What seems clear is that
normal petrological processes of magma generation and intrusion as understood
from terrestrial experience did not produce the Mg-suite. No satisfactory explana-
tion having appeared, the problem remains open.

2.5.4 Lunar highland terranes

Geochemical mapping carried out by the Clementine and Lunar Prospector mis-
sions has resulted in a significant advance in our understanding of the detailed
structure of the lunar highland crust. Based on the FeO and Th abundances
measured by these missions, the crust can be divided into three major terranes
[37] (Fig. 2.4).
These are respectively,

(i) Feldspathic Highlands Terrane (FHT). This is the primordial feldspathic lunar crust that
formed about 4460 ± 40Myr ago by flotation from the magma ocean. It has been
subdivided into FHT-A (anorthositic) and FHT-O, which is somewhat richer in FeO
and poorer in Al2O3.

(ii) Procellarum KREEP Terrane (PKT). This was formed when the residual incompatible-
element-rich liquid from the last stages of crystallization of the magma ocean
was intruded into the primitive feldspathic crust [33]. Apparently the KREEP liquid
collected mostly under the nearside during solidification of the magma ocean, thus
accounting for the localized occurrence of KREEP. Little evidence of a significant
KREEP component appears on the lunar farside crust or in the South Pole–Aitken
Basin.

2.5 Composition of the lunar highland crust 51



L
u

n
ar

 f
ar

si
d

e
L

u
n

ar
 n

ea
rs

id
e

0
5

10
15

20

F
ig
.2
.4

M
aj
or

lu
na
rc
ru
st
al
te
rr
an
es
.T

he
P
ro
ce
lla
ru
m
K
R
E
E
P
T
er
ra
ne

(P
K
T
)i
s
on

th
e
ne
ar
si
de
,w

ith
th
or
iu
m
co
nc
en
tr
at
io
ns

gr
ea
te
r

th
an

3.
5
pp
m
.T

he
S
ou
th
P
ol
e–
A
itk

en
Te
rr
an
e
(S
PA

T
)
ha
s
an

ou
te
r
re
gi
on

co
rr
es
po
nd
in
g
to
ba
si
n
ej
ec
ta
.T

he
F
el
ds
pa
th
ic
H
ig
hl
an
ds

Te
rr
an
e
(F
H
T
)c
or
re
sp
on
ds

to
th
e
th
ic
ke
st
pa
rt
of

th
e
cr
us
t,
co
nc
en
tr
at
ed

on
th
e
lu
na
rf
ar
si
de
.F

H
T,
O
co
ns
is
ts
of

th
os
e
re
gi
on
s
w
he
re

ba
si
n
ej
ec
ta
or

cr
yp
to
m
ar
e
ob
sc
ur
e
th
e
fe
ld
sp
at
hi
c
su
rf
ac
e
(c
ou
rt
es
y
B
ra
d
Jo
lli
ff
,W

as
hi
ng
to
n
U
ni
ve
rs
ity

).



(iii) South Pole–Aitken Terrane (SPAT). This constitutes the South Pole–Aitken Basin
whose formation stripped off most of the upper crust over that region, while the ejecta
blanket increased the thickness of the farside anorthositic crust. Its importance lies in
the opportunity that it provides to examine the deep crust and possibly the uppermost
mantle of the Moon. The interior of the South Pole–Aitken Basin, the deepest basin on
the Moon, has a more mafic composition relative to the more feldspathic lunar high-
lands, but it is not clear that it has excavated into the lunar mantle. It would be of great
interest to study this area in detail, as no excavated mantle samples have ever been
identified in the returned Apollo samples. The South Pole–Aitken Basin, where most of
the upper crust is missing, has been preserved for over 4.1 Gyr without significant
isostatic compensation occurring. As this is the oldest and largest recognized lunar
basin, the lack of compensation indicates that the crust and interior have been strong
enough to support this structure for most of lunar history. There is little sign of the
residual KREEP component in this location, despite the depth of excavation. This
reinforces the model that the residual KREEP melt was not uniformly distributed.

Figure 2.5 shows the mantle uplift beneath the South Pole–Aitken Basin as well as
that partially superimposed later uplift resulting from the excavation of the Apollo
Basin. Significantly this mantle uplift has been sustained for over four billion years.

2.5.5 The Cayley Plains: a cautionary tale

The dark maria contrast strongly with the lighter lunar highlands. However, many
light plains occur in the highlands that are similar in albedo to the rest of the
highlands terrain. While the origin of the heavily cratered regions was clear, the
occurrence of these widespread plains units was particularly puzzling to geologists
mapping the Moon before the Apollo missions. These smooth areas sometimes
occurred as crater fill (a particularly good example is the 80 km diameter crater
Wargentin) but often as widely separated pools. These were of differing ages and
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South Pole-Aitk en
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Basin ejecta
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Fig. 2.5 The South Pole–Aitken Basin, 2500 km in diameter and 12 km deep on
which are superimposed two later impact basins, all showing uplifted mantle.
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some appeared to post date Imbrium Basin ejecta. Mostly these were interpreted as
having been deposited as siliceous lavas or volcanic tuffs [38].
The Apollo 16 mission landed, on a unit mapped as the Cayley Plains, in 1972

nearly three years after the first manned landing. These plains were interpreted by
the pre-mission lunar mappers as composed of ash flows or ignimbrite, while the
adjacent hills of the Descartes Formation were thought to be a lunar analog of
terrestrial rhyolite domes. This view was consistent with a widely held view that the
lunar highlands were “granitic” in composition. However the returned samples were
anorthositic impact breccias, not volcanic rocks, and the plains units such as the
Cayley Formation were debris sheets derived from large basin collisions [39].
These sheets were probably fluidized and included significant impact melt as well

as much locally derived material that was incorporated as the impact sheet ploughed
across the lunar surface [40]. Thus although the volcanic explanation of the Cayley
Plains was “eminently logical” [41], it was nevertheless erroneous, forming a
cautionary tale to interpreters of planetary surfaces based on remote sensing.

2.5.6 Tektites and the Moon

Although it is now decisively established from isotopic and chemical evidence that
tektites are derived from the surface of the Earth by meteoritic or asteroidal impact,
the notion that tektites were derived from the Moon enjoyed considerable, even
widespread support before the Apollo missions. Many workers supposed that
tektites represented samples of the lunar highland crust. The notion that the lunar
highlands were “granitic” derives partly from this controversy and so it is worthy of
a brief comment here [42].
However, the debates that had raged, particularly in the 1960s, over a lunar versus

a terrestrial origin, were settled in favor of the Earth by the first sample return from
the Moon in 1969. Tektites are mostly derived on the Earth from melting of silica-
rich sedimentary rocks during meteoritic, asteroidal or cometary impact. Their
derivation from sedimentary rather than igneous rocks is clearly shown by their
composition. Thus potassium shows an inverse correlation with SiO2, the reverse of
the positive correlation displayed in igneous rocks. This indeed was a key observa-
tion, as few supposed that there were sedimentary rocks on the Moon. Because the
debate still surfaces occasionally, readers interested in these glassy objects will find
a useful review of the evidence for a terrestrial origin in Koeberl (1986) [43].

Synopsis

The Moon is enriched in refractory elements, is “bone-dry” and depleted in volatile
elements relative both to the Earth and to CI. It has a low density and is depleted in
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metallic Fe (2–3%), but has an overall FeO content of 13% compared to 8% for the
terrestrial mantle. Both the origin of the low-density Moon and the distinctive
character of high-density Mercury have resulted from collisions. The Moon is a
one-plate body. The surface is sculpted by impacts of meteorites, asteroids and
comets. Tectonic features are rare and are due mostly to subsidence of mare basalts.
The highland crust, unique in the Solar System, is about 50 km thick with 16 km

relief. The relative stratigraphy based on craters and basins has been tied to absolute
ages from the Apollo sample return. The impact-dominated topography is due
mostly to a cataclysmic bombardment that lasted from 4 to 3.85Gyr. The source
of the projectiles remains conjectural but is possibly connected with the outward
migration of the outer planets.
The highland crust forms the type example of a primary crust. Samples from the

highland crust are mostly multiple breccias as a result of the bombardment. Impact
melts are common. The highland crust has an average Al2O3 content around 30%
and is dominated by anorthosite. It was pervaded by KREEP that was the residual
liquid from the crystallization of the magma ocean and so is strongly enriched in
incompatible elements.
Despite the petrological complexity, the chemical compositions of the rocks are

little affected and reflect the dominance of feldspar and KREEP. Thus the REE
patterns of highland samples are sub-parallel, except for enrichment or depletion in
Eu due to mixtures of feldspar or KREEP. Ayounger Mg-suite of uncertain origin is
a mixture of primitive and highly evolved components. Although often ascribed
from terrestrial experience to late intrusions, the similarity of REE patterns to the
other highland rocks and absence of energy sources except from impacts, makes this
terrestrially based petrological analog less appealing. But the lack of stratigraphic
controls makes further evaluation of the Mg-suite difficult.
Three crustal terranes have been distinguished, respectively FHT, PKTand SPAT.

The KREEP component appears to have been ponded under the lunar nearside as the
magma ocean crystallized (Chapter 3). Many smooth plains (notably the Cayley
Plains), initially thought by many to be volcanic ash flows, are debris sheets from
basin-forming impacts. Finally the lunar sample return convincingly settled a long-
standing controversy by demonstrating that the tektites were not derived from
the Moon.

Notes and references

1. Wilhelms, D. E. (1993) To a Rocky Moon, University of Arizona Press, p. 75.
2. Konopliv, A. S. et al. (1998) Improved gravity field of the Moon from Lunar Prospector.

Science 281, 1476–80. The density of the Moon is also intermediate between that of
Europa (d= 3.014 g/cm3) and Io, the innermost of the Galilean satellites of Jupiter, with
a density of 3.529 g/cm3. The other satellites in the Solar System are mostly ice–rock
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mixtures and so are much less dense. But such comparisons of objects formed by
different processes have little fundamental significance. See Chapter 14.

3. The very low concentrations of siderophile elements in mare basalts are consistent with
the removal of these trace elements into a small core during melting but where this
process occurred is a matter of debate. Iron meteorites form close to Tzero in asteroidal-
size bodies and the planets were formed later from the accretion of such planetesimals. In
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the Earth, both bodies have previously differentiated into metallic cores and silicate
mantles. Thus the pattern of siderophile-element depletion in the Moon may have a long
and complex history, occurring not only in the impacting body (named Theia) from
which most of the Moon is derived, but also in precursor planetesimals and finally from a
possible “late veneer” following accretion. This late veneer appears to have produced the
uniform but low (0.008 ×CI) concentrations of highly siderophile elements (Os, Ir, Ru,
Pt, Pd, Re) in the terrestrial mantle. The abundances of these elements have been
estimated to be present in the lunar mantle at 0.0002 times CI, 40 times lower than in the
terrestrial mantle. As the Moon was undoubtedly present during the arrival of the late
veneer, this is interpreted to indicate that the thick lunar crust must have shielded the
mantle from the influx. Day, J.M.D. et al. (2007) Highly siderophile element constraints
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Taylor, S. R. (1982) Planetary Science: A Lunar Perspective, LSI, that includes data for
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Moon (eds. B. Jolliff et al., 2006), Reviews in Mineralogy and Geochemistry 60. The
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principal changes for the major elements are higher Si and lower Mg values rather than
the CI ratios that have been commonly assumed. These are based on geophysical
evaluation of the lunar interior from seismic data by Kuskov, O. L. et al. (2002)
Geochemical constraints on seismic properties of the lunar mantle. PEPI 134, 175–89
and others. The lunar Mg# [molar (Mg/Mg + Fe)] is estimated to be about 0.80,
significantly lower than that of the terrestrial mantle value of 0.89. Khan, A. et al. (2006)
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Taylor, S. R. et al. (2006) TheMoon: ATaylor perspective.GCA 70, 5904–18. TheMoon
is bone-dry and no indigenous H2O has been detected at ppb levels. Polar ice, presum-
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evidence for thick deposits of ice at the lunar poles. Nature 443, 835–7. The detailed
volatile-element budget of theMoon is difficult to ascertain. The best study was byWolf
and Anders (1980) who compared the distribution of volatile elements in terrestrial
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bodies are depleted relative to CI. The low initial strontium isotopic values (87Sr/86Sr) in
the Moon indicate that much loss of volatile elements occurred in early events close to
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Moon so that the Moon has suffered a double depletion of the volatile elements.
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3

A secondary crust: the lunar maria

One knew that the Moon had a lower specific gravity than the Earth; one
knew, too, that it was sister planet to the Earth and that it was unaccount-
able that it should be different in composition. The inference that it was
hollowed out was clear as day

(H. G. Wells) [1]

3.1 The maria

The dark lunar maria form a type example of a secondary crust, derived by partial
melting from the mantle during ongoing planetary evolution. These enormous
plains cover 17% (6.4 × 106 km2) of the surface of the Moon and constitute the
familiar dark areas that form the features of the “Man in the Moon” and various
other imaginary figures. But despite their prominent visual appearance, the maria
form only a thin veneer on the highland crust (Fig. 3.1).
The lavas are mostly less than 500 meters thick, reaching thicknesses of up to

4 km only in the centers of the circular maria such as Imbrium. They cover an area
that is only a little more extensive than that of the submerged Ontong Java basaltic
plateau, which lies northeast of the Solomon Islands in the Pacific Ocean. The total
volume of the maria, about 1.8 × 107 km3, is trivial compared to the anorthositic
crust or the whole Moon. This compares with the total volume of the current
terrestrial oceanic crust of 1.7 × 109 km3, two orders of magnitude larger [2].
While we observe only the surface outcrop, some magma might not have reached

the lunar surface but became trapped within the thick feldspathic crust. However,
very few clasts of basaltic composition have been found in the samples from the
highland crust, either from the Apollo missions or from the lunar meteorites.
Similarly, basaltic clasts that might represent intrusions into the highland crust
have not yet been identified in the returned samples. Some areas of mare basalts
(so-called cryptomaria) are covered by ejecta blankets from multiring basins; their
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presence is revealed by the haloes of dark basalt ejected from impact craters that
have punched through the light-colored highland plains units of anorthositic com-
position into the underlying basalts. They amount to about 10% of mare basalt
volume.
The individual lava flows may be up to 1200 km long but are thin, typically only

10–40m thick. Dark deposits formed by “fire fountaining” during pyroclastic
eruptions are found particularly on the southern border of Mare Serenitatis.
Another interesting feature of the maria is the lack of shield volcanoes, a fact that
stands in great contrast to the large basaltic domes on the Earth, Venus and
particularly on Mars. This lack of volcanic constructional forms is reminiscent of
plateau basalts on Earth. The maria are remarkably flat. Differences in elevation are
less than 150m over distances as much as 500 km. The slopes that lie between 1:500
to 1:200 are imperceptible [3].
The smoothness of the lunar plains made it very difficult to identify the nature of

the maria in pre-Apollo times. This led, among the more sober models, to such
interesting and ingenious suggestions that they consisted of sediments, dried-up

Fig. 3.1 The relationship between the anorthositic lunar highlands and the basaltic
lunar maria is well shown in this view of Mare Ingenii on the lunar farside. The
large circular crater, filled with mare basalt, is Thomson Crater, 112 km diameter,
in the northeast sector of Mare Ingenii, 370 km diameter, that is centered at
34° S, 165° E. The crater in the right foreground is Zelinsky Crater, 54km diameter,
excavated in the old highland crust. The stratigraphic sequence, from oldest to
youngest, is (1) formation of white feldspathic highland crust, (2) excavation of
Ingenii Basin, (3) formation of Thomson Crater, (4) formation of Zelinsky Crater,
(5) flooding of Ingenii Basin and ThomsonCrater with basaltic lava and (6) production
of small impact craters on the smooth mare surface, including a chain of secondary
craters. NASA AS15-87-11724.
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lake beds or even asphalt [4]. The nature of the maria was finally confirmed as being
due to basaltic lavas from the samples returned by the Apollo 11 mission.
The formation of the extensive smooth plains is probably due to several factors.

These include a combination of high eruption rates and the low viscosity of the lunar
lavas, which is about an order of magnitude less than that of terrestrial basalts, and is
close to that of engine oil at room temperature [5].
Precise elevation data have revealed that the maria are not all at the same level [3].

This fact indicates that the mare basalts are derived from independent eruptions
from diverse sources at differing depths in the interior that flooded into the nearest
available depressions. The maria are mostly subcircular in form, because they often
fill the giant multiring basins that were originally excavated by impact (Mare
Imbrium is the size of Texas). Other maria are less regular in form. Oceanus
Procellarum is the type example of an irregular mare, where the lavas have flooded
widely over the highland crust. However, this mare may be filling parts of the
controversial ProcellarumBasin, 3200 km in diameter, that may have occupiedmost
of the lunar nearside (see Chapter 2).
The scarcity of maria on the farside of the Moon is due to the greater crustal

thickness. An exception is part of the area of the deep depression of the South Pole–
Aitken Basin (2500 km in diameter, Fig. 2.5) on which is superimposed the Ingenii
impact basin (650 km in diameter), now occupied in part by the lavas of Mare
Ingenii (Fig. 3.1). However, most of the South Pole–Aitken Basin, that is much
deeper than the nearside maria, is not flooded with lava so that this giant impact did
not initiate widespread volcanism [6]. This is all clear evidence for localized mantle
sources for the mare basalts unrelated to surface structures, rather than some Moon-
wide melting of the lunar interior, that might have resulted in flooding of lava to a
uniform level across the face of the Moon [7].
Another significant observation is that the mare basalts are heterogeneous in

composition. Over 25 distinct varieties of mare basalts are known, even from our
limited sampling. Even though some of this diversity is due to near-surface fractio-
nation, the lunar mantle is heterogeneous and the basalts come from sources that
vary significantly in mineralogy. This observation contrasts strongly with the much
more uniform character of basalts erupted from the terrestrial mantle, that are
dominated by mid-ocean ridge basalts (MORB) with lesser additions from oceanic
island basalts (OIB, Chapter 8).

3.1.1 Mare basalt ages

The mare basalts are very old by terrestrial standards. The oldest ages for returned
lunar mare basalts come from Apollo 14 breccias. These aluminous low-Ti basaltic
clasts found in the breccias range in age from 3.9 to 4.3Gyr. The oldest basalt
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sample returned from a maria is Apollo sample number 10003, one of the very first
samples collected by the Apollo 11 crew. It is a low-K basalt from Mare
Tranquilitatis with an age of 3.86 ± 0.03Gyr. This gives a younger limit for the
age of the Imbrium collision, as the lavas of Mare Tranquilitatis overlie the ejecta
blanket from the Imbrium collision. In turn, the lavas on Mare Imbrium bury the
ejecta blankets from the Serenitatis and Tranquilitatis basins, along with those from
all the other basins, including those from Orientale, the youngest large basin. These
stratigraphic truths show that the production of the lavas was unrelated to the
formation of the basins.
An ilmenite basalt, sample number 12022, with an age of 3.08 ± 0.05Gyr is the

youngest dated mare basalt. Ilmenite basalts are examples of low-Ti basalts, are
generally younger than high-Ti basalts, clearly sampling a different mantle source.
Stratigraphically younger flows, some of which appear to embay obviously more
recent craters, may be as young as 1Gyr but are of very limited extent. The most
voluminous period of eruption of lavas appears to have been between about 3.8 and
3.1Gyr ago. This restricted period of lunar igneous activity is in great contrast to the
continuing production of the analogous oceanic crust on the Earth.
Isotopic measurements show that the mantle source regions of the mare basalts

formed at about 4400Myr and this age has been taken to represent the solidification
of much of the magma ocean.

3.2 Composition of the mare basalts

Mare basalts are much more heterogeneous in composition compared with the
relative uniformity of the various species of MORB that form most of the oceanic
crust on the Earth (Chapter 8). In comparison with terrestrial basalts, the silica
contents of mare basalts are low (37–45%) and the lavas are more iron-rich (18–
22% FeO).
Data for typical mare basalt samples are given in Tables 3.1–3.4. The lunar basalts

are notably high in Ti, Cr, and Fe/Mg ratios and low in Ni, Al, Ca, Na, and K
compared with terrestrial counterparts while they have an extraordinary range in
TiO2.
They mostly contain less than 12% Al2O3 and are depleted both in volatile and

siderophile elements compared to terrestrial analogues. The ratio of volatile (e.g. K)
to refractory elements (e.g. U) is low. Thus lunar K/U ratios average about 2500
compared to terrestrial values of about 10 000–12 500. Their REE patterns all
display a characteristic depletion in europium (Fig. 3.2). This is one of the several
pieces of evidence that the mare basalts come from a previously differentiated
interior, rather than being melted from a primitive undifferentiated lunar
composition.
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The lunar basalts are highly reduced, with oxygen fugacities of 10–14 at 1100 oC
or about a factor of 106 lower than those of terrestrial basalts at any given tempera-
ture. This is a characteristic of their source region. Ferric iron is effectively absent.
The differences in composition of the mare basalts are mostly due to source

region heterogeneity, with only minor evidence for near-surface fractionation.
Variations in the amount of partial melting from a uniform source, subsequent
fractional crystallization or assimilation cannot account for the observed diversity.
Some mare basalts are vesicular, evidence for a now vanished gas phase, usually
thought to be carbon monoxide.
The basic classification of the lunar basalts is chemical, with finer subdivisions

based on mineral composition. The basalts are divided into low-Ti, high-Ti, and
high-Al basalts. The low-Ti basalts include VLT (very-low-Ti), as well as
olivine, pigeonite and ilmenite basalts. The high-Ti basalts include high-K,
low-K, and VHT (very-high-Ti) basalts. Probably there is a continuous variation
in titanium contents by over a factor of 30 from less than 0.4% to a maximum of
over 16%.
The major minerals in the mare basalts are pyroxene, olivine (Mg-rich), plagio-

clase (Ca-rich) and opaques, mainly ilmenite. All lunar minerals are anhydrous and
the Moon is completely dry. Only a trivial amount of mare basalt has been extracted
from the mantle and none has been returned on this one-plate body. Thus the bulk
composition of the lunar mantle, unlike that of the Earth, has been little affected by
the eruption or recycling of basalts.

Table 3.1 Major element compositions of lunar mare basalts (wt%; lunar
sample numbers in parentheses). Data from Chapter 2, Note 4

Oxide

Green
glass
(15426)

Low-Ti
Apollo 15
olivine (15016)

Low-Ti
Apollo 12
ilmenite (12051)

High-Ti
Apollo 17
(75055)

High-K
Apollo 11
(10049)

High-Al
Apollo 14
(14053)

SiO2 45.2 44.1 45.3 40.6 41.0 46.4
TiO2 0.38 2.28 4.68 10.8 11.3 2.64
Al2O3 7.5 8.38 9.95 9.67 9.5 13.6
FeO 20.0 22.7 20.2 18.0 18.7 16.8
MnO 0.26 0.32 0.28 0.29 0.25 0.26
MgO 17.5 11.3 7.01 7.05 7.03 8.48
CaO 8.5 9.27 11.4 12.4 11.0 11.2
Na2O 0.13 0.27 0.29 0.43 0.51 –
K2O 0.03 0.04 0.06 0.08 0.36 0.10
Cr2O3 0.53 0.85 0.31 0.27 0.32 –
∑ 100.0 99.5 99.5 99.5 100.0 99.5
Mg/(Mg+Fe) 0.59 0.47 0.38 0.41 0.40 0.48
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Table 3.2 Trace-element abundances in low-Ti lunar basalts (lunar sample numbers
in parentheses; data in ppm except where indicated in %). Data fromChapter 2, Note 4

Element Green glass (15426) Apollo 15 olivine (15016) Apollo 12 ilmenite (12051)

I. Large cations
Cs – 0.034 0.04
Rb 0.58 0.81 0.91
K 170 330 500
Ba 18 61 74
Sr 41 91 148
K/Rb 290 410 550
Rb/Sr 0.01 0.01 0.01
K/Ba 11 5.4 6.8

II. Rare earth elements
La 1.20 5.58 6.53
Ce – 15.6 19.2
Nd 2.2 11.4 16.3
Sm 0.76 4.05 5.68
Eu 0.21 0.97 1.23
Gd 0.91 5.4 7.89
Tb 0.21 0.9 –
Dy 1.1 5.74 9.05
Ho – 1.1 –
Er 0.8 3.1 5.57
Yb 0.93 2.62 5.46
Lu 0.14 0.32 –
Y 7.2 21 48
La/Yb 1.29 2.13 1.20
Eu/Eu* 0.76 0.63 0.56

III. Large valence cations
U 0.02 0.12 0.26
Th 0.08 0.50 1.0
Zr 22 86 130
Hf 0.57 2.6 –
Nb 1.5 10 7
Th/U 4.0 4.2 3.85
Zr/Hf 38 33 –
Zr/Nb 15 8.6 18.3

IV. Ferromagnesian elements
Cr – 6400 –
V 165 200 100
Sc 38 39 58
Ni 153 – 6
Co 75 – –
Cu – 11 6
Fe (%) 16.4 17.7 15.8
Mn 2000 2450 2150
Zn – 4 2
Mg (%) 10.0 6.78 4.21
V/Ni 1.08 – 17
Cr/V – 32 –



Table 3.3 Trace-element abundances in high-Ti and high-Al lunar
basalts (lunar sample numbers in parentheses; data in ppm except where
indicated in %). Data from Chapter 2, Note 4

Element
High-Ti
Apollo 17 (75055)

High-K
Apollo 11 (10049)

High-Al
Apollo 14 (14053)

I. Large cations
Cs 0.019 – 0.09
Rb 0.58 6.2 2.20
K 660 3000 830
Ba 76 330 145
Sr 190 161 100
K/Rb 1140 484 380
Rb/Sr 0.003 0.04 0.02
K/Ba 8.7 9.1 5.7

II. Rare earth elements
La 6.27 28.8 13.0
Ce 21.5 83 34.5
Nd 23.9 63 21.9
Sm 10.1 22.3 6.56
Eu 2.09 2.29 1.21
Gd 15.7 29.3 8.59
Tb – – –
Dy 18.1 33.4 10.5
Ho – – –
Er 10.7 30.9 6.51
Yb 9.79 30.2 6.0
Lu – – 0.90
Y 112 – 55
La/Yb 0.64 1.43 2.2
Eu/Eu* 0.51 0.27 0.49

III. Large valence cations
U 0.14 0.81 0.59
Th 0.45 3.1 2.1
Zr 270 – 215
Hf 7.2 17 9.8
Nb 25 – 15.7
Th/U 3.3 3.8 3.55
Zr/Hf 38 – 22
Zr/Nb 11 – 13.7

IV. Ferromagnesian elements
Cr – – 2860
V – – 135
Sc 83 81 55
Ni 2 – 14
Co – – 25
Cu – – –
Fe (wt%) 14.1 14.6 13.1
Mn 2230 1930 2000
Zn 7 – 3.4
Mg (wt%) 4.23 4.22 5.09



3.2.1 The interior of the Moon

The crustal thickness at the Apollo 12 and 14 sites is 45 ± 5 km while the overall
lunar crustal thickness is estimated to be 52 km (8.7% of lunar volume) [8].
The high value of the lunar moment of inertia (Chapter 2) requires a slight
density increase toward the center, in addition to the presence of a low-density
crust [9].
The lunar mantle, that resembles a gigantic layered intrusion, contrasts strongly

with the terrestrial mantle (See Chapter 8). The structure of the lunar mantle has
been difficult to evaluate on account of the problems encountered in interpreting the
lunar seismograms in which the identification of arrival times is a matter of debate.
Down to about 1100 km, the average P-wave velocity is 7.7 km/sec and the average
S-wave velocity is 4.45 km/sec. Most models postulate a pyroxene-rich upper
mantle that is distinct from an olivine-rich lower mantle beneath about a depth of
500–600 km. The main foci for moonquakes lie deep within the lower mantle at
about 800–1 000 km. The outer 800 km has a very low seismic attenuation, indica-
tive of a volatile-free rigid lithosphere. Solid-state convection is thus extremely
unlikely in the upper mantle.

Table 3.4 Abundances of siderophile, volatile and chalcophile elements in lunar
mare basalts (lunar sample numbers in parentheses; data in ppb except for Ni and
Zn in ppm). Data from Chapter 2, Note 4

Low-Ti

Element
Apollo 15
olivine (15016)

Apollo 12
ilmenite (12051)

High-Ti
Apollo 17 (75055)

High-Al
Apollo 14 (14053)

Ir 0.018 0.09 0.035 0.017
Re 0.003 – 0.0031 0.007
Ni (ppm) – 6 2 14
Au 0.025 0.0075 0.007 0.11
Sb 3.8 – 0.99 0.64
Ge 4.4 – 2.5 –
Se 114 200 120 140
Te 2.4 – – –
Ag 0.84 0.81 0.76 0.60
Zn (ppm) 1.1 0.53 1.5 2.1
In 0.34 1.2 0.57 –
Cd 2.1 – 1.9 –
Bi 0.36 0.53 – 0.29
Tl 0.32 0.37 0.37 1.4
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Below about 800 km, both P- and S-waves become attenuated. P-waves are
transmitted through the center of the Moon, but S-waves are missing, possibly
suggesting the presence of a melt phase. It is unclear, however, whether the S-waves
were not transmitted or were so highly attenuated that they were not recorded [10].
The lunar seismic data, mass and moment of inertia have been inverted to

constrain the composition and mineralogy of the lunar mantle [11]. Both the lunar
bulk composition and the Mg# of 0.80 are distinct from that of the terrestrial mantle
(Mg#= 0.89). The seismic data are also consistent with whole-Moon melting that
produces Mg-rich olivine cumulates as the first products of the magma ocean. The
lower mantle has high Mg and lower Fe contents, compared to the lower Mg values
and higher Fe for the upper mantle, again consistent with the mineralogy and with a
break in composition between the upper and lower mantles. This evidence for a
mineralogically zoned mantle thus agrees with magma ocean models and the
petrological requirements for producing mare basalts from a mineralogically
zoned interior [12].
Does the Moon have a core? Seismic and magnetic data are consistent with the

presence of a small metallic core, but a sulfide core and even a metal-free core are
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Fig. 3.2 Rare earth element patterns in lunar mare basalts showing the depletion in
europium and LREE. Data from Chapter 2, Ref. 4.
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Fig 3.3 The abundances of the rare earth elements in the source regions of the
mare basalts, the highland crust and KREEP, relative to the bulk Moon
concentrations. These patterns result from the preferential entry of divalent
europium (similar in radius to strontium) into plagioclase feldspar. This mineral
floats to form the highland crust, and so depletes the interior in Eu. Mare basalts,
subsequently erupted from this region deep within the Moon, bear the signature of
this earlier depletion in Eu. The KREEP component is the final residue of the
crystallization of the magma ocean. It is strongly depleted in Eu due to prior
crystallization of plagioclase. It is enriched in the other rare earth elements and
incompatible trace elements (e.g. K, U, Th, Ba, Rb, Cs, Zr, P) that are excluded
from olivine, pyroxene and ilmenite during the crystallization of these major
mineral phases of the magma ocean.
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not ruled out and the geophysical data could just as well indicate a silicate core for
the Moon. Data from the Lunar Prospector magnetometer have refined the estimate
for the size of a metallic core to one with a radius of 340 km [13]. The revised
moment of inertia value also places narrow limits, 220–370 km diameter for an Fe
core and 350–590 km diameter for an FeS core [14]. An assessment of the lunar
laser ranging data, coupled with Doppler tracking of the Lunar Prospector craft
showed that the core was likely molten, about 350 km in diameter, with a density of
7.2 g/cm3 and so consistent with a partly or wholly molten iron core [15].

3.3 Origin of the mare basalts

Mare basalts appear to have originated by partial melting, at temperatures of about
1200 oC, deep in the lunar interior, probably at depths between 200 and 400 km.
Like its relatives elsewhere in the Solar System, the Moon has produced melts from
its mantle long after its formation.
No basalts that could be construed as melts from a primitive lunar interior have

ever been identified. In contrast, the lunar basalts were derived from the zones and
piles of cumulate minerals developed, at various depths, during crystallization of the
magma ocean. The isotopic systematics of the mare basalts indicate that the source
region had crystallized by 4400Myr. Partial melting occurred in these regions of
diverse mineralogy some hundreds of millions of years later producing tiny amounts
of various species of basalt. As melting in the interior to produce the mare basalts
involved only a trivial volume of theMoon, this magmatismwas probably due to the
slow build-up of heat in isolated pockets within distinct mineralogical zones in the
mantle due to the local presence of the heat-producing elements potassium, uranium
and thorium. Lunar thermal history models have appeared frequently but none have
gained general acceptance [16].
As the Moon is bone-dry and because the mantle had crystallized by 4400Myr,

convection in the solid interior seems unlikely to be very significant. Moreover,
the dramatic overturns of the cumulate pile of Ti-rich minerals, that are often
postulated, seem constrained by the very low abundance of titanium (0.3% TiO2)
in the bulk Moon. Hence the presence of a dense ilmenite phase that constituted a
tiny fraction of the bulk Moon seems likely to have had only a trivial influence on
a mostly solid mantle; therefore such overturning seems to require special condi-
tions [17].
As noted previously, two other observations support a rigid mantle. The moun-

tain arcs, such as the Apennines, have been supported for around 4000Myr. The
mascons, caused by mantle uplift under the basins, have likewise remained in place
for similar periods, as beneath the South Pole–Aitken Basin. These structures place
serious constraints on models that demand a less than rigid mantle.
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The heterogeneity of the mantle is reinforced by the great chemical and isotopic
variability of the mare basalts. This is unlike our experience on Earth where the
principal magma being erupted at mid-ocean ridges, MORB, is much more uniform
than the many species of mare basalts that have appeared from our obviously
incomplete sampling of our satellite. The heterogeneity of lunar basalts, in contrast,
argues strongly for a lack of convective mixing in the lunar mantle. Probably this
was in great contrast to the crystallization of the terrestrial mantle that followed the
melting induced by the giant lunar-forming impact.

3.3.1 An impact origin?

It seems necessary once again to refute the notion that the basaltic lavas that flood
the lunar maria originated as a direct consequence of the massive impacts that
formed the giant basins and their formation was “triggered by the impacts them-
selves” [18]. Such models typically envisage that the excavation of the crater
depressurizes mantle material so that it melts in place. An alternative is that the
mantle rebound under the crater (that contributes to the gravity high or mascon)
might warp “isotherms at the lithosphere–asthenophere boundary, which may
initiate convection in which adiabatic melting may occur” [19]. But it seems
unlikely that the dry Moon possesses an asthenosphere in the terrestrial sense.
We have also noted that the mantle uplifts under the basins, like the mountain

ranges that surround them, have remained supported by a cold mantle for most of
geological time. It has also been pointed out for a long time from the stratigraphic
evidence that the mare basalt, which fills the impact basins, is unrelated to the
formation of the basin, and merely floods into the low-lying depressions much later
[20]. This is clear both from the stratigraphy of the lunar surface, the ages of the
basins and the ages of the lavas. Most of the basalts were erupted up to hundreds of
millions of years after the impacts that excavated the basins.
During the impact, substantial volumes of the highland crust may be melted, but

this impact melt would be anorthositic and should not be confused with the mantle-
derived basaltic mare lavas, that differ in composition, age and source. The Imbrium
Basin forms a particularly clear example. Several large craters, including Plato,
Iridum and Archimedes, all visible through field glasses, were formed after the
basin-forming collision but before the mare flooding. There are many large basins
on the Moon, of which the huge South Pole–Aitken Basin is the prime example, in
which there is little or no mare basalt fill.
However, in addition to these geological realities, geophysical calculations also

demonstrate that the energies involved in producing the spectacular basins, although
prodigious on human scales, are much too small to producemelting in themantles of
either the Moon or the Earth [21].
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Nevertheless, the idea that the impacts were responsible for the eruption of the
basalts that flood some of the basins seems to have achieved the status of a myth,
analogous with the notion of an early world-encircling crust of granite on the Earth.

3.4 The magma ocean

The geochemical evidence is decisive that at least half and probably the whole
Moon was molten at or shortly following its accretion. This stupendous mass of
molten rock is referred to as the ‘‘magma ocean’’ and a very energetic mode of
origin of the Moon, such as delivered by the giant impact hypothesis, is required to
account for it.
The concept of the magma ocean has proven robust. Several decisive pieces of

evidence require that the Moon was mostly melted at or shortly following accretion.
The first is the presence of the 50–60 km thick anorthositic crust. This volume of
feldspar with 36% Al2O3 requires the concentration in the crust of around 50% of
the Al (and Eu) in the Moon.
The second is the high concentration of many incompatible elements at the lunar

surface. The near-surface concentrations of aluminium, europium and of the many
incompatible elements in KREEP constitute a significant proportion of the entire
lunar budget for these elements. Their abundances are not related to element
volatility but are due to crystal–liquid fractionation and so indicative of an internal
origin. This near-surface concentration occurred shortly after the formation of the
Moon so requiring a catastrophic event rather than the slow uniformitarian pro-
cesses that resulted in the similar concentrations of incompatible elements in the
continental crust of the Earth [22]. (Fig. 3.3)
The third point is that the mare basalts that are derived from the deep lunar interior

are all depleted in europium. As discussed later, early crystallization of the plagio-
clase that floated to form the highland crust, depleted the mantle, the later source of
the mare basalts, in europium [23]. Finally all these events happened within a short
timeframe so that the Moon formed a thick crust closely following its formation.
The Earth in contrast has taken four Gyr to build a much smaller crust relative to
planetary volume.
The crystallization of such a large body is difficult to constrain from our limited

terrestrial experience. A reasonable scenario is that olivine and orthopyroxene were
the first minerals to crystallize. These dense phases sank to form a zone of deep
cumulate minerals. The aluminium and calcium content of the magma increased as a
result of the removal of the phases dominated by iron and magnesium so that
plagioclase crystallized. This phase was less dense than the bone-dry melt and
floated, forming ‘‘rockbergs’’ that eventually coalesced to form the lunar highland
crust, apparently around 4460Myr [24]. (Fig. 3.4)
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The first-order variation in thickness from nearside to farside is probably a relic of
primordial convection currents in the magma ocean. Excavation by large basin impacts
has subsequently imposed additional substantial variations in crustal thickness. The
magma ocean was enriched in calcium and aluminium over typical terrestrial values, a
conclusion from the Apollo samples that was reinforced by the Galileo, Clementine and
Lunar Prospector data. The implication is that theMoonwas enriched in these and other
refractory elements compared to our estimates of the terrestrial mantle (Chapters 2, 8).
As crystallization of the magma ocean proceeded, those elements unable to enter

the major mineral phases olivine, ortho- or clinopyroxene, plagioclase, and ilmenite
were concentrated in a near-surface residual melt zone (KREEP), that eventually
constituted about 2% of the volume of the magma ocean. Most of the incompatible
trace elements such as K, REE (less Eu), P, Th, U, Ba, Zr, Hf, and Nb, were
concentrated in the residual melt. Many of these elements are concentrated in
near-surface rocks by factors of a thousand relative to bulk-Moon or primitive
nebular values. This again constitutes evidence for large-scale lunar melting as
these elements have to be sequestered from a large volume of the Moon on a short
timescale [12]. The uniformity of elemental ratios in KREEP and the concordant
model ages around 4360Myr also argue for a single-stage process and so for a
magma ocean rather than a disconnected series of igneous events.
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half the Moon was melted and differentiated and the deep interior has primitive
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and Th. On the right, the Moon was totally melted and differentiated, forming a
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Possibly a small iron core that incorporated the siderophile elements formed in
the center of the Moon. The crystallization of the magma ocean was probably
asymmetric, as shown by the variations in crustal thickness and the apparent
concentration of the residual KREEP melt under the lunar nearside.
Crystallization of the main mineral phases (olivine, pyroxenes, ilmenite) in the
lunar mantle was complete, in most interpretations of the isotopic data, by about
4400Myr and the final KREEP residuum was solid by about 4360Myr [25].
The crystallization sequence portrayed here was far from peaceful. During all this

time, the outer portions of the Moon were subjected to a continuing bombardment,
which broke up and mixed the various components of the highland crust. Thus
although the lunar crust is often thought to be formed simply from the accumulation
of feldspar crystals floating on the magma ocean, the crust is much more complex as
discussed in Chapter 2. During its formation, a massive bombardment continued,
producing impact melts, mixing and pulverizing the crust and mixing in the KREEP
component.
The solidification of the magma ocean was followed by the formation of the

enigmatic Mg-suite. As discussed in Chapter 2, the origin of this suite is unclear as
its unrelated members combine extremely primitive Mg/(Mg + Fe) ratios with high
concentrations of incompatible trace elements (KREEP) typical of highly evolved
magmas. An origin by mixing (from impacts?) is indicated by the REE patterns, that
parallel those of the other highland rocks. This observation raises serious problems
for the popular notion of serial magmatism.
Probably some local overturning of the deeper cumulate pile may have occurred,

but such events did not homogenize the interior. As we have seen, this region
eventually produced a wide variety of mare basalt compositions.

3.4.1 The depletion in europium

The lunar basalts have one characteristic in common in that they all display a
depletion in Eu that tells of the previous extraction of that element into the feldspar
now residing in the highland crust. Many models had been proposed to explain the
depletion of Eu in mare basalts and it is worth noting some of these here. These have
included many exotic explanations that form a tribute to the human imagination
[26]. The wide variety of suggestions include:

i. The whole Moon was depleted in europium.
ii. Europium was volatilized from lava lakes.
iii. Near-surface fractionation removed plagioclase (with Eu) from the lavas.
iv. Europium was selectively retained in the lunar interior during partial melting.
v. Europium was selectively retained in accessory minerals in the lunar interior.
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vi. The magma ocean hypothesis is incorrect [27].
vii. Crystal-chemical oxidation–reduction effects are the cause [28].
viii. The lunar crust is not enriched in Eu [29].
ix. Discrepancies in anorthosite ages invalidate the magma ocean [30].
x. The only model that has survived is that the lunar mantle was depleted in divalent Eu

by the early crystallization of feldspar that floated, in the dry magma, and formed the
lunar crust. This depleted the lunar interior from which the mare basalts were subse-
quently erupted [12, 26].

The depletion in the source regions of the mare basalts, coupled with the presence
of the thick feldspathic crust with its complementary enrichment in europium is
the best evidence for a magma ocean that encompassed at least half and probably the
whole Moon shortly following the accretion of the satellite. The recognition of the
complementary patterns of chondrite-normalized REE contents of mare basalts and
crustal materials was the key to understanding the basic relationship between the
Moon’s crust and mantle.
The lunar orange and green glasses that come from the deepest mantle sources

(probably around 400 km) are among the most primitive lunar samples available.
They are often claimed to be samples of a primitive lunar interior on the basis of
their low Pb/U ratios. Nevertheless, they are all depleted in europium, and this
diagnostic signature indicates derivation from a previously melted source. So in
summary, the magma ocean hypothesis and the concept of the derivation of mare
basalts from cumulate zones that crystallized from the ocean, remain robust.
The study of the lunar surface has also given us particularly clear evidence of the

nature and formation of both primary and secondary planetary crusts. The Moon
presents a special case of a primary crust composed essentially of anorthosite, which
floated on an anhydrous magma ocean as a consequence of whole-Moon melting
during accretion. There is no evidence of a similar feldspathic crust forming on the
Earth. Nor did the Moon form a granitic crust, despite pre-Apollo expectations
based on erroneous interpretations of the composition of tektites.

3.4.2 Depth of melting

There is some disagreement over how much of the Moon was melted. Most models
invoke either melting half the Moon, to a depth of 500 km, or melting the entire
Moon. The lack of surface features that might have resulted from the freezing of the
magma ocean has sometimes been used to limit the depth of melting to a few
hundred kilometers. But the crystallization of the magma ocean took place very
quickly after accretion [31]. Surficial structures would not have survived the many
cratering episodes, culminating in the late heavy bombardment 500Myr later (The
lobate scarps on Mercury formed at the same time as the heavy cratering episodes).
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Basic constraints are the near-surface concentrations of Al in the thick lunar crust
and of many incompatible elements in KREEP. Their abundances require derivation
of Al, Eu and KREEP from at least half the Moon.
Isotopic balance calculations indicate that at least 85% of the Moon was melted

while the giant impact model for lunar origin envisages complete melting. It is
difficult enough to produce the highland crust and reasonable geochemical esti-
mates for the bulk Moon if it is only half melted. Lesser degrees of melting
exacerbate the problem. Our assessment is that in order to explain both the lunar
enrichment in refractory elements and the curious depletion of the volatile elements,
the entire Moon was fully melted during accretion.

3.5 Large-impact model for lunar origin

How did the Moon form? This has been one of the enduring questions, engaging
some of the best intellectual resources of Homo sapiens. It is relevant here because
the problem bears directly on lunar crustal development. However, none of the
models proposed prior to the Apollo landings survived the confrontation with
the data from the returned samples. This has provided an interesting demonstra-
tion of the power of a small amount of data over some centuries of theoretical
reasoning [32].
One of the crucial features of the Earth–Moon system is that its angular momen-

tum is anomalously high when compared to that of the other planets. This is a rock
on which many hypotheses for the origin of the Moon have foundered. It was first
pointed out by Al Cameron that this high angular momentum can only arise through
the impact with the Earth of a Mars-sized body [33] and this model has survived
[34]. Other notions that still occasionally surface form the Moon as a normal
outcome of the accretion of the planet. Such models fail the crucial test that they
should also produce a comparable satellite for our “twin planet”, Venus.
In the single-impact model, both the Earth and the impactor (named Theia) are

assumed to be differentiated, having already formed a metallic core and silicate
mantle. As the event is perceived to be the last major impact on the Earth during its
hierarchical accretion from a multitude of planetesimals, this is not an unreasonable
assumption. Following the collision, the core of Theia fell into the Earth, leaving
material from its rocky mantle spun out in a disk, so accounting for the small metal
content and low density of the Moon. The collision was sufficiently energetic to
form a molten Moon that is required by the geochemical evidence. Only a small
fraction of material from the Earth’s mantle is incorporated in theMoon. Instead, the
simulations show that the Moon was mostly (85%) derived from material from the
mantle of the impactor, Theia [34]. The high lunar FeO abundance (13%) relative to
the terrestrial mantle (8%) is attributed to inheritance from the mantle of Theia.
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The unusual enrichment of refractory elements and interesting depletion in
volatile elements in the Moon was noted in Chapter 2. Despite this enrichment,
the bulk composition of the Moon displays no fractionation among the REE or the
other refractory lithophile elements (RLE), unlike that observed in the refractory
inclusions (CAI) in meteorites. Evaporation of volatile elements can only enrich the
refractory element levels by a few percent, not by a factor of three over the CI
abundances, whereas condensation is open-ended. The uniform enrichment of the
Moon in RLE is consistent with a one-step condensation from a vapor cloud below
2500K (Fig. 3.5). So is this curious and probably unique chemistry a consequence
of condensation rather than evaporation during the giant impact?
The impactor, Theia, is assumed to have had an initial depletion of volatile

elements, imposed at Tzero, similar to that of the Earth. Additional loss appears to
have occurred following the impact, as the Moon is much more depleted than the
Earth (or Theia?). But curiously the depletion of the volatile elements in the Moon
relative to the Earth (Theia?) appears to be uniform (Fig. 2.1). Volatilization during
the impact should have resulted in a steeper decline directly related to volatility.
Instead the volatile-element abundances appear to parallel those in the Earth. Recall
that the initial depletion of inner Solar-System bodies (including the Earth and
Theia?) in these elements relative to CI was due to a nebular-wide process that
occurred at Tzero and was a direct function of the volatility of the elements.
Condensation from a high-temperature vapor between 2500 K and 1000 Kwould

enrich the Moon in refractories but if accretion of the proto-lunar material cut off
around 1000 K, material below that temperature would be mostly dispersed as a gas
phase.What little was accreted to theMoon would then parallel its initial abundance
in Theia (= Earth?). Such a loss of volatile elements both at Tzero and during the
impact can explain their extreme depletion in the Moon and their apparently uni-
form concentration parallel to that in the Earth [35]. Clearly a fertile field for
research.
The similarity in the oxygen isotopes between the Earth andMoon has often been

used to argue for derivation of the Moon from the Earth. However, there are other
possible explanations that might homogenize the oxygen isotopes, consistent again
with high-temperature processes [36].
Just as the conditions of formation of the Moon were unique, so the composition

of the Moon seems to be unique. Like that of Mercury, the composition of the Moon
more likely reflects the extraordinary conditions of its formation. If this indeed is
subsequently shown to be so, attention must then focus on the conditions surround-
ing the giant impact. But during the giant impact, the Earth was also melted with
consequences for the geochemical evolution of the terrestrial mantle that have not
yet been fully evaluated [37]. Somuch work remains to be done on the chemical and
isotopic consequences of the giant impact.
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The age of this event and of the crystallization of the magma ocean remain
debatable. There is a significant gap between reported Hf–W ages of 30Myr after
Tzero [38] and those Sm–Nd ages of 4460Myr for the crystallization of the felds-
pathic highland crust, 4400Myr age for the crystallization of the mare basalt source
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Fig. 3.5 (a) Temperature distribution from 1.5 to 6 Earth radii, 40 hours after the
impact, of particles originally in the impactor. Note that the temperatures exceed
2500K at 5 Earth radii [34]. (b) Schematic diagram of the Earth–Moon at the same
scale as (a), showing that the Moon formed in a high-temperature environment in
this scenario [35].
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regions and 4360Myr age for the crystallization of KREEP. These latter dates are
conventionally taken to represent the crystallization of the crust, the solidification of
the bulk of the magma ocean and of the last dregs [25, 39]. As the interpretation of
the Hf–W isotopic data remains equivocal [38], we accept the Sm–Nd ages here.

Synopsis

The lunar maria form a type example of a secondary crust. The maria, although
prominent visually, form only a thin veneer on the thick highland crust and
constitute less than about 1% of crustal volume. The lavas are of low viscosity
and form remarkably flat plains rather than central volcanic constructs. They fill
various impact basins and craters to differing levels. Over 25 distinct varieties have
been sampled, pointing to derivation from heterogeneous mantle sources, in con-
trast to the uniform composition of terrestrial MORB.
The lavas are ancient, mostly erupted between 3 and 4Gyr. In comparison with

terrestrial MORB, they have higher FeO (20%), lower Al2O3 and cover a much
wider range in TiO2 from 0.4 to 16% consistent with derivation from a heteroge-
neous mantle. They are strongly depleted in siderophile and volatile elements. Their
REE patterns, with trivial exceptions, all display a depletion in europium. The
limited geophysical data indicate a layered mantle. The Moon probably has a
small metallic core.
Mare basalts originated by partial melting at depths of 200–400 km but their

production involved only a tiny volume of the mantle of the Moon. No satisfactory
thermal models have appeared and heat sources must have been highly localized
(K, U and Th ?) to account for the spread in age, composition and the small volume
of the basalts. Their origin is disconnected in time (by hundreds of Myr) from the
excavation of the impact basins that they fill. The lunar interior has been cold and
rigid for 4Gyr and has supported both mascons underneath and the mountain arcs
above the giant basins.
Melting of the Moon, forming a magma ocean, occurred during its formation.

Crystallization of this vast mass resembled that of an enormous layered intrusion. A
plagioclase-rich crust floated and a mineralogically zoned interior crystallized. The
incompatible elements that could not enter olivine, pyroxene or ilmenite concen-
trated in the residual melt (KREEP) that ponded under the nearside and pervaded the
feldspathic crust, mixed in by the bombardment. The europium depletion in the
mare basalts was due to the prior removal of the element into the plagioclase now in
the highland crust.
The origin of the Moon itself was due to a giant impact with a Mars-sized body

(Theia) whose metallic core accreted to the Earth. Theia supplied most (85%) of the
lunar material, despite a persistent myth of derivation from the terrestrial mantle.
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The enrichment in refractory elements and depletion in volatile elements relative
both to the Earth and CI, is attributed to condensation of the Moon between 2500K
and 1000 K from a volatile depleted impactor. Although this particular outcome was
unique, major collisions were common during the hierarchical accretion of the
terrestrial planets and might have led to other outcomes. However, the Moon
remains unique in the Solar System and perhaps elsewhere.
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4

Mercury

The laws of motion of Mercury are extremely complicated; they do not
take place exactly in the plane of the ecliptic

(Pierre-Simon Laplace) [1]

4.1 The planet

Mercury is a unique planet even by the standards of the Solar System. Like Mars, it
is a survivor of many similar bodies, possibly a dozen or more, that were formerly
present in the inner Solar System before the hierarchical assembly of the Earth and
Venus. Thus the investigation of this planet may yield important insights into the
early stages of the accretion of planets between the assembly of kilometer-size
objects and of the Earth-sized bodies (Chapter 1).
Because so little is known about this smallest planet, one might question the

wisdom of including here a separate chapter on Mercury. Although it was tempting
to include this discussion in a section under minor bodies (Chapter 13), we decided
on separate treatment. This conclusion was driven by the similarities between the
mercurian crust and that of the lunar highlands, so that this chapter follows on
naturally from those dealing with the Moon. It also provides some interesting
problems about primary or secondary crusts. Further, the Messenger mission is
already en route to this innermost planet, so that it is useful at this stage to
summarize more thoroughly our current understanding [2].
The geology of Mercury, a one-plate planet like Mars and Venus, shows some

similarities with that of the Moon. Accordingly, the current interpretation of the
geology and stratigraphy of Mercury depends strongly on the well-known lunar
analogs. This has important implications for extrapolating from the well-dated
sequence of events on the Moon to other bodies; the surface of Mercury is therefore
highly significant in the interpretation of the early history of the Solar System.
However, there are many differences as well, contrary to frequently expressed
opinions that Mercury is “just like the Moon”.
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However, we understand Mercury less well than any other planet in the Solar
System, including the ice giants, Uranus and Neptune. The orbit and rotation
of Mercury are exotic. Mercury slowly rotates with a period of 59 days while
orbiting the Sun every 88 days so that the planet rotates three times during
each two orbits of the Sun [2]. The current inclination of the orbit is, at 7°,
the highest among the planets while the eccentricity is 0.2056, a value only a
little lower than that of Pluto; the value has exceeded 0.325 during the past
4Gyr [3].
The surface temperature on the sunlit side of this airless planet reaches 725K,

close to that of Venus (743K). The night-time temperature falls to 90K. The
temperature in some deep craters at the poles may be as low as 60K so that if
water ice were trapped in such locations, it might be stable. Indeed Earth-based radar
reflections may indicate the presence of some trapped ice [4].

4.1.1 The composition and internal structure of Mercury

There are few constraints on the bulk composition of Mercury, except that the
high density (5.43 g/cm3; uncompressed density = 5.0 g/cm3) indicates the pre-
sence of a substantial metallic core that must account for 75–80% of the mass of
the planet. This compares with a value of 32.5% for mass of the core of the Earth
and perhaps 2 or 3 percent for a lunar core. The mercurian core is large so that
the mantle constitutes a much thinner silicate shell than on the other terrestrial
planets [5].
The combination of a silicate surface whose spectral reflectance is similar to the

highland crust of the Moon, a high bulk density and a magnetic field all indicate that
the planet is differentiated and contains either a large Fe or Fe–FeS core [6]. The
planet possesses a dipolar magnetic field that is apparently driven by an internal
dynamo. The field intensity is about 300 nT, about 100 times weaker than that of the
Earth’s field, with an axial tilt of 10o [7].
The presence of this field, if due to a dipole, requires the core of Mercury to be

partially molten. As a core of pure iron is likely to have frozen long ago, cores
containing FeS are the most likely alternative. Sulfur is a volatile element and so not
expected to be present in some models for the origin of Mercury close to the Sun.
However, the demonstration that the core is indeed partially molten [8] makes FeS
the most viable candidate, providing yet another problem for the older condensation
hypotheses.
Although several model compositions for Mercury have been advanced,

none are better than guesses and have error limits so large that they provide no
effective geochemical constraints nor provide any predictions that might be
seriously tested [9].
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4.2 Origin of Mercury

The origin of Mercury has strongly influenced the development of the crust, so that
it is relevant to consider the problem at this stage. Various models have been
proposed to account for the high density of Mercury. Early explanations involved
a physical fractionation of iron from silicate based onmagnetic properties or density.
These essentially rely on Mercury accumulating from small particles in contrast to
the planetesimal hypothesis in which hierarchical accretion of such bodies occurs
from an assortment of planetesimals of varying sizes. The success of the planetesi-
mal model has led to the abandonment of these earlier ideas.
The concept of a condensation sequence extending outwards from this dense

iron-rich planet through the less dense terrestrial planets out to the gas giants has
been a seductive trap for modelers. But the discovery of a partially liquid core,
implying the presence of volatile sulfur as FeS makes such hypotheses less
viable. One popular model has relied on a chemical separation in the nebula of
iron from silicates due to volatility differences [10]. This model builds Mercury
from small particles but relies on the small differences in volatility between iron
and magnesium–iron silicates that were involved. It suffers from the major
defect that the condensation temperature of iron (1360K) is very close to that
of other refractory elements, notably magnesium (1340K) and silicon (1300K)
that form the other major mantle components of the terrestrial planets. Other
models have invoked vaporization of the silicate shell, but have been largely
abandoned [11].
The current explanation for the high iron/silicate ratio of Mercury lies within

the framework of the planetesimal hypothesis. Bodies the size of Mercury formed
within the first few million years after Tzero and slowly accreted into the Earth
and Venus. Many collisions occurred. One such is postulated to be with a body
of 0.20 Mercury masses, with an impact velocity of 20 km/sec that disrupted a
proto-Mercury of about twice the present mass of the planet. This giant collision
removed much of an earlier more massive silicate mantle, reducing it to centimeter-
size fragments [12]. The tougher iron core survived in this scenario and re-accreted a
thin coating of the dispersed silicate, the remainder either falling into the Sun or
possibly being accreted onto proto-Venus or proto-Earth. Although this model also
reassembles the mantle (but not the core) of Mercury from small particles, this is a
different scenario from accreting the entire planet from dust ab initio, with funda-
mentally different consequences for the composition of the planet.
Thus the high density of Mercury is an accidental consequence of its origin, not

part of a grand design of the Solar System, that at a first glance extends from the
dense inner planets outwards to the low-density giant planets. Although collisions
were ubiquitous during the accretion of the inner planets, this large-impact
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hypothesis that disrupted proto-Mercury might affect obliquities and rotation
rates, or form a moon if the collisional parameters are right. The impact energy
of the Moon-forming event on the Earth was only about 20% of that needed to
disrupt the planet but smaller analogues of Mercury and the Moon probably
suffered break-ups.
Among many questions waiting to be answered are whether there was a

preferential recondensation of refractory elements following the collision, or
whether the reassembly of the planet was isochemical? Our judgement is that a
more refractory mantle resulted, perhaps condensing from a vapor phase, as
seems to have occurred with the Moon [13]. The K/Th and/or K/U ratio, hope-
fully to be established by the Messenger mission, will inform us of the relative
amounts of volatile and refractory elements present in the planet and so test this
idea [14].
Presumably some of the volatile elements survived the traumatic collision as

shown by the presence of the alkali ions sodium and potassium in the tenuous
mercurian atmosphere, but we require new data before we can even begin to have an
adequate understanding of the composition of the planet.
Once the planet was finally assembled, differentiation must have occurred

rapidly. Several principal observations support this conclusion: (a) the high
density of Mercury, (b) the presence of silicate material and a lunar-like composi-
tion and topography at the surface and (c) the absence of younger geological
activity. These observations lead to the conclusion that the planet has a high iron
content, which must be segregated into a core about 0.75–0.80 of mercurian
radius, overlain by a thin silicate mantle and crust. The heavy cratering of the
crust must have been early, by analogy with the Moon, and the crust must have
been thick enough and cold enough to preserve the record of this bombardment
from before 4.0Gyr.

4.3 Surface structure

There are several major landscape forms onMercury. These are the heavily cratered
terrain, the intercrater plains, the Caloris basin and the smooth plains as well as a
unique set of lobate fault scarps. These are curving fault scarps formed by compres-
sional forces [15]. While the origin of the cratered terrain is not in doubt, con-
troversy swirls around the origin of the plains, recalling similar disputes over the
formation of the Cayley Plains in the lunar highlands. The plains units on Mercury
are of two types. There are both older intercrater plains of Pre-Tolstojan age and
younger “smooth” plains of Calorian age. Apart from the production of younger
impact craters, there is no sign of more recent geological activity. Table 4.1 gives the
stratigraphic sequence for Mercury.
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4.3.1 The heavily cratered terrain

The oldest portions of the surface of Mercury are heavily cratered and bear some
resemblance to the lunar highlands in the numbers of craters and impact basins, over
50 of the latter being recognized [16].
However, although the planet, like the Moon, has also undergone an early heavy

bombardment, there are few craters with diameters less than 50 km, the smaller ones
having been covered during the formation of the intercrater plains [17]. An age
around 4000Myr is usually assigned to the mercurian surface on the basis of the
lunar highlands analogue and the absence of similar terrains on the Earth. Although
the similarity of the cratering record in the inner Solar System suggests a common
population of impactors, attempts to establish a chronology based on cratering that
would extend throughout the Solar System have not been successful.

4.3.2 The intercrater plains

The intercrater plains are of Pre-Tolstojan age. They occupy about 45% of the
mercurian surface that was visible toMariner 10 and so form a major geological unit
(Fig. 4.1) [18].
About 15 old degraded impact basins, such as Eitoku-Milton, appear dimly. They

predate the intercrater plains, suggesting that the deposition of the plains obliterated
an older heavily cratered surface. The plains contain a large number of craters in the
range of 5–16 km diameter. These appear to be mostly secondary craters resulting
from the massive bombardment that formed the heavily cratered terrain. If the

Table 4.1 Geological sequence and ages for Mercury*

System Major units Approx. age

Kuiperian Crater materials 1.0 Gyr
Mansurian Crater materials 3.0–3.5Gyr
Calorian Caloris group – mountain material, inter-montane plains,

hummocky plains, lineated plains, secondary craters
Calorian plains – smooth plains
Crater materials
Small-basin material

3.9 Gyr

Tolstojan Goya formation – Tolstoj Basin deposits
Plains material – smooth, lineated
Crater materials

3.9–4.0Gyr

Pre-Tolstojan Intercrater plains
Multiring basins
Crater materials

> 4.0 Gyr

*Adapted from Neukum, G. et al. (2001) Geologic evolution and cratering history of
Mercury. Planet. Space Sci. 49, Table 3.
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intercrater plains are volcanic in origin, Mercury must have been producing lavas of
low viscosity, representative of a secondary crust. If so, they do not appear to have
been iron-rich, as their albedo is twice as high as that of the lunar maria, while the
infrared and microwave reflectance spectral data (discussed later) suggest very low
surficial abundances of TiO2 and FeO.

4.3.3 The Caloris Basin: a mercurian cataclysm?

In addition to the old degraded basins and craters that are partly covered by the
intercrater plains, a number of fresher and apparently younger impact basins are
recognized. The type example is the Caloris Basin, 1550 km in diameter, one of the
latest and largest basins on Mercury (Fig. 4.2). This great feature recalls Mare
Orientale on the Moon, but is somewhat larger (Orientale is 900 km in diameter)
[19]. Antipodal to the Caloris Basin is a hilly terrain. This appears to have formed
from seismic waves focused from the Caloris impact [20].
Crater-counting techniques give an estimate of 3.77–3.85Gyr for the Caloris

Basin [21] (Table 4.1). These ages, if valid, provide evidence that the massive
cratering episodes recorded on the mercurian surface persisted for several hundred
million years following accretion of the planet. However definitive answers to these
questions require radiometric dating of returned samples, a woefully distant pro-
spect. Other evidence suggests that the mercurian cratering record is consistent with

Smooth plains

Intercr ater plains

Tolstoj

Zeami
Tyagaraja

Caloris

–40 –80

–40

2060

0

40

0

40

80

180 140

Fig. 4.1 The distribution of the intercrater and smooth plains units on Mercury
(adapted fromBasaltic Volcanism on the Terrestrial Planets, Pergamon Press, 1981,
p. 766, Fig 5.5.3).
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the concept of a cataclysm. This conclusion is reached by comparing the distribution
of crater sizes on Mercury and the Moon that is related to the relative sizes of the
impactors [22]. The post-Caloris craters on Mercury match the distribution of sizes
on the lunar maria. The sizes of the older basins and craters on Mercury match those
on the lunar highlands. If correct, this would indicate that most of the observed
cratering record is due to the cataclysm, and that older ages (> 4.0Gyr) inferred on
the surface of Mercury are incorrect [23].

4.3.4 The smooth plains

The smooth plains (Fig. 4.1) are younger than the heavily cratered terrain and
mostly occur around the Caloris Basin. They appear to be about the same age as
Caloris or perhaps a little younger. Craters are sparse and they closely resemble the
Cayley Plains on the Moon. There is no difference in the albedo of the intercrater
plains and the smooth plains, the albedo values being 0.15 ± 0.02 for both. In
general, there seems to be little variation in albedo across the surface of Mercury.

Caloris Basin

Smooth plains

Fig. 4.2 The Caloris Basin (1550 km diameter) showing smooth plains units.
NASA PIA 03102.
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This lack of strong contrast between the albedos of the heavily cratered terrain and
both the plains units is in strong contrast to the differences obvious on the Moon
between the rugged light feldspathic highlands and the smooth dark plains of basalt
that form the maria. Very large wrinkle ridges occur on the floor of the Caloris Basin
that could argue for the presence of lava [24]. However the planet is exposed to an
intense solar particle flux, so that caution is warranted in making comparisons with
the lunar surface.

4.4 The origin of the plains: a Cayley Plains analog?

The debate over the origin of both sets of the mercurian plains parallels that
surrounding the origin of the lunar Cayley Plains and bears on the question of
whether there are primary and secondary crusts on Mercury. Some authors regard
the smooth plains units as analogues of the lunar maria, formed by fluid volcanic
lava flows [25]. Others note that both types of the mercurian plains resemble the
Cayley Plains that are common in the lunar highlands [26]. These lunar plains were
identified, following the Apollo 16 mission, as debris sheets, impact melt sheets or
fluidized ejecta flows from major basin-forming collisions, although they were
often previously interpreted as ash flows or ignimbrites derived from the eruption
of siliceous volcanics [27].
The large area of the plains units comprises the best evidence for a volcanic

origin, as well as the apparent lack of source basins for an origin of basin ejecta.
Thus the intercrater plains are extensive and there appears to be an apparent paucity
of multiring basins, which could have supplied ejecta. Such ejecta on Mercury have
a more restricted ballistic range than on the Moon, due to the higher gravity of
Mercury.
Few visible morphological indicators of volcanism can be recognized on

Mercury. Perhaps the most persuasive evidence for volcanism on Mercury is the
presence of some darker albedo areas within craters (e.g. Tyagaraja) [28]. In
addition, recalibration of the Mariner 10 photos indicates that distinctive geological
units are present on Mercury [29]. These are interpreted to be consistent with
volcanic deposits, thus suggesting that Mercury has had a complex geological
history. There is also a doubtful spectral interpretation of basalt [30].
Although wrinkle ridges are present on the smooth plains, they show differences

from those on the lunar maria and “in any case, ridges are not necessarily
diagnostic of volcanic origin – they may merely indicate deformation of any
coherent material” [31].
Likewise, in marked contrast to the lunar maria, there is apparently little differ-

ence in age between that of the Caloris Basin and the smooth plains that surround it.
There are no post-collision/pre-plains craters in Caloris that are analogous to
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Archimedes, Iridum or Plato on the Moon that formed on the Imbrium Basin before
it was flooded with mare basalt.
The lunar terrain which most closely resembles that of the mercurian intercrater

plains is the so-called Pre-Imbrian “pitted terrain”, southwest of the Nectaris Basin
(35–65° S; 10–30° E). Their distinction from Cayley Plains is mainly in a higher
density of craters. These lunar plains have been suggested to represent an early
phase of volcanism as it is difficult to assign them to particular multiringed basins, if
they are basin ejecta [32]. However, there seems to be no compelling evidence to
interpret this lunar pitted terrain as other than the result of impact-produced debris
from basin formation [31]. The lack of identifiable sources may be simply due to the
destruction of old basins by new ones, a view consistent with an extended period of
basin formation. This is the same problem that is encountered on Mercury. The
absence of contrast in albedo between all these units is certainly not consistent at
first sight with a basaltic composition for the mercurian plains.
Finally, there is the problem that all analogies with the Moon require caution, as

that body has a distinctly lower bulk density and hence a different composition, as
well as a different interior structure. Thus the mantle of Mercury may be very
different than that of the Moon. Lavas erupted from it may not resemble lunar
basalts in albedo. There is accordingly a complex situation with respect to inter-
pretations of the mercurian photographs. The Moon provides the only viable
analogy, but due to planetary density differences and probable mantle compositional
differences, mercurian volcanism, if present, may be sufficiently different to make
photogeological interpretations and comparisons difficult [33].
Further caution is needed in interpreting the mercurian surface. Space weathering

processes that affect planetary surfaces (discussed in more detail in Chapter 13) are
likely to be severe on Mercury. Solar radiation and the flux of solar wind particles
and solar energetic particles are an order of magnitude more intense on Mercury
than on the Moon, although subject to some shielding by the magnetic field of the
planet. Their effects may render conclusions based on our current understanding of
reflectance spectroscopy invalid for Mercury. So although we judge that the evi-
dence for extensive basaltic style volcanism on Mercury is slender and the inter-
crater plains seem more likely to be debris sheets from basin impacts, this whole
debate may be yet another example of arguments at the limits of resolution,
analogous to the martian canal problem.

4.4.1 Lobate scarps

Fault scarps characterized by lobate outlines (Fig. 4.3) are unique to Mercury. There
are hundreds of them and they vary in length from 20 to 500 km and in height from a
few hundred meters to about three kilometers. They appear to have a rather uniform
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distribution over the photographed portion of the planet. They are reverse thrust
faults, formed due to compressive stresses, are demonstrably of tectonic origin and
none require a volcanic explanation (e.g. as flow fronts) [34]. They occur mainly on
the intercrater plains and on the older parts of the heavily cratered terrain. The scarps
cut across the older craters, but younger craters are superimposed on the scarps and
so they appear to be Pre-Tolstojan in age [35].
Thus the lobate scarps appear to have formed relatively early in mercurian

history. From the analogy of the heavily cratered terrain with that of the lunar
highland surface, the scarps must have formed at or before 4.0Gyr. The decrease
in the surface area associated with these scarps ranges from about 6 × 104 to
13 × 104 km2 that corresponds to a decrease in mercurian radius by about 1 or
2 km [36]. The contraction was probably caused by the cooling and solidification
of the mantle and crust. A suggested origin by tidal despinning has not been
supported by other workers [37].

4.5 The crust of Mercury

Crustal thickness estimates are uncertain and are too dependent on estimates of
composition, radioactive-element content and water content (likely in our opinion to
be zero) to be useful [38].

Fault Scarp

Fig. 4.3 The northern limb of Mercury, with a prominent east-facing lobate scarp
extending for hundreds of km. The linear dimension along the base of the photo is
580 km. NASA P75-61-JPL-654-5-75.
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The composition of the enigmatic crust of Mercury is particularly intriguing. One
must recall as a cautionary tale the pre-Apollo attempts to decipher the nature of the
lunar crust. Information from the Ranger and Orbiter photographs of the Moon’s
surface did not lead to much understanding, leading to the comment that “a surface
cannot be characterized by its portrait … the heightened resolution of the pictures
did not resolve the arguments. The Moon remained inscrutable at all scales” [39].
The main evidence for the crustal composition of the planet comes from reflec-

tance spectroscopy that extends from near infrared wavelengths around one micro-
meter (µm) up to microwave wavelengths of 20 cm [40]. The infrared spectrum for
the mercurian surface is closely similar to that of the Apollo 16 highland soil
laboratory spectrum (Fig. 4.4).
This similarity indicates that Mercury has a regolith and also that the surface is

feldspathic, resembling that of the lunar highlands. However in contrast to the high-
calcium feldspars (typically An90) of the Moon, feldspar compositions on Mercury
appearmore sodic on average andmore variable, ranging fromAn50 up to anorthite [41].
Further information is available from the spectra obtained at longer wavelengths.

The mid-infrared and microwave data show that the mercurian regolith is 40%more
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Fig. 4.4 Three reflectance spectra of the surface of Mercury compared with that of
lunar anorthosite (> 90% plagioclase). Adapted from Blewett, D. T. et al (2002)
Lunar pure anorthosite as a spectral analog for Mercury. MPS 37, p. 1250, Fig. 7.
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transparent to microwave radiation than that of the lunar highlands and up to three
times more transparent than the regolith on the lunar maria [42]. This indicates that
the FeO and TiO2 abundance on the surface of Mercury is significantly lower than
that of the lunar highlands; the low abundance of FeO seems to be a generally agreed
conclusion while the data suggest that the surface of Mercury “may be even lower in
FeO than pure lunar anorthosite” [43].
Thus volcanic activity, expected to be enriched in Fe and Ti, may be minimal on

Mercury. If the plains units are not lavas, it is possible that “volcanic heat piping has
not played a major role inMercury” [44]. So it is possible to entertain the hypothesis
that Mercury formed a primary feldspathic crust in a similar manner to the Moon,
either by flotation of plagioclase or because the entire mantle is refractory and
secondary crusts did not develop.
So we are faced with the same dilemmas as with the pre-Apollo Moon and with

the problems of interpretation of distant planetary surfaces, particularly one exposed
to extreme solar particle fluxes [45]. Although low-albedo deposits might be
produced by silicic volcanics, these seem an unlikely possibility on Mercury as
their production on the Earth is the end product of much crustal recycling. If
Mercury has indeed produced lavas subsequent to crust formation, they seem to
be distinct from terrestrial or lunar basalts. So volcanic rocks, if they occur on
Mercury, may well be unique. However, we note the cautions needed in interpreting
reflectance spectra from this unique body.

4.5.1 Primary and secondary crusts on Mercury?

Can we distinguish between primary or secondary crusts onMercury? There are two
options from the currently limited amount of data. The apparent resemblance
between the composition of the mercurian and the lunar highlands crust suggests
that the entire crust might be primary. This interprets the various plains units to have
originated as debris sheets from basin-forming impacts as we concluded above and
that no subsequent melting occurred in the mercurian mantle.
The alternative view is that the heavily cratered terrain represents a primary crust,

while the intercrater plains, that cover 45% of the surface photographed by Mariner
10, are lavas forming a conventional secondary crust, similar to the lunar example.
Coincident with, or a little younger than the formation of the Caloris Basin, further
volcanism produced the smooth plains. The various plains units apparently cover a
larger percentage of the mercurian surface than the 17% of the lunar surface covered
by maria. Thus if the plains are due to volcanism, extensive partial melting of the
mercurian mantle occurred on a shorter timescale than on the smaller Moon. The
formation of the plains units ceased around 4Gyr about the time of the Caloris
Basin-forming impact, in contrast to the lunar example where mare volcanism
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persisted for another billion years. These speculations will hopefully be resolved by
Messenger. Because of the inferred violent history of this planet, compositional data
from this missionmay also test whether refractory lithophile elements have survived
in chondritic proportions.

4.5.2 Atmosphere

The point about including this section in a book on planetary crusts is that the
presence of sodium, potassium and calcium ions in the atmosphere of Mercury
enables some inferences to be drawn about the nature of the crust.
Mercury indeed has a tenuous atmosphere, H, He, O, Ca, Na and K ions having

been detected [46]. This is similar to the observations on theMoon of Na and K ions
at elevations up to 1200 km above the lunar surface. As these ions are derived by
sputtering from the lunar surface, the presence of Ca, Na and K ions is consistent
with derivation from a feldspathic surface on Mercury.

Synopsis

Mercury remains an enigma. This one-plate planet is a survivor from an early stage
of accretion in the solar nebula. It shows similarities and extreme differences from
theMoon, both bodies being products of massive collisions. Its high density implies
a large Fe and/or FeS core, partially molten, that constitutes 85% of planetary
volume, but its mantle composition remains conjectural. The current model for its
formation is that a Mars-sized proto-planet was disrupted by a head-on collision and
that most of the silicate mantle failed to re-accrete. A critical question follows. Was
this process isochemical or is the mantle refractory?
The oldest visible surface is heavily cratered, covered in part by intercrater plains

and followed by a later cratering event of which the Caloris Basin is the major
example. Smooth plains, possibly coincident with Caloris complete the stratigraphic
sequence. Perhaps the whole sequence is due to the late heavy bombardment; crater-
counting ages are equivocal. But perhaps we are simply looking at a primary crust
modified by the late bombardment.
The origin of the plains, volcanic lavas or debris sheets from basin-forming

collisions remains as controversial as the pre-Apollo 16 debates over the lunar
Cayley Plains. Albedo differences across the planet are slight.
A series of scarps coincident with cratering are attributed to a one km contraction

of the planet, coincident with the cratering. Reflectance spectra for the crust
resemble low-Fe lunar anorthosites, albeit more Na-rich than the Ca-rich lunar
feldspars. Both Fe and Ti contents are apparently very low or zero. If the plains
are formed by lavas, they do not show the expected lower albedo of basalts. The
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surface is perhaps a primary crust, sculptured entirely by the late heavy bombard-
ment. All is debatable because of the Cayley Plains analogue while interpretation of
the spectra is clouded by possible intense space weathering. So the crustal composi-
tion, thickness and origin remain uncertain and many surprises doubtless await the
Messenger mission.
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5

Mars: early differentiation and planetary composition

These lines of evidence indicate that Mars and the earth were formed of a
mixture of iron and silicate phases which was nearly uniform, and that the
earth has formed a core during geologic time and Mars has not.

(Harold Urey) [1]

Mars is the only body in the Solar System, apart from the Earth and Moon, to which
we devote more than one chapter in this enquiry of planetary crusts. Information
now available for Mars, from telescopic observations, orbiters, landed missions and
martian meteorites, is enormous and accordingly details now known about the
martian crust are considerable [2]. An important finding is that Mars has been
geologically active throughout its history and yet still retains a rock record dating
back to about 4.5Gyr, the age of the oldest martian meteorite. Sedimentary deposits
are recognized both in some of the oldest and youngest exposed terrains. Accordingly,
Mars may well have the most completely preserved geological record of any terres-
trial planet.
For both the Moon and Earth, chapters are broken out according to crustal types

(primary, secondary, tertiary) and age (Hadean, Archean, Post-Archean). For Mars,
we take a different approach.Mars differentiated into core,mantle and crust very early
in its history, likely due to magma ocean processes. Unlike Earth, there is unambig-
uous evidence for this early differentiation. The composition and subsequent evolu-
tion of the crust in turn has been greatly influenced by this early history. Accordingly,
we begin with a discussion of these early events and follow with a broader evaluation
of the composition and evolution of the martian crust in the next chapter.

5.1 The origin of Mars

Like all terrestrial planets, Mars was assembled from the rocky debris remaining
behind in the inner nebula immediately after formation of the outer giant gas-
and ice-rich planets. At that time, there was sufficient radial variation in nebular
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composition which, combined with narrow feeding zones (~ 0.1AU), resulted in
Mars accreting from a different population of planetesimals than Mercury, Venus
or Earth. This is best reflected in the distinct oxygen-isotope composition compared
to the Earth [3] and in the differences in their density (see below). The reason for
the small size of Mars, no larger than perhaps a single or at most a few planetary
embryos, is not entirely clear but it could be related to the chance circumstance of a
planetary embryo that escaped being swept up into a larger terrestrial planet and
acquired a stable orbit [4]. Possibly the Mars feeding zone, close to the asteroid belt,
was depleted by the early formation of Jupiter.
Bodies up to the size of Mercury and Mars formed early and rapidly once the

terrestrial planets began to accumulate. Within a few million years at most, they
were common in the inner Solar System but most disappeared as they providedmost
of the mass to Earth and Venus in the form of the late-stage collisions (one of which
gave rise to the Earth’s Moon). Fairly large impacts occurred on Mars, for example,
producing large basins and perhaps even the crustal hemispheric dichotomy [5].
On the other hand, unlike Mercury that is about a factor of two smaller, there is no
evidence for any late-stage impacts that profoundly influenced the bulk composition
of the planet.

5.1.1 A volatile-rich and oxidized planet

Later in this chapter we discuss in detail constraints on the bulk composition ofMars
but a few comments are in order here. The planetesimals that accreted into terrestrial
planets were basically dry and volatile-element depleted but there was also con-
siderable variability both in the degree of depletion of moderately volatile elements,
such as K and Rb, and the oxidation state (i.e., Femetal/Fe(silicate+oxide)) within the
inner nebula. The origin and causes of this variability were discussed in detail in
Chapter 1. ForMars, there were several important consequences. The planet appears
to have accumulated from a population of planetesimals that were enriched (by about
a factor of two) in the moderately volatile elements, compared to their abundance in
the Earth. Mars also appears to be relatively oxidized, such that the core is proportio-
nately smaller than the Earth’s while the primitive mantle appears to be enriched in
iron, again by about a factor of two compared to the Earth [6]. In addition to
influencing the subsequent evolution of the crust, these characteristics also influence
the bulk physical properties, mineralogy and internal structure of Mars.

5.2 The interior of Mars

Mars has a mean radius of 3389.9 km leading to a volume of 1.6317 × 1011 km3. The
mass of Mars is well constrained at 6.4185 × 1023 kg leading to a compressed
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density of 3.934 g/cm3 [7]. As discussed in Chapter 1, uncompressed density is an
important constraint on planetary composition but is model dependent. For Mars,
where the moment of inertia (MOI) factor is well known (see below) and pressure
corrections are relatively modest, uncertainties in uncompressed density are due
mainly to uncertainties in composition and thermal structure. The most recent esti-
mate for the uncompressed density of Mars is 3.70g/cm3 or about 6.5% less than
the Earth, consistent with Mars having accreted from a different population of
planetesimals [8].
In the absence of seismic data, the internal structure of Mars is poorly constrained

and largely model dependent [9]. One of the most important results of the Pathfinder
mission was determination of a precise value for the polar MOI factor, I/MR2, of
0.3650 ± 0.0012 [10]. ThisMOI factor is between those of the Earth andMoon. This
suggests that Mars is largely differentiated with a substantial iron-rich metallic core
and silicate mantle and crust but with a primitive mantle that is of higher density
and/or proportionately larger than that of Earth.
Several workers have attempted to quantify the internal structure using MOI and

other geophysical data and experimentally determined phase relations but uncer-
tainties in crustal thickness, core/mantle/crust compositions and thermal structure
lead to considerable scatter in the estimates. Various controversies exist and there
are enough uncertainties in too many of the variables to permit any unique answer.
For example, assuming a CI bulk planetary composition for refractory elements,
the Fe/Si ratios (~1.3–1.6) derived from mass balance among the various proposed
core and primitive mantle compositions (see below) cannot be reconciled the with
the CI value of 1.71 [11]. A low Fe/Si ratio is consistent with the low uncompressed
density for the bulk planet, compared to Earth, and comports with the smaller Mars
not being of CI bulk composition for this elemental ratio. On the other hand, it is also
possible that Mars has a roughly CI bulk Fe/Si ratio but that core, primitive mantle
and crustal composition models are in error; in which case the low uncompressed
density would be explained exclusively by the volatile-element rich and more
oxidized nature of the planet.
Figure 5.1 provides the current best estimate of the internal structure of Mars [12]

and below we discuss some of the uncertainties and caveats in adopting this or any
other model.

5.2.1 Core

The physical state, composition and size of the core all are matters of debate. Several
lines of evidence indicate that the core is at least partially and perhaps fully liquid [13].
Most workers consider the core to be composed of iron–nickel–cobalt metal with
about 14–15% sulfur [14]. An important line of evidence in support of a sulfur-rich
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core is depletion of chalcophile elements in martian meteorites, that suggests their
partition into a sulfur-bearing core [6]. The presence of about 14–15% sulfur also
allows for several hundred degrees depression of the melting point, again consistent
with at least the outer part of the core being liquid [13].
Because of the uncertainties in the composition and physical state of the core and

mantle, the radius of the core can only be constrained to be about 1600 ± 200 km, or
about half of the radius of the planet [15]. A core of this size and composition
represents roughly 20–25% of the mass of the planet. Note that this uncertainty in
the size creates additional problems for evaluating the constitution of the lowermost
martian mantle (see below).

5.2.2 Mantle

Bertka and Fei [16] evaluated the phase relationships for an iron-rich martian
primitive mantle that has a bulk composition similar to that proposed by Heinrich
Wänke and co-workers (Note 6 and see below). In this model, the mantle can
be divided into either two or three regions (Fig. 5.2). The upper mantle consists
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Fig. 5.1 Model for the internal structure of Mars [12]. Note that the uncertainty in
the radius of the core–mantle boundary completely overlaps the perovskite-bearing
zone of the lower mantle. Average densities (ρ) of the various layers are given
in g/cm3. Abbreviations as follows: ol – olivine; px – pyroxene; gt – garnet; γ-sp –
gamma spinel; mj –majorite; pv – perovskite; mw –magnesiowüstite; st – stishovite.
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of olivine, orthopyroxene, clinopyroxene and garnet to a pressure of 135 kbar
(about 1050 km depth). Over the pressure range 20–95 kbar, orthopyroxene changes
into clinopyroxene and an assemblage of olivine, clinopyroxene and garnet exists
beneath about 90 kbar. The lower mantle is marked by the first appearance of
γ-spinel at about 135 kbar. Because of the iron-rich nature of the mantle composition
used in this model, the transformation sequence olivine–β-phase (wadsleyite)–γ-
spinel is more complicated than in the Earth (Fig. 5.2), however, with either a little
more or a little less iron, the nature of this transition could be quite different.
Between about 120 kbar and 170 kbar, clinopyroxene changes into majorite garnet
and the lower part of the lower mantle is characterized by γ-spinel and majorite.
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Fig. 5.2 Model for the mineralogical relationships of the martian primitive mantle.
Redrawn from Bertka and Fei [16]. Note the uncertainty in the depth to the
core–mantle boundary. Abbreviations in addition to those in Fig. 5.1 as follows:
opx – orthopyroxene; cpx – clinopyroxene; β-phase –wadsleyite; Fe-Mg-pv – Fe–
Mg–perovskite; Fe (fcc) – face-cubic-centered metallic iron.
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At 225 kbar (~ 1850 km) spinel transforms to Fe–Mg perovskite and the lower
mantle here consists of perovskite, majorite and perhaps magnesiowüstite. If lower
mantle temperatures are below 1700 °C, stishovite may also be a stable phase in this
lowermost region.
However, the very presence of a perovskite-bearing zone in the lower mantle

is dependent on the depth to the core–mantle boundary. Given the uncertainty in
core radius described above, the depth to the core–mantle boundary could be
anywhere in the range of about 1600 to 2000 km and a perovskite-bearing zone
would not exist if the depth to the boundary is less than about 1850 km. This has
important implications for geodynamics. For example, it has been suggested that the
presence of a perovskite-bearing layer in the lowermost mantle could favor devel-
opment of long-wavelength convective flow and hemispheric-scale plumes, possibly
explaining the formation of large long-lived volcanic centers such as Tharsis [17].

5.2.3 Crust

The detailed composition and structure of the martian crust will be discussed in the
following chapter. Published estimates of crustal thickness vary widely due to the
absence of seismic data. Most estimates are made using a combination of gravity
and topography and accordingly are greatly model dependent. Nevertheless, there
appears to be growing consensus and the current best estimate of mean crustal
thickness is about 50 km, varying mostly in the range of 20–70 km and with an
overall basaltic composition.

5.3 Martian stratigraphy

The geological record of Mars is divided into three major epochs: Noachian,
Hesperian and Amazonian. In turn, these are subdivided into Early, Middle and
Late except for the brief span of Hesperian that warrants only a two-fold subdivi-
sion. Absolute timescales are not well constrained due to difficulties in establishing
well-dated and well-calibrated cratering histories on a planetary surface that has
undergone complex and extended geological activity and for which there are few
well-dated events. Constraints on absolute dating of the martian surface come from
models based on the relatively well-calibrated impact record of the Moon [18].
Radiometric dating of martian meteorites (see below) provides additional calibra-
tion points that allow constraints to be placed on the oldest and youngest surfaces of
the planet [19]. In contrast to the terrestrial geological record where temporal
resolution decreases with increasing age, on Mars uncertainties in absolute ages,
derived from counting craters, increase on younger surfaces until they may reach as
much as a factor of 2 or 3 for the Amazonian.
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Most of the geological record is compressed into the first billion years of the
planet’s history and so the boundary between the oldest Noachian and Hesperian
epochs is estimated at about 3.5–3.7Gyr, with 3.7Gyr used here [20]. Thus the
geologically rich Noachian of Mars is roughly equivalent to the Earth’s Hadean that
is characterized by a complete lack of a rock record. The most likely age of the
Hesperian–Amazonian boundary is 2.9–3.3Gyr, making the Amazonian equivalent
to more than all of Post-Archean time on Earth. The current estimates of the ages of
stratigraphic boundaries together with a summary of major geological activity are
given in Table 5.1.

Table 5.1 Martian stratigraphic subdivisions, with summaries of major
geological events and approximate ages of boundaries [21]

System Major activity
Approximate age
and duration

Late Amazonian Glaciation and formation of polar layered
deposits (PLD); major outflow channels;
eolian activity; formation of shergottites

0.4 ± 0.2–0.0Gyr

Middle Amazonian Resurfacing of northern plains; formation of
nakhlites and chassignites

1.5 ± 0.5–0.4Gyr

Early Amazonian Resurfacing of northern plains; volcanic activity
at Elysium Mons; deep erosion of Valles
Marineris

3.1 ± 0.2–1.5Gyr

Hesperian–Amazonian boundary (3.3–2.9Gyr)
Late Hesperian Numerous outflow channels; limited volcanic

activity; fluvial infilling northern plains
3.4 ± 0.2–3.1Gyr

Early Hesperian Formation of outflow channels; volcanic
activity; Tharsis volcanism continues;
formation of Gusev plains volcanics

~ 3.7–3.4Gyr

Noachian–Hesperian boundary (~ 3.7Gyr)
Late Noachian End of heavy bombardment; formation of valley

networks; Tharsis volcanism begins; layered
volcanic and sedimentary rocks in Valles
Marineris; deposition of Burns formation
under acidic conditions; Columbia Hills
alkaline volcanism

3.8 ± 0.1–~ 3.7Gyr

Middle Noachian Heavy bombardment; highland volcanism and
formation of intercrater plains; late heavy
bombardment; dynamo inactive

4.0 ± 0.2–3.8Gyr

Early Noachian Magma ocean; crust–mantle–core
differentiation; formation of ALH84001;
magnetic dynamo active; formation of crustal
dichotomy; intense bombardment; loss of
primary atmosphere

4.57–4.0Gyr
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5.4 Cratering record and the age of the martian surface

Impact processes dominate the visible surface of Mars, especially in the ancient
southern highlands (Fig. 5.3). Within the highlands, there are also a number of
well-defined multiringed basins with Hellas and Argyre being the largest at about
2300 km and 1800 km diameter, respectively. The bottom of Hellas is 8.2 km below
the average martian surface and is the lowest topographical point on Mars, thus
contributing nearly a third of the overall 29.5 km of topographic relief on the planet.
Elsewhere on Mars, there are numerous other large basins either well exposed at the
surface (e.g. Isidis at the boundary between highlands and lowlands) or buried and
obscured beneath younger cover (e.g. Utopia in the northern plains).
The cratering record of Mars, notably that preserved in the southern highlands,

differs in several important ways when compared to the record on the Moon or
Mercury. These differences reflect a variety of dynamic geological processes that
have occurred on the martian surface throughout its history. Craters in the southern

–10 °

–5 °

–10 °

–5 °

15 ° 20° 25 °

1

1

2Schiaparelli
Crater

Fig. 5.3 Mars orbiter laser altimeter (MOLA) shaded relief map showing an
example of the heavily cratered southern highlands immediately southeast of
Schiaparelli Crater (460 km diameter). Note the degraded nature of crater rims,
channels (arrow 1), remnants of crater fill deposits (arrow 2) and relatively
smooth intercrater plains. Image taken from MOLA shaded relief quadrangle
map MC20 [22].
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highlands commonly are heavily degraded by erosional processes and cut by
channels and valley networks (Fig. 5.3). Smooth plains are also common between
these craters, due to younger volcanism. These craters are also the host of the
extensive layered deposits of Noachian and Hesperian age, many of which have
been interpreted to represent ancient indurated sedimentary rocks (see Chapter 6) [23].

5.4.1 Crustal dichotomy

The geomorphology of Mars readily divides into hemispheric terrains of roughly
equal area: the heavily cratered southern highlands and the relatively smooth low-
lying northern plains [24]. The contrast is so extreme that “It almost seems as if
halves of two dissimilar planets have been fused together” [25]. In turn, this hemi-
spheric dichotomy largely mirrors the age and geological history of the planet.
Approximately, but not precisely, coinciding with the topographic break is a dichot-
omy in crustal thickness. There are a variety of other features that approximately
coincide with the boundary, such as preservation of magnetized crust in the southern
highlands (see below) and enrichment in iron content in the northern plains (see
Chapter 6).
Thoughts on the origin of the dichotomy fall into two broad models: (1) mantle

convection processes (or magma ocean overturn) either gave rise to the differences
in crustal thickness or later modified the crust; (2) one or more giant impacts into the
northern hemisphere produced crustal thinning thus giving rise to the dichotomy.
Mantle convection is largely a default explanation (though well supported by
modeling) due to perceived difficulties with the impact models, including: non-
circularity of the dichotomy boundary, unlikelihood of multiple giant impacts on
only one hemisphere, lack of detailed correlation between crustal thickness and
other expressions of the dichotomy boundary, and so forth. Among the confounding
complexities, however, is that the dichotomy has been greatly modified by volcanic,
sedimentary, erosional and possibly convective processes, thus obscuring detailed
correlations. Excavation of Hellas Basin also added significant topography to parts
of the southern highlands. In any case, the origin of the dichotomy must be
considered an unresolved problem.

5.4.2 Quasi-circular depressions

The age of the relatively lightly cratered smooth northern plains of Mars, which in
turn constrains the age of the crustal dichotomy, had long been an unresolved
question [26]. It was unclear whether the crust underlying this volcanic and sedi-
mentary terrain was of Noachian age, similar to the southern highlands, or of
Hesperian/Amazonian age, similar to the surficial deposits themselves. An important
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result from Mars Global Surveyor was to precisely map martian topography. From
these maps, a number of near-circular features with subdued topography have been
identified, termed “quasi-circular depressions” (QCD), which are interpreted to
be the sites of large buried impact craters [27]. In the northern lowlands, there are
more than 600 such depressions with diameters > 50 km and at least four basins
> 1300 km. The age implied by this population of craters is model dependent but
estimated to be ≥ 4.1Gyr. Regardless of the exact age, the presence of numerous
large impact structures in the northern lowlands, including some of the largest basins
on Mars, clearly indicates that the northern crust is ancient, perhaps even older than
the southern highland crust, and is covered by a relatively thin veneer (~ 1–2 km) of
later volcanic and sedimentary material. Accordingly, the dichotomy must have
formed within about the first 400–500 million years of martian history, well before
the termination of the heavy bombardment.

5.4.3 Tharsis and Valles Marineris

Two dominating topographic structures are the Tharsis plateau (or “bulge”) and
VallesMarineris, features whose origins are related. Tharsis, consisting of two broad
rises centered near the equator at about 250° E, covers about one-quarter of the
martian surface. The canyon system of Valles Marineris extends some 4000 km
eastward from the central region of Tharsis and is up to 600 kmwide and 7 km deep.
Tharsis is a broad topographic high with several superimposed large volcanoes,
including Olympus Mons [28]. The plateau itself is about 10 km high, 8000 km
across and provides enough mass to influence the moment of inertia and thus
the obliquity of the planet. Tharsis is the site of a large positive gravity anomaly
and a surrounding well-defined gravity low. This pattern typically is indicative of
loading on an elastic lithosphere, that is, for something the size of Tharsis, about
100–150 km thick [29].
Surrounding Tharsis is a vast network of faults and fractures, the largest being

the enormous canyon system of Valles Marineris, formed by tectonic processes that
resulted from the loading of the Tharsis volcanic pile. Valles Marineris provides a
unique window into martian geological history during and prior to the early devel-
opment of Tharsis. The canyon walls display thick, layered deposits of volcanic and
sedimentary origin [30]. One importance of these layered deposits is that they
demonstrate that Tharsis is an ancient feature, forming mostly prior to about
3.5Gyr (Late Noachian/Early Hesperian) [31].
Although Tharsis is mostly old, the most recently erupted volcanic flows on the

large volcanoes of Tharsis and elsewhere are clearly very young since their surfaces
are nearly devoid of impact craters (Fig. 5.4). If the young shergottites are derived
from such regions (see below), then parts of their surfaces must be at least as young
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as about 160Myr. Some relatively young lava flows exposed on Olympus Mons
show unusually well-defined flow features and crater counts suggest ages as young
as ~ 10Myr [20]. It is likely that volcanism continues at a very low rate essentially
through to the present day.
The origin of Tharsis has been the source of considerable debate. Anymodel must

explain both the gravity–topography relationships and the long life of the plateau.
Two commonly proposed mechanisms are (1) that the gravity anomalies are due
to loading from long-lived volcanic outpourings and intrusions [29] and (2) that
the anomalies are the result of a long-lived upwelling mantle plume [32]. In fact,
both processes are likely to have contributed. Layered volcanic deposits in Valles
Marineris coupled with ongoing volcanism suggest that Tharsis has been the site
of a near-stationary plume for billions of years. There has been some success in
modeling very large stationary plumes onMars that are controlled by thermal barriers
resulting from the phase transitions that give rise to mantle layering (Figs. 5.1, 5.2)
[32]. The presence of a spinel–perovskite transition in the lowermost mantle appears
to be especially important in promoting large plumes that are near stationary over long
periods of time. Nevertheless, most modeling suggests that convective forces con-
tribute only a fraction of the topography, with most resulting from the crustal loading
of enormous volumes of volcanic material.

N

Fig. 5.4 Mars Orbiter Camera (MOC) image of a region on the western flank of
Tharsis, at about 220.0° W longitude and 6.0° N latitude (illumination from top
left). The image, 4.5 km. across, shows dark lava flows on the west that embay an
older, topographically higher and more heavily cratered terrain to the east (arrows).
Note that only a very few small craters are present on the lavas, indicating a very
young age. Part of image PIA08747 from the Planetary Photojournal [22].
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5.5 Early plate tectonics?

There is no doubt that for the past several billion years, Mars has been a one-plate
planet in a stagnant lid convection regime. Although suggestions of plate tectonics
on early Mars have a long history, the first serious evaluation of the possibility was
carried out by Norm Sleep [33]. His model proposed that ancient thick highland
crust was subducted during the Late Noachian to Early Hesperian and a younger
thin crust was produced in the northern lowlands by sea-floor spreading, analogous
to the formation of oceanic crust on the Earth.
However, it is now clear that the bulk of northern lowlands crust is at least as old

as the southern highlands. The identification of numerous extremely large quasi-
circular depressions, interpreted to be impact basins that are buried beneath a thin
(< 1–2 km) veneer of younger lavas and sediment, indicates that the northern low-
land crust is very ancient. Thus the crust in the northern plains does not result from
any simple younger resurfacing process, analogous to production of the Earth’s
oceanic crust by sea-floor spreading; consequently this variant of plate-tectonic
models has now been abandoned.
Undaunted by this negative result, more recent proponents of martian plate

tectonics have looked instead to the southern highlands for evidence.

5.5.1 Crustal magnetization and plate tectonics

Mars does not have a global dipole magnetic field. However an important result
from the Mars Global Surveyor magnetometer experiment was identification of
remanent crustal magnetization anomalies, most notably in the form of an east–
west trending striped pattern in the southern highlands [34]. These magnetized
regions of the crust last cooled to below the Curie point prior to about 4Gyr. Large
ancient impact features, such as Hellas and Argyre clearly disrupt these features as
do relatively younger volcanic regions such as Olympus Mons and Elysium (but
note that the southernmost regions of Tharsis are magnetized). These relationships
indicate that the magnetic field that produced them was ancient and short-lived,
likely taking place entirely within the Early to Mid Noachian. Remanent magne-
tization preserved in magnetite and pyrrhotite within the martian meteorite
ALH84001 also appears to have formed at approximately 4.1–3.9Gyr [35].
In the absence of seismology and a firm understanding of the physical and

chemical conditions on early Mars, “the problem of inferring or predicting the
history of a martian dynamo is indeed formidable” [36]. Although it is feasible that
an early and short-lived magnetic field could result from magma ocean processes,
the most likely origin is from a short-lived core dynamo. Current debate centers on
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whether the convection required for an early dynamo was chemically or thermally
induced. The former implies a solid iron–nickel inner core with a chemically distinct
iron–nickel–sulfur liquid outer core (broadly comparable to the Earth) whereas the
latter requires both a sulfur-rich core and an early period of exceptionally high heat
flow. Although the origin of the martian magnetic field is by no means resolved, a
thermally induced convection regime has several advantages. An early and short-
lived history is expected for an initially hot and rapidly cooling planet, the model is
consistent with a core containing about 14% S and the model readily allows for a
mostly liquid core throughout martian history.
A variety of mechanisms have been proposed to explain the linear magnetic

features:

i. magnetic striping formed by sea-floor spreading [37];
ii. lateral accretion of distinctive geological terranes by plate-tectonic processes [38];
iii. cooling of long networks of dike swarms [39];
iv. magnetic features are due to chemical remanent magnetization associated with large-

scale hydrothermal activity [40].

All of these models are speculative; however, it is worth noting that in detail
the linear magnetic features bear little resemblance to the magnetic striping so
characteristic of sea-floor spreading on Earth. The size of the martian features,
measured on the scale of hundreds of kilometers, is an order of magnitude larger
than terrestrial magnetic stripes, observed on the scale of tens of kilometers. Both
the overall strength of the martian remanent crustal magnetization and the amplitude
of the striping are also an order of magnitude greater than seen in the terrestrial
ocean floor [41]. Although the timescales of formation of the martian features are
not well constrained, it is worth noting that magnetic stripes in the terrestrial ocean
crust form on short time scales, typically 103–105 years.
On balance, neither the observational evidence nor theoretical modeling pro-

vides any compelling argument for the existence of plate tectonics at any time
during martian history [42]. We conclude that Mars has always been a one-plate
planet, like all of the other terrestrial planets and rocky satellites apart from the
Earth.

5.6 Samples from Mars

5.6.1 Martian meteorites

It is now widely accepted that a subset of basaltic achondrites, termed SNC me-
teorites after Shergotty (S), Nakhla (N) and Chassigny (C), are derived from Mars
[43]. These samples are central to understanding the evolution of Mars because
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sophisticated geochemical and isotopic techniques can be applied and thus Mars is
one of only four bodies considered in this book for which there is direct sampling
(others being the Earth, the Moon and the large asteroid 4 Vesta). The most persua-
sive evidence for their origin comes from the similarity in gas concentrations and
isotopic ratios (e.g. 14N/15N, 40Ar/36Ar, 129Xe/132Xe) trapped within SNC meteorite
impact melt glasses with that measured in the martian atmosphere by the Viking
landers and by remote sensing [44]. Additional lines of evidence in support of the
martian origin are individually persuasive but non-definitive; however when taken
together are conclusive [43]:

i. Great range (4.5–0.17Gyr) but mostly young (≤1.3 Gyr) crystallization ages sug-
gesting a parent body with surface geology unlike any other terrestrial planet or
asteroid [45].

ii. Isotopic composition of trapped gases indicating atmospheric processing.
iii. Broad similarity in chemical composition and oxidation state between basaltic shergot-

tites and martian soils and rocks measured in situ, but distinct from other potential parent
bodies for which there are chemical data (e.g. 4 Vesta, the Moon).

iv. Rare earth element patterns consistent with relatively high-pressure equilibrium (i.e.,
garnet stability) indicating derivation from a body larger than asteroids or the Moon.

v. Low remanent magnetization in shergottites, consistent with the absence of a present-
day martian magnetic field.

vi. Presence of “pre-terrestrial” secondary mineralogy (e.g. sulfates, halite, hydrous clays)
consistent with near-surface aqueous activity.

At the time of writing, there are 37 recognized unique martian meteorites [46].
They can be divided into three broad groups on the basis of age, petrology, chemistry
and isotopes (Tables 5.2 and 5.3):

i. A single sample of coarse-grained cumulate orthopyroxenite, ALH84001, with a crystal-
lization age of 4.50 ± 0.13Gyr and evidence of aqueous alteration at about 3.9Gyr [48].
This is the only sample available from ancient Noachian crust and is characterized by
incompatible-element-depleted and near-chondritic levels of refractory trace elements
(Fig. 5.5).

ii. Coarse-grained ultramafic cumulate rocks with crystallization ages of ~1.3 Gyr,
thus representing Middle Amazonian crust. These are further subdivided into
clinopyroxenites (nakhlites) and dunites (chassignites) [49]. Nakhlites represent
a related suite of cumulates, possibly cogenetic, derived from crystallization in
basalt flows or shallow intrusions. They are enriched in incompatible elements
(Fig. 5.5) but long-lived radiogenic isotope systems indicate derivation from ancient
incompatible-element-depleted mantle sources. Nakhlite and chassignite chemistry
are sufficiently different to suggest they are not cogenetic although they have similar
radiogenic isotope characteristics and exposure ages and accordingly may be broadly
related [50].
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iii. Shergottites are a suite of very young iron-rich mafic through ultramafic igneous rocks
with crystallization ages between 575 and 165Myr, thus sampling Late Amazonian
crust. Shergottites are further divided on the basis of petrology into basaltic, olivine-
phyric (or picritic) and lherzolitic (or peridotitic) shergottites. Lherzolitic and olivine-
phyric shergottites are cumulates whereas the basaltic shergottites show varying degrees
of cumulus (or possibly foreign) pyroxene crystals with only a few samples, at most,
approaching true melt compositions. Shergottites show extreme but generally systema-
tic variation in isotopic and trace element compositions (Fig. 5.5) suggesting derivation
from ancient highly incompatible-element-depleted (and relatively reduced) sources
that are mixed to varying degrees with more or less equally ancient incompatible-
element-enriched (and relatively oxidized) sources. Whether the enriched component
is the ancient martian crust or distinct enriched mantle reservoirs is the subject of debate
and currently must be considered unresolved.

The age distribution of martian meteorites does not correlate with the age distribu-
tion of the surface, which ismostly older than 3.0Gyr (Noachian andHesperian). The
young ages of all but one of the martian meteorites place their sources within Middle
to Late Amazonian volcanic provinces, likely the broad region between Elysium,
Amazonis Planitia and Tharsis. Intuition might suggest that sampling the martian
surface by impact processes would be a random process and accordingly, the reason
for the bias in sampling ages has been the subject of considerable discussion. One
possibility is that only one or two ejection events are involved and so ejection
processes are controlled by small number statistics. However, ejection ages [51]
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fall into at least four and most likely six or seven discernible events over the past
20 million years. Accordingly, the age bias is probably due to a combination of
factors, including impact sites at high elevation that limit atmospheric filtering and
low latitudes where increased angular velocity (~0.24 km/sec) can contribute to the
velocity of ejected material. An additional factor is that only “strong” material may
survive the ejection process, thus limiting the involvement of ancient heavily cratered
southern highland terrains that have been highly disrupted by impact processes and
contain extensive, presumably weak, sedimentary deposits [50, 52].
Many of the martian meteorites have also been affected by secondary aqueous

alteration, including hydrothermal, weathering and evaporative processes, that are
mostly associated with fractures and small veins. These features appear to be inherent
to the samples and thus represent processes that occurred onMars. All of the martian
meteorite classes have been affected to some degree but nakhlites and ALH84001
appear to be most affected. The degree and type of alteration vary greatly from
sample to sample [53].

5.6.2 Shergottite crystallization ages

The crystallization ages of ALH84001 (~ 4.5Gyr), nakhlites and chassignites (both
~1.3Gyr) are not in dispute. However, the interpretation of geochronological data
for shergottites is contentious and unlike many disputes in geochronology, differ-
ences in opinion could not be less subtle. Well-established internal isochron techni-
ques, using whole rocks, pristine minerals, leached mineral residues and leachates,
give Rb–Sr, Sm–Nd, U–Pb and Lu–Hf ages of between 575 and 165Myr with most
clustering in the narrow range of 165–185Myr. There is also good agreement among
the different isotope systems [54]. However, 207Pb/204Pb –206Pb/204Pb techniques on
whole rocks and mineral separates indicate an age of about 4.0Gyr leading to the
suggestion that this is the true crystallization age with younger ages representing a
resetting event, possibly due to impact processes and/or acid alteration that prefer-
entially affects phosphate minerals, the main hosts for REE, Hf, Th and U (and thus
radiogenic Pb) [55].
Resolving the question of the crystallization age of shergottites is of course

critical for understanding the evolution of the martian crust–mantle system and,
among other things, has important implications for constraining the compositional
evolution of the crust (see Chapter 6) and for geodynamics. Young crystallization
ages imply that the mantle reservoirs from which the shergottites were derived have
been essentially isolated for some 4.5Gyr in order to preserve isotope anomalies
for the short-lived 182Hf–182Wand 146Sm–142Nd isotope pairs (see below). Lack of
mantle mixing that these anomalies imply would then argue against a convective
regime in which there was large-scale mantle rehomogenization and certainly

5.6 Samples from Mars 121



against any role for plate tectonics. On the other hand, if crystallization ages are
ancient (~ 4.0Gyr) then the anomalies in the short-lived isotopes would only need to
have been isolated within about 0.5Gyr of the formation ofMars. Significant mantle
mixing after about 4.0Gyr would be allowed, as this mantle would not be sampled
by the martian meteorites, thus permitting later convective mixing of the mantle.
We consider young crystallization ages for shergottites to most likely be correct

as discussed below and proceed from this conclusion. Young magmatic ages are by
no means surprising for Mars as there is abundant independent evidence for young
volcanism from geomorphological and crater-counting data (Fig. 5.4). Proponents
of old ages have suggested that resetting of the Rb–Sr, Sm–Nd and Lu–Hf isotope
systems has occurred through acid alteration that preferentially reset the phosphate
minerals, that are the primary host of many trace elements. However the nature of
acid alteration and aqueous conditions during the Amazonian is becoming increas-
ingly well understood with the study of rock surfaces by the Spirit and Opportunity
rovers and experiments. Although acid alteration of rock surfaces appears common,
it only affects a few millimeters of the outer surface of the rocks. There is no
evidence for the pervasive alteration (that should result in phosphate, olivine and
iron–titanium oxide dissolution) that has been suggested for such a major resetting
event. Indeed, it appears that young acid alteration likely proceeded under very low
water/rock ratios with only incipient alteration patterns [56]. In any case, shergot-
tites show no petrographic evidence for the type of alteration implied by such an
isotopic resetting process.
Although the elemental budgets for REE, Hf, Th and U in shergottites are

dominated by phosphates, the mineralogical controls on Rb and Sr are more
complex and accordingly, it is difficult to understand the remarkable coherence
in isochron ages given by the different isotope systems if they reflect a resetting
event mostly involving one mineral class. Other independent isotope techniques,
though preliminary, also appear to support a young crystallization age. 40Ar/39Ar
dating of shergottites is greatly complicated by the addition of atmospheric argon
during impact processes, however, recent laser probe 40Ar/39Ar dating of relatively
pristine igneousminerals in NWA1950 gives an age of 382 ± 36Myr, consistent with
a young crystallization age and minor atmospheric argon addition [57]. In another
recent study, ion microprobe analysis of baddeleyite in basaltic shergottite NWA856
gave a 206Pb*/238U age of 186 ± 12Myr, essentially identical to whole rock Sm/Nd
ages [58].

5.7 Early differentiation on Mars and magma oceans

A wide variety of both long-lived (e.g. 238U–206Pb, 235U–207Pb, 147Sm–143Nd,
87Rb–87Sr, 187Re–187Os, 176Lu–176Hf) and short-lived (182Hf–182W, 146Sm–142Nd,
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129I–129Xe) radiogenic isotope measurements on martian meteorites provide com-
pelling evidence for a planet that differentiated into core, mantle and crust during
approximately the first 30–50 million years of its history [59]. The fact that such
evidence is so clearly preserved on Mars, in contrast to Earth where isotopic
evidence for early differentiation processes is obscure at best, provides important
constraints on the crustal and geodynamical histories of Mars.
Themost direct and precise constraints on the timing of early differentiation come

from the short-lived isotope systems of 182Hf–182W (t1/2 = 9Myr) and 146Sm–142Nd
(t1/2 = 103Myr). Hafnium is a refractory lithophile element that remains in the
silicate mantle whereas W is a refractory moderately siderophile element that
preferentially partitions into metal during metal–silicate equilibrium. Both Sm and
Nd are refractory lithophile elements. Accordingly, Hf/W fractionation is thought to
take place due to metal–silicate separation during core formation; Sm/Nd ratios are
unaffected by this process. During subsequent partial melting of the silicate mantle,
these element ratios fractionate further. The lithophile elements Hf, Sm and Nd are
all moderately incompatible during partial melting of mantle silicates whereas W
is highly incompatible. Variations between the 182Wand 142Nd isotope systems can
thus be used to provide constraints on both the timing of core–mantle fractionation
and the 182W composition of the primitive mantle.
For reasonable estimates of Hf/W fractionation between core and mantle, model

ages of core formation are mostly < 30Myr with the most often quoted estimate
being ~12 ± 4Myr after the formation of the Solar System [60]. As discussed in
Chapter 1, however, such an age actually records the average time that the silicate
mantle acquired its current Hf/W ratio and this could be complicated by the delivery
of large differentiated bodies (Moon-sized) during the accretion.
Early differentiation of the mantle is also clear from other isotope systems.

For example, Fig. 5.6 shows that isotopic compositions for long-lived 147Sm–143Nd
and short-lived 146Sm–142Nd systems are correlated in shergottites, suggesting that
the silicate reservoirs sampled by these meteorites were established very early in
martian history. The reference isochrons assume a simple two-stage model of early
Sm/Nd fractionation followed by later melting (~ 165Myr) to produce the shergottite
magmas and thus represent an end-member case. For this simple model, an age of
4.525Gyr is suggested for the formation of the source regions [61]. Osmium isotopic
compositions of martian meteorites also correlate with the 182W and 142Nd isotope
systems, consistent with very early differentiation [62].
Exactly how this early differentiation took place, whether by magma ocean

processes or early recurrent volcanism, is less clear. Mars completed its accretion
significantly earlier than Earth and if a large fraction of the accreted mass came from
giant impacts (i.e., bodies about the size of the Moon or greater), there was probably
sufficient energy to melt the planet at least to some considerable depth [36]. Isotopic
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evidence that the timing of formation of core, known mantle reservoirs and perhaps
even the earliest crust are essentially indistinguishable and within about 30Myr of
the formation of the Solar System seems most consistent with the formation of a
magma ocean.
Several attempts have been made at modeling the evolution of martian magma

oceans. Petrological and geochemical modeling suggests that crystallization of
a deep magma ocean where majorite is stable at the base (> 1000 km) broadly (but
not in detail) reproduces mantle reservoirs characteristic of the sources of basaltic
shergottites [63]. Available geophysical modeling suggests that an early formed deep
magma ocean would produce gravitationally unstable cumulus layering that would
rapidly overturn, leading to a broadly layered mantle with the exact petrologic
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stratigraphy depending on various input parameters and assumptions [64]. In all
cases, crystallization of such magma oceans results in an early formed crust of
basaltic composition.

5.8 Multiple reservoirs and the age of the earliest crust

At least four isotopically distinct silicate reservoirs have been identified, all forming
within ~30–50Myr of the formation of the Solar System. These include the source
regions for the 4.5Gyr martian meteorite ALH84001, at least one source region for
the c. 1.3Gyr nakhlites and chassignites, and at least two distinct sources for the
much younger (575–165Myr) shergottites [60–63]. As described above, one of the
shergottite source regions is characterized by long-term depletion of incompatible
elements. However, the source of the second reservoir, characterized by long-term
incompatible-element enrichment, is less certain. Most workers have suggested that
this second reservoir is the martian crust but this interpretation fails to explain the
lack of correlation between standard indices of differentiation (e.g. Mg-number,
SiO2 content) and degree of incompatible-element enrichment or isotopic compo-
sition [63]. Crystallization of a magma ocean gives rise to the possibility that the
second component could be a KREEP-like mantle reservoir, analogous to that found
on the Moon (see Chapters 2 and 3). The age constraints of these reservoirs are
summarized in Fig. 5.7.
Trace element data are also consistent with multiple distinct geochemical reser-

voirs that in general coincide with those identified by radiogenic isotopes [65]. For
example, REE patterns and ratios among various incompatible refractory elements
(e.g. La/Th, Sm/Hf) are consistent with shergotittes being derived from mixing of
two distinct geochemical reservoirs and with nakhlites/chassignites and ALH84001
also having distinct sources (Fig. 5.5, Fig. 5.8). However, it is unlikely that the entire
crust–mantle system is characterized by the martian meteorites. For example, the
Ba/La ratio of all martian meteorite classes is greater than the chondritic ratio of
9.3 (Fig. 5.8), suggesting that there must be an additional reservoir with subchon-
dritic Ba/La ratios [66].
The geometry of these geochemical reservoirs is not known. A layered structure is

a natural consequence of magma ocean processes although available modeling also
predicts lateral compositional variations [64]. Thus various chemically layeredmantle
reservoir models have been proposed [67]. At least one author has pointed out
that other geometries could facilitate much later melting to produce the shergottites
[68]. Although a layered structure for major mantle reservoirs is appealing, it is worth
keeping in mind a hard-learned lesson from the study of the terrestrial mantle;
chemistry and isotopes, while very powerful for identifying and constraining the
size of mantle reservoirs, provide essentially no direct information on geometry.
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Constraints on the formation of the earliest crust are more indirect. The com-
bined 147Sm–143Nd and 146Sm–142Nd isotope systems place the differentiation of
the silicate mantle reservoirs at 4.53 ± 0.02Gyr, indistinguishable from the formation
of the core within analytical uncertainty, but probably younger (Fig. 5.7). There is
controversy about whether the earliest crust is directly reflected in these ages but
most workers have concluded that formation of a significant part of the early crust
coincided with this event. The oldest known rock from Mars is the martian meteo-
rite, dated at 4.50± 0.13Gyr and this cumulate orthopyroxenite may be the single
example of the earliest formed crust of Mars.

5.9 The composition of Mars

There have been several models for the composition of Mars but few survive detailed
scrutiny in light of martian meteorites, missions to Mars, experiments, and what we
know about the formation of rocky planets and satellites [69]. The most reliable
composition for the martian primitive mantle that meets most current constraints is
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Fig. 5.8 Plots of (a) La/Th versus La and (b) Ba/La versus La for martian meteorites
illustrating relationships among refractory incompatible lithophile elements. Shown
for comparison (crosses) are the bulk compositions of the martian and terrestrial
primitive mantles and compositions representing major terrestrial silicate reservoirs.
Meteorites from desert environments, where terrestrial weathering may influence
compositions, are labeled individually (prefix N in sample numbers refers to
northwest Africa, or NWA in Table 5.2). These diagrams indicate that trace-
element abundances in martian meteorites are consistent with multiple mantle
(± crust?) reservoirs. Adapted from McLennan et al. [65] and Taylor et al. [66].
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that derived from the work of Heinrich Wänke and co-workers based mainly on the
geochemical relationships among martian meteorites and other cosmochemical con-
straints [6]. Table 5.4 lists the bulk composition of the martian primitive mantle.
Several elements in addition to those reported by Wänke are also listed here but
these are simply refractory lithophile elements calculated directly from the Wänke
tabulation by assuming CI proportions. Also shown in Table 5.4 is an estimate for the
bulk composition of the martian core derived from the same work.

Table 5.4 Bulk composition of Mars [6]

Primitive mantle oxides Core

SiO2 44.0 Fe 77.8
TiO2 0.14 Ni 7.6
Al2O3 3.02 Co 0.36
FeO 17.9 S 14.2
MnO 0.46

∑ 100.0MgO 30.2
CaO 2.45

Mass(%) 21.7Na2O 0.50
K2O 0.04
P2O5 0.16
Cr2O3 0.76

∑ 99.6

Primitive mantle (elemental)

Be (ppb) 52 Zn (ppm) 62 Eu (ppb) 114
F (ppm) 32 Ga (ppm) 6.6 Gd (ppb) 400
Na (%) 0.37 Br (ppb) 145 Tb (ppb) 76
Mg (%) 18.2 Rb (ppm) 1.06 Dy (ppb) 500
Al (%) 1.60 Sr (ppm) 15.6 Ho (ppb) 110
Si (%) 20.6 Y (ppm) 2.7 Er (ppb) 325
P (ppm) 700 Zr (ppm) 7.2 Tm (ppb) 47
Cl (ppm) 38 Nb (ppb) 490 Yb (ppb) 325
K (ppm) 305 Mo (ppb) 118 Lu (ppb) 50
Ca (%) 1.75 In (ppb) 14 Hf (ppb) 230
Sc (ppm) 11.3 I (ppb) 32 Ta (ppb) 34
Ti (ppm) 840 Cs (ppb) 70 W (ppb) 105
Cr (ppm) 5200 Ba (ppm) 4.5 Tl (ppb) 3.6
Mn (%) 0.36 La (ppb) 480 Th (ppb) 56
Fe (%) 13.9 Ce (ppb) 1250 U (ppb) 16
Co (ppm) 68 Pr (ppb) 180
Ni (ppm) 400 Nd (ppb) 930
Cu (ppm) 5.5 Sm (ppb) 300

Model from H. Wänke and others [6]. Also listed for the primitive mantle are additional
refractory lithophile elements, determined by assuming they are in CI relative proportions.

128 5 Mars: differentiation and planetary composition



This composition has a number of distinctive features that are relevant to this
investigation (Fig. 5.9). Most notably, the martian primitive mantle is iron-rich with
FeO at 17.9%, more than twice the value for the terrestrial primitive mantle. Thus,
while the overall uncompressed density of Mars is less than that of the Earth, the
amount of iron in the mantle is greater. An iron-rich primitive mantle is generally
consistent with the higher martian MOI factor compared to the Earth but in detail
there are difficulties (see below). A second feature of this composition is that the
moderately volatile elements (e.g. K, Rb), while depleted compared to CI chond-
rites, are enriched by about a factor of two compared to the Earth. This observation
is in line with the isotopic evidence that points, among other things, to a low μ
(238U/204Pb ~ 5) and high Rb/Sr ratio for the mantle (Fig. 5.10) [70].
The composition is also notably depleted in siderophile and chalcophile elements,

the latter being indicative of equilibriumwith a sulfur-bearing core [71]. The content
of highly volatile elements in the martian mantle is less clear. The above model calls
for very low water content (~ 36 ppm) but relatively high levels of other highly
volatile elements (e.g. halogens). Low water content has been explained by loss
during oxidation of the mantle, thus giving rise to the high FeO content and loss of
hydrogen to space. However there is also evidence for substantial early degassing
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Fig. 5.9 CI-normalized abundances for the martian primitive mantle compared to
that for the terrestrial primitive mantle (Chapter 8). Mars has lower abundances
of refractory lithophile elements but the moderately volatile elements are less
depleted than on Earth. Siderophile and chalcophile elements are also depleted in
the martian primitive mantle, a consequence of their extraction into a sulfur-rich
metal core, but comparisons to Earth are erratic, indicating that the mechanisms
of metal–silicate equilibrium differ in detail.
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and this leaves the volatile contents of much younger basalts, represented by the
SNC meteorites, difficult to interpret [44].

5.9.1 A cautionary note

The above model is based fundamentally on geochemical relationships found
among the SNC meteorites, most of which are cumulates or contain some propor-
tion of cumulate minerals. These samples are at best representative of youngmartian
magmatism and were derived largely from a mantle previously depleted by the
formation of the early crust with a second component that could be either additional
mantle reservoirs or assimilated ancient crust. In any case, not all of the major
geochemical reservoirs are represented [66]. Thus, developing a primitive mantle
composition from these rocks is comparable to trying to constrain the terrestrial
primitive mantle by looking to a handful of young mid-ocean ridge basalts erupted
through the Icelandic or Jan Mayen plateaus. Caution is warranted, especially when
considering the details.
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Fig. 5.10 Plot of εNd vs.
87Sr/86Sr for martian meteorites. Shown for comparison

is the terrestrial mantle array. Martian meteorites are offset to higher 87Sr/86Sr,
consistent with the primitive mantle being volatile-element rich (high Rb/Sr ratio).
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For example, on diagrams of Mg/Si versus Al/Si, most martian meteorites plot
below terrestrial-mantle-derived nodules that are carefully filtered to be most repre-
sentative of mantle compositions; this is commonly used to illustrate the distinctive
nature of the martian primitive mantle. However, addition of cumulate pyroxene and
olivine significantly lowers the Al/Si ratio and thus the distinctions on such diagrams
may be relatedmore to the petrological history of the meteorites rather than primitive
mantle compositions [72].
The hallmark of this compositional model is its iron-rich nature, a characteristic

reinforced by orbital gamma-ray mapping that shows the exposed crust is iron-rich
([73]; also see Chapter 6). However, it has long been recognized that it is difficult to
reconcile this composition with the MOI factor, a relatively thin crust and a bulk
planetary CI composition (i.e., Fe/Si = 1.71) [10,11]. Recent experimental data also
suggest that parental melts to SNC meteorites may have iron contents as much as
one-third lower than that suggested by the Wänke model (i.e., FeO ~ 12–14%) but
still significantly higher than the composition of the terrestrial primitive mantle
(FeO= 8.0%) [74].

Synopsis

Mars, at one-tenth the mass of Earth, has an uncompressed density about 6.5% less.
But curiously, the silicate portion is enriched in iron and moderately volatile
elements by terrestrial standards. Accordingly, Mars accreted from a composition-
ally distinct relatively oxidized population of planetesimals. Its small size is likely a
consequence of its nebular feeding zone being depleted of mass by the earlier
formation of Jupiter. Indeed, Mars may be a good analog of late-stage planetary
embryos most of which accreted to form the Earth and Venus.
Evidence from martian meteorites indicates the planet largely melted and differ-

entiated early into a sulfur-rich core, iron-rich silicate mantle possessing several
isotopically and geochemically distinct reservoirs, and basaltic crust. The 182Hf–182W
isotope system suggests this occurred within ~15 million years of Tzero but if
Moon-sized planetesimals were delivered with metal cores “pre-packaged”, this
duration may be slightly underestimated. The 146Sm–142Nd system is more readily
interpreted but less constraining and indicates differentiation within ~ 30–50 million
years of Tzero. Most geological activity occurred within the first billion years
(Noachian and Hesperian epochs) but volcanism has persisted intermittently to
the present. The basaltic shergottites represent products of young magmatism
(575–165Myr) despite recent suggestions that they are ancient.
Mars possesses a hemispheric dichotomy separating heavily cratered, high-standing

thick crust in the south from low-lying thin crust, covered by smooth plains, to the
north. Remnants of large impacts indicate the northern terrain is at least as old
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as the south but covered by a thin volcanic/sedimentary veneer. The origin of
the dichotomy remains unresolved and may be related to a giant impactor or a mantle
convection pattern established early in the planet’s history, perhaps magnified by
piling up debris from the excavation of Hellas. Most post-Noachian volcanism has
been focused at just a few sites, probably the locations of long-lived plumes. The
Tharsis plateau, the largest of these centers, has been the site of magmatism from a
near-stationary plume for over 3.5 billion years. Much of this history is preserved
within the volcanic and sedimentary layered deposits within Valles Marineris.
Suggestions of an early phase of plate tectonics persist, most recently driven by

the recognition of broad Noachian-aged magnetic stripes in the southern highlands.
However, the evidence is unconvincing and our judgement is that Mars has been a
one-plate planet throughout its history.
The best estimate of the primitive mantle composition is one enriched in iron and

moderately volatile elements compared to Earth, each by a factor of about two.
However, this composition is derived largely from young martian meteorites which
represent a biased sample. The composition is also difficult to reconcile with current
understanding of internal structure, as dictated by the moment of inertia data.
Accordingly, an iron- and moderately volatile-element-enriched primitive mantle
appears secure but the degree of enrichment is rather less certain.
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6

Mars: crustal composition and evolution

Early science fiction portrayed Mars as totally alien and unfamiliar, but
some aspects of the Martian surface would seem surprisingly recognizable
to a human visitor.

(Bill Hartmann) [1]

Although Mars has been the focus of planetary exploration over the past three
decades, most effort has centered on evaluating the distribution and history of near-
surface liquid water as a marker for potential habitability – for ancient and extant life
and for future exploration – and so much of the data are more relevant to questions
of surficial processes over geological time. These findings are important, but not
central to our investigation. Accordingly, we have resisted the temptation of focus-
ing too much attention on these results, impressive as they are. Instead, we consider
them where they address major questions of crustal evolution that are the subject of
this enquiry. There are several up-to-date reviews of the recent findings from the
Mars exploration programs for those so interested [2].
Martian crustal evolution represents a near-perfect intermediary between the

simple and mostly ancient crustal histories of Mercury and the Moon, where
primary crusts dominate, and the extended evolution of Earth. On Earth any primary
crust that may have existed is long since lost from the geological record and both
secondary and tertiary crusts formed, but at very different rates, over some four
billion years [3].

6.1 Sampling martian crust

Mars presents unique challenges in obtaining representative sampling of the crust.
It is one of few planetary bodies for which samples are available and thus is
accessible to sophisticated analytical techniques in terrestrial laboratories. For the
Earth and Moon, most samples have solid geological context; even for lunar meteor-
ites we have some understanding of their geological setting because of extensive
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knowledge obtained from the lunar missions. But this is not the case for martian
meteorites, delivered to Earth by young impacts. Indeed, martian meteorites are
heavily biased towards Amazonian volcanic/plutonic terrains, ironically the time of
least volcanic activity, and represent as few as four distinct locations, but even this
is uncertain (see Chapter 5).
Five landed missions have studied the geochemistry of the martian surface and,

for the last two missions have also evaluated the mineralogy of rocks and soils using
visible, infrared and Mössbauer spectroscopy [4]. Of these, the rover Spirit has
traversed across (at least) two distinct terrains (Gusev plains; Columbia Hills) and so
effectively six distinct sites have been examined. Site selection is also biased due
to various engineering constraints. These results can be placed into reasonable
geological context but the scope of data is limited. Thus, major-element data are
available but analytical quality is variable from mission to mission and, in some
cases, difficult to interpret. Spirit and Opportunity analyzed several trace elements
but coverage is limited (only Cr, Ni, Zn, Br were obtained routinely). Various
spectroscopic observations produce incomplete and, in many cases, ambiguous
mineralogical interpretations [5].
Orbital remote sensing is another way to sample the crust. Mars Odyssey gamma-

ray spectroscopy (GRS) is especially relevant [6], providing the chemical composi-
tion of the surface with “footprints” ~ 300 km diameter and sampling depths on the
order of a meter or less, depending on material properties of near-surface deposits.
Element coverage is incomplete and effective spatial resolution highly variable
among elements [7]. On the other hand, the heat-producing and incompatible
elements K and Th, as gamma-ray emitters, are among the best determined as
are several elements either important to petrologic modeling (e.g. Si, Fe, Ca, Al) or
for understanding surficial processes (Cl, S). Thermal infrared spectroscopy con-
strains surface mineralogy and, in turn, chemical inferences can be made from
modeled mineralogy but with great uncertainty. The thermal emission spectrometer
(TES) instrument onboard Global Surveyor had a “footprint” of a few kilometers
and mapped the entire martian surface but only to depths on the order of a few
microns [8].
The important point here is that there is a wealth of high-quality chemical and

spectral data available for the near-surface of Mars, but integrating various types of
data into a coherent picture of the chemical and mineralogical constitution of the
martian crust is more challenging.

6.2 Crustal dimensions

The mass of the martian crust scales directly with the degree to which incompatible
elements (including heat-producing elements) have differentiated into the crust.
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Mars has a surface area of 1.444 ×108 km2, or equivalent to about 28.2% of the
Earth’s surface area, roughly two-thirds the area of terrestrial continental crust and
almost identical (97.6%) to the area of the Earth’s landmass. The planet has 29.4 km
of surface relief with the bottom of the Hellas impact basin being the lowest
(−8.2 km) and the top of Olympus Mons the highest (+ 21.2 km) [9].
Without seismic data, constraining crustal thickness must employ indirect and

model-dependent methods. The best approach combines topography and gravity,
which leads to an average value of about 50 km and with variations between about
3–92 km but mostly between 20–70 km. The crust beneath the southern highlands is
about 25 km thicker than that beneath the northern plains [10]. Other approaches
have included geochemical mass balance, moment of inertia data and viscous
relaxation of topography, all of which include various assumptions (that could
be avoided with some good seismic measurements). Wieczorek and Zuber [11]
reviewed the various approaches and concluded that the average thickness of the
crust was 50 ± 12 km, the value adopted here (Fig. 6.1).
Uncertainties in crustal thickness, volume of the mantle (see Chapter 5) and

densities of both in turn place considerable uncertainties on the fraction of the planet
and of the primitive mantle represented by the crust. Thus the volume of crust is
about 7.11 ± 1.68 × 109 km3, which for a density of 3.00 g/cm3 leads to a mass of
2.13 ± 0.50 × 1022 kg. These values translate into the crust representing 4.4 ± 1.0%
of the volume of the planet. Of more interest to this study is what fraction the crust is
of the primitive mantle. For the uncertainties in the volume of the martian mantle
described in Chapter 5 (~ ± 9%) and for a mean mantle density of 3.60 g/cm3, the
crust represents 4.9 ± 1.3% of the volume and 4.1 ± 1.1% of themass of the primitive
mantle. For comparison, these values are approximately six times the fraction of
the terrestrial primitive mantle that is represented by the present-day terrestrial
(continental + oceanic) crust.

6.2.1 Hypsometry

One manifestation of the terrestrial continental–oceanic crust dichotomy is bimodal
hypsometry that corresponds to the crustal type (i.e., oceanic vs. continental).
Martian hypsometry is also bimodal, broadly similar to Earth. The martian bimodal
distribution corresponds largely to the hemispheric dichotomy separating ancient
southern highlands from younger low-standing smooth plains to the north. On
Earth, the bimodal distribution in crustal elevation reflects isostatic response to
differing oceanic and continental crust and lithosphere compositions, raising the
question that there may be analogous compositional differences on Mars, perhaps
implying continental-like crust. However, when hypsometry is normalized to the
planet’s center of figure (as opposed to the center of mass) [13], the bimodality
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disappears and a unimodal distribution of elevation results. On Earth the offset
between center of figure and center of mass is much smaller and when a similar
correction is made, the bimodal hypsometry remains [14]. Accordingly, variation in
crustal thickness is the dominant control on crustal elevation on Mars with no
broader tectonic significance (Fig. 6.2).

6.3 Igneous diversity in a basaltic crust

It is widely understood that Mars is a “basaltic planet” [2, 3] with the crust dominated
by basaltic lavas and their intrusive and volcaniclastic cousins. However, as with
any remote region unavailable for sampling, there is a tendency to ascribe simplicity
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Fig. 6.1 (a) Histogram of crustal thickness on Mars. (b) Crustal thickness profile
along longitudes 60° E–240° E. Note that the crust thins greatly beneath the Hellas
impact basin and thickens beneath Tharsis (vicinity around Arsia Mons), where it
obscures the hemispheric dichotomy boundary. On this transect, the dichotomy
boundary is best resolved at about 60° north of the Hellas rim (denoted by arrow
marked HD). Vertical exaggeration of 60:1. Adapted from Neumann et al. [12].
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in the place of ignorance. Thus until quite recently, martian meteorites dominated
our thinking about the crust in spite of their obvious biases. As the surface of Mars
has become more accessible and studied, our understanding of the complexity has
increased greatly.WhileMars remains a “basaltic planet”, the crust in fact appears to
have had a complex magmatic history (Fig. 6.3), the details of which are only
beginning to be unraveled. A review of the various igneous lithologies that have
been documented can be found in Taylor et al. [15]. With the possible exception of
ALH84001, it is likely that all martian meteorites and rocks studied on the surface
by rovers are representative of young secondary crust-forming processes.

Fig. 6.2 Plots of martian (a) hypsometry and (b) hypsometry corrected for the
2.99 km CF/CM offset. Note that the bimodal distribution of hypsometry
disappears when the effect of the CF/CM offset is taken into account [14].
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6.3.1 SNC meteorites and crustal contamination

The importance of martian meteorites for understanding the composition and early
differentiation of the mantle was provided in Chapter 5. These rocks, representing
volcanic activity at six or seven distinct sites (but perhaps as few as four), were
derived from the near surface during impacts and thus provide direct information
about the crust [17]. Apart from the single Noachian-aged sample ALH84001, all
other martian meteorites (SNC) sample Middle- to Late Amazonian crust and thus
provide information about young crustal additions, which in terms of overall crustal
mass are minor (see below).
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Fig. 6.3 Plot of (Na2O + K2O) versus SiO2 for igneous rocks from Mars. Plotted
are the fields for SNC meteorites, igneous rocks from the Gusev plains and
Columbia Hills analyzed by the Spirit rover and the two lowest sulfur rocks
analyzed by Pathfinder. Dotted lines represent boundary between alkaline and
subalkaline volcanic series. With few exceptions, these rocks are basaltic but
exhibit considerable diversity within that compositional range such that both
alkaline and subalkaline compositions are present [16]. Also plotted is the estimate
for the bulk composition of the martian crust (see Section 6.5).
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Although there are significant petrological distinctions among the different
varieties of shergottites, they all share some common traits. All represent lavas or
cumulates from silica-saturated low-K basalts characterized by high FeOT, low
Al2O3 and low Mg-numbers. These features have long been interpreted to reflect
derivation from a residual mantle (i.e., from which an aluminium-rich crust had
been extracted) enriched in iron compared to the Earth (see Chapter 5 for further
discussion and caveats). Among other notable characteristics are correlated varia-
tions in trace element and isotopic compositions and oxidation states indicative of
mixing between two sources. This is clearly seen in REE distributions (Fig. 5.5),
isotope variations (e.g. Fig. 5.10), and fO2 [18]. One source is a long-term highly
incompatible-element (e.g. LREE) depleted, relatively reduced (~QFM −4; where
QFM is the quartz–fayalite–magnetite oxygen fugacity buffer) mantle source. The
other is relatively oxidized (~QFM −1) and characterized by incompatible-element
enrichment.
This enriched component may be of special importance to understanding crustal

evolution but its origin is the subject of considerable debate. The standard model
is that this component represents contamination from ancient crust either directly
mixed into the magma or by more complex assimilation – fractional-crystallization-
type processes. If so, the composition of the crustal component can be constrained
as oxidized and modestly enriched in incompatible elements (La/Yb ~ 3–4) with
present-day εNd ~−20 [19]. However, the lack of correlation between apparent degree
of crustal contamination and other indices of differentiation (e.g. Mg #) suggests that
the second component could be a long-term enriched mantle source, possibly analo-
gous to lunar KREEP [18, 20]. Although shergottites are related in general terms, they
represent a range in crystallization age and geological settings (i.e., ejection ages).
Accordingly, they no doubt represent a variety of petrogenetic histories and so care
is required in interpreting the absence of correlations between trace elements, isotopes
and other petrological indices. Nevertheless, the difficulty in distinguishing ancient
large-ion lithophile (LIL)-enriched mantle components from crustal contamination
has also plagued the study of terrestrial basalts [21] and so this controversy is unlikely
to be resolved any time soon.
The 1.3Gyr cumulate nakhlites (clinopyroxenites) and chassignites (dunites)

have similar crystallization ages, isotopic compositions and ejection ages and
may be derived from a single impact event ~ 11 million years ago (see reviews in
Refs. 15, 22, 23). The basalts from which they were derived were broadly similar to
shergottites, enriched in Fe and depleted in Al. In contrast to shergottites, nakhlites
and chassignites are incompatible-element enriched (e.g. La/Yb ~ 6) but Nd isotopic
evidence indicates derivation from long-term LREE-depleted sources (εNd (1.3Gyr)
~ + 15–+17), generally reminiscent of many terrestrial plume volcanics. There are
sufficient differences in composition between nakhlites and chassignites to indicate
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their petrogenetic relationship is complex. They likely represent zones of mineral
accumulation at the base of lava flows or sills. Why only cumulate zones of the lava
flows would be sampled by the ejection process is not understood.
Recent experiments based on chassignite olivine melt inclusions suggest fractio-

nation assemblages similar to those observed in terrestrial silica-saturated alkaline
lavas (e.g. hawaiites), such as those found at Ascension Island and the Azores [24].
These results add to the growing body of evidence that alkaline magmatism may
have been more common on Mars than previously appreciated (discussed further
below in Section 6.3.4). Alkaline suites on the Earth commonly show a broad range
in composition, including small volumes of highly differentiated rocks such as
dacites and rhyolites.

6.3.2 Hemispheric dichotomy, Surface Types 1 and 2 and martian andesites

Global mapping of TES defined two distinctive regions within low dust areas,
termed Surface Types 1 and 2 (ST1, ST2), in the low-albedo regions of the southern
and northern hemispheres, respectively [25]. Spectral analysis suggests that ST1
is best modeled as clinopyroxene–plagioclase basalt but interpretation of ST2
is controversial. Initially modeled as igneous rocks enriched in plagioclase and
volcanic glass and interpreted to be andesitic, the spectrum can also be modeled as
altered basalt with components of clays and/or amorphous silica [26]. The chemical
compositions of ST1 and ST2 have been estimated by mixing mineral end members
derived from spectral deconvolution; however, elements such as Fe, Mg, Ca, Na and
K can vary by more than a factor of two depending on the minerals used in the
spectral deconvolution and mixing calculations [27, 28]. This uncertainty makes it
difficult to use such approaches to estimate the chemical composition of the martian
crust in a robust manner.
Gamma-ray spectroscopy mapping provides additional insight on global-scale

compositional variations. The GRS has a “footprint” about two orders of magnitude
larger (~ 300 vs. ~ 3 km) and a sampling depth about four orders of magnitude greater
(~ 50 cm vs. < 50 μm) than TES and so comparing results requires caution.When ST1
and ST2 regions are compared using GRS data, the only significant differences are
elevated K and Th (but not Si) in ST2 [29]. Since TES data are far more sensitive
to thin surface coatings, where aqueous alteration effects may dominate (see below)
the discrepancy is not surprising and appears to support the alteration model.
An intriguing characteristic of GRS data is that correlations with major geological

provinces, such as Tharsis or the dichotomy boundary for the most part are subtle
[30]. Among the factors that may explain this result are the relatively large footprint,
limited chemical variation on a “basaltic planet”, mixing associated with impact
processes and the ubiquitous presence of soils and dust that blunt regional igneous
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compositional variations. A notable exception is a hemispheric contrast in iron
content with the northern hemisphere being enriched by about 2–3% FeOT, which
likely reflects the composition of the younger resurfacing of the northern plains
(Fig. 6.4).
Two proposed explanations are (1) the effect is due to secondary alteration where

iron is leached from rocks in the south by acidic weathering and transported by
surface waters to the northern hemisphere or (2) the effect is fundamentally igneous
with younger surface lavas in the north being more iron-rich than the older crust
exposed in the south [31, 32]. Lack of correlation between Fe and Cl [33] favors

Fig. 6.4 Global maps of iron content in the martian near surface mapped by
gamma-ray spectroscopy. (a) Map of iron content shown in grayscale. Black line
is the 0 km elevation contour. Landing sites labeled: V1, V2 –Viking 1 and 2; PF –
Pathfinder; M –Opportunity at Meridiani Planum; G – Spirit at Gusev Crater. Cut-
off of data in north and south corresponds to water-rich polar regions (“H-mask”).
The northern hemisphere surface has enriched iron compared to the south. (b) Iron
content with shaded-relief overlay showing relationships between composition
and major geomorphological features. Maps courtesy of Buck Janes and Bill
Boynton.
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the latter explanation and thus it appears that there may be secular variations in
crustal composition due to later volcanism (see below).
The Pathfinder mission discovered SiO2- and K2O-rich rocks [34], likely of

Hesperian age, that plot within or close to the andesite field on various geochemical
classification schemes (Table 6.1; Fig. 6.3) [35]. This evocative term naturally leads
to speculation of a plate-tectonic origin. However, such rocks are chemically distinct
from terrestrial andesites, for example; their content of FeO (~ 15%) is about twice
the levels typically seen for calc-alkaline andesites, and so any such comparison is
superficial. Assuming these rocks are indeed igneous (a question by no means
settled) and that the measured composition is not strongly influenced by surface
coatings [35], they are most likely late-stage differentiates derived from more
typical martian basalts (e.g. icelandites) [36].

6.3.3 Gusev plains and Meridiani Planum

The Spirit rover analyzed three volcanic cobbles, thought to be of Hesperian age, on
the plains of Gusev Crater [37, 38]. This lithology, termed Adirondack Class [39],
represents a low-K (but high-Na) olivine-bearing picritic basalt [40] (Table 6.1).
Although much older, they bear some resemblance to olivine-phyric shergottites
but with lower SiO2 and higher Al2O3 and Na2O (reflecting more plagioclase).
Adirondack rocks also contain vugs and vesicles suggesting magmatic volatiles,
which contrasts with the relatively dry shergottites. Although these basalts are
interpreted to represent melts from “primitive magmas” [40] their low K content
(~ 250–900 ppm), comparable to the most LREE-depleted shergottites, suggests
their sources were incompatible-element depleted.
Several basalt pebbles have been analyzed on the Meridiani Plains, the best-

characterized being Bounce Rock [41]. This rock is chemically similar to basaltic
shergottites, notably EETA79001B. Other basalt cobbles were too small to abrade
with the rock abrasion tool and so the composition includes an altered surface (i.e.,
high S and Cl) but compared to Bounce Rock, these rocks are likely characterized by
higher FeOT, MgO, K2O, P2O5, Cr, Ni and lower CaO. The ages of the pebbles are
not known as they are likely ejecta but if they were derived from rocks underlying or
in the vicinity of Meridiani Planum, they are likely much older than the shergottites,
perhaps Late Noachian to Hesperian.

6.3.4 Alkaline volcanism and the Columbia Hills

The Noachian to Early Hesperian Columbia Hills, including the region termed
Home Plate, in Gusev Crater [38] appear to be an alkaline volcanic province [42].
Rocks preserved within this terrain appear to be largely of pyroclastic origin and
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include volcanic, tuffaceous and volcaniclastic rocks, in places reworked by eolian
processes. Because the Spirit rover lost its ability to abrade rock surfaces shortly
after beginning the ascent of the Columbia Hills, exact primary chemical composi-
tions are less secure. Nevertheless, the high levels of (Na2O + K2O) clearly point
to mildly alkaline compositions. Indeed, McSween et al. [42] demonstrated that it is
possible to derive Columbia Hills magmatic rocks by fractional crystallization from
Adirondack-like volcanic compositions and accordingly the entire magmatic suite
within Gusev Crater may be part of an alkaline province.
The global extent of such terrains is not well known. With increasing resolution,

orbital spectroscopy has begun to identify small regions with highly evolved com-
positions, even including several small regions of quartz-bearing volcanic rocks
[43]. However, orbital spectroscopy has generally been interpreted to suggest that
the martian surface is dominated by subalkalic basaltic compositions but this could
be due in part to inadequate mineral libraries; considerably more work is needed to
evaluate this issue [28].

6.4 The sedimentary rock cycle on Mars

The terrestrial sedimentary record provides insight into the origin, composition and
evolution of continental crust (see Chapters 10 and 11). Accordingly, existence of
a sedimentary record on Mars promises to provide comparable information [44].
There are also many fundamental differences expected (and observed) for the
sedimentary records of the two planets. On Earth, forces associated with plate
tectonics are the main cause of uplift, subsidence, basin formation and the large-
scale architecture of sedimentary deposits. On Mars, plate tectonics never occurred
and associated large-scale thermal subsidence appears to be mostly absent. Instead,
volcanic loading and impact processes provide the differential elevation, subsidence
and basins that are required for sediment formation, transport, accumulation and
preservation. Most sediment on Earth is derived from the “granitic” upper continental
crust and the sedimentary record mostly reflects continental evolution. In contrast,
Mars is a “basaltic planet” and accordingly, the sedimentary record responds very
differently.

6.4.1 Water, wind and ice

The present-day inventory of water on or near the surface of Mars is likely only a
small fraction of that on Earth both in terms of absolute amounts and concentration
[45]. The volume of polar deposits is about 4–5 × 106 km3 but the ratio of dust to
water is not well constrained. Even assuming they are completely dominated by
water ice, they only represent 0.3% of the terrestrial hydrosphere. It has long been
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understood that subsurface ice likely exists in pore spaces of the regolith and that
this is the main reservoir of near-surface water [46]. Neutron mapping suggests that
on average, the top meter contains about 14% water [47]. At high latitudes where
near-surface ice is stable, this probably represents water ice. However, at mid lati-
tudes where near-surface ice is thought to be unstable the situation is less clear. One
possibility is that low-latitude subsurface water is in the form of ice that represents
remnants of a previous climatic regime. A more likely possibility is that a significant
fraction of low-latitude water is a structural component held by the various hydrated
minerals that have been detected in soils and outcrops [48].
Mars has long been known to possess a dynamic sedimentary cycle [49]. In

addition to extensive impact and volcaniclastic deposits, a variety of additional
sedimentary processes have been documented, some of which implicate subaqueous
conditions during the planet’s early history. The canals of Lowell have long since
given way to erosional channels of widely varying scale, branching valley networks
and gullies, all suggesting the flow of liquid water at the surface. There is evidence
that gullies continue to form today [50] but mostly the evidence for flowing water
points to ancient processes (although some large channels may be as young
as ~ 100Myr). Valley networks are mostly restricted to the heavily cratered high-
lands, suggesting they are equally ancient, mostly Noachian with lesser occurrences
during the Hesperian.
Extensive and thick-layered deposits, in some cases exhibiting clearly defined

unconformities, are found in many craters in the ancient southern highlands
(Fig. 6.5). Layered deposits likely formed by a variety of volcanic and impact
processes in addition to eolian and subaqueous transport. However, in some of these
craters geomorphological evidence suggests both moving and standing water, in the
form of deltas, terraces and outlet channels. A popular proposal, but one for which
convincing evidence remains elusive, is that the northern lowlands were the site of
Noachian oceans, perhaps as much as 3 km deep.
Layered deposits are also exposed in the walls of the canyon systems of

Valles Marineris, although uncertainty persists as to whether all of these deposits
are part of the Noachian country rock and thus predate formation of VallesMarineris
(Fig. 6.5), or formed predominantly after development of the canyons. Although
much of this layering may be related to impact and volcanic processes, recent
identification of sulfates and phyllosilicates in the layered deposits (see below)
suggests that additional sedimentary processes, involving aqueous alteration and
chemical sedimentation, were also active.
In spite of a thin atmosphere [51] the present-day surface contains abundant

evidence for ongoing eolian processes in the form of dunes, eolian ripples, yardangs
and wind streaks. Dust-devils and active wind transport have been observed by
the Mars rovers and massive dust storms, sometimes of global extent, are an annual
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occurrence. Ancient sedimentary rock deposits, where studied in detail, also show
evidence for deposition by eolian processes (see below).
Glacial and periglacial processes have been important, perhaps throughout

much of geological time. Both poles are covered by up to ~ 3 km of rhythmically
layered deposits consisting of water ice and fine-grained debris likely dominated by
eolian dust (polar layered deposits, hereafter PLD). In turn, PLD are overlain by less
extensive, thin (~ 1–10m) residual ice caps comprised mainly of water ice in the
north and water ice covered by CO2 ice in the south. Avery thin seasonally cyclical
veneer of CO2 ice covers these deposits and at its maximum extends to latitudes as

(a) (b)

(c)

500  m

500  m 2 km

Fig. 6.5 Orbital images showing sedimentary layering in ancient terrains of Mars.
(a)Mars Orbiter Camera (MOC) image showing layered sedimentary rocks exposed
in the walls of Candor Chasma within Valles Marineris (NASA Photojournal
PIA07352). (b) Mosaic of MOC images showing sedimentary layering within
Galle Crater (52.3° S, 30.1°W). Note the numerous unconformities in the lower
part of the image (NASA Photojournal PIA08544). (c) Mosaic of MOC images
showing fan-shaped deposits (Eberswalde Fan) near Holden Crater, interpreted to
represent remnants of an ancient delta. NASA Photojournal PIA04869.
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low as 50° in the winter. Although mostly concentrated within the 80° latitude
circle, thin PLD remnants extend equatorially to nearly 70° latitude. Also surround-
ing the main polar deposits and extending further towards the equator are periglacial
features, including dune fields (termed the polar erg), patterned ground, and pos-
sible drumlins, eskers, thermokarst features and ice polygons, suggesting more
extensive glacial and periglacial activity than is currently present. Of some interest
is the occurrence of a 7500 km2 gypsum-bearing erg in the north polar region, for
which there is no obvious nearby source [52].
Polar deposits are young. Northern deposits have surfaces on the order of

hundreds of thousands of years and southern deposits are two orders of magnitude
older, ~ 5–10Myr [53]. Thus, southern deposits are much older than timescales of
obliquity variation and no doubt preserve a record of recent climate change [54].
Indeed, Mars may be emerging from an “ice age”. Peripheral to the southern PLD
lies the Hesperian-aged Dorsa Argentea Formation. Initially interpreted to represent
volcanic or eolian deposits, landforms that look like eskers and features consistent
with basal melting have led to suggestions that this unit may also be ice-rich. If so,
it would be consistent with glacial activity occurring, at least periodically, over a
significant part of martian history [55].

6.4.2 Surficial processes

Most of the sediment observed on Mars is composed of basaltic debris. However,
there is increasing evidence that both ancient sedimentary rocks and surface soils
contain abundant chemical constituents in the form of sulfates, amorphous silica,
possibly chlorides, but only rarely carbonates (preserved within fractures in martian
meteorites). Accordingly, it is clear that aqueous weathering/alteration has played a
role in the sedimentary cycle. In detail, weathering patterns differ considerably from
those seen on Earth (Fig. 6.6). Iron is relatively mobile (in spite of oxidizing surface
conditions) suggesting acidic conditions. On the other hand, little evidence exists
for large-scale aluminium mobility in spite of aluminium being orders of magnitude
more soluble than ferric iron under similar low pH conditions. These observations
suggest that highly soluble minerals, such as olivine and perhaps iron–titanium
oxides, are involved in chemical weathering, but less soluble plagioclase is not. The
weight of evidence thus points to surface weathering taking place dominantly under
acidic conditions in aqueous systems that are rock-dominated rather than fluid-
dominated (i.e., low water/rock ratios) [56].
Unlike the terrestrial sedimentary record where the carbon cycle dominates

surficial processes, on Mars it appears that the sulfur cycle has dominated during
much of the planet’s history [44]. The atmosphere consists mainly of CO2 but there
is very little of it and apart from minor occurrences in martian meteorites, carbonate
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minerals have yet to be unambiguously identified at the surface. Instead, sulfates
(± chlorides) dominate the chemically precipitated constituents in surficial deposits.
Mineralogical associations suggest that they form mainly as evaporites and their
diagenetically oxidized equivalents [57]. Sulfate minerals have also been identified
from orbit and spectra suggest the presence of gypsum, kieserite and unspecified
polyhydrated sulfates within ancient layered deposits and in the polar erg suggesting
they are widespread in both space and time [52, 58].
Orbital infrared measurements have identified vibrational patterns consistent

with the limited occurrences of clay minerals [59]. Although the exact mineralogy
is not known, data appear most consistent with iron-rich clays (e.g. nontronites) and
lesser occurrences of aluminous clays. Such minerals likely formed in the presence
of near-neutral to slightly alkaline conditions. Bibring et al. [60] suggested that
phyllosilicates are restricted to Early Noachian terrains and that there was an evolution
in pH conditions from water-rich, near-neutral during Early Noachian to water-rich
and acidic during the Late Noachian–Early Hesperian to water-limited and acidic
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Meridiani rock s
Meridiani soils

Pathfinder rock s
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Viking 1 soils
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Fig. 6.6 Ternary diagrams of mole fraction Al2O3–(CaO+Na2O+K2O)–(FeOT +
MgO) comparing terrestrial and martian alteration patterns. Terrestrial data are
taken from a variety of weathering and alteration profiles. Mars data include all
published results for martian meteorites and in situ analyses of all rocks and soils
by Viking, Pathfinder and the Mars Exploration rovers (see Hurowitz and
McLennan [56] for data sources). On Mars, iron is highly mobile during surficial
processes due to low pH conditions and dissolution of the most soluble mafic
minerals such as olivine. However, lack of aluminium-enrichments suggests that
less soluble plagioclase is relatively unaffected, consistent with rock-dominated
(low water/rock ratio) aqueous systems [56].
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during Late Hesperian/Amazonian. Although there certainly appears to have been a
reduction in the amount of water involved in sedimentary processes over martian
history, the idea that this was accompanied by a secular variation in pH is less secure.

6.4.3 Soils and dust

Much of the martian surface is covered by unconsolidated soils derived from a
variety of impact, eolian and other sedimentary processes [61]. Accordingly, the
origin of soils is complex and they are composed of a mixture of several components
including: (1) impact ejecta of highly variable grain size that forms the planetary
regolith [62]; (2) sand-sized and finer sedimentary deposits produced mainly
by eolian transport; (3) chemical constituents consisting mainly of magnesium,
calcium and iron sulfates (and possibly chlorides) and amorphous silica; (4) very
fine grained, typically bright-toned dust.
Martian dust has long been thought to be a representative sample of the crust [63],

analogous to terrestrial loess, although its exact chemical composition has proven
elusive [64]. Dust may have been derived substantially from impact processes early
in Mars’ history and subsequently recycled at the surface. Indeed, if anything, dust
may be biased towards sampling the more ancient southern highlands rather than
less eroded younger volcanic terrains [65]. Magnet experiments on the Mars rovers
isolated fine dust and analyses on opposite sides of the planet are remarkably similar
[66] confirming the globally homogeneous nature. Table 6.2 lists the composition
of soils that appear to be dominated by bright dust analyzed by the Spirit and
Opportunity rovers. Accordingly, our judgement is that the dust, though possibly
having a slight age bias, probably provides a good measure of the average composi-
tion of the exposed crust.
The idea that average sediment can be equated to upper crust, once components

added during weathering (e.g. CO2, SO3, Cl) are accounted for, is well established
on Earth [67]. Terrestrial sedimentary rocks are highly differentiated by lithology
because chemical constituents are stored for long periods of time in oceans and
deposited separately where conditions are favorable. Thus, clastics, carbonates,
evaporites and siliceous sediments tend to form distinct lithologies and compo-
sitions for major elements and the more soluble trace elements are highly variable
among these lithologies. On Mars, however, the situation appears to be simpler.
Where studied, soils commonly appear to be intimate mixtures of both chemical and
non-chemical components and lithological differentiation is less pronounced.
Whether this is due to sedimentary mixing processes or to in situ alteration is not
always clear and indeed both processes may be important.
The origin of sulfur and chlorine at the surface is ultimately due to volcanic

activity, though its subsequent history is complex and not well understood. On
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Earth, such constituents find their way into the ocean and marine sediments; a
northern ocean on Mars, if it existed, should have provided a similar sink. Global
GRS mapping provides no support for this notion.
It is also clear that soils contain a significant local influence on their compo-

sitions. Thus the chemical compositions of Pathfinder soils form mixing lines
with local Si- and K-rich rocks as one end member, some Meridiani soils contain
abundant hematitic concretions derived from the underlying bedrock (Table 6.2)
and some soils from the Columbia Hills have inherited elevated phosphorus from
nearby bedrock [34, 64, 68]. Nevertheless, these effects appear to be of second order
and once corrected for local influences, soils are remarkably uniform in composi-
tion. It is unlikely that soils are globally mixed but rather that they sample large
enough regions to effectively provide a reasonable sampling of the exposed, glo-
bally basaltic crust for both major and trace elements. Table 6.2 also lists the
compositions of typical martian soils and they compare favorably to the composi-
tion of dust-rich soils.

6.4.4 Sedimentary rocks on Mars

The existence of ancient layered deposits has been known since Mariner 9.
However, recent imaging shows the remarkable extent of such deposits, especially
in Noachian and Hesperian terrains and geomorphological evidence points to many
of these deposits being sedimentary rocks [69]. Most sedimentary deposits are
relatively flat-lying with “layer cake” stratigraphy or in the case of impact-related
and pyroclastic deposits may be draped over pre-existing topography. Depositional
environments are difficult to establish from orbital imaging but in a few cases,
such as at the Holden Northeast crater, apparent drainage patterns and fan-shaped
geometry suggest an ancient deltaic or alluvial fan system [69, 70].
At the surface, both Spirit and Opportunity have identified ancient sedimentary

rocks on opposite sides of the planet. At Meridani Planum, the Burns formation
represents Late Noachian to Early Hesperian indurated eolian sandstones com-
posed of sulfate-rich sand grains derived from altered basaltic debris, perhaps from
a desiccating playa lake. Sands were deposited in a “wetting upward” dune–
interdune environment and cemented by evaporitic sulfates during repeated acidic,
very high ionic strength groundwater recharge that occasionally breached the
surface for short periods of time (Fig. 6.7) [71]. In the Columbia Hills, Spirit
encountered a Noachian layered sequence that includes sedimentary rocks. A
variety of lithologies and depositional environments are represented but the over-
all sequence has a dominantly pyroclastic origin (Fig. 6.8) [72]. In the vicinity of
Home Plate, associated deposits, enriched in amorphous silica, are consistent
with hydrothermal processes that commonly accompany pyroclastic activity.
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Table 6.3 lists the chemical composition of selected sedimentary rocks from
Meridiani Planum and the Columbia Hills.

6.4.5 Meteoritic components

An important issue to consider for ancient planetary surfaces is the role of meteoritic
components in soils and other sedimentary deposits. On the Moon, meteoritic com-
ponents in lunar soils are reasonably well constrained to about 2%, of CI average
composition [73]. Until recently, the magnitude of the meteoritic component in
martian soils has been the source of great uncertainty with estimates ranging from
zero to 40% [74]. Some workers postulated a substantial meteoritic component

Table 6.3 Chemical composition of selected sedimentary rocks from Mars

Meridiani Planum Columbia Hills Home Plate

Average Burns Upper Burns Lower Burns

Formation (Guadalupe) (Mackenzie) Peace Alligator Posey Crawfords

SiO2 37.1 36.2 43.0 37.3 41.8 45.8 46.6
TiO2 0.74 0.65 0.86 0.45 0.53 1.02 1.11
Al2O3 6.40 5.85 7.27 2.24 5.49 9.39 9.98
FeOT 15.6 14.8 15.6 20.4 18.3 15.5 15.4
Cr2O3 0.20 0.17 0.20 0.75 0.63 0.32 0.34
MnO 0.32 0.30 0.32 0.47 0.33 0.32 0.29
MgO 7.89 8.45 5.43 21.53 16.27 9.56 10.3
CaO 4.98 4.91 4.60 4.90 4.72 6.71 6.74
Na2O 1.76 1.66 1.93 n.d. 1.6 3.53 3.36
K2O 0.56 0.53 0.69 n.d. 0.19 0.42 0.32
P2O5 1.05 0.97 1.15 0.49 0.29 1.38 1.27
SO3 22.18 24.91 17.01 10.6 8.48 4.85 2.91
Cl 1.00 0.50 1.90 0.72 1.26 1.96 1.35
∑ 99.8 99.9 100.0 99.9 99.9 100.8 100.0
Cr 1370 1160 1370 5130 4310 2190 2330
Ni 590 589 546 774 506 379 297
Zn 423 324 447 64 205 407 314
Br 100 30 9 71 217 181 91
Ge – – – – – 30 30

Notes: Burns formation, Peace and Alligator analyses all from abraded surfaces; Posey and
Crawford from brushed surfaces. Posey and Crawford are from the upper part of a
pyroclastic deposit found at Home Plate. Because these rocks were likely derived by
eolian reworking of the pyroclastics, they are included here. Major elements in wt%, trace
elements in ppm. Data sources: Burns formation from Planetary Data System; Peace
and Alligator from Gellert, R. et al. [37]; Home Plate from Squyres et al. [72].
Abbreviations: FeOT, total iron as FeO; n.d., not detected; –, no analysis available.
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due to the proximity to the asteroid belt (where meteoritic flux should be about one-
third greater than at Earth), the scant atmosphere and size of Mars. The source of
uncertainty comes from the fact that trace-siderophile data have not been available
andmajor-element differences between martian crust and meteorites are too small to
provide robust constraints.
The issue appears now to have been resolved with the sensitive APXS instrument

on the Mars rovers that measures nickel concentrations at the ppm level. Yen et al.
[75] identified nickel-enrichment in a wide variety of soils and ancient sedimentary
rocks at the Meridiani and Gusev landing sites, relative to potential upper-crustal
igneous sources. The differences are best explained by a meteoritic contribution of
between 1 and 3%, similar to the amount found in soils on the Moon. However,
comparison between the Moon and Mars is perhaps misleading. Although the
martian surface is mostly ancient, it is younger on average than the lunar soils and
accordingly, similar levels of meteoritic components are likely consistent with the
greater meteoritic flux for Mars.

6.5 Bulk composition of the crust

An estimate for the bulk composition of the martian crust is given in Table 6.4 and is
compiled from several sources [76]. Major element, and Cr, Ni and Zn abundances
are taken from average S- and Cl-free soil and dust compositions after correction
for a 2% meteoritic component assumed to be of CI composition. These values are
broadly consistent with GRS data. Potassium and Th were derived directly from the
global average GRS data but increased by a factor of 1.12 to account for H2O, Cl and
S in near-surface deposits. Uranium was calculated from Th/U = 3.8.
Estimates of additional elements fall closer to the realm of speculation but some

constraints are possible. Using the chondritic La/Th ratio of 8.6 gives a La concen-
tration of 6.0 ppm, which is probably an upper limit as most martian meteorites have
subchondritic La/Th ratios [77] (see Fig. 5.8a) and in terrestrial settings petro-
logically evolved rocks also tend to have lower La/Th than primitive mantle [67].
Using the K/La ratio of martian meteorites leads to a La value of 5.5 ppm, but some
caution is warranted since these meteorites are not representative of the bulk crust
and the calculation assumes K and La are equally incompatible under a broad range
of igneous conditions. Assuming that the enriched component of basaltic shergot-
tites (see Fig. 5.5) is a crustal component rather than a second mantle reservoir, it is
possible to estimate the REE pattern of this crustal component using mass balance
with Nd isotopes and leads to the following values: Nd = 8.5 ppm, Sm/Nd ~ 0.26 and
La/Yb ~ 3 [19]. Thus the most likely REE pattern for the averagemartian crust is one
that is slightly LREE-enriched with abundances that vary between about 15 × CI
for La to about 7 × CI for Yb. Rubidium is estimated from K/Rb= 300 and Ba
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by assuming Ba and Th are in chondritic proportions. Similar results are obtained
by assuming these LIL elements vary in their level of enrichment relative to the
primitive mantle as a smooth function of ionic radius.
Since there appears to be no systematic pattern of Eu anomalies in the martian

meteorites, we further conclude that neither average crust nor average depleted
mantle possess a significant Eu anomaly. This is in stark contrast to the Moon where
crystallization of the magma ocean has strongly fractionated Eu, during formation
of the plagioclase-rich lunar highland crust on that dry and highly reduced body (see
Chapter 2 for further discussion).
A crust of this composition that is 4% of a primitive mantle with a composition

presented in Chapter 5 (Table 5.4) implies that ~ 50% of the most incompatible
elements have been extracted from the mantle into the crust. Since the younger
secondary crust of Mars appears dominated by incompatible-element-depleted

Table 6.4 Estimate of the bulk composition of the martian crust

Crust

SiO2 49.3
TiO2 0.98
Al2O3 10.5
FeO 18.2
Cr2O3 0.38
MnO 0.36
MgO 9.06
CaO 6.92
Na2O 2.97
K2O 0.45
P2O5 0.90
∑ 100.0
Na (wt%) 2.20 La (ppm) 5.5
Mg (wt%) 5.46 Ce (ppm) 13.9
Al (wt%) 5.56 Pr (ppm) 1.9
Si (wt%) 23.0 Nd (ppm) 9.4
P (ppm) 3930 Sm (ppm) 2.7
K (ppm) 3740 Eu (ppm) 0.95
Ca (wt%) 4.95 Gd (ppm) 3.1
Ti (ppm) 5880 Tb (ppm) 0.55
Cr (ppm) 2600 Dy (ppm) 3.4
Mn (ppm) 2790 Ho (ppm) 0.70
Fe (wt%) 14.1 Er (ppm) 1.9
Ni (ppm) 337 Tm (ppm) 0.25
Zn (ppm) 320 Yb (ppm) 1.7
Rb (ppm) 12.5 Lu (ppm) 0.26
Y (ppm) 18 Th (ppm) 0.70
Ba (ppm) 55 U (ppm) 0.18
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basalts and related rocks, the vast majority of this enrichment is likely due to the
early crust formed during the primary differentiation of Mars. This level of differ-
entiation is nearly a factor of two greater than observed on Earth despite the highly
differentiated nature of the continental crust.
Figure 6.9 plots the trace-element composition of the martian crust normalized

to the primitive-mantle composition. Also shown are two compositions for the
reciprocal “depleted”mantle, one where the crust has been extracted from the entire
primitive mantle (i.e., deep magma ocean) and the second where only 50% of the
primitive mantle is involved (i.e., shallow magma ocean). Note that if there is an
additional reservoir of incompatible-element-enriched material in the mantle, ana-
logous to lunar KREEP, then the depleted portions of the mantle would be far more

Th K La Ce Pr Nd SmEu Gd Tb Dy Ho Er TmYb Lu
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Fig. 6.9 Primitive-mantle normalized plot of selected trace elements in the martian
crust and depleted mantle. Two depleted mantle models are shown, one assuming
the entire mantle is involved in crust formation and the second assuming only half
the mantle is involved.
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LIL-depleted. This appears to be consistent with the ultra-depleted sources implied
for the shergottite data.

6.5.1 Compositional evolution of the martian surface

The mostly LREE-depleted nature of shergottites and their distinctive compositions
(e.g. Mg/Si) compared to the more ancient basalts that have been analyzed by the
Mars rovers (Ref. 40, Fig. 6.3) suggests that the composition of the youngest lavas
may differ significantly from the earlier crust (also compare Tables 5.3 and 6.4).
Is there any further evidence to support this concept? The age of the martian surface
estimated from crater counting is not a particularly robust measure of crustal ages
and only provides a crude estimate. Although compositional variations on the martian
surface measured by GRS are subtle, there are some statistically significant age
variations for a few elements (Fig. 6.10) [78]. Slight secular decreases are observed
for K and Th that likely reflect crustal compositional evolution processes. A very
small but statistically significant increase in Fe abundances (~ 1% FeOT) also may
reflect crustal evolution supporting the idea that younger lavas on average are more
iron-rich, especially in the northern hemisphere. Other elements show no variation
(Si), are related to secondary processes (Cl) or currently have too poor a resolution
to evaluate (Al, Ca). These secular variations in composition are consistent with
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Fig. 6.10 Plots of potassium and thorium abundances on the martian surface,
measured by GRS, as a function of apparent surface age compared to abundances
in martian meteorites. Boxes represent standard error of estimate interval over the
age range considered. Note that younger terrains have lower K and Th consistent
with greater contributions from an incompatible-element-depleted crust during
Amazonian times. Iron abundances (not shown) exhibit a small but statistically
significant increase between Noachian and Hesperian/Amazonian times. Adapted
from Ref. 78.
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incorporation of Amazonian crustal components that are incompatible-element
depleted and relatively iron-rich, similar to the SNC meteorites. Any such secular
variations in crustal composition, observed from orbit, will of course be greatly
moderated by the effects of abundant soils and dust, with relatively uniform
compositions, at the surface.

6.6 Heat flow and crustal heat production

Heat flow is related to crustal abundances of heat-producing elements but no
direct heat flow measurements have been made on Mars. However, it is possible to
constrain heat flow indirectly to see if it is broadly consistent with compositional
models. One approach uses gravity and topography to estimate the thickness of
the mechanical lithosphere, the base of which is temperature dependent. Thermal
gradients and heat flow are then estimated by assuming appropriate crust/mantle
rheologies (e.g. diabase for crust, dry olivine for mantle) and thermal conductivities
[79]. Another approach uses estimates of fault depths as a measure of the brittle–
ductile transition, which is also temperature dependent. OnMars, wrinkle ridges may
represent faults that localize horizontal lithospheric shortening with spacing being
related to the depth of the brittle–ductile transition. Thermal gradients and heat flow
are estimated as above [80].
McGovern et al. [79] compiled various heat flow estimates over geological time

and, not surprisingly, concluded that heat flow declined rapidly during the Noachian
from values of ≥ 50mW/m2 and thenmore slowly during the Amazonian to present-
day values of ≤ 20mW/m2. By way of comparison, for a crust of 50 km average
thickness, the crustal abundances of the heat-producing elements (discussed above)
predict approximately 6.5mW/m2 of crustal contributions to present-day heat flow.
This is consistent with the independent geophysical estimates and also consistent
with the conclusion above that a very large fraction of the incompatible elements
have been fractionated into the crust.

6.6.1 Compositional variation with depth

Does the martian crust possess large-scale compositional layering analogous to the
upper and lower continental crust of Earth? If so, it would provide important
additional constraints on the origin and evolution of the martian crust. For example,
an incompatible-element-enriched upper crust might imply intra-crustal differentia-
tion by partial melting or crystal fractionation processes; or might suggest substan-
tial crustal growth from beneath by underplating. There is certainly some reason to
believe that at least locally, the crust could have vertical variations in composition.
Amazonian volcanic rocks, represented by the shergottites, have a significantly
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different composition than average crust and recognition of evolved alkaline
igneous rocks may suggest differentiation in deep magma chambers [16, 24]. On
the other hand, these younger magmas represent only a small fraction of the overall
crust (see below). Although GRSmapping is at low resolution, there is no indication
that ejecta from large basins, such as Hellas, has a distinct composition compared to
surrounding terrains [30].
Ruiz et al. [81] suggested that the crust in the Hesperian-aged Solis Planum

region may be differentiated into a heat-producing-element-enriched upper crust
and depleted lower crust. Their modeling used average global surface heat produc-
tion from GRS mapping (extrapolated to Hesperian age) combined with estimates
of local heat flow and crustal thickness. Results suggested that the crustal compo-
nent of heat flow could be explained by ~ 20–30 km of crust with K, Th and U
abundances measured (or inferred in the case of U) at the martian surface, suggest-
ing a lower 35–45 km of depleted crust. However, the most recent versions of
elemental mapping indicate that global average K and Th abundances are lower
than those used by Ruiz et al. and that Solis Planum in particular has much lower
surface heat production than the martian average [31]. Surface heat production in
Solis Planum may thus be a factor of two or more less than the values used by Ruiz
et al., requiring much thicker crust of that composition to explain the same level of
inferred heat flow. Accordingly, evidence for a strongly differentiated martian crust
remains unconvincing.

6.7 Crustal evolution on Mars

How did the ancient crust of Mars form? In our judgement, large volumes of
incompatible-element-enriched crust, produced within a few million years of accre-
tion, are best interpreted as a primary basaltic crust. Partial melting of the mantle
to produce LIL-enriched basalt is relatively inefficient; generating a large volume
crust (~ 3–4%) from primitive mantle by partial melting within ~ 30–50Myr of the
accretion of the planet is a daunting prospect. In contrast, crystallization of a magma
ocean will result in a significant volume of late-stage incompatible-element-
enriched liquids, analogous to lunar KREEP but with a composition differing in
detail (e.g. lacking Eu anomalies) owing to different pressure–temperature condi-
tions, composition (e.g. water content) and crystallization history. Also, unlike the
smaller bone-dry Moon, plagioclase will not form in abundance and float to form
a cumulate crust. Once the magma ocean is nearly crystallized (~ 80–90%) such
liquids can be tapped to form basaltic lavas (probably mixing with crystallized
mantle) that extrude onto the surface to produce the early crust.
Both the younger age (and therefore differing thermal history) and distinct com-

position of the lunar magma ocean make it a poor analogue for Mars. On the other
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hand, evolution of 4 Vesta may provide some important insights (see Chapter 13).
Although much larger, Mars, like Vesta, appears to have substantially melted and
differentiated very shortly after accretion producing basaltic melts (analogous to
eucrites in the case of Vesta). Heat sources included the short-lived isotopes like
26Al and possibly 60Fe, further aided by early impacts and the factor-of-two higher
40K abundances compared to Earth. The depth of melting on Mars is difficult to
constrain but available geophysical modeling suggests that at least the upper third
and perhaps the entire mantle was involved [82]. Our judgement is that most of the
planet was likely to have melted.
Martian meteorite ALH84001, dated at 4.50 ± 0.13Gyr, is the only known sample

of the Early Noachian crust. Does it represent a sample of the primary crust? Perhaps,
but the evidence is slim. The sample is a cumulate orthopyroxenite, likely derived
from a plutonic parent. The bulk sample is LREE depleted but the parent magma
was most likely slightly LREE enriched (La/Yb ~ 3) [83]. For example, the initial
εNd is slightly positive but likely chondritic within uncertainty (e.g. pyroxene
TCHUR = 4.57 ± 0.03Gyr) [84]. In any case, this sample, in spite of the enormous
attention it has garnered, provides only limited insight into the earliest crust.
Exactly when the formation of the early primary crust ended and partial melting

of the martian interior to form the secondary basaltic crust began is unknown but
was likely early and perhaps these processes overlapped. Later magmatic activity,
best characterized by the SNC meteorites, was derived by partial melting of
the residual mantle. The dominant source of these basalts was a long-term “ultra-
depleted” mantle, characterized, for example, by the very high present-day εNd (up
to + 50) seen in many SNC meteorites. This degree of depletion cannot be accom-
plished for the entire mantle by extraction of the primary crust (Table 6.4; Fig. 6.9)
and so this source can only represent a fraction (< 50%) of the present-day mantle.
As discussed above, whether the second, long-term LIL-enriched component
(present-day εNd <−10) of SNC meteorites is of mantle or crustal origin has not
been resolved. If the former, it is likely the signature of the KREEP-like component
involved in the formation of the earliest crust [20]. Additional geochemically and
isotopically distinct mantle reservoirs are almost certainly present [77] but there
simply is insufficient sampling to characterize these fully.
The total volume of secondary crust is intermediate between the extreme values

of the Earth and Moon. Lunar maria are about 1.7 × 107 km3 (< 1% of lunar crust)
whereas Earth’s oceanic crust is 100 times that value (~ 19% of the terrestrial crust)
and more than 20 times that volume again has been produced over geological time
(but mostly subducted). For Mars, the calculation is complicated because it is
not possible to distinguish primary from secondary crust in much of the ancient
cratered terrains and the role of plutonic rocks is difficult to estimate. Estimates
of volcanism since ~ 4.0Gyr suggest ~ 108 km3 but the total amount of crust this
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represents could easily be 10 times this value if intrusive equivalents are accounted
for [85]. Magmatic material at Tharsis alone is estimated at 3 × 108 km3 [86]. These
values do not take into account the interval between 4.5 and 4.0Gyr. Interpretation
of argon isotopic data is highly model dependent but appears to be broadly con-
sistent with the formation of somewhere between 1–2 × 109 km3 of basaltic crust
since accretion and early differentiation [87]. Thus the best estimate is that about
20 ± 10% of the martian crust is secondary and so the mean age of the crust must be
significantly greater than 3.5Gyr. No mechanism for recycling such crust into the
mantle has been identified and so this likely represents the total volume produced
during the history of the planet.
Perhaps the most perplexing issue that remains unresolved is how short-lived

isotopic anomalies (142Nd, 182W) can be maintained for ~ 4.5Gyr within a planet
that has been so volcanically active throughout its history. Processes leading to
large-scale mantle convection and mixing are untenable. On the other hand, heat
production in a mantle from which ~ 50% of the heat-producing elements have been
extracted into a primary crust still generates sufficient radiogenic heat to sustain
melting; accordingly some form of convective mantle flow seems likely [88]. A
KREEP-like component may further concentrate heat production within a single
layer or few localized regions within the mantle. Magmatic activity has been highly
concentrated at just a few volcanic centers, the most important being Tharsis and
Elysium; Tharsis being intermittently active for nearly four billion years. This has
led to suggestions that mantle convection is highly focused with long-lived stable
boundaries thus restricting mantle mixing [88, 89]. Modeling further suggests that
the endothermic reactions associated with the presence of a lower-mantle perovskite
zone could lead to such localized convection patterns [89].

6.7.1 Tertiary crusts on Mars?

Is there any evidence for tertiary crust formed by recycling of earlier-formed crust
through the mantle? As discussed in Chapter 5, no convincing evidence exists for
plate tectonics at any time during martian geological history and so such processes
were not available to produce anything like continental crust. However, it is possible
that some other mechanism of recycling has taken place, such as foundering at the
base of the crust, to produce evolved tertiary crust, although no evidence exists for
such processes. Several limited occurrences of evolved compositions have been
found, including Pathfinder rocks, local occurrences of quartz-bearing rocks, and
perhaps Surface Type 2. The question remains whether all of these compositions
represent primary igneous rock compositions (e.g. Pathfinder), but at least some
may do. In any case, the number and scale of these occurrences is limited and can
readily be explained by late-stage differentiation of basaltic rocks. The recognition of
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alkaline series basalts is also notable in this regard because small volumes of
highly differentiated rocks, including dacites and rhyolites, are common products
on the Earth. Accordingly, we conclude that tertiary crusts are absent on Mars.

Synopsis

The surface of Mars has been the focus of intensive study by orbital remote sensing
and surface examination by landers and rovers, thus complementing the detailed
studies of martian meteorites. Although critical geophysical measurements, notably
seismology, are regrettably absent, the crust is reasonably constrained to be about
50 km thick and sustains nearly 30 km of relief. Mars has a hemispheric dichotomy
in crustal thickness and relief but, when corrected for a 3 km center of figure–center
of mass offset, has a unimodal hypsometry, consistent with a one-plate planet.
Mars is a “basaltic planet” but the surface is characterized by magmatic diversity,

and compositions range from ultramafic cumulates through quartz-bearing dacites/
rhyolites identified by orbital remote sensing. Most common are low-K, silica-
saturated basalts (and related intrusives and volcaniclastics) but a significant
Noachian- to Early Hesperian-aged alkaline volcanic province has been identified
in Gusev Crater and alkaline volcanism may be more important than previously
recognized. Identification of small areas of highly differentiated compositions (e.g.
perhaps Pathfinder “andesites”, quartz-bearing volcanics) has attracted considerable
attention, however minor occurrences of evolved rocks represent a normal conse-
quence of basalt differentiation, especially within the alkaline series.
Like the Earth, Mars has possessed a dynamic sedimentary rock cycle throughout

most of its history, but one dominated by the sulfur cycle (and sulfates) rather than
the carbon cycle (and carbonates). Weathering and groundwater diagenesis mostly
take place at low pH and under water-limited conditions. The composition of
the crust can thus be estimated from a combination of sedimentary products
(soils, dust, sediments) and global surface mapping by gamma-ray spectrometry.
Surficial deposits contain about 2%meteoritic components, similar to lunar soils. The
derived composition is best characterized as a slightly incompatible-element-
enriched (e.g. La/Yb ~ 3) subalkaline basalt. No compelling evidence exists for
compositional variation with crustal depth and this composition integrated over the
50 km thick crust accounts for about 50% of the planet’s incompatible-element
budget and contributes about 6.5mW/m2 to present-day heat flow.
The earliest (mostly primary) crust of Mars dominates this composition. Like

Mercury and the Moon, Mars differentiated early, probably through magma ocean
processes, but with a primary crust that differed in composition. Differentiation
ofMars predates that of theMoon by ~ 50 to 100Myr, due to the fact thatMars never
accreted much beyond the planetary embryo stage and avoided late highly
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disruptive giant impacts. The asteroid 4 Vesta may provide a useful analog, although
on a much smaller scale, to early magma ocean processes that gave rise to incom-
patible-element-enriched (KREEP-like) melts which contributed to an early basaltic
crust. Later magmatic additions (secondary crust) amount to about 20% of the crust.
The bulk composition of the secondary crust is not well constrained but may be
best characterized by the incompatible-element-depleted SNCmeteorites. The over-
all importance of alkaline volcanism in the formation of the secondary crust is
uncertain. Although Mars produced basaltic secondary crust throughout its history
there is no evidence for a differentiated tertiary crust analogous to the Earth’s
continental crust.
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7

Venus: a twin planet to Earth?

It was believed up until the 1960s that Venus might be Earth-like with
respect to harbouring life and writers of science fiction endowed its
surface with advanced civilizations.

(Henry S. F. Cooper) [1]

7.1 The enigma of Venus

Venus has historically been regarded as a “twin planet” to the Earth as amongst the
planets, it is closest to the Earth in mass, density, size and in distance from the Sun.
However it has, by terrestrial standards, extraordinary crustal features and a geo-
logical history that bears little resemblance to that of the Earth. In addition, it does
not possess a satellite and has a retrograde rotation with a period of 243 days.
The planet clearly warrants closer study particularly as the differences between

these twin planets emphasize the problems of building crusts or discovering habi-
table planets in other planetary systems. So it is useful to contrast crustal develop-
ment on Venus with that of its twin planet Earth, that occupy the following five
chapters [2].
The density of Venus (5.24 g/cm3) is about 5% less than that of the Earth

(5.514 g/cm3). This difference is mostly due to the slightly lower internal pressures
as the planetary radius is 320 km less than that of the Earth. But the uncompressed
density of both planets is very close (Earth 3.96 g/cm3; Venus 3.9 g/cm3) [3]. The
similar density of Venus to the Earth and the presence of a basaltic crust on the planet
are the basis for assuming a broadly similar composition and internal structure.
From analogy with the Earth, a metallic core is expected, but the lack of data for the
moment of inertia precludes estimates of its size.
Although various bulk planetary compositions have appeared in the literature,

these are model dependent with the status of inspired guesses [4]. Because of the
density similarity, there is probably little real difference in the major element
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composition (Si, Ti, Al, Fe, Mg, Ca) of Venus compared to that of the Earth. Until
more data are available, the best guide to the bulk composition of Venus is that of the
Earth (Chapter 8).
The abundances of the heat-producing elements, as discussed later, are probably

similar in both planets. The MgO contents of the venusian basalts are around 10%
and the Mg# is about 70. This indicates that mantle temperatures are similar to those
of the Earth and are not hot enough in Venus to produce MgO-rich lavas analogous
to terrestrial magnesium-rich komatiites (MgO ≈ 18%). An important caveat in all
such comparisons is that Venus was resurfaced at about 750Myr and accordingly
surface geochemical measurements on Venus reflect igneous activity from that
event or subsequently [5].
Measured surface temperatures, cooler at higher altitudes, range from 453 °C to

473 °C, hot enough to melt not only lead but also tellurium (m.p. 449.5 °C). The
surface pressure of 95 bar is equivalent to the pressure on the Earth beneath about 1 km
of seawater. The crustal thickness (the best estimate is about 30 km) appears to be
relatively uniform in contrast to the varying crustal thicknesses observed on the
Earth, Moon or Mars so that the venusian crust is similar in this respect, albeit
thicker, to the uniform oceanic crust of the Earth. A uniform crustal thickness of
30 km represents approximately 1.5% of the volume of the planet.
However there are major differences between the crust of Venus and the Earth.

Venus lacks the bimodal distribution of elevations of the terrestrial crust, while the
venusian crust is strong and, in contrast to the Earth, displays a positive correlation
between gravity and topography with gravity values reaching 70mgal [6].
Compared with the Earth, the rocks are much stronger, a consequence of the
effective absence of water [7].

7.2 Surface features of Venus

Because of the strength of the venusian crust, steep slopes on the surface of Venus
apparently remain in place for millions of years, while large volcanoes are supported
indefinitely by the crust [7]. The tectonic differences between the dry one-plate crust
of Venus and the wet multiplate subduction environment on Earth mean that
processes capable of producing the continental crust of the Earth are absent on
Venus. “Like an armadillo, Venus has encased itself in a strong dry rigid shell of
basalt” [8].

7.2.1 Plains

The surface is mostly of low relief, consisting of plains reminiscent of the terrestrial
sea floor. Over 80% of Venus is covered with these flat, radar-smooth rolling plains.
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They were probably emplaced by flood volcanism and appear to have been formed
over large regions (107 km2) on very short timescales although there is the usual
divergence of views on this, as on almost every aspect of the interpretation of the
venusian surface [9]. Although the closest terrestrial analogue is the basaltic floor of
our ocean basins, there are significant differences. Thus the venusian plains show
pervasive evidence of tectonic deformation, being typically crossed by sets of
regularly spaced faults intersecting at high angles (Fig. 7.1). The amount of defor-
mation is surprising and ubiquitous. This is in great contrast to flat-lying relatively
undeformed basaltic plains on the Moon, Earth or Mars. On Earth, such intense
deformation occurs only near plate boundaries.
Wrinkle ridges are more common on Venus than on the other terrestrial planets.

They are typically about 1 km wide and spaced about 20 km apart in parallel arrays
that often show sets of cross-cutting faults (Fig. 7.1). The causes of this widespread
deformation appear to be linked to the dry rigid nature of the lithosphere, so that in
the lack of a weak low-viscosity zone, mantle stresses are directly coupled to the
crust [10].

7.2.2 Channels

One of the great lessons of comparative planetology is that caution is needed in
applying terrestrial analogues when studying other planets. Thus there are at least
200 unique channels on the plains of Venus. They do not possess tributaries and
appear to be only 1 or 2 kmwide. They do not resemble lunar rilles, but meander in a

Fig. 7.1 Smooth basaltic plains in the Lakshmi region, Venus showing cross-
faulting. Image is 40 × 80 km. NASA JPL P36699.
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form resembling that of terrestrial rivers. No boulders are apparent and they are
very smooth down to centimeter scales. Some channels are compound and some
deltas are present. Many are over 500 km in length. The longest is Baltis Vallis that
extends for a distance of 6800 km, longer than the Nile (6695 km). But it is only
about 1 km wide and 20m deep and was cut into a surface where the temperature is
around 460 °C. The only effective eroding agent that could form such a uniform
lengthy channel would appear to have been low-viscosity lava, possibly carbonate-
rich. This has led to the comment that on Venus, lavas flow like water, while on the
outer icy planets, water ice behaves like terrestrial lavas [11].

7.2.3 Volcanoes

The presence of over a million small shield volcanoes that closely resemble
terrestrial oceanic floor seamounts, reinforces the basaltic nature of venusian volcan-
ism. There are many larger volcanic structures on Venus. Thus the edifice of Beta
Regio rises nearly 10 km above the mean venusian datum. This structure is inter-
preted to be the result of volcanism and uplift over a mantle plume [12]. It contains a
large volcano, Theia Mons. Maat Mons is the tallest volcano on Venus standing
8 km above the mean planetary radius (Fig. 7.2).

Fig. 7.2 Maat Mons, 8 km high, the tallest volcano on Venus located at 0.9° N and
194.5°E. The summit caldera is about 30 km in diameter. Vertical exaggeration × 23.
NASA JPL PIA 00106.
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This volcano has a large caldera, 31 × 28 km that contains several collapse craters
up to 10 km in diameter. Large shield volcanoes that have flows extending over a
diameter of 500 km, are thought to have formed over mantle hot spots.
There are 1500 volcanoes that are over 20 km in diameter, while another 150 are

more than 100 km in diameter. However, these volcanoes are mostly low and broad
and rarely exceed 2 km in elevation. This forms a contrast to the high volcanoes on
the Earth and Mars and can be attributed to a combination of factors including high
surface temperatures and pressures on Venus [13].

7.2.4 Coronae

Coronae are volcano-tectonic features on Venus that again have no terrestrial analog
nor appear elsewhere in the Solar System [14]. These exotic structures consist of
concentric rings of grooves and ridges, typically 150 to 1000 km in diameter but
with extremes ranging from 60 km to the enormous corona, Artemis that is 2500 km
in diameter [15] (Fig. 7.3).

Fig. 7.3 Aine Corona (one of the smaller examples), 200 km in diameter, centered
at 59° S and 164° E. A pancake dome, 35 km in diameter, occurs on the northern
flank and others occur within the structure. NASA JPL FMIDR 59s164.
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Coronae are probably the surface expression of hot mantle upwelling, perhaps
analogous to terrestrial mantle plumes and somay be linked to the large volcanoes [16].
Like terrestrial mantle plumes, coronae have been the subject of controversy.

At an early stage, they were thought to have formed in a short time period after the
flooding of the regional plains but earlier than the formation of the great volcanic
shields. Later studies have shown that they are not restricted to any particular time.
This debate is a good example of the difficulties of establishing a venusian strati-
graphy [17]. The problems of trying to account for the coronae and the search for
terrestrial analogs provide yet another example of the difficulty in looking for some
kind of patterns or processes that might have general applications to the other solid
bodies of the Solar System. Such solutions are difficult to find in a planetary system
dominated by stochastic processes [18].

7.2.5 Tesserae

Many other unique and unfamiliar features appear on the surface of Venus. These
include tesserae, areas of deformed terrain that consist of closely packed sets of
grooves and ridges (Fig. 7.4). They are clearly formed by compression although
tesserae also contain extensional features. The tectonic structure of these ridged
terrains resembles the complex tectonics of our terrestrial continents although the
latter are of different composition. Because of their complex tectonics, tesserae have
often been considered the oldest surfaces on Venus; but this opinion is based on
lithological correlations rather than on precise dating.

7.2.6 Ishtar Terra and Aphrodite Terra

The small continent-sized areas such as Aphrodite Terra and Ishtar Terra are elevated
with respect to the plains. The Maxwell Montes in Ishtar Terra reach 11 km. If this
higher terrain is due to a lower density rather than to tectonic crumpling, it might be
analogous in composition to our terrestrial continents. But examples of compressional
tectonics are common (e.g. the banded terrain of Ishtar Terra) [19]. At the western end
of Ishtar Terra, Lakshmi Planum (650°N, 335°E) reaches an elevation of about 3 km.
Compressional features surround this plateau. Here the crust appears to have thickened
due to the convergence of tectonic forces.

7.3 Impact craters and the age of the surface

The absence of the normal terrestrial processes of erosion on the surface of Venus
have resulted in the preservation of 940 impact craters formed by meteorite,
asteroidal or cometary impacts [20] (Fig. 7.5).
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The thick atmosphere has acted as a filter to all but the larger impactors, so that
there are few craters less than 30 km in diameter and almost none below 5 km.
Seventy-two are large peak-ring craters that range in diameter from 31 to 109 km
while there are four probable multiringed impact basins [21].

Fig. 7.4 Complex ridged tessera terrain rising from the lava plains of Leda Planitia
at 41°N and 52° E. Image is 220 × 275 km. NASA JPL.
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About 16% of the craters are multiple, resulting from the break-up of the
projectile in the atmosphere. Other impactors that almost penetrated through the
atmosphere exploded close to the ground. The effects of those events are recorded
on the surface as radar-dark splotches that are seen on the smooth terrains of the
plains. These splotches are due to shock waves from the objects that exploded as
they broke up in the atmosphere. The splotches are not preserved on the more
rugged terrains, suggesting that they are superficial features. If evenly distributed
over the venusian surface, they would number about 1100. The shock waves from
these atmospheric explosions have the potential to pulverize the surface and perhaps
are a partial cause of the fractured platy landscape seen in the Venera panoramas
from the USSR landers [22].
A curious feature, unique to Venus, is that for some craters, sectors of the crater

ejecta blankets are missing, probably due to atmospheric interaction during entry
and impact (Fig. 7.6) [23].
Another unique feature of the formation of impact craters on Venus is the large-

scale production of impact melt, some of which has flowed out to several crater
diameters, well beyond the debris in the ejecta blankets. These flows must be

Fig. 7.5 Three impact craters with diameters from 37 to 50 km formed on fractured
basaltic plains centered at 27° S and 339° E. NASA JPL PIA 00086.
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formed from low-viscosity melts [24]. Compared to terrestrial impacts, those on
Venus create up to 25% more impact melt [25]. This increase in melt production on
Venus is mostly a consequence of the higher surface temperature of Venus. Massive
sheets of impact melt are also produced on Earth but are mostly removed by erosion,
so that the efficiency of terrestrial geological processes has inhibited our recognition
of the amount of impact-melted rock.
Among the many surprises that Venus has provided, the most significant in the

present context is that the impact craters on Venus are mostly fresh. A few have been
embayed by lavas or affected by tectonic processes but most are pristine and are
randomly distributed on the venusian surface. It is worth contemplating the data.
From the total of 940 craters, Sasha Basilevsky and co-workers conclude that, “743
appear pristine, 107 lightly fractured, 27 heavily fractured, 26 embayed by lavas
from external sources and lightly fractured, 6 embayed by lavas from external
volcanic sources and heavily fractured, 8 compressed, 2 compressed and lightly
fractured and 5 craters are mantled by ejecta from other impact craters” [26].

Fig. 7.6 Aurelia Crater, 32 km in diameter, showing a missing sector on the ejecta
blanket. NASA JPL PIA 00239.
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However, although most craters retain a well-preserved rim and ejecta blanket,
some of the older craters appear to be floored with dark basalt, recalling the
appearance of craters such as Plato and Archimedes on the Moon. This fill does
not appear to be impact-generated, as there are many large bright-floored craters.
Here interpreted as lava, it is a few hundred meters thick at most. These observations
indicate an extended period of volcanism as some lavas may also have been erupted
on the plains where they are less readily distinguished [27]. However, like many
interpretations of the geology of Venus, this is controversial [28].
Most workers agree that the crater distribution cannot readily be distinguished

from that of a randomly distributed population [29]. Based on estimates of the
cratering flux, the age of the surface on which the craters have been formed varies
between 300 and 1000Myr ago. In our opinion, the best estimate for the age of
the surface of Venus on which the current population of craters was formed is
750Myr [30]. The interesting conclusion is that the crust that we observe by the
Magellan radar is geologically young and records only the last 15% of the history of
the planet. The crust is thus not primordial, but secondary. It appears to have been
emplaced relatively quickly, possibly in less than 100Myr about 750Myr ago but
the rate of resurfacing is uncertain [31]. Only minor geological activity has occurred
since that time, a period that on Earth extends back into the Late Proterozoic, before
the rich fossil record of the Phanerozoic [32].

7.4 Heat production and rates of volcanism

The abundances of the heat-producing elements potassium, uranium and thorium in
Venus are probably similar to those of the Earth. This conclusion follows from the
similarity of the uncompressed densities of the two planets. For rocky terrestrial
planets, it follows that the abundances of the refractory elements calcium, alumi-
nium and titanium should be similar. But the abundances of the refractory elements,
uranium and thorium are also correlated with those of the refractory major elements.
Such elements are not separated by nebular processes and so these heat-producing
elements are likely to be similar in abundance in both planets.
What about the abundance of potassium, whose 40K isotope has been a sig-

nificant contributor to the terrestrial heat-production budget? A value could be
obtained from the few measured K/U ratios on the venusian surface that average
about 7000 and that is somewhat lower than the terrestrial average. So the potas-
sium abundance on Venus might be lower by as much as a factor of two compared
to that of the Earth or might be similar. The accuracy of the USSR data does not
allow us to reach a more definite conclusion. But even if the lower USSR value
turns out to be correct, the heat production from 40K is nowmuch reduced from that
of earlier times.
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As on the Earth, 90% of the current heat production now comes from 238U and
232Th. It was only before about 2.5Gyr ago that the heat production from 40K would
have contributed more than 30% to the total. The consequence is that the radiogenic
heat production in both planets can now be expected to be similar and has been so
since the beginning of the Proterozoic era on Earth. For these reasons, geophysicists
have generally assumed that “direct scaling of terrestrial radiogenic concentrations
to Venus is appropriate” [33].
According to geophysical calculations, the current heat loss onVenus is between 10

and 30mW/m2. This compares with the average heat flow of 100mW/m2 for the
oceans, 48mW/m2 from continental areas and 84mW/m2 for the whole Earth [34].
So the venusian heat loss is low compared with that of the Earth, much of which is
due to the operation of plate tectonics. The Earth loses most of its heat by the
formation of 18 km3 of lava per year at the mid-ocean ridges. Smaller amounts of
heat are lost at island arcs or through hot-spot intra-plate volcanism. In comparison,
Venus currently loses only a small amount of its planetary heat production by
volcanic activity, that produces perhaps about only 1 km3 of lava per year.
Although the basaltic surface of Venus bears some superficial resemblance to that

of the terrestrial oceanic crust, it is much older than our ocean floors, which have a
mean age of about 60Myr. Although Venus and the Earth are of similar size, density,
bulk composition and heat production, the production of basaltic magma clearly
follows a different path. Since the last major resurfacing event 750Myr ago,
apparently less than 10% of the surface has been modified by more recent volcanic
activity [35]. On the basis of such models, the heat flux is much less than that for the
Earth. As the heat production is similar in both planets, the consequence is that the
mantle of Venus is heating up. The prediction is that this will eventually lead to
another major resurfacing [36].
The contrast between the two planets, that results from this difference in heat

production–surface heat-flow relationships, is great. Given a similar heat produc-
tion, the Earth has utilized this energy by producing the oceanic crust, recycling it
into the mantle, and forming the continental crust. Venus in contrast has undergone
episodic massive resurfacing. Such episodes, however, seem likely to have taken
place over millions or perhaps tens of millions of years.

7.4.1 A one-plate planet

The terrestrial example of plate tectonics continues to fascinate modelers [37].
However, despite much searching, there appears to be no sign of crustal subduction
or the operation of anything resembling plate tectonics on the surface of Venus.
Neither are such processes expected. The near absence of water and the lack of
oceans means that even if subduction was occurring, melting of the dry subducting
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basalt would be inhibited. The slightly lower pressures on Venus due to the smaller
size of the planet, mean that the basalt to eclogite transition occurs at a depth of
65 km on Venus. So the change to a denser phase that would facilitate sinking and
recycling of the crust is probably too deep for such processes to occur. Finally the
dry nature of the mantle of Venus would inhibit the development of hydrous melts
and so production of a weak asthenosphere (low seismic velocity zone) on which
plates might slide.
Venus forms another example of a one-plate planet. In contrast to the Earth, there

are no mid-ocean ridges on the rolling basaltic plains. Subduction zones are absent.
The consequence is that the basaltic lavas that form the plains stay on the surface
along with the erupted volatiles such as chlorine and sulfur. This is reminiscent of
the situation on the martian surface. Hence lateral tectonics and basaltic volcanism
are the major features that shape the surface of Venus.

7.5 Crustal composition

Although it might appear difficult to establish an overall composition for the
crust of Venus, there are many clues. Much information is provided by the
geomorphology of the surface as revealed by the Magellan radar. The smooth
plains that dominate the surface appear to be volcanic. This is reinforced by the
presence of a million basaltic-looking volcanoes. But the lessons of comparative
planetology must engender caution and portraits may be deceptive. Fortunately
the extraordinary USSR Venera and Vega missions produced several chemical
analyses of the surface (see Fig. 7.7). The spacecraft variously carried XRF and
gamma-ray detectors, sometimes both. All the locations gave similar results and
the major-element compositions revealed by the Russian X-ray fluorescence
(XRF) instruments (Table 7.1) are basaltic.
These data are of course subject to the usual caveats concerning spot analyses

with additional potential biases imposed by the necessity for safe landing sites.
Although a basaltic composition is consistent with the interpretation of the geomor-
phology of the surface topography, most of the missions landed on the plains [38].
There was no XRF instrument on the Venera 8 spacecraft, the first of the USSR

landers to return data, so that no major element data are available for that site. Much
interest was generated by the high values recorded of 4%K, 2.2 ppm U and 6.5 ppm
Th. These are typical values for granitic rocks on the Earth and immediately raised
the prospect of the presence of granites on Venus. Venera 9 and 10, also equipped
only with gamma-ray detectors, landed on the flanks of Beta Regio, which resembles
a large terrestrial hot-spot rise. Their data are consistent with basaltic compositions. But
similar high values of 4% K to the Venera 8 data were recorded by the Venera 13
spacecraft XRF instrument at which site the overall major element composition was
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basaltic. So the Venera 8 landing site, that seems to be on plains, might be similar to
the alkali basalt at the Venera 13 site [38]. Alternatively Venera 8 might have
landed on one of the small number of “pancake” features (one is located 140 km
north of the estimated landing point but within the landing ellipse [38]) rather than
on plains of alkali basalt. That Venera 8 encountered a small patch of differentiated
rocks is another possibility, something that might be expected to occur occasion-
ally in a dominantly basaltic terrain [39]. More light was shed by the Vega 2 lander
that carried both XRF and gamma-ray instrumentation and landed on the eastern
flanks of Aphrodite Terra. Here the XRF major element data and the gamma-ray
data for K (0.40%), U and Th both indicated basaltic compositions.
Based on these few data, the surface of Venus appears to be dominated by basaltic

rocks that are occasionally alkali-rich. Aphrodite Terra, for whichwe have the Vega 1
and 2 data, is judged to be crumpled-up basaltic crust. The composition of Ishtar
Terra remains enigmatic but there is no reason to postulate any difference from
Aphrodite Terra, except for the hazardous analogy with terrestrial continents. The
absence of any sign of plate tectonics on the surface of Venus makes this an
unlikely prospect [40].

7.5.1 Pancake domes: rhyolites on Venus?

Steep-sided domes or “pancakes” occur in a variety of sizes on Venus. Some are as
small as 1 or 2 km in diameter, but the 175 larger domes (19 to 94 km in diameter)
represent the most significant occurrence of these landforms on Venus [41] (Fig. 7.8).

Table 7.1 USSR spacecraft XRF analyses of the venusian surface [38]

Constituent Venera 8 Venera 9 Venera 10 Venera 13 Venera 14 Vega 1 Vega 2

SiO2 – – – 45.1 ± 3.0 48.7 ± 3.6 – 45.6 ± 3.2
TiO2 – – – 1.59 ± 0.45 1.25 ± 0.41 – 0.2 ± 0.2
Al2O3 – – – 15.8 ± 3.0 17.9 ± 2.6 – 16.0 ± 1.8
FeO – – – 9.3 ± 2.2 8.8 ± 1.8 – 7.74 ± 1.1
MnO – – – 0.2 ± 0.1 0.16 ± 0.08 – 0.14 ± 0.12
MgO – – – 11.4 ± 6.2 8.1 ± 3.3 – 11.5 ± 3.7
CaO – – – 7.1 ± 0.96 10.3 ± 1.2 – 7.5 ± 0.7
K2O 4.8 ± 1.5 0.6 ± 0.1 0.4 ± 0.2 4.0 ± 0.63 0.2 ± 0.07 0.54 ± 0.27 0.48 ± 0.24
S – – – 0.65 ± 0.4 0.35 ± 0.31 – 1.9 ± 0.6
Cl – – – < 0.3 < 0.4 – < 0.3
U (ppm) 2.2 ± 0.7 0.6 ± 0.2 0.5 ± 0.3 – – 0.64 ± 0.47 0.68 ± 0.38
Th (ppm) 6.5 ± 0.2 3.7 ± 0.4 0.7 ± 0.3 – – 1.5 ± 1.2 2.0 ± 1.0
K 4.0 ± 1.2 0.5 ± 0.07 0.33 ± 0.15 3.3 ± 0.5 0.17 ± 0.05 0.65 ± 0.2 0.40 ± 0.2

Data in wt% except where indicated in ppm.
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The domes are steep-sided, mostly circular (10% are elongate or irregular) and
flat-topped or concave. Mostly (90%) they occur close to other volcanic edifices or
coronae. Commonly they occur in chains. Many (80%) of the domes have pits,
analogous to such features on the rhyolite domes of the Mono Craters in California.
So at first glance, the pancake domes resemble terrestrial rhyolite domes.
As there is little evidence for large areas of acidic rocks on Venus, these

pancakes might represent silica-rich differentiates and so be the only occurrence
of “granitic” rocks on the surface of a planet that is closely similar in bulk composi-
tion to the Earth. From our terrestrial experience, one might expect that some
formation of acidic differentiates might occur during such massive outpourings of
basalt that dominate the venusian surface. This happens on Earth at locations such as
Iceland, although only rarely during the eruptions of plateau basalts, that seem a closer
analogue to the basaltic plains of Venus.
Due to the high viscosity of silica-rich lavas, the crusts of terrestrial domes of

rhyolitic composition break up into meter-size blocks so that the surface, virtually
impassable, is amongst the roughest terrain encountered on this planet. But unlike
the blocky surfaces of terrestrial silicic domes, the upper surfaces of the venusian
pancakes appear smooth and unfragmented as measured by the Magellan radar [42]
(Fig. 7.9). The radar images returned from the venusian pancakes resemble the radar

Fig. 7.8 Three-dimensional perspective view of a pancake, about 30 km in
diameter on the eastern edge of Alpha Regio. Vertical exaggeration × 23. NASA
JPL PIA00246.
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reflectivity observed from the smooth crusts of Hawaiian pahoehoe low-viscosity
basaltic lavas.
At this point, it should be recalled that the extrusion of lavas on the surface of

Venus takes place under pressures equivalent to about 1 km of seawater. Indeed, the
close similarity of the pancakes to terrestrial seamounts has been noted [43]. It is our
assessment of the current evidence that the pancakes are basaltic domes flattened
under the 95 bar atmospheric pressure during extrusion. But any such speculation
about a dry planet that is based on terrestrial analogs remains hazardous and in
conflict with the hard-won experience of comparative planetology.

7.5.2 The differentiation of Venus

How much differentiation has occurred on Venus and what fraction of the incom-
patible elements have been concentrated in the crust? This is an inherently difficult
question, on a planet where the crustal thickness is uncertain and where events
occurring earlier than about one billion years ago, such as the possible formation of
an early crust, are not represented by surface exposures. Melting in the mantle
of Venus, even if producing mostly basaltic magmas, is likely to incorporate the
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Fig. 7.9 Contrast between the radar reflections from rough terrestrial rhyolite
domes and smooth venusian pancakes [42].
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heat-producing elements K, U, and Th, so that these will be concentrated over time
in the crust and so deplete the mantle in incompatible elements independently of
early crustal formation.
However, some insight can be gained by considering the amount of radiogenic

argon in the venusian atmosphere, produced by decay of 40K to 40Ar, that has a half-life
of 1.193×109 years [44]. As most of the radiogenic argon was produced early in
the 4.5Gyr history of Venus, this might provide us with a window into the missing
3.5Gyr of geological history on the planet. Furthermore the atomic weight of 40Ar
is too high for it to escape from the atmosphere of Venus, once the planet has reached
its present mass. The amount of 40Ar in the venusian atmosphere at present amounts
to that formed since accretion, less that retained in the mantle. On the Earth, approxi-
mately half of the 40Ar generated is in the atmosphere. But the amount of 40Ar in
the atmosphere of Venus is a factor of four times less than in that of the Earth [44].
The amount of 40Ar generated depends on the bulk potassium content of the

planet. Our estimates depend on the K/U ratios as measured by the Russian landers
(Table 7.1). However, these remarkable data have uncertain errors so that the best
that one can say is that Venus has transferred somewhere between one-third and
one-half as much potassium into the crust as has the Earth. Such a value is also
broadly consistent with the very crude crust–mantle mass-balance estimates avail-
able for incompatible elements.
Assuming that the primitive mantle and internal structure of Venus are similar

to the Earth, this degree of differentiation would imply bulk crustal levels of
about ~1000–3000 ppm K (~ 0.4–1.6 ppm Th; ~ 0.1–0.4 ppm U) for a 30 km crust
which is within the general magnitude of surface measurements (Table 7.1). Hence
Venus does not seem to have been differentiated to the same degree as the Earth,
by a factor of somewhere between a third and a half.
This has the further implication that the earlier hidden history of Venus was not

very different from that which we infer to have occurred in the past one billion years.
If an earlier Earth-like differentiation (plate tectonics?) had occurred, then the
atmospheric content of 40Ar might have approached that of the Earth, particularly
as most of the 40Ar was produced before one billion years ago.

7.6 The geological history of Venus

The apparently moribund geological history of Venus stands in great contrast to that
of the Earth. There is no sign on Venus of rocks older than Late Proterozoic, and the
preceding four billion years of geological history are missing. Thus a caveat that
underpins all comments about the geological history of Venus is that over 80% of
the record is currently and perhaps forever inaccessible. This allows room for even
more speculation than that which surrounds the Hadean Eon on Earth (see Chapter 9).
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However it has proven difficult to establish a relative timescale for the rock record
that is exposed on Venus that might be applied on a planetary-wide scale and
considerable controversy surrounds this topic. The stratigraphic information from
magnetic signatures and paleontology that allows the dating of our ocean floors is
not available on Venus.
Although Venus has 940 craters that allow estimates of the overall age of the

surface to be established, it is one of the ironies of comparative planetology that
there are not enough craters to be useful as a stratigraphic tool. This is a consequence
of the deficiency of small craters due to the protection afforded by the thick atmo-
sphere. Only areas greater than 5 × 106 km2 contain a sufficient number of craters to
be useful in establishing relative ages. Thus attempts to establish the relative ages of
portions of the surface are hampered by a paucity of craters. Furthermore, volca-
noes, coronae and other geological regions often contain no craters or too few to be
useful. These dilemmas have led to differing versions of the geological history of the
planet [45].
In an attempt to get around this problem, one stratigraphic scheme has been

erected that is based on lithological correlations of areas lacking enough craters to be
significant statistically. Synchronous formation of similar landforms such as cor-
onae, tessarae and large volcanoes is assumed [46]. However some cautions are
needed in the uncritical application of this concept.
One of the enduring geological truths based on long terrestrial experience, is that

the correlation of strata on Earth using lithology is a blunt tool, fraught with the
possibility of significant error. Although similar-looking rocks of differing ages
are common, globally synchronous events are rare on the Earth. Localized observa-
tions of overlap or embayment on individual areas may have no planetary-wide
significance.
Another subtle problem arises when studying the crater distribution on Venus.

The larger volcanoes, for example, have fewer craters than are observed on the
plains, and so might be considered to be younger. However these large volcanic
edifices grow over significant periods of geological time, so that craters on earlier
surfaces can be covered, leading to an apparently young age for the volcanic
structures. The loss of craters in regions of greater tectonic activity may also
produce areas that appear younger than they actually are [47].
An alternative viewpoint is that a stratigraphic sequence cannot be established from

the available evidence and an essentially random sequence of geological processes
has occurred on Venus [48]. Indeed it is unclear, bearing in mind the caveats noted
above, that the major geological units such as coronae, plains units and volcanoes form
an observable sequence [49] and in the opinion of one worker (among others) “the
hypothesis of globally synchronous formation of landforms such as volcanoes or
coronae cannot be validated with the available crater data” [50].
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Moreover the major resurfacing on Venus seems unlikely to have been instanta-
neous and does appear to have occurred over an extended period of volcanism,
lasting perhaps for 100Myr rather than being a single catastrophic resurfacing event
[49]. Coronae and massive volcanoes seem unlikely to be constructed on short
timescales. Large shield volcanoes on Earth may take over a million years to reach
full size, even on such an active planet. Indeed, many overlapping lava flows are
observed on Venus, indicative of prolonged activity but on uncertain timescales that
may simulate a stratigraphic sequence.
So the major resurfacing of the planet, the formation of the immense coronae, the

building of the numerous large volcanoes and the lava flooding of the plains, all
probably occurred on timescales more familiar to terrestrial geologists rather than in
some apocalyptic Noachian flood of lava. Perhaps a venusian geologist might have
found that period no more hazardous than that of current geologists investigating an
active volcano on Earth.
Accordingly, we have a planet that underwent a major resurfacing around

750Myr ago, an event that lasted for perhaps 100Myr within our current ability
to resolve ages. There are no older surfaces preserved. Tectonic compression
forming tesserae, volcanism and formation of coronae seem to have occurred
sporadically during that time. Compared to the Earth there is little resolvable
geological history on Venus and there is no agreed sequence of events on the planet,
the cornerstone to the establishment of a stratigraphic record.

7.6.1 Water on Venus

Abasic question, relevant here, is why is there such a marked difference between the
crustal development of the twin planets, Earth and Venus? They are so alike in size,
mass and bulk density that they must be close in bulk composition. Also as noted,
the abundance of the heat-producing elements, potassium, uranium and thorium, is
likely to be similar on Earth and Venus, an observation that merely exacerbates the
problem.
The difference in their subsequent evolution seems to be particularly a conse-

quence of the low water content of Venus compared to the Earth. This is likely to
lead to strong mechanical coupling between the dry crust and mantle. So unlike the
Earth, a weak asthenosphere on which plates might slide is unlikely to develop. This
lack of water also raises the temperature of remelting of a basaltic crust. In addition,
the slightly smaller size of the planet may drive the basalt–eclogite (see Section 8.1)
transition too deep to allow subduction to begin, even if other factors had been
favorable. All these effects conspire and are the probable cause of the absence of
any evidence for the operation of plate tectonics on this anhydrous planet. So the
contrast between the tectonics of Venus and the Earth is mainly a consequence of
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the difference in water contents of the two planets, exacerbated by a slight difference
in size.
The source and history of water in Venus as well as the Earth, continue to be

debated and can be considered only briefly here. The present water budget on Venus
is depleted relative to the primitive solar nebula (= solar) abundance by a factor
about 2 × 10–9. This is five orders of magnitude less than the water on Earth, that is
already depleted relative to the primitive solar nebula abundance by a factor about
2 × 10–4. The D/H ratio for Venus is about 0.025, a factor of 150 times that of the
Earth [51]. Both are much higher than the value for the solar nebula, so ruling out a
derivation from that source. Although comets were long regarded as a promising
source for the Earth’s water, the D/H ratio of the three comets measured is a factor
of two higher than that of oceanic water, so that they can make only a minor
contribution to the water budget of the Earth [52].
However the high D/H ratio on Venus has often been construed as evidence for an

initially “wet” or “damp” Venus, in which an original complement of water was
slowly depleted [53]. The evidence from the D/H ratios indicates that at best, Venus
accreted only enough water for a global cover of a few meters [51] so that one
might have difficulty in deciding between levels of dampness and dryness [54].
A runaway “greenhouse” that removed an early ocean is often invoked for Venus.
In this concept, water was dissociated into H2 and O, H2 being lost. This led to the
rise in the D/H ratio, while oxygen reacted with the surface rocks, leading to the
present dry state of Venus. The problem with an Earth-like ocean on Venus is that
removal of the oxygen by such a process would require oxidation of around 1025 g
of Fe. Such an operation that would seem difficult to achieve, for example, on an
already differentiated planet encased in a sheath of basalt that might hinder access to
unoxidized material. Additionally, the evidence that overall planetary differentia-
tion was much less efficient than on the Earth points to a very early loss of water if it
was ever present. But perhaps the high D/H ratio of the minuscule amount of water
(200 ppm including that present in H2SO4) in the dense venusian atmosphere might
be due to late additions from comets.
In one view, the terrestrial planets originally were accreted from wet planetesimals

and so initially Earth and Venus would contain similar concentrations of water [52].
This scenario, favored by experimental petrologists for obvious reasons, suffers from
a major problem. Recall that the differentiation and degassing of Venus, as revealed
by the atmospheric argon data, has been much less efficient than on the Earth. So if
the accreting planetesimals were wet, rather than dry, the mantle of Venus could be
expected to have retained significant amounts of water leading to the possibility of
developing an asthenosphere, plate tectonics and perhaps felsic rocks.
We prefer the scenario in which the later supply of water for the Earth (about

500 ppm) seems mostly to have been derived from the arrival of a few planetesimals
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from the source region of the carbonaceous chondrites [54] or from later drift-back
of icy bodies from the Jupiter region [55]. The basic question is if the accretion of
water on the terrestrial planets was dominated by these few “hit or miss” events,
there is no reason whyVenus should have the same initial water content as the Earth.
The significance for the Earth is that just enoughwater was accreted to form surface

oceans. Calcium, released by weathering of silicate rocks, was able to combine with
the atmospheric CO2 and precipitate as carbonates or be taken up by organisms
forming calcite or aragonite shells. Both Venus and the Earth have similar levels of
CO2 (that is depleted at 3 × 10–5 solar) but their sources were probably distinct from
those that supplied water [56]. The differing fates of the CO2 budgets on these two
planets emphasize once again the stochastic nature of rocky-planet formation and the
difficulties of constructing habitable planets that resemble the Earth. Apart from the
accidental incorporation of just enough water, that also allowed for the operation of
plate tectonics and reduced the melting temperature of subducting basalt (so enabling
the formation of continental crust), Earth might have resembled Venus. The conclu-
sion in this very uncertain field is that the later evolution of both planets was governed
largely by the stochastic nature of early planetary accretion.

Synopsis

Venus, with similar mass and uncompressed density to the Earth, is our “twin
planet”. It probably has a similar bulk composition. The best estimate of crustal
thickness is 30 km. There is a strong correlation between gravity and topography:
large volcanoes are supported by the crust and the rocks are strong due to the
absence of water. There is no evidence for the operation of plate tectonics. The
terrain is mostly rolling basaltic plains cut by some long meandering channels
probably eroded by fluid lavas. There are a large variety of volcanoes, as well
as coronae, probably the surface expression of hot spots or plumes. Two small
continent-size regions (Ishtar and Aphrodite Terrae) are apparently uplifted by
compressional tectonics, while there are highly deformed regions (tesserae).
Venus has a distinctive cratering record; for example, small impactors are effec-

tively filtered out by the dense atmosphere. There are 940mostly fresh impact craters,
randomly distributed, that yield an age for the surface of 750Myr. The craters are
superimposed on a secondary basaltic crust that obliterated any pre-750Myr terrain.
The previous 85% of venusian geological history is completely obscured. This
episodic event, possibly taking over 100Myr, contrasts with the continuous recycling
of the terrestrial plate-tectonic regime, although both planets likely have similar heat
production with similar K, U and Th abundances.
The absence of plate tectonics on Venus is due to a combination of smaller size,

that places the basalt–eclogite transition too deep and to the absence of an
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asthenosphere, due to lack of water. The crustal composition is basaltic, occasion-
ally alkali-rich, high in K, U and Th. Minor occurrences of “pancake” domes may
represent felsic differentiates or may merely be basaltic domes flattened under the
95 bar atmosphere. Venus appears much less differentiated than the Earth with less
than 25% of the terrestrial atmospheric 40Ar content (derived from 40K).
Is there a decipherable geological sequence or history on the planet? Probably

not. Despite the presence of 940 craters, they are not abundant enough to establish a
relative sequence among the tesserae, plains, volcanoes or coronae. Attempts at
constructing a geological chronology fall back on lithological correlations, a hazar-
dous procedure. This twin of the Earth with similar heat production has had a totally
different tectonic history due mostly to lack of water. The 200 ppm water in the
venusian atmosphere has a high D/H ratio possibly indicating early loss, but perhaps
was inherited from comets. Whether the deficiency is due to early loss or failure to
accrete significant water, a conclusion that we favor, remains controversial.
Venus remains as a cautionary tale for seekers after “Earth-like” planets, with

habitability depending on apparently trivial differences in mass and water content.
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8

The oceanic crust of the Earth

If the great ocean were our domain, instead of the narrow limits of the
land, our difficulties would be considerably lessened … an amphibious
being, who should possess our faculties, would still more easily arrive at
sound theoretical opinions in geology

(Charles Lyell) [1]

The next five chapters deal with the formation of crusts on the Earth. These occupy a
significant fraction of this book, partly on account of their intrinsic importance to us,
but also because we know so much about them. We begin by considering the oceanic
crust, both because it forms a good example of a secondary crust and because the
continental crust, discussed in the succeeding four chapters is effectively derived
from it.

8.1 The sea floor and plate tectonics

The oceanic crust differs significantly in composition from the continental crust, a
fact that has been known only for the past half-century. Before that time, the ocean
floors were commonly thought to be underlain by sunken continental crust. Land
bridges were invoked to explain puzzling cross-ocean similarities in fossil faunas.
But in the 1950s, it was established that the oceanic crust, in great contrast to the
continental crust, was both more dense and only a few kilometers thick. Thus it was
most likely to be composed of dense basalt, or “sima” in the jargon of the time, that
contrasted with the less dense continental granitic crust or “sial” [2].
The oceanic crust consists mostly of basaltic lavas that are formed by partial

melting due to decompression of the mantle as it rises by convection beneath the
mid-ocean ridges. The hot lavas are of lower density than the mantle peridotites and
so are buoyant. The stability of the crust so formed depends on its lower density
compared to the underlying mantle material. As it cools it loses buoyancy (or
reaches the interesting oxymoronic condition of “negative buoyancy”) and returns
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back down into the mantle at the subduction zones along plate margins. The driving
mechanism for the operation of plate tectonics at present is the drag of the cool
down-going slabs [3]. This occurs at subduction zones, driven by the phase transi-
tion from basalt to denser eclogite, that occurs typically at depths in the mantle
around 30–40 km. Slab-pull provides over 90% of the forces driving plate tectonics
on the Earth, with ridge-push, more accurately described as gravitational sliding on
the asthenosphere providing an order of magnitude less [4].
It was the observation of the symmetry of the magnetic anomalies on either side

of the mid-ocean ridges that informed us that the sea floor was spreading away
from the ridges. This evidence, coupled with the observation that the outline of the
Mid-Atlantic Ridge paralleled that of the coastlines of Africa and America, was
the key to establishing the plate-tectonic paradigm [5].
Along the way from the mid-ocean ridge to its descent into the mantle, the basaltic

crust is increasingly covered with a veneer of sediment that comes both from
continental weathering and from oceanic biological activity. Although geophysicists
are able to read the magnetic record, this cover often frustrates petrologists attempting
to recover samples of basalt by dredging or from submersibles.
Other igneous activity adds material to the oceanic crust during its passage. Large

basaltic oceanic plateaus are extruded, perhaps episodically, while other volcanic
rocks are added both from individual intra-plate volcanoes and from chains of
volcanoes that may be related to hot spots or plumes.
Oceanic crust thus resembles a conveyor belt that is continuously removing

basaltic melts and returning them back into the mantle on timescales of up to
200million years with a mean age of 60Myr. Elements are extracted from a mantle
reservoir at depths between 30 and 100 km, but most are returned back into the
mantle as the oceanic crust is subducted, along with some of the sediments that
ride on top. Some elements reappear back on the surface as in lavas erupted from
intra-plate volcanoes. Others take part in the dehydration or melting of the down-
going slab, leading to subduction-zone volcanism that eventually contributes to the
growth of the continental crust.

8.2 Structure of the oceanic crust

Like ancient Gaul, the typical oceanic crustal section, 6–7 km thick, is classically
composed of three parts. As drilling has reached only shallow depths, much of our
information comes from a combination of seismic data and from the examination of
locations where oceanic crust has been thrust on to land, the so-called ophiolites. The
classic ophiolite sequence from top down contains pillow basalt, dikes and gabbros,
either massive or layered, underlain bymantle peridotite and this forms the model for
the oceanic crust [6]. But there are many variations in detail both in ophiolite
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sequences as well as within the oceanic crust. Although the conventional view is
that ophiolites represent oceanic crust thrust on to the continental crust, some may
be associated with subduction zones. So there are ophiolites and ophiolites as well
as local deviations from the notionally “uniform” oceanic crust.
The “standard model” begins with Layer 1 that is about 1 km thick, that has

variable P-wave (VP) seismic velocities up to 2 km/s. It is constituted mostly of
siliceous material and carbonates from biological activity along with sediments
derived from the weathering and erosion of the continents, with wind-borne dust as
an extra component.
Layer 2 is typically about 2.5 km thick, and is composed mostly in the uppermost

part (~0.5 km) of basalt with intercalated lenses of sediment. Seismic velocities in
the upper parts are < 4 km/s, largely because of the great porosity of broken and
fractured lava flows that have interacted with seawater. Lower in the section,
sheeted dikes that fed the overlying flows are common. Seismic velocities are
higher, reaching VP around 5–6 km/s at depth as the rocks, cooling more slowly,
become coarser in grain size and less porous.
Layer 3, about 4 km in thickness, constitutes the main part of the oceanic crust.

Although it is probably mainly composed of intrusive gabbros and cumulate
rocks, formed in magma chambers below the mid-ocean ridges, it may be under-
plated or intruded by mantle peridotites. At the base of the oceanic crust, there is
an increase in VP from 6.9 km/s to 7.5 km/s close to the Mohorovicic Discontinuity
(that marks the base of the crust), where VP velocities change to upper-mantle
values of 8.1 km/s.

8.3 Mid-ocean ridges

The total volume of basaltic lava erupted at the mid-ocean ridges is about 18 km3 per
year. This is the major expression of volcanism on our planet, accounting for about
90% of the standard estimate of 21 km3 per year [7]. The igneous activity at the mid-
ocean ridges is mostly concentrated in the active or “neovolcanic” zone that varies
in width according to the spreading rate of the ridge. The pull-apart of the plates at
the mid-ocean ridges facilitates the decompression melting and eruption of lavas.
At the ridges, the crust consists of a few kilometers of basalt that have been extruded
onto the sea floor that is underlain by a fewmore kilometers of more coarse-grained,
slowly cooled rocks such as gabbro and diabase. As the sea floor spreads away from
the ridges, typically at a rate of a few centimeters per year, it cools and thickens
while the increase in density causes it to subside. The subduction of the crust
back into the mantle on geologically rapid timescales means that the oceanic crust
is less than 200 million years old, the oldest being Jurassic. The average age of the
oceanic crust is about 60Myr and the volume of the present terrestrial oceanic crust
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is 1.7 × 109 km3 [8]. No fundamental change in the composition of the lavas has
been observed over that time.
A mid-ocean ridge famously extends as an underwater mountain range for over

60 000 km around the globe but is much broken up into segments bounded by
transform faults and their extensions: fracture zones. These fracture zones extend
far across the ocean floor, often exposing lower sections of the crust, although
volcanism along them is rare. The ridge segments vary from ten to several hundred
kilometers in length. Three classes of ridge, with fast (8–22 cm/year), intermediate
(4–8 cm/year) and slow (2–4 cm/year) spreading rates, can be directly related to
differences in topography and structure. Recently a new class, with an ultraslow
spreading rate of less than 12mm/year, has been added, together with another
intermediate class that has spreading rates between 12 and 20mm/year. Such ridges
with spreading rates below 20mm/year and low rates of volcanic activity are not
trivial in extent, but are typical of about one-third of the total ridge length.
The southern East Pacific Rise is the fastest spreading ridge, while the Gakkel

Ridge in the Arctic Ocean has the distinction of being the slowest, with rates between
8 and 13mm/year. Other ridges with somewhere between slow and ultraslow spread-
ing rates (13–18mm/year) occur on most of the Arctic Ocean sector as well as on the
Southwest Indian Ridge where the rates vary from 14 to 16mm/year [9].
Not surprisingly, there are differences in the axial ridge morphology that are

related to the spreading rate. The fastest spreading ridges are characterized by a
broad rise about 4–8 km wide and 200m high. They usually have a narrow median
rift around 100–200m wide and 5–40m deep that is the site of the eruptive activity.
Those ridges that are spreading at the intermediate spreading rates have a median
valley a few kilometers wide and about 1 km deep. The slower spreading ridges,
such as the Mid-Atlantic Ridge, have large median valleys, up to 20 km wide and
2 km deep, often floored with hummocky ridges of pillow lavas. This example has
become, mostly because of familiarity, the standard image of the mid-ocean ridge
topography.
Apart from the layer of overlying sediment, the crustal thickness of basalt

produced (about 6.5 km) seems independent of the spreading rate, except for the
ridges that are spreading at the ultraslow rate, where it drops to 2 or 3 km or even
less. Seismic evidence now shows that slow ridges may have variable thicknesses
from “normal” to less than a few kilometers over short distances. Thus it is possible
that in places on the very slow-spreading Gakkel Ridge in the Arctic Ocean, mantle
rocks may be exposed [10].
However, mantle melting is not just a simple function of the spreading rate.

Variations in mantle chemistry (water for example) and temperatures also influ-
ence melting. Depending on the degree of partial melting, the melts produced may
range from tholeiite to magnesium-rich komatiite, the latter being the product of
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elevated temperatures and high degrees of melting. Nevertheless the lavas erupted
are surprisingly uniform in composition, compared for example to the lunar mare
basalts.

8.3.1 Formation processes at mid-ocean ridges

This three-layer model for the structure of the oceanic crust is based on the
geophysical interpretation of the seismic data but it is important to realize that
drilling has yet to provide a complete section of the crust [11]. The chief problem has
been to account for Layer 3 where the change in seismic velocity has been inter-
preted to represent the change from dikes to gabbro. But encountering gabbro well
within Layer 2 indicates that the boundary between Layer 2 and 3 may have more to
do with changes in alteration and porosity than with rock texture or type.
Two models have been advanced to account for the formation and evolution of

the oceanic crust at the mid-ocean ridges. One is referred to as the “gabbro glacier”
model and postulates that magma rising at the mid-ocean ridge forms as lenses of
melt within the crust. The cumulates resulting from crystallization sink as a sort of
crystal mush to form the gabbros of Layer 3 [12]. The alternative model, for which
the evidence is more persuasive, suggests that Layer 3 results from in situ crystal-
lization of sills emplaced in the lower crust. This model also receives support from
observations of the Oman ophiolite [13].

8.4 Mid-ocean ridge basalts (MORB)

The basalts erupted at the mid-ocean ridges are low-K tholeiites, but they range in
composition from picrites with high MgO to ferrobasalts or FeTi basalts. Typical
compositions are given in Tables 8.1 and 8.2.
Occasionally crystal fractionation in magma chambers within the ridge, at ridge-

transform intersections, or in thickened segments such as Iceland where the ridge
intersects a plume, produce rare differentiated products such as icelandites and rhyo-
dacites.Mid-ocean ridge basalts (hereafterMORB) are generated by about 10% partial
melting of mantle peridotite at depths of about 50 km. It is generally thought that
the frequent injection of new MORB-type batches of magma at ridge sites maintains
a uniform composition and this concept forms the basis for using N-MORB as the
principal component of the oceanic crust. N-type MORB are derived from depleted
mantle sources (DMM) [14] as shown by many geochemical and isotopic features,
such as their REE patterns that are concave downwards (Fig. 8.1).
A rarer MORB variety, the so-called E-MORB, is moderately enriched in incom-

patible elements but its composition varies widely. It occurs in minor amounts on
many ridge segments but can form a significant volumetric component around
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Table 8.1 Major element composition (wt%) of the depleted mantle (DMM),
N-MORB, E-MORB, oceanic island basalt (OIB) and a typical seamount (guyot)

Oxide DMMa N-MORBb E-MORBb OIBc Seamountd

SiO2 44.9 50.0 51.3 49.0 50.0
TiO2 0.13 1.11 1.8 2.4 1.3
Al2O3 4.3 16.3 15.2 14.5 16.0
FeO 8.1 9.7 9.6 11.8 9.3
MgO 38.2 8.7 7.4 8.0 8.1
CaO 3.5 11.8 10.6 9.6 12.2
Na2O 0.29 2.5 3.1 2.8 2.7
K2O 0.07 0.05 0.5 0.83 0.1
∑ 99.5 100.2 99.6 99.9 99.7

Data sources as follows: a Salters, V. J.M. and Stracke, A. (2004) Geochem. Geophys.
Geosystems 5, doi: 10.1029/2003GC000597; bKlein, E.M. (2004) Treatise on Geochemistry
(eds. H. D. Holland and K.K. Turekian), Elsevier, vol. 3, pp. 433–63; cTaylor, S. R. and
McLennan, S.M. (2002) Encylopedia of Physical Sciences and Technology, 3rd edn.,
Academic Press, vol. 2, pp. 697–719; d Perfit, M. R. Encyclopedia of Science and
Technology, Academic Press (in press).

Table 8.2 Elemental composition of various components of the oceanic crust

Element DMMa N-MORBb E-MORBb OIBc Pelagic clayc
Deep sea
carbonatec

Li (ppm) 0.7 – – 6 57 5
Be (ppb) 25 – – – 2600 –
B (ppm) 0.06 – – – 230 55
Na (wt%) 0.21 1.85 2.3 2.08 4.0 0.2
Mg (wt%) 23.0 5.2 4.5 4.82 2.1 0.4
Al (wt%) 2.3 8.6 8.0 7.67 8.4 2.0
Si (wt%) 20.9 23.4 24.0 22.9 25.0 3.2
K (ppm) 60 410 4100 6890 5000 3000
Ca (wt%) 2.5 8.4 7.6 6.86 0.93 31.2
Sc (ppm) 16 44 36 30 19 2
Ti (ppm) 0.08 0.67 1.1 1.4 0.46 0.08
V (ppm) 80 280 290 200 120 20
Cr (ppm) 2500 250 – 450 90 11
Mn (ppm) 1050 1150 1250 1200 670 1000
Fe (wt%) 6.3 7.5 7.4 9.17 6.5 0.90
Co (ppm) 105 50 – 50 74 7
Ni (ppm) 1960 120 90 120 230 30
Cu (ppm) 30 70 – 90 250 30
Zn (ppm) 56 80 – 100 200 35
Ga (ppm) 3.2 – – 19 20 13
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Table 8.2 (cont.)

Element DMMa N-MORBb E-MORBb OIBc Pelagic clayc
Deep sea
carbonatec

Ge (ppm) 1.0 – – – 2 0.2
As (ppb) 7.4 – – – – –
Se (ppb) 72 – – – – –
Rb (ppm) 0.09 0.4 9.0 20 110 10
Sr (ppm) 10 94 180 400 180 2000
Y (ppm) 4.1 25 29 23 40 42
Zr (ppm) 8 60 130 150 150 20
Nb (ppm) 0.2 1.0 11 20 14 –
Mo (ppb) 0.05 – – – 27 –
Ru (ppb) 5.7 – – – – –
Rh (ppb) 1.0 – – – – –
Pd (ppb) 5.2 – – – – –
Ag (ppb) 6 – – – – –
Cd (ppb) 0.01 – – – 300 –
In (ppb) 12.2 – – – – –
Sn (ppm) 1.0 – – 2.0 3.0 –
Sb (ppb) 2.6 – – 30 – –
Te (ppb) 15 – – – – –
Cs (ppb) 1.3 6 80 600 6000 400
Ba (ppm) 1.2 6.1 120 300 2300 190
La (ppm) 0.23 1.9 11.5 19 42 10
Ce (ppm) 0.77 6.0 26 43 80 –
Pr (ppm) 0.13 0.99 3.4 4.9 10 –
Nd (ppm) 0.71 6.1 17.1 21 41 –
Sm (ppm) 0.27 2.22 4.38 5.4 8.0 –
Eu (ppm) 0.11 0.9 1.54 1.8 1.8 –
Gd (ppm) 0.40 3.5 5.3 5.5 8.3 –
Tb (ppm) 0.08 0.70 0.70 0.9 1.3 –
Dy (ppm) 0.53 4.5 5.2 5.3 7.4 –
Ho (ppm) 0.12 1.1 0.94 1.0 1.5 –
Er (ppm) 0.37 2.6 2.8 2.7 4.1 –
Tm (ppm) 0.06 0.42 0.38 0.3 0.57 –
Yb (ppm) 0.40 2.7 2.7 1.9 3.8 –
Lu (ppm) 0.06 0.40 0.38 0.3 0.55 –
Hf (ppm) 0.2 2.9 2.1 4.0 4.1 –
Ta (ppb) 14 0.1 0.8 – – –
W (ppb) 3.5 – – 0.6 – –
Re (ppb) 0.16 – – – – –
Os (ppb) 3.0 – – – – –
Ir (ppb) 2.9 – – – – –
Pt (ppb) 6.2 – – – – –
Au (ppb) 1.0 – – – – –
Hg (ppb) 10 – – – – –
Tl (ppb) 0.38 – – 100 – –
Pb (ppm) 0.02 0.2 1.0 3.0 30 9
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Table 8.2 (cont.)

Element DMMa N-MORBb E-MORBb OIBc Pelagic clayc
Deep sea
carbonatec

Bi (ppb) 0.4 – – – 550 –
Th (ppm) 0.014 0.09 1.1 2.7 13.4 –
U (ppm) 0.005 0.03 0.3 0.7 2.6 –

aValues from Salters, V. J.M. and Stracke, A. (2004) Geochem. Geophys. Geosystems 5,
doi: 10.1029/2003GC000597, except for K, Rb, Y, Zr, Nb, Ba, REE, Hf, Ta, Th and U from
Workman, R.K. and Hart, S. R. (2005) Major and trace element composition of depleted
MORB mantle (DMM). EPSL 231, 53–72; bKlein, E.M. (2004) Treatise on Geochemistry
(eds. H. D. Holland and K.K. Turekian), Elsevier, vol. 3, pp. 433–63; cTaylor, S. R.
and McLennan, S.M. (2002) Encl. Phys. Sci. Tech., Academic Press, vol. 2, pp. 697–719,
adapted from McLennan, S.M. and Murray, R.W. (1999) in Encl. Geochem. (eds.
C. P. Marshall and R.W. Fairbridge), Kluwer Academic Press, pp. 282–92.
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Fig. 8.1 Rare earth element patterns for the depleted mantle and the main
components of the oceanic crust. Data from Tables 8.1 and 8.2
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regions associated with plume activity such as the Galapagos Islands, Iceland and
the Azores [15].
Mid-ocean ridge basalts are much more uniform than the lunar mare basalts as is

shown most dramatically by the variation in TiO2 concentrations (Fig. 8.2).
Although most variations in MORB chemistry are due to variations in melting or

crystal fractionation, there are also some regional differences that reflect heterogeneity
in the underlying mantle. Thus Indian OceanMORB has higher 238U/204Pb ratios and
lower 87Sr/86Sr ratios than either Atlantic or Pacific Ocean MORB. Slow-spreading
ridges such as the Mid-Atlantic Ridge produce more primitive (high-MgO) MORB.
Although MORB is the typical basaltic product of the faster-spreading ridges, more
alkaline basalts seem to be erupted at the ridges that are spreading at very slow rates
[16]. Variations in water content in themantle sources may also affect both the amount
and degree of melting and the resulting crustal thickness [17].

8.4.1 Interaction with seawater

There is considerable interaction between the ocean and the upper portions of the
underlying crust [18]. Studies of ophiolite complexes on land have revealed that
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Fig. 8.2 The wide variation of TiO2 versus Mg# in lunar mare basalts compared to
MORB. Data for MORB from [23] and for lunar basalts from Shearer, C.K. et al.
(2006) Thermal and magmatic evolution of the Moon, in New Views of the Moon
(eds. B. L. Jolliff et al.), Reviews inMineralogy and Geochemistry 60, pp. 365–518.
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most of the process occurs near the ridges between the recently erupted hot crust and
seawater. This affects about half the crust at the ridges with water temperatures
reaching 400 °C. The hot fluids circulate through the crust and commonly appear to
exit the sea floor at temperatures around 300 °C from hydrothermal vents. Sulfides
and oxides are precipitated during mixing with cool seawater so that elements such
as lead, copper and zinc may be concentrated to such a degree that ore deposits form.
This behavior during such secondary processes leads to the frequently dis-

cussed “lead paradox” (see Chapter 11). Seawater circulating through the basalt
leaches soluble elements such as the alkalis and uranium. Uranium, oxidized
from U4+ to U6+, has a complex history as it not only is leached from fresh rock,
but is also adsorbed from seawater onto altered basalt. In contrast to uranium, the
relatively insoluble rare earth elements are little affected. They are present at very
low concentrations in seawater so that equilibration with the REE in the basalt
occurs rapidly. Thus little change occurs in the REE patterns or in the Sm/Nd
isotopic systematics of MORB. The soluble alkali elements enter seawater, but are
readsorbed at lower temperatures [19].
Reaction with seawater alters basaltic glass to palagonite. Furthermore, large

quantities of seawater may interact with lava flows from fast-spreading ridges,
producing not only pillows, but ubiquitous collapse features from seawater trapped
within the pillows, features that typify the upper few hundred meters of the oceanic
crust [20].

8.5 Oceanic island basalts (OIB)

In addition to the massive production of lava at the mid-ocean ridges, volcanism
within the spreading plates (intra-plate volcanism) produces the many exotic ocea-
nic islands of which the Hawaiian Islands form the most famous example. Their
characteristic lavas (oceanic island basalts, hereafter OIB) differ from MORB
and appear to be derived from plume sources that originate deeper in the mantle
than those erupted at the mid-ocean ridges. Oceanic island basalts are over an order
of magnitude less abundant than MORB. The trace-element and isotopic composi-
tion of OIB indicates derivation both from a mantle component as well as from
ancient subducted recycled oceanic crust, sometimes with minor contributions from
sediments or the continental crust. Although often thought to sample “primitive”
mantle, OIB share, among other similarities, commonNb/U ratios withMORB. The
Nb/U ratio is 30 in the bulk Earth, 10 in the continental crust and island-arc
volcanics, but the ratio is 47 in both MORB and OIB. Thus most of the mantle
that we sample either through MORB or OIB has been depleted in uranium relative
to niobium. The old notion that MORB sampled depleted MORB mantle (DMM)
while OIB sampled deeper undepleted mantle is no longer tenable [21].
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The most distinctive characteristic of OIB is that they contain high concentrations
of the large-ion lithophile elements such as K, Rb, Cs, Ba, LREE and other
incompatible elements such as Nb, Ta, Pb, Th and U (Fig. 8.1, Tables 8.1, 8.2).
There are several rarer varieties about which much debate persists. HIMU
(high µ where µ= 238U/204Pb) has the highest 238U/204Pb ratios and lowest
87Sr/86Sr ratios of any oceanic island basalts. Rocks from St Helena and the
Azores provide examples. The source of the geochemical and isotopic peculiarities
of this HIMU species of OIB is generally attributed to the incorporation of some old
recycled oceanic crust.
Two other species in this zoo are EnrichedMantle 1 (EM1) and Enriched Mantle 2

(EM2) that occupy separate areas on the isotopic diagrams. EM1, from Pitcairn
and Tristan da Cunha, seems to have derived its isotopic peculiarities both from
recycled oceanic crust and pelagic sediment. EM2 occurs at the Samoa and
Societies hot spots and has incorporated a few percent of subducted upper con-
tinental crustal material [22]. These two enriched mantle regions, EM1 and EM2,
constitute the DUPAL anomaly. The scale of these anomalies and of the recycled
crust in the mantle remains small.

8.6 Composition of the oceanic crust

Mid-ocean ridge basalts are relatively uniform in chemical composition compared
to the great variety of igneous rocks found on the continents, thus making the
oceanic crust much more uniform than the continental crust. Thus despite the
difficulty of access, the task is a little simpler than dealing with the heterogeneous
continental crust. The composition of the deep oceanic crust has been established
through dredging, drilling of the sea floor and direct examination using submersi-
bles [23]. However, the deepest drilling to date has only penetrated to a depth
of 1800m, barely into Layer 3. So despite an enormous amount of effort and data
from the original Deep Sea Drilling Project, Ocean Drilling Program and Integrated
Ocean Drilling Project, drilling has only penetrated through the upper part of the
crust in very few locations [24].
Apart from the production of oceanic crust at mid-ocean ridges, an additional

factor that needs to be considered in establishing the composition of the oceanic
crust is the contribution from oceanic islands. The total production of intra-plate
volcanism, expected to be a mix of tholeiites and alkali basalt, is about 1.5 km3 per
year. This is a highly visible but insignificant component relative to the massive
MORB volcanism. While MORB is depleted in large-ion lithophile elements, OIB
contributes these elements to the overall composition of the oceanic crust. Other
components in the present oceanic crust include pelagic clay and an array of
seamounts or guyots (Table 8.2). These form a non-trivial component. They number

8.6 Composition of the oceanic crust 217



at least 15 000, have an average height of 2 km and an average diameter of 20 km.
They are notably concentrated in the Pacific Ocean.
Yet another underestimated component is that resulting from the presence of

basaltic plateaus, such as the massive submerged Ontong Java Plateau in the
Western Pacific. These so-called large igneous provinces (LIPs) constitute the most
voluminous amounts of basalt erupted from the mantle after that erupted from the
mid-ocean ridges. The Ontong Java Plateau is the largest example, covering an area
(1.86× 106 km2) that is about 1% of the surface of the Earth. Its average thickness is
39 km and the lower crust Vp velocities are high, about 7.5 km/s.
Similar examples of these plateaus form the continental flood basalts that occur

on land where they are easier to study. Classic examples include the Deccan Traps
and the Columbia River basalts. Among their most interesting features is that they
were erupted rapidly, typically spanning a few million years at most [25]. In recent
times, these massive eruptions were concentrated in the Cretaceous Period. Does
this indicate that the eruption of these vast piles is episodic, analogous on a smaller
scale to the massive episodic outpouring of basalt that resulted in the resurfacing
of Venus?

8.7 Mantle structure

This seems to be an appropriate place in which to comment briefly on the nature of
the terrestrial mantle, from which both the oceanic and the continental crusts are
ultimately derived. However, we resist the temptation to draw conclusions applic-
able to other rocky planets from the silicate mantle of the Earth. Even though Venus
may possess similar abundances of the major elements, the lack of water and the
absence of subduction and recycling will make for a distinctive mantle on our twin
planet. Like most other features of the Earth, our mantle is probably unique in detail,
such as in the presence of the asthenosphere, critical for the operation of plate
tectonics, that is almost certainly missing on Venus.
The terrestrial mantle has well-established discontinuities at a depth of 410 km due

to olivine transforming to a denser phase; and at a depth of 660 km, caused by the
change to the perovskite and magnesiowüstite phases. This discontinuity is com-
monly used to separate the upper from the lower mantle. Deeper still, the D″ layer
occupies an irregular region about 200 km thick just above the core–mantle boundary
that occurs at a depth of 2900km. This D″ layer is probably due to a pressure-induced
phase transition in perovskite that occurs around 2700km at a temperature of 2500K
and a pressure of 1.25mbar. But its composition remains enigmatic and it has been
suggested to contain a substantial amount of the terrestrial budget of incompatible
elements [26]. So it remains as a “loose cannon” in mantle compositionmodels, while
our knowledge of the mineral physics of the deep mantle remains limited.
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Sampling of the mantle is difficult. We have access to samples such as MORB,
OIB and mantle xenoliths from the upper 300 km. But only MORB samples large
regions of the mantle, while the xenoliths, in which metasomatic effects are
common, may be contaminated either by the enclosing magma or by interaction
with the crust. The upper mantle has higher Mg/Si and Ca/Al ratios than either that
of the canonical CI initial solar nebular composition or that of most other meteorite
classes. Although the high Ca/Al ratio, relative to CI, is usually attributed to melting
during magma production, the high Mg/Si seems to be an inherent property.
However, the restricted sampling raises the familiar question of whether the

mantle is uniform in chemical composition or layered. This question of mantle
homogeneity or heterogeneity has been bedevilled by the familiar difficulty of
establishing tests of the various hypotheses. Although commonly divided in the
past into a chemically distinct upper and lower mantle, or perhaps composed of a
few discrete boxes, such models are now obsolete and the mantle is probably
homogeneous in chemical composition on the broadest scale.
The history of this debate is worth recounting. There has been an ongoing

controversy between the geochemists and the seismologists concerning the structure
of the mantle of the Earth. Geochemists, in particular isotopic specialists, have often
subscribed to a two-layered or box mantle. In this model, the oceanic crust (MORB)
is derived at the mid-ocean ridges, by partial melting at shallow levels, from an
upper mantle source that was previously depleted in the large-ion lithophile ele-
ments that now reside in the continental crust. Initial support for this model was
given by the apparent reciprocal relation in elemental abundances in these two
reservoirs and the approximate geochemical mass balance for incompatible ele-
ments between the crust and upper mantle reservoirs. Oceanic island basalts in
contrast, were thought to come from an undepleted primitive lower mantle. This
notion that OIB were sampling primitive mantle arose from its enrichment in many
incompatible elements [27].
The low concentrations of the radioactive heat-producing elements in the

depleted mantle source of MORB produce only about 10% of the mantle heat
flow. This suggests that there was a deeper mantle source enriched in K, U and
Th. This view was reinforced by the undegassed nature of parts of the mantle and
the low flux of 4He (about 5% of that produced) at mid-ocean ridges. It was also
argued that about 50% of 40Ar produced by the decay of 40K had been retained
in the mantle [28] but this was based on a higher terrestrial abundance of K than our
estimates (see Table 8.4).
These geochemical considerations led to the concept of a layered mantle. The

deeper mantle, below the famous 660 km discontinuity, was thought to be primitive
and undifferentiated and OIB was thought to be derived from deep mantle plumes
that tapped this region [29].
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Seismologists, however, using seismic topography, have been able to trace the
passage of descending subducting oceanic crust into the deepmantle, well below the
660 km seismic discontinuity that forms the canonical boundary that had been
proposed by the geochemists. This would imply whole-mantle convection (what
goes down must come up) and destroys the simple two-layered mantle model.
However, the heat loss–4He paradox remained as strong evidence for a deep

undepleted layer, reinforced by the appearance of the stable isotope 3He, thought to
be sampling primordial mantle. This 4He dilemma has apparently been resolved by
the demonstration that it is the surficial crustal layers, not the 660 km discontinuity,
that are hindering the escape of 4He [30]. The removal of these cornerstones of a
layered mantle cleared away objections to whole-mantle convection. Overall, the
contributions by geochemists to the problem of mantle structure have not been
particularly enlightening.
However, much local heterogeneity remains in the mantle. Oceanic crust, derived

by partial melting, has been extracted from it for around four thousandmillion years.
But unlike the other planets or the Moon where crustal formation is largely a one-
way street, much of the terrestrial oceanic crust has been recycled into the mantle,
following extraction of the continental crust. The isotopic and chemical peculiarities
of OIB are derived from various recycled crustal materials as discussed above. The
mantle is undergoing slow convection at rates between 1 and 5 cm/year but appears
to contain ill-defined heterogeneities in composition or blobs that occur in the lower
as well as in the upper mantle. Thus the mantle structure may well represent a kind
of plum pudding, although the plums are likely rare. Possibly marble cake provides
a better analogue [31, 32].
The composition of the depleted mantle (DMM) is given in Tables 8.1 and 8.2.

As discussed above, this is taken to represent the present composition of the entire
mantle above the D″ layer [33].

8.7.1 Mantle plumes

Mantle plumes have become a well-entrenched model for the source of oceanic
island chains and large igneous provinces and this concept has been supported both
by laboratory data and computer models [34]. Such hot buoyant upwelling regions
beneath the lithosphere have been proposed to be responsible for the large igneous
provinces (e.g. Ontong Java Plateau, Deccan Traps, Columbia River basalts that
form significant crustal components) and are thought to arise from the base of the
mantle. Some of those responsible for oceanic island chains are postulated to arise at
the boundary between the upper and lower mantle. The plume hypothesis is con-
sistent withmany of the observed geological features of both types of volcanism that
are not explained by the plate tectonics paradigm. As Geoff Davies has remarked,
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“Plume tectonics is not an alternative to plate tectonics. Mantle plumes plausibly
rise from a lower hot thermal boundary layer, whereas plates arise in the upper, cold
thermal boundary layer. Plumes and plates are thus complementary, rather than
being alternatives” [35].
However, the number of plumes is seriously in dispute. Although numbers of less

than 100 are usually cited, these have ranged in the literature from a high of 5200
down to a low of nine [36]. Claims of direct seismic evidence for the existence of up
to 32 plumes have been reported but this is based on controversial interpretations
and requires confirmation [37].
One of the apparently better-defined plumes is that responsible for the Hawaiian

chain. However even this example is more complex than the concept of a simple
concentrically zoned plume. Two trends, responsible respectively for Mauna Kea
and Mauna Loa have long been recognized from differences in lead, strontium and
neodymium isotopes. But more subtle differences exist that include lateral, verti-
cally separate, narrow (50 km wide) compositional streaks [38].
However, the conventional view of the existence of plumes is not universally

accepted and it is asserted by several authors that plumes do not exist. In these
models, the formation of hot-spot volcanoes, plateau basalts and large igneous
provinces is variously attributed to decompression melting, mantle heterogeneity,
delamination or even meteorite impact, while island chains might arise through
propagating cracks [39].
Overinterpretation of successful models is a common failing in the geological

sciences so that there has been the usual tendency to apply the plume model too
widely (5200 plumes!). There is much variation among “hot spots” so that it is
always possible to find exceptions, apparent or otherwise, to any model. Thus a
chain of hot-spot volcanoes near Japan may be due to cracking of the tectonic plate
because of flexure rather than resulting from a deep-seated plume [40]. But isotopic
evidence that hot spots beneath such volcanoes as Hawaii, Iceland and the Azores
indicates that the mantle is both hot and buoyant beneath volcanoes consistent with
the plume hypothesis. Unfortunately information on the depth to which this extends
is lacking [41]. Thermal and compositional heterogeneity in the upper mantle may
account for other examples of “hot-spot” volcanoes.
This debate over plumes is another example of the inherent difficulties of trying

to establish general rules to account for geological phenomena. Much of the debate
over the reality or otherwise of plumes seems due to the stochastic nature of
geological processes. In the spirit of Ockham’s razor, the plume model appears to
be a reasonable explanation for many intra-plate volcanic chains, but we note that
questions about the reality of what is going on in the mantle remain obscure.
Possibly some combination of the dynamics of plates and deep-mantle plumes
will account for the various hot-spot volcanoes and flood basaltic provinces. But
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the mantle has been subject to over 3000Myr of sinking or subducting oceanic
crust, the formation of lithospheric keels under cratons and the possibility of
foundering of the material from the bases of island arcs, or doubtfully, the lower
crust (see discussion on delamination in Chapter 12).
These problems, coupled with the inaccessibility of the mantle to direct observa-

tion, call for much caution in trying to unravel the evolution of the mantle of the
Earth. Although we have tried to come down on one side or the other of the many
controversies discussed in this book, the reality or otherwise of plumes remains
to be established unequivocally. Hopefully seismic tomography will provide a
definitive answer within the next decade.

8.8 Composition of the Earth

We are now in a position to comment on the composition of the planet itself,
important here because of the many constraints it imposes on crustal development.
The composition of the Earth would not be such a problem and our task would be
much simplified, if all planets were broadly similar in composition, like stars. But
the Earth differs significantly in composition from our models of the dust and ice
components that were present in the early solar nebula. Indeed, if any planet within
the Solar System could be considered anomalous, it is the Earth.
As discussed in Chapter 1, the Earth was assembled from the dry and volatile-

element depleted planetesimals that had survived the early violent stages of solar
activity. The bulk composition of the Earth depended thus on the sequence of chance
events that dictated what planetesimals were accreted, whether they had experi-
enced previous differentiation events and from which regions of the solar nebula
they were derived. The bottom line is that the composition of any rocky planet is the
end result of stochastic processes and that each one will likely differ in detail from its
neighbor.
The similarity in the composition of the carbonaceous chondrites (CI) to that of

the Sun for non-gaseous elements has long provided geochemists with the composi-
tion of the primitive solar nebula. Early models indeed used the CI abundances to
provide the composition of the Earth. But the composition of the Earth is surprising,
even compared with such a sample of the original dust component of the nebula
(Figs. 1.3, 2.1). The gases and ices are mostly missing from the Earth, swept away in
the early turbulence in the nebula before the Earth accreted. The elements that are
volatile below 1100K, such as the alkalis, are also strongly depleted, consistent with
the core-accretion or “snow line” model for forming the giant planets (Chapter 1).
Although the composition of the Earth reflects the general volatile-element-

depleted nature of the inner Solar System, the point in the present context is that
the Earth was assembled from a suite of differentiated planetesimals that formed a
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random subset of those that occupied the inner solar nebula. Meteorites provide
useful but inexact analogues, as there was little input from the asteroid belt at 2 to
4 AU, the present source of most meteorites [42].

8.8.1 Core

We do not consider the composition of the core in detail except to note that its
segregation is coincident with the accretion of the Earth. The core consists of 90%
iron with minor nickel, cobalt and other trace siderophile elements, together with
about 10% of a light element. The question of the light element in the core continues
to frustrate workers. Various candidates have included oxygen, silicon and sulfur. In
our view, in a subject beset with uncertainty, the light element is probably sulfur.
This opinion is based on two observations. Firstly, FeS is a common phase present in
iron meteorites. Secondly, the often-stated objection that sulfur is a volatile element
and should therefore be depleted in the Earth to the same level as zinc that is of
similar volatility, fails to recognize that sulfur is most likely accreted to the Earth in
the form of FeS. The presence in Mercury of a partially liquid core, possibly
containing FeS, lends credence to this model.

8.8.2 Mantle

The composition of the present (depleted or DMM)mantle was discussed above. Here
the composition of the primitive mantle (present mantle + crust = PM) is of more
direct interest. Geochemists have long assumed that the refractory element ratios in
the Earth are similar to those in the CI chondrites and this assumption is reasonably
robust. The higher Ca/Al ratios (1.3 compared to 1.1 for CI) in the mantle of these
quintessential refractory elements have usually been attributed to later secondary
melting. But as noted above, the upper mantle of the Earth also has a high Mg/Si
ratio compared to CI and this has posed a classical dilemma for geochemists.
Magnesium and silicon are less refractory than Al, Ca, Ti or the REE and so are
not included among the refractory lithophile elements (RLE). Indeed many of the
chondritic meteorite groups show differences in Mg/Si ratios [42] indicating that
fractionation of these elements has occurred within the inner nebula.
Among the suggestions to account for the high Mg/Si ratio is that the lower

mantle has a low Mg/Si ratio, thus balancing that of the high ratio in the upper
mantle, perhaps due to olivine fractionation. But this would also change the Ni/Co
ratio from its approximately chondritic value in the upper mantle. An alternative
idea is that it could be possible, under extremely reducing conditions such as in the
enstatite chondrites, to hide the missing Si in the core, so allowing the Earth to retain
the Mg/Si ratio of the primitive solar nebula [43].
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However, these ideas and others have generally been rejected and the consensus
is that the mantle, although heterogeneous in detail, is broadly uniform. So the high
Mg/Si ratio observed in the upper-mantle samples is likely representative of the
silicate Earth (excluding the D″ layer that remains an unknown, although we regard
the possibility that the D″ layer contains a KREEP-rich layer [26] as remote).
There are two main approaches to calculating the problem of the composition of

the primitive mantle of the Earth. These may be loosely labeled as cosmochemical
(that uses essentially inter-element relationships derived from meteorites, princi-
pally CI carbonaceous chondrites) and geological (using the data from mantle
xenoliths and basalts erupted from the mantle). In practice, evidence from both
sources is employed but with varying emphasis. The usual caveats apply to the use
both of meteorites and of mantle xenoliths, that are essentially random samples,
while the xenoliths are also subject to metasomatic alteration.
The results of these approaches by Lyubetskaya and Korenaga [44] and Taylor

[45] are essentially identical (Table 8.3) but both disagree significantly with the two
most widely quoted “standard” estimates of Sun and McDonough [46] and Palme
and O’Neill [47]. Major discrepancies between these estimates occur for alumi-
nium, calcium and titanium and the other RLE, while further debate has occurred
over the abundance of potassium, rubidium and related elements. Table 8.3 shows
these agreements and differences among these various estimates for some critical
elements.
Table 8.4 lists our preferred estimates, column A [48], that have been slightly

revised with newer data but do not differ significantly from those given by Taylor
over 25 years ago [45]. These values agree with the latest detailed evaluation of the
problem by Lyubetskaya andKorenaga given in columnB [44]. However both these
sets of data for the abundances of K, Rb, Al and the other RLE are seriously different
from the currently popular estimates (Table 8.3, columns D and E) [46, 47].

Table 8.3 Five estimates of the abundances of critical elements in the primitive
mantle (present mantle + crust) of the Earth

A B C D E

RLE/CI ~2.1 2.23 2.16 2.75 2.80
Al2O3 (wt%) 3.30 3.64 3.52 4.43 4.51
K (ppm) 180 180 190 240 260
U (ppb) 18 18 17.3 20.3 22
Th (ppb) 70 64 62.6 79.5 83
Mg/Si 1.14 1.08 1.11 1.04 1.09

A: Taylor [45]; B: This work; C: Lyubetskaya and Korenaga [44]; D: McDonough
and Sun [46]; E: Palme and O’Neill [47].
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Table 8.4 Two estimates of the composition of the primitive mantle (present mantle
plus crust) of the Earth

Oxide A B

SiO2 45.6 44.95
TiO2 0.16 0.158
Al2O3 3.64 3.52
FeO 8.0 7.97
MgO 38.45 39.50
CaO 2.89 2.79
Na2O 0.34 0.298
K2O 0.02 0.023
∑ 99.2 99.2
Mg# 90.0 89.6

Element A B Element A B Element A B

Li (ppm) 1.6 1.6 Rb (ppm) 0.55 0.457 Eu (ppb) 129 123
Be (ppb) 54 54 Sr (ppm) 17 15.8 Gd (ppb) 454 432
B (ppm) 0.26 0.17 Y (ppm) 3.48 3.37 Tb (ppb) 84 80
Na (ppm) 2500 2220 Zr (ppm) 8.6 8.42 Dy (ppb) 566 540
Mg (wt%) 23.2 23.41 Nb (ppm) 0.55 0.46 Ho (ppb) 126 121
Al (wt%) 1.93 1.87 Mo (ppb) 30 30 Er (ppb) 370 340
Si (wt%) 21.4 21.09 Ru (ppb) 4.3 5 Tm (ppb) 57 54
K (ppm) 180 190 Rh (ppb) 1.7 0.9 Yb (ppb) 368 346
Ca (wt%) 2.07 2.00 Pd (ppb) 3.9 3.6 Lu (ppb) 57 54
Sc (ppm) 13 12.7 Ag (ppb) 19 4 Hf (ppm) 0.24 0.23
Ti (ppm) 1021 950 Cd (ppb) 40 50 Ta (ppm) 0.032 0.030
V (ppm) 85 74 In (ppb) 18 10.1 W (ppb) 16 11.9
Cr (ppm) 2540 2645 Sn (ppm) 0.14 0.10 Re (ppb) 0.25 0.32
Mn (ppm) 1000 1020 Sb (ppb) 5 7 Os (ppb) 3.8 3.4
Fe (wt%) 6.22 6.22 Te (ppb) 22 8 Ir (ppb) 3.2 3.2
Co (ppm) 100 105 Cs (ppb) 18 16 Pt (ppb) 8.7 6.6
Ni (ppm) 2000 1985 Ba (ppm) 5.4 5.08 Au (ppb) 1.3 0.88
Cu (ppm) 18 25 La (ppb) 546 508 Tl (ppb) 6 2
Zn (ppm) 50 58 Ce (ppb) 1423 1340 Pb (ppb) 120 144
Ga (ppm) 4 4.2 Pr (ppb) 215 203 Bi (ppb) 10 4
Ge (ppm) 1.2 1.15 Nd (ppb) 1057 994 Th (ppb) 64 62.6
As (ppm) 0.10 0.050 Sm (ppb) 343 324 U (ppb) 18 17.3
Se (ppb) 41 75

A: Based on Taylor [45] and Taylor and McLennan [48] with the following minor revisions:
The refractory lithophile element (RLE = Be, Al, Ca, Sc, Ti, Sr, Y, Zr, Nb, Ba, REE, Hf,
Ta, Th and U) abundances have been ratioed to a constant 2.23 × CI (from Table 1.1).
Molybdenum data from Sims et al. [51] and Li data from Ref. 47. B: See Lyubetskaya
and Korenaga [44].
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We regard the abundances for these elements in the standard models [46, 47] as
another example of overestimates of incompatible elements and prefer our lower
values for potassium and the refractory elements. Because of these differences, it is
too early to propose a geochemical equivalent of the geophysical Preliminary
Reference Earth Model (PREM) although we suspect that it will eventually be
close to our estimate. The basic reasons for this comment are that our values in Table
8.4 resolve several dilemmas that beset the standard model. These include the argon
budget, the mass balance of the lithophile elements, the concentrations of potas-
sium, uranium and thorium and the global thermal budget [44]. But maybe “this
problem is insufficiently well constrained to be solvable at present” [49].
The very low concentrations of siderophile elements in the mantle, such as the

chondritic Ni/Co ratios, constitute another controversial problem that we note in
passing. A “late veneer” of chondritic material seems to be the only reasonable
explanation for the apparently uniform but low (0.008 × CI) concentrations of
highly siderophile elements (Os, Ir, Ru, Pt, Pd, Re) in the terrestrial mantle [50].
Bulk planetary compositions influence crustal development mostly through the

abundances of the heat-producing elements K, U and Th. Partial melting in plane-
tary mantles produces basalts of various varieties on bodies as similar as the Earth
and Venus, or as distinct as theMoon andMars. But further crustal development can
be strikingly dissimilar as shown by the differences among the terrestrial planets that
are the main topic of this book. However, even the Earth and Venus, that probably
have rather similar abundances of the major elements and, significantly, of the heat-
producing elements (Chapter 7), have distinct geological histories.
Mars differs significantly from the Earth in density and possibly in Mg/Si and

Al/Si ratios while Mercury is an extreme case that shows that bulk compositions,
even of substantial bodies, may be affected by collisions. Perhaps the most striking
example of a difference in bulk composition influencing crustal development is the
Moon, whose crust of anorthosite may be unique, although the crustal composition
ofMercury may be some kind of analog. Most of these variations among the smaller
bodies, excluding theMoon, are related to their earlier stage of formation, compared
to the later growth of the Earth and Venus (Chapter 1).

Synopsis

The secondary oceanic crust is a terrestrial analog of the lunar maria and of the
venusian crust. In contrast to these examples however, plate tectonics on the Earth
provides for recycling. Thus the enormous volumes of basaltic crust that are
generated over geological time eventually lead to the production of the continental
crust. The driving mechanism for the plate movement is mostly slab-pull, with the
plates sliding on the weak asthenosphere. This tectonic environment is unique, due
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to water and the low solubility of water in aluminous orthopyroxene in the upper
mantle. On such fine details do the growth of continents depend.
The oceanic crust is composed effectively of mid-ocean ridge basalts (MORB)with

minor contributions from OIB, calcareous, siliceous and terrigenous sediment.
Eighteen cubic kilometers of lava are erupted per year at the mid-ocean ridges that
extend for 60 000km. Axial ridge morphology varies with the spreading rate that
ranges from a few millimeters to 22 cm/yr. Typically 6–7 km thick, the mean age
of the crust is 60Myr and it forms from a combination of lava flows, dikes and
intrusions of sills. The principal component, MORB, mostly low-K tholeiite, forms
from depleted mantle at around 50km depth and is comparatively uniform in
composition in great contrast to the wide variety of lunar basalts. There is substantial
interaction between oceanic crust and seawater particularly at the mid-ocean ridges.
Oceanic island basalts (OIB) are much less abundant and derived from deeper

sources, although not from primitive mantle. Some show isotopic variations indi-
cating interaction with recycled oceanic or more rarely continental crust, on a scale
difficult to assess.
The present mantle composition is depleted in incompatible elements due to

extraction of the continental crust. It is broadly uniform chemically on a large scale,
rather than layered or consisting of large isolated boxes. On a smaller scale, it is
heterogeneous due to subduction and recycling, possessing a “marble cake” or
“plum pudding” structure although the plums are rare enough to present problems
for Jack Horner. Probably it has a higher Mg/Si ratio than CI, a consequence of the
random processes of planetary accretion from a hierarchy of assorted planetesimals.
The reality of mantle plumes, although likely sources for hot spots, remains a
current controversy.
The bulk composition of the Earth depends on our understanding of the composi-

tion of the primitive silicate mantle. Our estimate, in agreement with the evaluation
of Lyubetskaya and Korenaga [44] has significantly lower values for potassium and
the refractory lithophile elements (including thorium and uranium) compared to the
standard model (Table 8.4).
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9

The Hadean crust of the Earth

I find no traces of a beginning
(James Hutton) [1]

In the following four chapters, we deal with the development of the continental crust
on the Earth. The history of this planet, except for the past 200Myr, is contained
almost entirely in the continental crust that is subject to so many factors (erosion,
tectonic activity, differentiation, metamorphism, volcanism, break-up and re-accretion
among others) that it is surprising how good the record is. We begin with that dark
period from which no rocks have survived. This however has not prevented, but
rather encouraged speculation about the nature of the crust in that remote epoch.
This, the so-named Hadean Eon, extends for several hundred million years, from the
formation of the Earth to the first known occurrence of a preserved rock record, a
period of time comparable to the extent of the Phanerozoic [2].

9.1 The Hadean crust and mantle

What indeed was the nature of the crust of the Hadean Earth? Extensive searches
have failed to reveal rocks older than somewhere between 3850 and 4030Myr.
The only earlier remnants that have survived to record the existence of Hadean
surface rocks are some relict detrital zircon crystals up to 4100Myr in age, with a
handful as old as 4363Myr, that are found in younger sedimentary rocks in the Jack
Hills in Western Australia [3]. These ancient zircon grains contain low abundances
of scandium (that is concentrated in basic rocks) and other trace-element signatures
suggestive of derivation from felsic igneous rocks [4]. Although this implies the
presence of silica-rich rocks, it leaves unanswered the significant question of
how extensive such rocks might have been. So what happened in that obscure
period that followed the accretion of the Earth and before the survival of the oldest
rocks?
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9.2 A terrestrial magma ocean

In the beginning, melting of the Earth during accretion from planetesimals was
likely and the energies involved during the Moon-forming impact render it inevit-
able. This massive event, the last major impact during the accretion of the Earth,
would have over-ridden any previous smaller-scale melting episodes caused by
earlier planetesimals as they plunged into the growing Earth. However, it is not clear
whether re-equilibration of metal and silicate occurred during these events. Models
suggest that the core of the Moon-forming impactor accreted directly to the core
[5, 6] so it is a moot point whether that metal re-equilibrated with the mantle. The
subsequent history of the terrestrial mantle is a matter of intense geochemical
debate, fuelled by a lack of much evidence for early differentiation.
Is there indeed any evidence of the element fractionation that might be expected

from the crystallization of such a mass of magma? None of the expected variations
from CI ratios are evident. However a wide range of terrestrial rocks have an
142Nd/144Nd ratio that is 20ppm higher than that in many chondritic meteorites
(146Nd decays to 142Nd with a half-life of 103Myr) [7]. This observation has been
interpreted to indicate that the mantle experienced a very early global differentiation
while 142Nd was “alive”. Such an event is proposed to have resulted in the production
of two reservoirs from a global magma ocean; one enriched in light REE (lowSm/Nd)
and the other depleted in LREE (high Sm/Nd) and in other incompatible elements.
Such an enriched layer would be analogous to KREEP on the Moon (Chapters 2
and 3). It has been estimated that it would contain perhaps 30–50% of the Earth’s
budget of the incompatible elements, notably the heat-producing elements potassium,
uranium and thorium. It is further postulated that this layer sank to the base of the
mantle where it has remained inaccessible throughout geological time.
However, the stable isotopes 137Ba and 138Ba likewise show a 50 ppm difference

between chondrites and the Earth [8]. Thus the 142Nd data more likely reflect
incomplete mixing of nucleosynthetic products (mainly s and r process) in the
primordial solar nebula rather than indicating that a major early terrestrial differ-
entiation event occurred.
If extensive differentiation did not happen, what then was the crystallization

history of this stupendous mass of molten rock? The crystallization of large bodies
of molten rock, such as in the Skaergaard or Stillwater layered intrusions, might lead
one to expect the segregation in the mantle of zones of differing mineralogy, whose
elemental and isotopic fingerprints would inform us of this early crystallization in
the mantle. Such was the course of events on the Moon.
However, if the mantle in the early Earth was molten, the amount of melt was so

large that conventional terrestrial analogies, derived from layered intrusions several
orders of magnitude smaller, or from the Moon that is two orders of magnitude
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smaller than the Earth, may simply be inadequate to describe the solidification of
such a mass of material. The absence of evidence on the Earth, such as we have from
theMoon, indicates that the mantle crystallized without producing separate zones of
minerals, as various theoretical studies have suggested [9].

9.3 The early crust

Although it is probable that the Earth initially was melted and that a magma ocean
existed, no anorthositic crust, analogous to the lunar highland crust, appears to have
formed. Avariety of observations support this conclusion. For example, the Earth is
less well endowed with calcium and aluminium than the Moon, so that plagioclase
would not be an early crystallizing phase from a terrestrial magma ocean (Chapter 2)
and in any event, is not stable below about 40 km. But if plagioclase had precipi-
tated, it would have sunk in the wet terrestrial magmawhereas it floated on the bone-
dry lunar magma ocean. Further, no Eu anomalies that would result from such an
anorthositic crust appear in the oldest clastic sediments [10] nor in the REE patterns
of the Hadean zircons. Equally, there is no sign of significant evolution in 87Sr/86Sr
ratios during the Hadean, yet this would be expected if a plagioclase-rich crust,
capable of fractionating Rb from Sr, had remained isolated from the Hadean mantle.
Another suggestion is that the earliest crust was composed of the Mg-rich lava,

komatiite [11]. Such high-Mg melts might be produced under the early high-
temperature conditions in the Hadean Earth, as heat production, particularly from
235U and 40K, was about four times that of the present. Crusts so formed would be
too refractory to melt during subduction, but they could have been recycled into the
deep mantle without the tell-tale signature of LREE and incompatible-element
enrichment subsequently reappearing in surface rocks. But the zircons were derived
from felsic rocks. These were much more likely to be derived from felsic differ-
entiates of basalts rather than from such refractory Mg-rich komatiitic rocks.
It has been further suggested by analogy with Mars, Venus and Vesta and because

of the high heat production in the Hadean, that perhaps the early crust was basaltic.
If so, small areas of felsic rocks perhaps formed from remelting of this basaltic crust
as it sank back into the mantle; outcrops of these siliceous rocks might be the source
of the resistant zircons that appear in the younger sediments. Other alternatives
include the formation of small amounts of differentiated rocks from the ubiquitous
basalt or differentiation within pools of impact melt, analogous to the Sudbury
Igneous Complex.
However, the basic problem is that such a primordial crust, if it ever existed,

seems to have vanished without providing a signature that can be recognized from
currently available chemical or isotopic data. For example, no Archean or later
rocks have been derived from such a primitive crust (which might resemble an
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alkali basalt in composition and be enriched in LREE, with low Sm/Nd ratios)
[12]. But before continuing with these speculations, it is necessary to discuss the
effect on the Earth of the late cataclysmic bombardment, the popular misconcep-
tion of early widespread granitic crusts in the Hadean and examine the zircon
evidence in more detail.

9.3.1 The bombardment record

It is often thought that the growth of early primary crusts proceeded in a turbulent
environment. But the sweep-up of large planetesimals was probably completed
shortly following the final assembly of the Earth and Venus. The long interval
between 4.4 and 4.0Gyr may have been punctuated only by an occasional, albeit
large impact and so be quieter than sometimes supposed. In any event, as discussed
in Chapter 2, a cataclysmic bombardment appears to have struck the inner Solar
System later around 4.1–3.85Gyr [13].
How long did this episode last? The ages of the Imbrium collision and the slightly

younger Orientale Basin formation place the terminal stages of these events on
the Moon at about 3850Myr. Lunar accretion was essentially completed by about
4460Myr, that appears to represent the age of the crystallization of the highland
crust. However, between about 4100 and 3850Myr, some 80 basins (> 300 km
diameter) and over 10 000 craters with diameters in the range 30–300 km formed
on the Moon. In the same interval, over 200 multiring basins (> 1000 km in
diameter) probably formed on the Earth [14].
On the Moon, the principal effect was the production of the great basins and

craters with extensive brecciation of the samples from the lunar highlands. Any
earlier record was obliterated on Venus by resurfacing with basalt less than 1Gyr
ago, but it has been preserved on Mars in the southern old heavily cratered terrain
(although with much degradation of the craters). The cratered basement in the
northern hemisphere of Mars was covered by younger lavas while a cratering
record, somewhat resembling that on the Moon, has been preserved on the battered
face of Mercury.
This bombardment is often thought to explain the absence of identifiable

rock units on the Earth older than 3850Myr. But extensive searches for traces of
this bombardment in Early Archean rocks at Isua, Greenland, have yet to find
unequivocal evidence of this catastrophe. Neither shocked minerals nor a geochem-
ical signature such as excess iridium, that is characteristic of meteoritic impacts,
have been identified [15]. However, enrichments in the tungsten isotope 182W
have been reported in metasedimentary rocks 3.7 to 3.8Gyr in age from Isua,
Greenland [16]. The meteoritic tungsten in these samples is considered to be a
precipitate rather than a detrital component. If true, it would mean that the
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tungsten in seawater was derived from meteorites and so perhaps be evidence
of a widespread, rather than local event [10].
However, on the Earth the record is less likely to be preserved for two reasons.

Firstly terrestrial eroding and transporting processes working on the debris resulting
from several hundred impacts on the scale that produced Mare Imbrium and Mare
Orientale on the Moon likely removed the evidence (although not mantle keels, if
present). Possibly the explanation is that the oldest surviving rocks on the Earth
postdate the cataclysm that ended at 3850Myr, so that the record simply is missing,
but the effect of the cataclysmic bombardment on the evolution of the crust of the
Earth remains an open question.

9.4 The early continental crustal myth

Like the heads of the Hydra, the notion of an early granitic continental crust
continues to reappear. A vast edifice has been erected on the basis of the few
surviving zircon grains, although in the opinion of one commentator, “the earliest
surviving materials (e.g. detrital zircons) impose only anecdotal constraints” [17].
The most extreme views portray an Earth 4.4Gyr ago that included oceans and large
areas of continental crust that would look familiar to Homo sapiens [18]. But one
swallow does not make a summer, a few zircon grains do not make a continent and
no good evidence exists for that enduring geological myth of an extensive primor-
dial crust of “sial” or granite. Such models seem to have originated through false
analogies between the production of a silicic residuum during crystallization of
basaltic magmas and conditions in an early molten Earth, coupled with a lack of
appreciation of the difficulties of producing granite (see Chapters 11, 12).
Several observations inform us that early “granitic” crusts were very limited in

extent. There was no land vegetation in the Hadean or indeed through the Archean
or Proterozoic. Any rock exposed above sea level would be barren, with the
consequent formation and wind transport of dust. Due to dust blown from deserts,
present-day mid-ocean sediments indeed show the fingerprint of Eu depletion in the
upper continental granitic crust. But such a signature of Eu depletion is missing
from virtually all Archean sedimentary rocks except for those found adjacent to
local cratonic areas or in sediments dating from the latest Archean.
Zircon, a highly durable mineral, survives through many cycles of weathering,

erosion and deposition of sediments. The mineral also appears to be suited for large-
scale wind transport as witnessed by the enrichment of zirconium in loess deposits
and the presence of substantial exotic zircon in ancient soils. Thus if there were
extensive regions of early granitic or felsic crust, then a significant population of
ancient zircons derived from them by erosion should have survived and be recycled
into younger Archean sedimentary rocks.
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However, zircon populations, dated by the 176Lu–176Hf technique, in Early
Archean quartzites, are mostly the same age as the terrain in which they are
found. There is a scarcity or absence of zircons of Hadean age [19]. This conclusion
is reinforced by later studies that show, despite extensive searches, that few zircons
have survived from times before 3900Gyr ago. This evidence disposes of the notion
that there were large areas of granitic crust older than 4.0Gyr [20] (Fig. 9.1). The
conclusion is that old sialic or granitic continental crust was rare.
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Fig. 9.1 Ages of detrital zircons in younger sedimentary rocks: (a) for strata
between 3500 and 3600Myr (n= 117) and (b) for strata between 3700 and
3800Myr (n= 54). Adapted from Nutman, A. P. (2001) On the scarcity of
> 3900Ma detrital zircons in > 3500Ma metasediments. Precamb. Res. 105, 108,
Fig. 4.
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Nevertheless, claims continue to be made that the early Earth had extensive
areas of continental crust about 4.3 Gyr ago and that subduction processes were
operating, based both on the ∂18O data and the high REE contents of zircons.
These high ∂18O values of the zircons have been taken to be indicative of the
presence of water at that remote epoch, a cool early Earth and conditions similar
enough to that of the present regime that Homo sapiens would find agreeable;
whether life itself was present in that remote epoch remains uncertain [18, 20].
However a detailed examination of the zircons reveals that most have undergone

U–Pb disturbance under high-temperature conditions and later reactions with fluids.
The oldest zircon unequivocally of magmatic origin has a ∂18O value of 4.8 ± 0.4‰,
consistent with formation from an igneous rock derived from the mantle [21]. The
high abundances of the LREE (La–Sm) in such zircons have also been taken as
evidence that they originated from continental-crustal-type rocks [22, 23]. But such
high LREE concentrations are commonly observed in zircons and are attributable to
a variety of causes, rather than necessarily being derived from a magma inferred to
have been produced in a wet subduction zone. Such a conclusion would imply that
conditions during the Hadean resembled those in the modern Earth, complete with
plate tectonics.
However zircons from the lunar highlands also display similar “overabundances”

of REE (albeit with a greater depletion in europium, due to the extraction of europium
into the highland crust) (Fig. 9.2). They also display ∂18O values that overlap with
those of “supracrustal” zircons on the Earth [23]. But the lunar minerals have neither
been near water nor a subduction zone and so this interpretation of the zircon data by
Cavosie et al. [23] is non-unique [24]. Thus great caution is warranted in extrapolating
to the distant past from present-day conditions on the surface of this planet.

9.5 Isotopic constraints: 142Nd and 176Lu

The possibility that significant constraints on the history of the early Earth can be
gained from a study of both short and long-lived isotopes has resulted in a huge
amount of work, mostly beset by contradictory claims. Samarium-147 decays to
143Nd with a half-life of 10.6 × 1010 years and so this system can document
extraction of the LREE from the mantle. However the record in early rocks is
bedevilled by open-system behavior during episodes of later metamorphism and
evidence for a widespread early crust that depleted the LREE in the mantle has not
been generally accepted. This has focused attention on the 146Sm–142Nd isotopic
system that has a half-life of 103Myr and accordingly could record mantle fraction-
ation events occurring before about 4.3Gyr ago.
However, the measurement of possible enrichment of 142Nd close to the currently

attainable limits of precision has proven both difficult and contentious, with some

9.5 Isotopic constraints: 142Nd and 176Lu 239



samples from Isua apparently showing an anomaly while others do not. There is no
sign of 142Nd anomalies in the present upper mantle, suggesting that if there was
major mantle–crust fractionation in the Hadean, the mantle has subsequently been
remixed. Probably the 142Nd data reflect the existence of local Sm/Nd fractionation
in the mantle [25].
The 176Lu–176Hf isotopic system that has a half-life of about 37Gyr also has

great potential for studies of early zircons [26], for which independent, highly
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Fig. 9.2 The REE abundances in Hadean zircons show the same degree of
enrichment over chondritic abundances as zircons from the lunar highlands except
for the major depletion in Eu in the latter. Adapted from Whitehouse, M. J. and
Kamber, B. (2002) On the overabundance of light rare earth elements in terrestrial
zircons and its implication for Earth’s earliest magmatic differentiation. EPSL 204,
344, Fig. 8.
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precise U–Pb ages can also be obtained. While hafnium is concentrated in zircon,
commonly at 2% levels, lutetium is so low in abundance that the 176Hf/177Hf ratio
barely changes and so a fossil record is preserved of their initial hafnium isotopic
ratio. However another problem besets this useful system. The decay constant is
not well known, with values that range from 1.865 × 10–11/year [27] up to 1.983 ×
10–11/year. Here we adopt the lower value (1.865 × 10–11/year) that is consistent
with geochemical measurements [28].
Extraction of crust from themantle will preferentially incorporate hafnium, relative

to the HREE element, lutetium, so that the 176Hf/177Hf ratio will increase at a much
faster rate in the mantle compared to that in the crust. The present mantle has a high
176Hf/177Hf ratio that is consistent with the extraction and isolation of significant
amounts of continental crust from the mantle throughout geological time [29].
In some remnant zircons (ranging in age from 3.96 to 4.35Gyr) found in

younger sedimentary rocks (deposited about 3000Myr) at Jack Hills, Western
Australia, heterogeneities have been claimed in the 176Hf /177Hf ratios. These have
been interpreted to indicate extensive differentiation of the mantle in that remote
epoch [30]. However none of the younger zircons, with ages extending to as old as
3500Myr appear to be derived from a mantle with anomalously high 176Hf/177Hf
ratios, so that they provide, once again, no evidence for much in the way of
continental crust prior to 3900Myr. But they give some information on when
these processes started. The Jack Hills zircons were derived frommaterial that was
extracted from the mantle about 4360Myr ago.
What was the source of the zircons that survived into the younger sedimentary

rocks? Possibly thicker portions of a basaltic crust melted at their base to produce
occasional islands of felsic igneous rock. Alternatively these zircon crystals, might
have originated in felsic differentiates from pools of melt generated during large
impacts. A later example is the Sudbury structure, about 250 km in diameter, that
formed 1850Myr ago in the continental crust and produced a pool of impact melt
3 km deep and 90 km in diameter. Sixty percent of the resulting Sudbury Igneous
Complex is composed of felsic rocks [31]. In the Hadean, the crust was probably
more mafic than at 1850Myr (see Chapter 11) but production of felsic differentiates
during large impacts remains a distinct likelihood. But drawing analogues between
later times with the Hadean remains a hazardous enterprise [24].

9.5.1 Mantle keels in the Hadean?

Continental crust is typically underlain by low-density regions (or keels) in the
mantle (see Section 10.5.1). If extensive areas of continental crust had existed in the
Hadean, one might predict that such keels could have survived even if the overlying
crust had vanished by various recycling processes. However there is no sign of
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them, although such keels underlie most Archean stable continental blocks (or
cratons).
The age of formation of the peridotites that dominate such lithospheric keels has

proven difficult to establish by conventional dating techniques such as the Rb–Sr,
Sm–Nd, U–Pb, Th–Pb and Lu–Hf isotopic systems. However the 187Re–187Os
system with a half-life of 4.23 × 1010 years, seems more immune to later meta-
somatic activity and provides the most reliable dating for lithospheric keels. The
oldest evidence for development of a depleted sub-continental lithosphere occurs in
the Zimbabwe Craton at 3.8Gyr, the same age as the oldest detrital zircon from that
craton [32]. The consensus is that there is no evidence of Hadean ages in the Re–Os
studies of peridotites from the extensive Kaapvaal craton suites [33]. So the mantle
keels that are related to the formation of evolved crust, are Archean rather than
Hadean in age and provide no signature for the former existence of Hadean con-
tinental crust.

9.6 A model for the Hadean

Here we summarize our interpretation of the enigmatic and contradictory evidence
that is available for this remote epoch and present a hazy view of the crust of the
Earth in Hadean times. Following the accretion of the Earth, it was mostly melted,
either from the energy of the incoming planetesimals or from the Moon-forming
impact or both. Mantle convection was vigorous, due both to initial melting and to
the enhanced radioactive heating from the presence of the relatively short-lived
isotopes 40K and 235U.
Mantle temperatures during the Hadean were probably significantly higher due to

a combination of thermal inputs from impacts of large bodies, and a much higher
radiogenic heat production. Over half the heat produced by the decay of 235U to
207Pb in the Earth was released during Hadean time alone, so adding up to a few
hundred degrees to the Earth’s internal temperature. Major impact events after the
accretion of the Earth and before the late heavy bombardment were probably
infrequent.
Some constraints are appearing regarding the nature of a primordial crust. Neither

anorthositic nor ultrabasic (komatiitic) crusts appear likely. Following the solidifi-
cation of the mantle, isotopic evidence and the high Hadean heat production suggest
that a basaltic crust formed within 100–200Myr of Tzero. This crust appears to have
persisted as a “stagnant lid” for a few hundred million years [34]. How extensive
this crust was remains uncertain.
Evidence for the widespread notion of early granitic crusts is mostly lacking.

The data from the handful of zircons that have survived point to the previous
existence of small amounts of felsic rocks. The oldest zircons yet recorded are
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those from 3000Myr sediments from the Jack Hills of Western Australia. They
preserve 176Hf/177Hf ratios indicating formation ages around 4360Myr ago. Other
zircons (e.g. from the Acasta Gneiss, Itsaq Gneisses and from the Pilbara region of
Western Australia) were apparently derived from precursors about 4100Myr ago.
None of this amounts to evidence for vast areas of continental crust. Rather the
scarcity of such detrital zircons in Archean sedimentary rocks calls for sources from
isolated outcrops of siliceous rocks, that provided the tiny remnant of resistant
zircons as the sole reminder of their existence [35].
Felsic rocks might be generated in various ways: by localized foundering of

eclogite beneath islands of thick basaltic crust (Iceland analogues), followed by
mantle remelting producing surficial patches of felsic rocks or by the production of
localized patches of differentiated rocks. Another plausible alternative is that some
felsic differentiates were produced during crystallization of pools of basaltic impact
melts. The record from the surviving zircons is clear, in our judgement, that there
is no sign of any extensive areas of felsic, granitic or sialic crust older than about
3.6–3.9Gyr in contrast to the suggestions that vast regions of continental crust
existed in these remote epochs [36].
What happened to the primitive basaltic crust? A popular view is that it was

destroyed by a late heavy bombardment, analogous to the lunar “cataclysm” but
that event remains undecipherable on the Earth. Other possibilities include either a
massive mantle overturn (Venus analogue?) [37] or that it was recycled into the
mantle, a process that began perhaps about 3750Myr ago [38]. Such a process
could lead to the production of felsic (TTG) rocks in the Early Archean and to the
first major preservation of the geological record, as well as mantle keels. These
Archean felsic rocks (the so-called TTG Suite; see Chapter 10) have U/Pb ratios
that are too high to have been derived from the mantle but are consistent with
derivation by melting of a basaltic precursor that formed about 4.3 Gyr ago. The
production of such a basaltic crust early in Earth history can be predicted to extract
LREE from the mantle, so that some evidence of 142Nd excesses may be expected,
consistent with the enigmatic record of their detection. But radiogenic isotope
data “cannot constrain the fraction of the total mantle that was depleted by crust
formation” [34, p. 85].

Synopsis

The Hadean Eon, highly controversial in all aspects, covers the first several hundred
million years that are missing from the rock record. The only survivors are a handful
of zircon grains derived from felsic rocks, that are found in isolated younger
sedimentary rocks. The Earth was melted during accretion and formed a magma
ocean. However, its solidification does not seem to have resulted in discernible
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elemental fractionation. Excess 142Nd, compared to chondrites, in Early Archean
rocks, has been interpreted as recording early differentiation of the Hadean magma
ocean, that resulted in a KREEP-rich layer now forming the D″ layer. However this
isotopic difference seems more likely to have resulted from incomplete mixing of
nucleosynthetic products in the nebula.
The nature of the early crust remains enigmatic. It was not anorthositic as on the

Moon nor granitic but was likely basaltic, from which small amounts of felsic rocks
differentiated, that emerged as islands from an early ocean. Isotopic evidence
suggests that this crust seems to have persisted for some hundreds of Myr [34, 38].
Although the Hadean is often viewed as a Dantean version of hell, with a

continuing bombardment, impacts following initial accretion were probably spora-
dic, until the late heavy bombardment. This traumatic event lasted, based on the
lunar dates, from 4 to 3.85Gyr but decisive terrestrial evidence has yet to be found.
There is no evidence for any early widespread sialic continental crust. The

interpretation of the Sm–Nd and Lu–Hf isotopic systems in zircons remains
schismatic, but is consistent with an origin from felsic rocks derived from basaltic
precursors. In contrast to younger periods, zircons derived from pre-3.9 Gyr rocks
are rare, consistent with derivation from scattered outcrops rather than from
substantial cratons.
If one travelled back into the Hadean, one might view from a time capsule a broad

ocean with rare islands that included felsic rocks of which the zircons are the only
surviving remnants. A submersible would encounter basaltic pillow lavas. Only
intermittently would a major impact disrupt the tranquil scene.
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10

The Archean crust of the Earth

That dark backward and abysm of time
(William Shakespeare) [1]

10.1 The Archean

More so than most of the past, the Archean is truly another country, with a geological
record that is distinct from that of more recent epochs. The Archean covers a
crucial 1500Myr of Earth history, nearly three times the length of the entire
Phanerozoic, from the earliest recorded rocks at its beginning to the growth of
60–70% of the continental crust by its close [2].
Much confusion has arisen through the imprecise use of the term Archean, or

even Precambrian, in referring to the “Archean crust”. Thus the “Precambrian”
includes two totally distinct periods of Earth history that are separated by the great
transition between the Archean and Proterozoic. Although the Archean has been
formally divided into the following eras: Eoarchean (3800?–3600Myr), Paleoarchean
(3600–3200Myr),Mesoarchean (3200–2800Myr) andNeoarchean (2800–2500Myr)
[3] it will be interesting to see if this classification is widely adopted. However,
we are less concerned here with the details of the tectonic evolution of the Archean
terrains to which this scheme might be applicable, so that we use the somewhat
broader and commonly employed subdivision of that epoch into Early (3.9–3.5Gyr),
Middle (3.5–3.0Gyr) and Late Archean (3.0–2.5Gyr).
Yet even within the Archean, there is a vast difference between the scattered rem-

nants that remain of the earliest crust, preserved at locations such as Isua in Greenland
and the massive cratons in Canada, Australia, Africa and elsewhere, that developed in
the Late Archean over a billion years later. Rocks older than 3.5Gyr occupy only a tiny
area of the globe and growth of the continental crust was slow during that time.
Massive crustal growth occurred in the Middle and particularly in the Late Archean.
In the 500Myr from 3.5 to 3.0Gyr ago, about 20% of the continental crust formed
while 500Myr later by the close of the Archean, 60–70% was in place [4] (Fig. 10.1).
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So crustal growth reached a peak in the Late Archean, slowing down again during
the Proterozoic. It was during the period of the Late Archean, that extends between
3.0 and 2.5Gyr, that major mantle differentiation occurred making this a critical
period in the evolution of the Earth. Indeed this interval of time was distinguished by
Preston Cloud [5] as the Proterozoic Revolution, “transitional” between the Archean
and Proterozoic, although we resist the temptation here to distinguish this important
period in Earth history with yet another name.We comment further on the importance
of the Archean–Proterozoic transition in the next chapter.
There is considerable variability among Archean regions that has hindered work-

ers in these difficult terrains from arriving at some overall consensus. Thus there are
significant differences among the preserved remnants of Late Archean cratons such
as the Superior, Slave and Kaapvaal cratons that indicate that they could not have
been derived from a Late Archean supercontinent [6], although that is a commonly
held view. This observation reinforces one of the messages in this book. Seeking
general laws or overall crustal compositions from the geology of local regions
is hazardous as stochastic processes dominate much of the tectonic evolution of
the crust.
Despite decades of intensive geological study of the Archean terrains, driven in

the main by their extensive mineral resources, many problems remain intractable.
This is perhaps best illustrated by the proliferation of review volumes and the
great length of the reference lists in papers dealing with Archean geology. Bill
Menard has commented that as a general index of a dormant or moribund science
“an increasing fraction is literature on literature and bibliographies grow longer and
citations grow older” [7]. Arguments rather than data have tended to predominate.
Thus the Kaapvaal Craton on Southern Africa has been studied by “a team of over
100 scientists, students and technicians…However, many fundamental problems
remained unanswered. Among others, these included (1) ‘Why and how was the
Archaean different…?’ and (2) ‘Is cratonization…separate fromcrust formation?’” [8].
Such massive approaches to the problem yield much valuable detail, but rarely

seem to answer the broader questions. We are reminded of the intensive study of
lunar highland breccias or of meteoritic chondrules. There is a fine line between
recalling that the devil is in the details and that too much detail numbs the mind.
Nevertheless, some resolution of the broader problems posed by the Archean record
is beginning to emerge through the fog.

10.1.1 The earliest Archean rocks

The Acasta gneiss from the Slave Craton in the Canadian shield is often cited as the
“oldest rock” but its true age remains in doubt [9]. This example of ancient crust
may indeed be somewhere between 3.94 and 4.03Gyr but perhaps it is a younger
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rock (3.65Gyr) that contains older (4Gyr) inherited zircons of uncertain proven-
ance [10].
The oldest well-dated continental rocks occur in West Greenland with ages that

range from 3.65 to 3.82Gyr. The Isua greenstone belt contains a sequence of
metamorphosed volcanics and sedimentary rocks, indicative of the presence of liquid
water as an eroding agent at that time. Metasediments from the Isua greenstone belt
that are dated at about 3800Myr have been firmly established as the oldest docu-
mented clastic sediments in the geological record [11]. To the north, these are
bounded by the slightly younger Amitsoq gneisses (3.65–3.70Gyr) that were origin-
ally granitic rocks of the tonalite–trondhjemite–granodiorite suite (hereafter TTG).
South of the Isua belt are granitic gneisses with ages up to 3.82Gyr but that contain
enclaves of sedimentary and volcanic rocks, older to an uncertain degree [12].

10.1.2 Akilia island, southwest Greenland

The reason for discussing this small island on the southwest coast of Greenland is
that it provides a good example of the problems and controversies encountered in
dealing with these oldest surviving rocks. It contains banded quartz–pyroxene rocks
that have been claimed to have originally been a sedimentary banded iron formation,
older than 3.85Gyr. Apatite crystals from this sequence have also been claimed to
contain graphite with low 13C/12C ratios. This isotopically light carbonwas heralded
as a signal that life was present at that remote epoch [13].
This potential and widely publicized evidence for life at this distant time has been

subject to intensive investigations. However much uncertainty surrounds this enig-
matic outcrop and the claims of evidence for life at > 3.8Gyr. Although interpreted
as sedimentary [13], the rocks do not resemble well-preserved ancient banded iron
formations that occur nearby at Isua [14]. The age is also debatable and the rocks
may be at least 100Myr younger than the ages cited. To geochemists, the presence
of several thousand ppm Cr in these rocks suggests that they were probably
originally ultrabasic igneous rocks rather than sediments, in which case the carbon
isotopic measurements would be irrelevant to the question of early life [15].
However, the outcome of this controversial episode has become of less interest as

other workers have not been able to find graphite and hence evidence of early life in
the original samples [16]. So Akilia remains as a cautionary tale of the difficulties in
dealing with these ancient rocks.

10.2 The Archean upper crust

What is the composition of the Archean crust and does it differ from that of more
recent epochs? Our approach to this problem, as with our studies of the continental
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crust generally, has been to derive the composition of the Archean crust from
the record that is preserved in the sedimentary rocks rather than to deal with the
complex and fragmentary tectonic history that varies widely with locality. Sampling
of the bulk crustal composition by the patient long-term natural processes of ero-
sion and sedimentation is, in our experience, an infinitely more efficient process
than any alternative. For the interested reader, we give the details of the use of
sedimentary rocks to establish crustal composition of the Earth in the appendices
in Chapter 11 [17].
The geochemical evidence so derived from the Archean sedimentary sequences

clearly reveals that the formation of the Archean crust was distinct from that of later
times [18]. This is shown most clearly by the differences in the REE patterns. In
contrast to the great uniformity of the REE patterns in Post-Archean sedimentary
rocks (Chapter 11), those in Archean sediments show great variability. For example
very steep LREE/HREE patterns that are typical of the TTG suite, contrast with flat
REE patterns that are typical of those in basalts, in closely contiguous sedimentary
rocks (Fig. 10.2).
These steep REE patterns occur in sediments that were derived from the erosion

of the TTG igneous suites and their volcanic equivalents (e.g. dacites). In contrast,
the flat REE patterns are derived from erosion of basaltic rocks. Although the
Archean crust is sometimes thought to be composed solely of the TTG suite,
these two contrasting REE patterns and mixtures of them, in Archean sedimentary
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Fig. 10.2 Rare earth element patterns for the Archean upper and bulk crusts and
for Archean mafic and TTG rocks, the principal components of the “bimodal”
suite making up the Archean crust. Note the absence of Eu anomalies. Data from
Table 10.1.
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rocks, clearly indicate the bimodal nature of the bulk crust. Significantly, the REE
patterns in Archean sedimentary rocks rarely show any depletion in europium. These
are crucial differences between the composition of the upper crust in Archean and
that of later times that reveal significant changes in the evolution of the continental
crust [19]. The composition of the Archean upper crust as recorded in the composi-
tions of Archean sediments seems to have been composed of similar amounts
of basalt-komatiite and TTG intrusions and extrusives with a few very localized
cratonic regions.
The average REE pattern of the Archean crust (Fig. 10.2) resembles that ofmodern

andesites. But this similarity is deceptive as the crust is a mixture of two distinct rock
types. This forms a good example of the sort of problems that beset geology. Later we
comment on the comparison between modern adakites and Archean tonalites. Nature
has many traps for the unwary and similarity is no proof of the operation of identical
processes.

10.2.1 Archean high-grade terrains

The regions that were the sources of the Archean sediments were mostly terrains
dominated by the “bimodal” suite of basalts and the sodium-rich rocks of the TTG
suite that were the principal building blocks of the Archean continental crust. In
contrast to the widespread greenstone belts typical of much of the Middle Archean,
small areas of high-grade metamorphic terrains occur [20].
Those exposed at Kapuskasing and the Quetico Belt, Canada are highly meta-

morphosed equivalents of Archean greenstone-belt sediments. Others that occur in
Wyoming–Montana, USA and the Western Gneiss Terrain, Australia are sediments
that were deposited on a stable shelf environment on small regions of cratonic crust.
These sediments are distinguished from other Archean sedimentary REE patterns
in displaying REE patterns similar to those typical of the present Post-Archean
upper crust and are derived from K-rich granites. The REE patterns, distinguished
by a significant depletion in europium, resemble the Post-Archean Australian Shale
(hereafter PAAS) REE patterns [21] (Chapter 11) that are typical of the present
upper crust.
How extensive were these Archean examples of evolved granitic crust? As is the

case for most Archean sedimentary rocks, these sediments were derived from very
localized sources. Thus many distinct classes of REE patterns, steep, flat, “andesi-
tic” and PAAS types occur in sediments fromArchean high-grade terrains such as in
India, Greenland and the Limpopo Belt, often in close proximity to one another.
That the high-grade terrains were of very local extent is also shown by their close

association with greenstone-belt sediments. Although these rocks are often within a
few kilometers of one another, the greenstone-belt sediments never display REE
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signatures with the depletion in europium that is characteristic of the K-rich granites.
This is surprising as bare rock exposures must have been common due to the
absence of land-based vegetation and wind-borne dust would be expected to have
distributed the chemical signatures of these granites widely. The absence of such
europium-depleted REE signatures in the great majority of Archean sediments is
accordingly strong evidence for the limited area of outcrop of such granitic terrains.
Based on this evidence from the composition of Archean sedimentary rocks, the
high-grade granitic terrains of the Early and Middle Archean, that resemble modern
continental crust likely occupied less than 10 percent of the exposed Archean crust
of that age [22].

10.3 The Archean bulk crust

In summary, there is little evidence in the Archean for the presence of massive upper
crustal granites that is consistent with the lack of extensive differentiation within the
Archean crust. In contrast, intra-crustal partial melting was widespread in the Post-
Archean crust and led to the present highly stratified upper and lower crust.
For this reason, the concentration of heat-producing elements in the upper crust in

the Archean was much less than in later times. However, the less dense felsic
members of the TTG suite are more dominant in the upper crust than the denser
basaltic components (Fig. 10.2). Accordingly, the Archean crust was likely mod-
estly stratified, but mainly in the ratio of basalt to TTG rocks, rather than by themore
profound intra-crustal differentiation processes characteristic of the Post-Archean
crust.
Thus the Archean upper crust that has a potassium content about 1.5%

(1.81% K2O) compared to 1% for the bulk Archean crust derived from heat-flow
data (Table 10.1) – is much less enriched than the Post-Archean upper crust where the
potassium concentration is 2.8% (compared to 1.1% (1.32%K2O) for the bulk crust –
see Table 11.4). The difference in the upper crusts between the Archean and the
Post Archean lies primarily in the amount of intra-crustal differentiation that domi-
nated the latter crust [23].
The Archean crust makes up about 60% of the present crust. It is the contribution

of nickel, cobalt and chromium from the Archean basaltic component that leads to
the present crustal abundances of these elements that are higher than those currently
being supplied by andesites.

10.3.1 The Archean oceanic crust

Due to the lack of preservation of Archean or indeed of pre-Jurassic oceanic crust,
little can be said about the Archean oceanic crust. But because of the enhanced heat
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Table 10.1 Chemical composition of Archean mafic and felsic end-member
composition, average Archean shale and the Archean upper and bulk crusts

Archean mafic Archean felsic Shale
Archean
upper crust

Archean
bulk crust

Oxide
SiO2 50.6 69.7 60.4 60.1 56.9
TiO2 1.2 0.5 0.8 0.83 1.00
Al2O3 14.9 15.8 17.1 15.3 15.2
FeO 12.9 3.1 9.5 8.0 9.60
MnO 0.2 0.15 0.1 0.14 0.15
MgO 8.1 1.4 4.3 4.7 5.90
CaO 9.5 2.9 3.2 6.20 7.30
Na2O 2.3 4.7 2.1 3.05 3.00
K2O 0.3 1.7 2.3 1.81 1.20
∑ 100.0 100.0 99.8 100.1 100.3

Element
Ba 130 650 575 390 300
Rb 10 65 60 50 28
Sr 175 300 180 240 215
La 3.7 37 20 20 15
Ce 9.6 75 42 42 31
Pr 1.4 8.5 4.9 4.9 3.7
Nd 7.1 33 20 20 16
Sm 2.3 5.7 4.0 4.0 3.4
Eu 0.87 1.6 1.2 1.2 1.1
Gd 3.0 3.7 3.4 3.4 3.2
Tb 0.58 0.6 0.57 0.57 0.59
Dy 3.8 3.1 3.4 3.4 3.6
Ho 0.85 0.6 0.74 0.74 0.77
Er 2.5 1.7 2.1 2.1 2.2
Tm 0.36 0.22 0.30 0.30 0.32
Yb 2.5 1.5 2.0 2.0 2.2
Lu 0.38 0.22 0.31 0.31 0.33
LaN/YbN 1.0 16.7 6.8 6.8 4.6
Y 21 14 18 18 19
Th 0.8 6.8 6.3 5.7 3.8
U 0.2 1.8 1.6 1.5 1.0
Zr 50 200 120 125 100
Hf 2 4 3.5 3 3
Cr 330 30 205 (675)* 180 230
V 345 45 135 195 245
Sc 40 5 20 14 30
Ni 185 20 100 (425)* 105 130
Co 40 10 40 25 30

* The Cr and Ni values in parentheses are for Early Archean shales. Revised from Taylor
and McLennan (1985) Table 7.8 [18].
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flow the oceanic crust was probably thicker, hotter and more buoyant in the Archean
than in later epochs [24]. In the likely absence of plate tectonics, perhaps plumes
were the major source. Extensive eruptions of flood basalts occurred in the Archean
[25]. However the common notion that the ubiquitous Archean greenstone belts
represent oceanic crust is negated by the observation that they were deposited on
felsic (TTG) crust and are an integral part of the Archean continental crust [26].
Present-day occurrences of ophiolite complexes have been extensively investi-

gated as they provide onshore examples of oceanic crust that can be studied in great
detail [27]. Some workers claim that there are Archean examples of ophiolites that
shed light on the nature of the Archean oceanic crust [28]. But this claim is con-
troversial, like so much else in the Archean geological record and other geologists
[29] dispute these observations, flatly stating that there are no known ophiolites in
the Archean.
A possible example of Archean oceanic crust has been reported from a claimed

ophiolite sequence in China and this occurrence, the DongWanzi complex, has been
used in another attempt to resolve the question of whether plate tectonics occurred in
the Archean [30]. As an illustration of the problems that beset Archean field work,
the geological evidence itself that this is an occurrence of ophiolites has been
seriously disputed [31].
However, this is also a good example of the confusion arising from the use of

the term Archean. These rocks, formed in the latest Archean, are dated at 2505Myr
and so are barely “Archean” and are even “Proterozoic” within the error limits.
Modern crust-forming processes were well underway in the Late Archean in the
“Archean–Proterozoic transition zone”. So this example, even if the disputed inter-
pretation of the field and geological evidence is correct, in fact is not very relevant to
the overall question. By 2505Myr ago, nearly everyone is agreed that plate tectonics
in the modern sense was operating.

10.3.2 Heat flow in the Archean

The Earth cooled dramatically throughout the 1500Myr timespan of the Archean
(Fig. 10.3). The presence of komatiites in the Archean, although limited in extent,
is often cited as evidence of a hotter Archean mantle. However, basalts rather than
komatiites dominate in Archean terrains and the mantle was probably only about
150K hotter than present mantle [32].
There is a steep offset in the heat-flow data at the Archean–Proterozoic boundary,

with a decrease for Archean terrains compared to that observed in Proterozoic and
Phanerozoic crust, even when the tectonic heat contribution is removed for the
younger crust. As erosional levels in Archean terrains are not significantly deeper,
the lower heat flow is not due to removal of an upper crust enriched in potassium,
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uranium and thorium. It is due instead to the increased thickness of the subcrustal
lithosphere beneath Archean cratons with perhaps a small contribution from
the slightly different bulk crustal compositions between the Archean and Post
Archean [33].

10.4 The formation of the TTG suite

These Na-rich granites that are dominant in the Archean contrast with the K-rich
granites that characterize the upper crust in Post-Archean times. The REE patterns
of the Archean TTG suites are steep, with high La/Yb ratios and typically lack
depletions or enrichments in europium (Fig. 10.2). These steep patterns are a
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consequence of the formation of the TTG suite by partial melting in the presence
of garnet, that has a reciprocal REE pattern and that remains as a residual phase in
the source. As garnet is stable in mafic–ultramafic systems below about 40 km, the
TTG suite thus formed at mantle depths.
However, the process forming the TTG suite, that has often been ascribed tomelting

of a young hot subducting slab [34] is the subject of continuing controversy. Quite
apart from the debate onwhether plate tectonics was operating in the Early andMiddle
Archean, such a model is different from the origin of most Post-Archean arc rocks,
in which the slab dehydrates rather than melts, providing the flux to melt the overlying
mantle. However, modern analogues of the “Archean-type” TTG suite (e.g. boninites
and adakites) are indeed produced (e.g. in the southern Andes) by melting of the
young hydrated subducting slab [35]. This example has been interpreted as indicative
of similar subduction of hot young crust in the Archean, hence conventional plate
tectonics and for a multitude of small plates, that we regard as an unlikely scenario.

10.4.1 Adakites and the TTG suite

Although “both ‘adakite’ and ‘TTG’ … individually encompass such a complex
range of compositions [that] clearly complicates any attempt to draw petrogenetic
analogies between the two groups” [36], adakites indeed show significant differ-
ences from the Archean TTG suite. Thus modern adakites have relatively high
Mg/(Mg+Fe), Ni and Cr abundances and relatively low SiO2 concentrations that
show that they have undergone interaction with mantle peridotite [37].
These geochemical signatures of reaction with mantle peridotite are lacking in

the Archean TTG suite. The lower Ni, Cr concentrations and lower Mg/(Mg + Fe)
ratios of the Archean TTG rocks are consistent with its derivation from melting of
hydrated basalt, without contributions of nickel and chromium from the mantle. Thus
the TTG suite that appears as early as 3.8Gyr ago and dominates crustal growth
throughout the Archean, does appear to have resulted from the partial remelting of
basaltic crust.
However, as the Archean oceanic crust was likely hotter and more buoyant,

modern-style subduction and plate tectonics seems unlikely to have occurred before
the Late Archean. If subduction is an unlikely mechanism, howmight the TTG suite
be generated [38]? One possibility is that cooling at the base of this thick basaltic
crust could have allowed the transition to denser amphibolite or eclogite and so
promote subsidence in a different style to that of modern plate tectonics [39].
Foundering of eclogite in this context is a reasonable phenomenon, allows both
for sinking, “dripping” and remelting to produce the TTG suite by melting at depth
and in turn allows for the upward flow of fertile peridotite to produce more basalt at
the surface [40] (Fig. 10.4).
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Experimental models indicate that melting of foundering slabs of hydrated
metabasalts, either amphibolites or eclogites can produce the TTG suite at pressures
around 20 kbar, a region where garnet, but not plagioclase is stable [41]. Thus as the
thick buoyant Early Archean oceanic crust predicted by geophysical considerations
of a hotter Earth make subduction an unlikely mechanism, it is more likely that
sinking and melting of denser amphibolites or eclogites produces the characteristic
Archean TTG suite [42]. The significance of this is that the TTG suite can be
produced without involving modern-style plate tectonics [43].

10.4.2 The evidence from sanukitoids

Minor occurrences of sanukitoids, that are Mg-rich diorites, occur in the Late
Archean TTG suites, particularly in the southwestern Superior Province of Canada
[44]. None are known before the Late Archean. The Mg/(Mg+Fe) ratios in these
suites of TTG rocks are uniformly higher than those generated by melting of basaltic
compositions under a wide variety of experimental conditions and compositions.
This would imply some interaction with mantle peridotite during the production
of these magmas and this particular species of TTG suite rocks may be derived as
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Fig. 10.4 Sketch of the formation of the TTG suite through melting of dense
amphibolite or eclogite beneath a thickened (Iceland analog) region of Archean
basaltic crust. The thickening may be due to the presence of a mantle plume or
compressional tectonics. Melting of upwelling mantle around sinking eclogite
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Res. 127, 98, Fig. 5.
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mantle melts that have been enriched in LIL elements shortly (< 100–200Myr)
before their intrusion.
There are some similarities in the compositions of high-Mg sanukitoid suites and

modern boninites (high-Mg andesites and adakites [35]) in island-arc environments.
Generation of such rocks appears to require low pressure/high temperature condi-
tions. In the Archean, such conditions might have been achieved by mantle melting
associated with dehydration and/or partial melting of subducted young and hot
oceanic lithosphere. This would imply that the appearance of sanukitoids in the
Late Archean is an example of rocks derived by melting of a mantle wedge and so
imply the operation of subduction processes.We thus interpret the sanukitoid suite as
providing some of the earliest evidence of the operation of the modern plate-tectonic
regime.

10.5 Plate tectonics in the Archean?

Like the notion of a primitive world-encircling sialic (granitic) crust, the question
whether a plate-tectonic regime operated early in the Archean reappears continually
in the geological literature and remains the subject of schismatic controversy as has
been apparent from the preceding discussion.
There is a wide variety of opinion. Some workers place the beginning of the

modern tectonic regime as late as 2.0Gyr ago in line with the notion that high
temperatures in the early Earth resulted in a hot thick buoyant Archean oceanic
crust. Subduction was thus inhibited in this model until the oceanic crust became
cool enough to lose buoyancy and to subside back into the mantle [45].
At the other extreme, it is suggested that subduction was responsible for the

generation of siliceous igneous rocks from which the 4.2Gyr zircons were derived
[46]. Others appeal to a thin Mg-rich komatiite crust that could allow for conven-
tional plate tectonics to operate. But komatiites, although common, are swamped by
the abundance of basalts in Archean terrains of all ages, while Archean crusts are
expected to be thicker in any event due to a hotter mantle [47]. Other workers place
the onset of modern-style plate tectonics at around 4Gyr, essentially at the begin-
ning of the growth of the preserved continental crust [48].
Field evidence has been interpreted in many ways. Thus on one hand “There

is … mounting support for Archean continental evolution via plate-tectonic pro-
cesses” [49] but alternatively, “few [cratons] are big enough to preserve com-
plete tectonic systems” [50, p. 152] and there is a consensus that the Archean
greenstone belts are not preserved oceanic crust [51]. “Few Archaean granite–
greenstone terrains show a fully convincing suite of plate tectonic elements …
and a uniformitarian application of plate tectonics to Archaean time seems naïve”
[50, p. 171].
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The whole question is made even more complex as the development of modern
plate tectonics likely evolved over a significant period of time and geological
evidence for its operation may be preserved in the rock record at different times in
different regions, possibly extending back before 3000Myr ago in South Africa or
Greenland. Thus the evidence from one region may appear to contradict that from
another region of broadly similar age.
It is indeed difficult in Archean terrains to assemble the appropriate field evidence

for the former presence of arcs, back-arc basins and the like, that might point with
less ambiguity to the operation of typical modern-style plate tectonics. However
if the tectonic processes were different in the Archean and large cratons were not
produced at least until the Late Archean, then such geological evidence for the
operation of modern-style plate tectonics will of necessity be lacking.
There is reasonable evidence to support the concept that modern-style plate

tectonics began in the Late Archean, around 3000Myr ago, or in some locations
perhaps as early as 3300Myr ago in the late Middle Archean [52]. Tectonic
processes in the earlier Archean seem to have involved the production of thick
basaltic crust, foundering of denser hydrated amphibolite (and eclogite) that par-
tially melted at around 10–30 kbar pressure, to form the voluminous TTG suite. This
process results in the upward movement of fresh fertile peridotite, that forms
additional new basaltic crust and the cycle is repeated (Fig. 10.4).
This model accords with our geochemical observations on Archean sedimentary

rocks, that indicate that bulk composition of the Archean continental crust was close
to a 50/50 mixture of basalt and the TTG suite. Occasional small amounts of intra-
crustal melting produced small regions of K-rich granite with REE patterns similar
to those that dominate the Post-Archean upper crust [53]. In the simplest form of the
model that we develop in this book, continents were thus formed during the Archean
from sinking basaltic material that produced the TTG suite and from subduction-
zone andesites in the Post Archean.
In summary, our assessment is that tectonic styles were different in the Archean,

involving growth of thick buoyant basaltic crust. Basal sections transformed to
denser phases that sank and melted to produce the TTG suite. The current familiar
plate-tectonic regime with its andesitic volcanoes produced by slab interaction
with the overlying mantle wedge was only established around the time of the
Archean–Proterozoic transition when the Earth had cooled sufficiently so that
oceanic crust could lose buoyancy and be subducted in a coherent slab back into
the mantle.
This fundamental change in the tectonic regime of the Earth is related to the

declining heat production and the development of large stable cratons that impose
long linear obstructions to the spreading basalts of the oceanic floor. This controls
the geometry of modern plates and results in the present-day subduction of mostly
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cool oceanic crust. The point here is that this crust was hotter and produced the TTG
suite rather than the present dominance of andesites.

10.5.1 The subcrustal lithosphere and mantle keels

An interesting problem, closely related to the development of the crust, is the nature
of the subcrustal lithosphere. The basic observation is that fast seismic P-wave
velocities extend to depths of around 220 km indicating the existence of deep keels,
refractory in composition, with high Mg/Fe ratios beneath continental regions [54].
These iron-poor regions are also less dense than the surrounding mantle. This
imparts stability to the keels, which thus “float” under the continents and conse-
quently are thought to be major factors in preserving the stability of cratons. For this
reason, they require some discussion in this book [55].
The general interpretation from the seismic data is that these deep roots represent

refractory lower-density material, consistent with their being the residue remaining
from the extraction of an Fe-rich melt, leaving behind anMg-enriched zone of lower
density [56]. Heat flow is low, presumably due to the depletion in heat-producing
elements. This view has received considerable support from the evidence from
inclusions in diamonds that low temperatures have persisted beneath shields for up
to 3000Myr [57]. The keel ages, best constrained by the Re–Os isotopic system,
are typically Late Archean and indicate that such regions can remain isolated from
the rest of the mantle for periods exceeding two billion years. Thus keels formed in
the Archean but not in the Hadean, consistent with the lack of other evidence for
continental-type crust in that epoch [58].
Although the low Fe/Mg ratio and low Ca andAl contents are generally attributed

to the extraction of a partial melt, this “sub-continental lithospheric mantle” (SCLM)
is enriched in incompatible elements such as Ba, Th, U, Ta, Nb, La, Ce, Nd and
depleted in HREE, Ti, Sc, V, Al and Ca relative to average abundances in the
mantle. This element pattern indicative of both enrichment and depletion indicates
that multistage processes must have occurred, with an initial extraction of a partial
melt, followed by at least one stage of a secondary enrichment, often referred to
as a “metasomatic” event.
Many models have been proposed to account for this enigmatic composition. The

first constraint is the serious sampling problem. The geochemical evidence comes
from data from xenoliths. But because of secondary alteration from the enclosing
lavas, considerable caution is warranted in interpreting these data. It is also unclear
how representative the xenoliths are and whether they represent refractory survivors
of multiple extractions of partial melts.
A viable location both for enriching portions of the mantle in incompatible

elements, and for the extraction of partial melts would seem to occur above
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subduction zones, either by dehydration or partial melting of the down-going slab.
Thus the formation of the keels would be closely connected with the processes of the
formation of the continental crust from the mantle in this model. The Late Archean
Re–Os ages of many keels are consistent with other evidence for massive episodic
continental growth at that time.
Among other important effects, the keels apparently deflect mantle heat, possibly

the cause of apparent low mantle heat flows under Archean cratons. The keels
presumably also form barriers to underplating the crust by rising mantle plumes
[59]. Such buoyant low-density keels would also place difficulties in the way of the
popular model of delamination of dense material from the base of the continental
crust back into the mantle [60].

10.6 Meteorite impacts in the Archean

The “late heavy bombardment” or “cataclysm” that is addressed in Chapter 2 on the
Moon lasted from about 4.0 to 3.85Gyr. One of the last events was the formation of
the Orientale Basin at 3850Myr. No younger basin-forming events occurred on the
Moon so predating all but the earliest Archean events recorded on the Earth.
Although often considered to be responsible for the absence of old crust on the
Earth, no definitive evidence of this bombardment has been found in the most
ancient rocks at Isua, despite extensive searches [61] except for some enigmatic
evidence from tungsten isotopic anomalies [62]. No traces of impact-induced shock
features have been reported in any of the surviving zircon crystals [63]. But perhaps
these rocks are too young to record the late heavy bombardment. An alternative
speculation is that a major basaltic resurfacing covered the evidence [64].
The first apparent evidence of meteorite impacts in the Archean is the existence

of several extensive beds of impact-produced spherules in Australia and South
Africa [65]. These beds have ages between 2.5 and 3.47Gyr and were deposited
in deep water. The spherules are distinct from volcanic lapilli, are typically
about 1mm in diameter and are interpreted to have condensed in the atmosphere
from vapor following large impacts. The original glass has been replaced by
secondary minerals. These Archean examples seem to have been originally basaltic
in composition in contrast to Phanerozoic spherules suggesting that “the target
materials were … more mafic early in Earth history” [66] consistent with our
model for continental growth. Most contain high concentrations of platinum-
group elements, probably indicative of an origin from meteoritic impact although
these are not in meteoritic ratios, perhaps due to alteration. The presence of 53Cr
excesses derived from the decay of 53Mn (half-life 3.7Myr) is the best evidence that
they were derived from an impacting meteorite or asteroid [67]. But no parent
craters are preserved [68], nor indeed expected in such ancient terrains. Meanwhile
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the interesting question of why these spherule beds are restricted to the Archean
remains an enigma.
Among other misconceptions about the Archean, a confusing literature has

emerged concerning the role of impacts of asteroids, comets and meteorites in the
Archean and their supposed effects both on tectonics and the generation of melts
from the mantle. These ideas continue to flourish, despite repeated efforts to point
out the problems associated with them [69] and claims continue to appear linking
impacts with tectonic and magmatic events [70]. These models seem to have
originated by the mistaken notion that the basalts filling the lunar maria were a
consequence of the basin-forming impacts. However there are many large lunar
basins that contain little mare basalt. A good example is the largest documented
basin on the Moon, the South Pole–Aitken Basin, that is 2500 km in diameter, but
that contains only trivial amounts of mare basalt (Fig. 2.5).
Put most simply, the impact of a 20 km diameter body on the Earth at 15 km/s will

form a crater about 300 km diameter with up to 20 000 km3 of melt. However the
crater collapses and “even an impact this large is insufficient to raise mantle material
above the peridotite solidus due to decompression only” [69]. Thus while it is
possible that a pool of molten mantle material might be created, there is no effective
pressure release to initiate continued mantle melting on the scale observed in flood
basalt provinces. In fact most impact melt that is observed at large impact-produced
structures is thoroughly crustal.
The prime example is the 1850Myr old Sudbury structure (initially 200 km

diameter) in Canada, where even the nickel-rich ore body is derived from within
the crust [71]. In this example, as at Vredefort, impact-initiatedmantle volcanism has
not occurred. Evidence of large impacts during the Archean (and the Proterozoic)
continues to accumulate but these events do not compare with the lunar basin-
forming impacts formed by the late heavy bombardment before 3.8Gyr [63, 66].
The cratering flux on the Earth appears to have doubled in the past 100Myr, likely
due to a collision that produced the Baptistina Family of asteroids while some of
the debris drifted into Earth-crossing orbits. The most dramatic consequences were
that large fragments from this collision were probably responsible both for the lunar
crater Tycho and for the K–T boundary impact, that set the scene for the rise of
primates on the Earth [72].

Synopsis

The enigmatic Archean Eon covers a crucial 1500Myr of Earth history, from the
first traces of continental rocks to the formation of massive cratons in the Late
Archean when upwards of 50–70% of the crust was in place and modern-style plate
tectonics were operating. The Late Archean (3.0–2.5Gyr), that might better be
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termed the Archean–Proterozoic transition, reflects a fundamental change in crustal
evolution, linked to the long-term cooling of the Earth. Controversy surrounds the
oldest rocks that are somewhere between 3.6 and 4Gyr in age.
The REE patterns of Archean sedimentary rocks reveal a complex crust dominated

by basalts and the sodium-rich tonalite, trondhjemite, granodiorite (TTG) suite and
their volcanic equivalents in contrast to the K-rich granitic rocks of the Post-Archean
upper crust. Intra-crustal differentiation, so common later, was rare until the Late
Archean. The consequence was that the composition of the Archean upper crust
differed little from that of the bulk crust, in great contrast to the layered crust of Post-
Archean times. Nothing significant remains of the Archean oceanic crust, but due to
the higher heat production, a buoyant crust, thicker than that at present was likely,
so making subduction difficult.
In our interpretation, the TTG granites formed (with the REE patterns indicating

that garnet was a residual phase) due to melting of basalt, transforming to eclogite at
mantle depths, that foundered beneath the thick basaltic crust.We judge the alternate
model of formation by subduction of young hot basaltic crust as plausible but less
likely as modern adakites formed by this process show significant differences from
the Archean TTG suite.
We conclude that the modern plate-tectonic regime became operational around

3.0Gyr when subduction of the cooler oceanic crust became possible. This change
was related to the long-term reduction in heat production and the formation of thinner
oceanic crust. Sub-crustal lithospheric keels also seem to have formed concurrently
with the growth of the continental crust, no Hadean-aged examples being known.
No definitive evidence of the late heavy bombardment, so apparent on the Moon,

has yet appeared on Earth. Later impacts, that formed beds of spherules, were on a
smaller scale. Although often postulated to have widespread dramatic magmatic and
tectonic consequences, the scale of even the largest impacts is too small to produce
other than local melt pools, one of the best documented being the younger
Proterozoic Sudbury Igneous Complex that is 3 km thick.
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11

The Post-Archean continental crust

Possibly many may think that the deposition and consolidation of fine-
grained mud must be a very simple matter and the results of little interest.
However….it is soon found to be so complex a question…that one might
feel inclined to abandon the enquiry, were it not that so much of the
history of our rocks appears to be written in this language.

(Henry C. Sorby) [1]

The continental crust of the Earth is so familiar to us that perhaps we under-
estimate its significance as a platform for human existence while at the same
time overestimate its significance for understanding planetary crusts. Without
such a haven above sea level, the later stages of evolution would have taken a
very different course. If oceanic islands had formed the only dry land, birds
rather than mammals might have become dominant as they did in Mauritius and
New Zealand. However, the buoyant extensive continental crust has provided a
useful platform for the land-based stages of evolution. After the extinction of the
dinosaurs and much else 65Myr ago, the way was cleared on the continental
massifs for mammalian evolution to flourish. This led ultimately to the emer-
gence of primates and to the appearance of many species of the genus Homo,
ultimately enabling this account.

11.1 The Archean–Proterozoic transition

Following the Archean, which had lasted for 1500Myr, the Proterozoic Eon con-
tinued for an even longer period (2000Myr). The lumping together of these two
disparate eons into the Precambrian, although understandable from a paleontological
perspective, is an unsatisfactory union from the viewpoint of crustal development.
This is because at the transition between theArchean and Proterozoic, the processes of
crustal formation, both the volume and differentiation within the crust underwent
significant changes. This fundamental distinction between the Archean and the
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Proterozoic was initially recognized by Sir William Logan in 1845 in Canada when
he drew attention to the “great unconformity” between the Huronian sedimentary
sequence and the underlying “granitic” basement in Ontario [2].
This unconformity marks the profound “boundary” between the Archean and

Proterozoic eons and reflects fundamental changes in the way in which the con-
tinental crust evolved. However, the processes that were responsible were non-
synchronous, extending over several hundred million years in different areas to the
despair of workers attempting to delineate precise geological boundaries. Thus
although the formal boundary is set at 2500Myr, except for catastrophic events
such as occurred at the K-T boundary, nature rarely makes such sudden changes. So
the switch from Archean-style crustal development to our familiar plate-tectonic
regime extended from around 3000Myr ago or a little earlier to well into the
Proterozoic.
It was during the Proterozoic, that encompasses half of the recorded history of the

Earth, that the continental crust achieved its present familiar form. Compared with
the Early- or Middle-Archean terrains, a geologist interested in continents who
travelled back in time for a couple of billion years would still have found a
recognizable landscape. Large cratonic masses were established by that time,
leading to the development of shallow shelves that were intermittently flooded,
providing multiple habitats for life to flourish. These cratonic masses were split up
and reassembled in a jumble of terranes whose wanderings have been laboriously
tracked by geological and paleomagnetic studies [3].
The Earth has cooled substantially over the past 4.5 billion years, due both to

whole-Earth cooling and to the slow decay of the radiogenic elements, particularly
that of the shorter-lived 235U and 40K (Fig. 10.3). Consequently, there can be little
doubt that the thermal regime of continental-crust formation and crustal differentia-
tion has changed over Earth history. As the Earth cooled, the oceanic crust became
“negatively buoyant” and was able to sink back into the mantle. The consequence
was that the tectonic regime of the Early and Middle Archean was replaced by the
development of modern-style subduction zones. The present system of plate tec-
tonics was established in the Late Archean and seems to have been fully operational
since that time.
The rapid increase in crustal volume during the Late Archean was due to little-

understood episodic processes in the mantle. In contrast, the causes of the change
in upper-crustal composition are known to be due to the major emplacement of
K-rich granitic rocks in the upper crust, a process that began in earnest in the Late
Archean. Massive melting deep within the crust produced granites, depleted in
europium, that eventually dominated the upper crust. Sometimes called “cratoniza-
tion”, this process “stabilized” the crust and transferred the heat-producers and
many other elements upwards from the lower crust.
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11.2 Changes in crustal composition during
the Archean–Proterozoic transition

During the Archean, the upper crust was a mixture of the “bimodal suite” of basalts
(with subordinate komatiites) and the sodium-rich tonalite–trondhjemite–granodiorite
(TTG) suite, in contrast to the dominance of K-rich granites since the Late
Archean. Sedimentary rocks record the signature of this significant difference in
the composition of the upper continental crust between the Archean and Post
Archean, as for example reflected in an increase in K2O/Na2O ratios. There were
many other changes [4].
There was thus a secular change in the rare earth element distribution of sedi-

mentary rocks marked by an abrupt change at the Archean–Proterozoic transition.
Post-Archean sedimentary rocks are characterized by very uniform REE patterns
and a uniform depletion in europium (average Eu/Eu* = 0.65 ± 0.05) whereas those
in Archean sedimentary rocks are both much more variable and rarely show any
depletion in europium [5]. Post-Archean sedimentary rocks are characterized by
relatively flat HREE distributions (GdN/YbN = 1.0–2.0) whereas Archean sedimen-
tary rocks are characterized by variable HREE patterns many with the steep HREE
patterns characteristic of the Archean TTG suite (Fig. 10.2). However the bulk
composition of the Archean and Post-Archean upper crusts have similar HREE
ratios because the steep patterns of the Archean TTG igneous suite are balanced by
the approximately equal abundance of basaltic rocks with flat patterns. The con-
sequence is that the overall Archean REE pattern mimics that of modern andesites.
The relatively low 87Sr/86Sr and high 143Nd/144Nd ratios of Archean seawater,

reflected in unaltered marine carbonates and banded iron formations, were due to
the much higher contribution of mantle-derived components to the oceans during
the Archean. The upper crust was enriched of 87Rb in the Late Archean and Early
Proterozoic, a consequence of the intrusion of K-rich granites into the upper crust.
Subsequent erosion of the upper crust and transfer to the ocean led to an increase in
the oceanic 87Sr/86Sr ratio. This signature became incorporated in marine carbonate
sediments, leading to an enhanced 87Sr/86Sr ratio in such sediments from the
Proterozoic onwards [6].
Among other changes, there is a dramatic increase in the Th/Sc ratio at the

Archean–Proterozoic boundary. This element pair form an especially sensitive and
reliable measure of the ratio of acidic to basic chemical compositions [7] (Fig. 11.1).
There is also an abrupt change in Th/U ratios and a marked discontinuity in lead

isotopic characteristics in sediments with neodymium-model ages older than Early
Proterozoic. These are derived from the Archean upper crust indicating that it had
much lower U/Pb and Th/Pb ratios compared to those of the Post-Archean upper
continental crust [8]. In addition a marked shift in the oxygen isotope signature
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occurs between the Archean and Proterozoic eons. Archean sediments had ∂18O
values around 7 ± 0.5‰ but following the Archean–Proterozoic transition, the
values began to rise to 10‰ [9].
The extensive uranium deposits that occur in basal Proterozoic sediments are a

consequence of intra-crustal melting leading to the enrichment of the upper crust in
incompatible elements of which uranium is a quintessential example. The wide-
spread proliferation of stromatolites in the Proterozoic was a consequence of the
development of stable shelves around the continents, until the emergence of
metazoan grazing species caused the stromatolites to decline in the Phanerozoic.
Banded iron-formations likewise proliferated in the Late Archean and Early
Proterozoic partly due to the development of stable shelves. It was at this time
that the first supercontinent formed [10].
In summary many geological events correlate with a major change during the

Archean–Proterozoic transition and thus are not due to long-term recycling in the
sedimentary record [11]. By about 2000Myr ago, this major period of crustal growth
was over and continental volumes have continued to grow at a slower rate. Continents
and oceans have retained similar relative volumes. This is the famous “freeboard
constraint”, that then becomes a constraint applicable to models of continental growth.

11.3 The Post-Archean upper crust

What is the composition of the present (Post-Archean) upper crust and howmight it
be determined? One approach has involved widespread sampling programs of
surface rocks such as those carried out over the Canadian shield and across the
USSR. These estimates generally indicate that the major-element composition of the
Post-Archean upper crust is mostly similar to that of granodiorite [12].
Because of the extreme variability in the exposed upper crust, obvious to the most

casual observer, such programs have to be carried out over continent-wide areas.
Indeed as the number of regional sampling programs has grown it is becoming clear
that there are some variations [13]. This can be seen in Table 11.1 where several of
the regional averages are compared to our upper-crustal estimates for selected trace
elements.
Several causes of this variability are apparent: the intrinsic uncertainty of such

approaches, analytical difficulties for individual elements, real regional differences
in composition or some combination of these. A number of other estimates have
been made using a variety of approaches, including igneous rock balances, sedi-
mentary compositions and “hybrid” models where different elements are derived
from a variety of sources [14]. Clearly in trying to estimate the composition of either
the upper or the bulk continental crust, reliance on local regions will introduce
errors. A much wider sampling strategy is called for.
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In contrast, our approach has been that only the geological processes of erosion
and sedimentation have efficiently sampled the heterogeneous upper crust [15].
Thus an alternative procedure to massive and expensive sampling programs to
obtain the composition of the upper crust, is to use sedimentary rocks and sediments
such as loess. Nature has mimicked the procedures of geochemists but on a scale
many orders of magnitude larger and so provides a natural sampling of the crust.
Of course the usual caveats apply to such procedures (see appendices).
The usefulness of this approach can be seen by comparing the data obtained from

23 Post-Archean Australian shales that range in age from Proterozoic to Triassic
with the similar results obtained from the 40 780 samples collected in the USSR
study. This demonstrates the advantages of employing natural sampling processes
that integrate the geological complexities (Fig. 11.2) .
The most dramatic observation is that the REE abundances in Post-Archean

clastic sedimentary rocks are remarkably uniform in great contrast to the REE
patterns in sediments of Archean age. This uniformity extends both within and
between continents so that composite shale samples from Europe (European shale
composite = ES), North America (North American shale composite = NASC) and
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Fig. 11.2 A comparison of estimates of the composition (in ppm) of the upper crust
from 23 Post-Archean Australian Shales (PAAS) [15] with data from 40 780
Russian shales (data from Ronov et al. (1992) [12]).
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Australia (Post-Archean Australian shale = PAAS) have REE patterns that are
effectively identical (Fig. 11.3, Table 11.2).
The abundances of other insoluble elements (e.g. thorium and scandium) are

likewise a useful measure of upper-crustal abundances and of intra-crustal differ-
entiation as noted earlier [16].
McLennan [17] has re-evaluated the upper-crustal trace element abundances

from sedimentary data for other trace elements that are transferred essentially
quantitatively from the upper crust into clastic sediments, including Ti, Zr, Hf, Nb,
Ta, Rb, Cs, Pb, Cr, V, Ni and Co. The abundances were obtained by using the ratios
of the REE (notably La) to these various trace elements to obtain clastic sedi-
mentary rock averages. Using elemental ratios that remain relatively constant
(e.g. K/U = 104, K/Rb = 250, Th/U = 3.8, Rb/Sr = 0.3) it is possible to extrapolate
to calculate upper-crustal abundances for many other elements. This composition
is valid for the upper 10 km or so of the continental crust exposed to weathering
and erosion but such a composition cannot be representative of the entire crust as
heat-flow data inform us that the lower crust must be depleted in potassium,
uranium and thorium (Tables 11.3, 11.4).
How long have the processes forming the present upper crust been in operation?

A variety of geological observations such as the persistence of Proterozoic cratons
suggest that they have continued from the Early Proterozoic. Further information
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Fig. 11.3 The REE patterns for composite shale samples from Europe (European
shale average = ES), North America (North American shale composite = NASC)
and Australia (Post-Archean Australian shale = PAAS) and for average loess are
effectively identical. Data from Table 11.2 and McLennan (1989) [15].
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comes from a study of loess, that is derived from bedrock by glacial erosion during
the Pleistocene. Neodymium isotopic model ages for loess give the age of extraction
from the mantle. Samples from China, Europe, New Zealand and North America
have depleted mantle model ages (TDM) that range from 1060 to 1700Myr. Thus the
source material of the loess has been extracted from the mantle well back into the
Proterozoic. However, the REE patterns from these samples of loess of widely
varying ages (and locations) are similar, indicating uniformity of process [18].
Likewise the samples used to establish the PAAS REE patterns cover 1500Myr in
age but their REE patterns are identical (Fig. 11.3).
Other data for sedimentary rocks tell the same story. Thus sedimentary rocks that

have neodymium model ages exceeding 2Gyr all display the familiar PAAS upper-
crustal REE patterns indicating the long continuity of the present crust-forming
processes [19]. Thus the composition of the upper continental crust has been

Table 11.2 Rare earth element values for chondrites, the Post-
Archean Average Australian shale (PAAS), North American shale
composite (NASC) and the European shale composite (ES)

Element Chondrite PAAS NASC ES

La 0.367 38.2 32 41.1
Ce 0.957 79.6 73 81.3
Pr 0.137 8.83 7.9 10.4
Nd 0.711 33.9 33 40.1
Sm 0.231 5.55 5.7 7.3
Eu 0.087 1.08 1.24 1.52
Gd 0.306 4.66 5.2 6.03
Tb 0.058 0.774 0.85 1.05
Dy 0.381 4.68 5.8 –
Ho 0.0851 0.991 1.04 1.20
Er 0.249 2.85 3.4 3.55
Tm 0.0356 0.405 0.50 0.56
Yb 0.248 2.82 3.1 3.29
Lu 0.0381 0.433 0.48 0.58
∑REE 3.89 184.8 173 204
LaN/YbN 1.00 9.15 6.98 8.44
LaN/SmN 1.00 4.33 3.53 3.54
Eu/Eu* 1.00 0.65 0.70 0.70
Sc 8.64 16 14.9 –
Y 2.25 27 27 –

Data from McLennan, S.M. (1989) Rare Earth Elements in Sedimentary
Rocks, Reviews in Mineralogy, vol. 36, p. 172, Table 2. Note the subscript N
indicates chondrite-normalized values.
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Table 11.3 The major element chemical composition (wt%) of the continental
crust. Revisions from Taylor and McLennan (1985) are shown in underlined
bold italic [30]

Oxide

Upper
continental
crust

Bulk
continental
crust

Lower
continental
crust

Archean
upper crust

Archean
bulk crust

SiO2 65.9 57.4 54.4 60.1 56.9
TiO2 0.65 0.90 0.99 0.83 1.00
Al2O3 15.2 15.9 16.1 15.3 15.2
FeO 4.52 9.12 10.63 8.00 9.60
MgO 2.21 5.31 6.31 4.69 5.90
CaO 4.20 7.41 8.50 6.20 7.30
Na2O 3.90 3.11 2.81 3.05 3.00
K2O 3.36 1.32 0.64 1.81 1.20P

99.94 100.4 100.4 99.98 100.1

Table 11.4 The chemical composition of the continental crust. Revisions from
Taylor and McLennan (1985) are shown in underlined bold italic [30]

Element

Upper
continental
crust

Bulk
continental
crust

Lower
continental
crust

Archean
upper crust

Archean
bulk crust

Li (ppm) 20 13 11 – –
Be (ppm) 3.0 1.5 1.0 – –
B (ppm) 15 10 8.3 – –
Na (wt%) 2.89 2.30 2.08 2.45 2.23
Mg (wt%) 1.33 3.20 3.80 2.83 3.56
Al (wt%) 8.04 8.41 8.52 8.10 8.04
Si (wt%) 30.8 26.8 25.4 28.1 26.6
P (ppm) 700 – – – –
K (wt%) 2.80 1.1 0.53 1.5 1.0
Ca (wt%) 3.00 5.29 6.07 4.43 5.22
Sc (ppm) 13.6 30 35 14 30
Ti (ppm) 0.41 0.54 0.58 0.50 0.60
V (ppm) 107 230 271 195 245
Cr (ppm) 83 185 219 180 230
Mn (ppm) 600 1400 1700 1400 1500
Fe (wt%) 3.50 7.07 8.24 6.22 7.46
Co (ppm) 17 29 33 25 30
Ni (ppm) 44 128 156 105 130
Cu (ppm) 25 75 90 – 80
Zn (ppm) 71 80 83 – –
Ga (ppm) 17 18 18 – –
Ge (ppm) 1.6 1.6 1.6 – –
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Table 11.4 (cont.)

Element

Upper
continental
crust

Bulk
continental
crust

Lower
continental
crust

Archean
upper crust

Archean
bulk crust

As (ppb) 1.5 1.0 0.8 – –
Se (ppm) 50 50 50 – –
Rb (ppm) 112 37 12 50 28
Sr (ppm) 350 260 230 240 215
Y (ppm) 22 20 19 18 19
Zr (ppm) 190 100 70 125 100
Nb (ppm) 12 8.0 6.7 – –
Mo (ppm) 1.5 1.0 0.8 – –
Pd (ppb) 0.5 1 1 – –
Ag (ppb) 50 80 90 – –
Cd (ppb) 98 98 98 – –
In (ppb) 50 50 50 – –
Sn (ppm) 5.5 2.5 1.5 – –
Sb (ppb) 0.2 0.2 0.2 – –
Cs (ppm) 4.6 1.5 0.47 – –
Ba (ppm) 550 250 150 390 300
La (ppm) 30 16 11 20 15
Ce (ppm) 64 33 23 42 31
Pr (ppm) 7.1 3.9 2.8 4.9 3.7
Nd (ppm) 26 16 12.7 20 16
Sm (ppm) 4.5 3.5 3.17 4.0 3.4
Eu (ppm) 0.88 1.1 1.17 1.2 1.1
Gd (ppm) 3.8 3.3 3.13 3.4 3.2
Tb (ppm) 0.64 0.60 0.59 0.57 0.59
Dy (ppm) 3.5 3.7 3.6 3.4 3.6
Ho (ppm) 0.80 0.78 0.77 0.74 0.77
Er (ppm) 2.3 2.2 2.2 2.1 2.2
Tm (ppm) 0.33 0.32 0.32 0.30 0.32
Yb (ppm) 2.2 2.2 2.2 2.0 2.2
Lu (ppm) 0.32 0.30 0.29 0.31 0.33
Hf (ppm) 5.8 3.0 2.1 3 3
Ta (ppm) 1.0 0.8 0.73 – –
W (ppm) 2.0 1.0 0.7 – –
Re (ppb) 0.4 0.4 0.4 – –
Os (ppb) 0.05 0.05 0.05 – –
Ir (ppb) 0.02 0.1 0.13 – –
Au (ppb) 1.8 3.0 3.4 – –
Tl (ppb) 750 360 230 – –
Pb (ppm) 17 8.0 5.0 – –
Bi (ppb) 127 60 38 – –
Th (ppm) 10.7 4.2 2.0 5.7 3.8
U (ppm) 2.8 1.1 0.53 1.5 1.0
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uniform and produced by similar geological processes for at least two billion years,
since the Early Proterozoic.

11.3.1 Paradoxes: niobium and lead

Niobium forms a large cation and is a quintessential example of an incompatible
element. So it might be expected to be enriched in the continental crust just as is
uranium. Curiously the Nb/U ratio in the crust is only 7, compared to around 30 in
the bulk Earth and to 40 in the depleted-mantle source of MORB. A frequently
given answer to this “paradox” is that niobium (and tantalum) enter titanium
minerals (or amphibole) and so are retained in these phases in the source regions
of the arc lavas that erupt at subduction zones [20]. An alternative explanation is that
it is the enrichment of other elements in arc lavas from fluids in the subduction zone
that locally overwhelms the mantle signature in the overlying wedge and so causes
an apparent depletion [21].
Lead presents us with the opposite problem. It is enriched in the continental

crust with a complementary depletion inMORB. This occurs although the element
is not particularly incompatible and has a strong tendency to form sulfide phases.
Indeed uranium is notably more incompatible than lead but the 238U/204Pb ratio
(or µ) is higher in MORB than in the crust or in the bulk Earth. This has been a
long-term effect, as shown on a plot of 207Pb/204Pb versus 206Pb/204Pb (the well-
known “lead evolution” diagram). Here the data for MORB are enriched in 206Pb
(derived from 238U) and plot to the right of the isochron, although the opposite
effect might have been predicted. This was long identified as the “lead paradox”,
although paradoxes arise from our imperfect understanding rather than from the
operations of nature [22].
A more refined understanding of the geochemistry of lead has led to a consistent

explanation of the paradox. The upper half of oceanic crust at the mid-ocean ridges is
subject to massive alteration with seawater. Lead is leached and redeposited as
sulfides and oxides near the seawater–crust interface. As the oceanic crust is sub-
ducted, heating and dehydration causes the sulfides to break down. Lead is more
readily transported by hydrothermal fluids, compared to uranium, into the mantle
wedge overlying the subduction zone. Here it is incorporated into the andesitic
magmas and so into the crust. Thus the over-abundance of lead in the crust is a
consequence of secondary processes caused by the geochemical peculiarities of its
chalcophile character [23].
In summary, both these apparent paradoxes of niobium and lead abundances

support the derivation of the continental crust from arc lavas produced in subduction
zones. “The critical point is that fractionation of Nb/U andCe/Pb appears to require the
involvement of fluid… and this is most likely to occur in the subduction zone” [24].
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11.4 The lower crust (Post-Archean)

The Post-Archean upper crust is well understood. The problems in reaching some
consensus become an order of magnitude more difficult when we attempt to
estimate the composition of the lower crust of the continents. The problem has
some parallels with the Archean. But the Archean crust possesses several advan-
tages. It is relatively accessible: several percent of the Earth’s surface is available for
study; geological mapping is extensive as there are huge economic incentives to
seek its rich mineral deposits; finally, intra-crustal differentiation processes became
important only in the Late Archean. Even so its complex geological history has led
to widely varying interpretations. Thus there were over 100 years of detailed
investigations before even the Proterozoic Sudbury structure and its associated
ore deposit were recognized as due to a very large impact (Chapter 10).
However, the lower crust lacks such benefits; uncertainty hangs over both its

exposures and their interpretation [25]. It is mostly inaccessible. It is certainly as
heterogeneous as the upper crust but unlike the upper crust, it lacks the possibility of
comprehensive sampling to establish an overall composition except with geophy-
sical tools. Thus our ideas about the composition of the lower crust are either model
dependent, or rely on debatable interpretations of geophysics, scattered outcrops or
xenoliths. To add further complications, some upper-crustal material has been
dragged down to great depths and re-exhumed. Because of these uncertainties and
the lack of anything even approaching a consensus, in this text we deal only briefly
with these problems.
One of the few geophysical parameters that provides some broad overall average

is Poisson’s ratio, that is the ratio of seismic compressional to shear waves (Vp/Vs)
in the lower crust. This indicates that the lower crust is significantly more basic
than the upper crust [26]. The second geophysical constraint comes from heat-flow
data that are consistent with low abundances of potassium, uranium and thorium
below the enriched upper crust.
Granulite terrains seem to be at best debatable samples of the lower crust, although

they are widely equated as representative examples [27]. Many such terrains appear
to be upper-crustal material that has been buried in Himalayan-type collisions and so
are irrelevant to the problem. For example Klaus Mezger [28] suggested that most
regional granulite terrains represent the transitional region between upper and lower
crust so that they represent mid crust rather than lower crust.
Among unequivocal samples that are available are xenoliths from the lower

crust that occur in volcanic pipes and flows. These are mostly more basic than
samples from granulite facies regions but are randomly and perhaps preferentially
selected [29]. An undisputed fact in this problem is that the granitic rocks that
dominate the upper crust are derived frommelting fromwithin the crust. However,
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although complementary positive Eu anomalies are common in granulite terrains
and xenoliths [30] often these do not particularly resemble residual material from
intra-crustal partial melting. Perhaps their Eu enrichment is inherited as we
suspect happened with the Proterozoic anorthosites (next section). Thus another
paradox exists in crustal geochemistry as intra-crustal partial melting must be a
fundamental process governing the composition and chemical structure of the
lower continental crust [31].
Here however we are less concerned with the petrological uncertainties of

samples from this mostly inaccessible region and in the spirit of William of
Ockham, consider the following factors:

i. The upper crust is derived from the lower crust by intra-crustal melting as shown both
experimentally and by the depletion in europium.

ii. The upper crust is enriched in K, U, Th and many incompatible elements.
iii. Heat-flow data demand a lower concentration of heat-producing elements with depth in

the crust.
iv. Poisson’s ratio indicates a basic composition for the lower crust.
v. Heat-flow and geological data assessed in Chapter 12 suggest an andesitic bulk crustal

composition.
vi. Accordingly we derive a lower crustal composition by subtracting the well-established

upper-crustal composition from that of the bulk crust. The assumption here that the
upper crust is derived by intra-crustal melting from the lower crust is supported by the
experimental and geochemical data discussed above. We make no apologies for adopt-
ing this simple model approach. The alternatives involve questionable extrapolation
from an uncertain database. Other solutions that have been proposed for this problem,
such as delamination, are discussed in the next chapter.

11.4.1 Anorthosites

Anorthosite massifs form a significant fraction of the Mid-Proterozoic crust, cover-
ing, for example, twenty percent of the surface area of the Grenville Province in
Canada. Accordingly they deserve comment here, in order to contrast them with
their relatives that form the lunar highland crust. The terrestrial examples occur as
slab- or sheet-like bodies 2 to 6 km thick and are dominated by an intermediate
variety of plagioclase complete with an enrichment in europium [32]. A long-
standing debate has occurred over whether these massive bodies of anorthosite
were derived as plagioclase cumulates, from the crystallization of basaltic magmas
derived from the mantle, or whether they are formed within the lower crust [33].
Musacchio andMooney [34] consider that the massive anorthosites characteristic

of Mid-Proterozoic time were derived from the mantle, a notion based on seismic
evidence. This seems a peculiarly blunt tool to use to resolve a complex petrological
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and geochemical problem and the seismic data seem less decisive to us than the
isotopic data.
A crucial observation in our opinion is that the Rb/Sr ratios are very low in the

anorthosites, although their 87Sr/86Sr ratios are high. This indicates that the parent
material of the anorthosites has previously resided in a high Rb/Sr environment (see
below). However, the mantle has a low Rb/Sr ratio (and high-Ca feldspar) and so
seems to be an unsuitable source. Neither is plagioclase of intermediate composition
(around An50) a product expected in mantle-derived magmas.
Multistage processes are indicated. In our model of crustal growth and evolution,

the basic lower crust evolved by intra-crustal melting beginning in the Late
Archean. Prior to that, intra-crustal differentiation was minimal so that the Rb/Sr
ratios were high resulting in enhanced 87Sr/86Sr ratios. Intra-crustal melting then
removed rubidium in granitic melts into the upper crust. The residue in the lower
crust was thus plagioclase-rich material with low Rb/Sr ratios, but with inherited
europium enrichment and high 87Sr/86Sr ratios. Subsequent melting of this material,
perhaps induced by rising basaltic plumes in a dry environment, resulted in the
generation of melts of plagioclase (An50) with inherited high 87Sr/86Sr ratios that
intruded the upper crust throughout the Mid Proterozoic. This model accounts for
the restricted occurrence in time, the peculiar mineralogy, the strontium isotopic
systematics and the chemistry of the Proterozoic massive anorthosites [35].
Thus there are similarities and differences between terrestrial and lunar anortho-

sites (Chapter 2). Both show enrichments in europium, albeit for different reasons.
In the terrestrial case, this is inherited in part from a europium-rich lower crust,
while the enrichment of europium (and strontium) in the lunar crust is a conse-
quence of primary crystallization from the magma ocean. Their composition is also
distinct (An50 versus An95). Both are restricted in time, again for different reasons
and reinforce the geological dictum that similar-looking rocks may form from
independent causes.

Synopsis

Profound changes in crustal evolution occurred during the Late Archean and the
Early Proterozoic, leading to a significant increase in the volume of the continental
crust, while intra-crustal melting that produced a K-rich upper crust, became
important for the first time. Large stable cratons appeared. These changes are
recorded in the sedimentary rocks, whose K/Na and Th/Sc ratios and REE patterns
with a significant depletion in europium, continued to characterize the upper crust
throughout the Proterozoic and Phanerozoic. Enrichment of the upper crust in
incompatible elements such as rubidium, that resulted in enhanced 87Sr/86Sr ratios
in sediments, testifies to the magnitude of the change.
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The composition of the upper crust is well established by widespread sampling
and more efficiently by the analysis of clastic sediments. The processes responsible
for producing the upper crust have been operating since the Early Proterozoic, as
shown by the uniformity of the REE patterns and Sm–Nd isotopic systematics. The
depletion of the incompatible element niobium in the crust is more apparent than
real, while the enrichment of lead is due to hydrothermal processes associated with
subduction-zone volcanism.
The lower crustal composition remains controversial. Difficult of access, the

interpretation of all samples remains debatable and the composition is model
dependent. We rely on heat-flow and bulk seismic data that indicate a much more
basic composition than the upper crust. As the upper crust is derived by partial
melting from within the crust, we interpret the lower crust as residual from the
bulk crustal andesitic composition. Delamination may occur on local scales but
seems an unlikely universal mechanism both to balance crustal growth and
recycling and to account for the uniformity of crustal composition through Post-
Archean time.
Anorthosites, that differ in composition from their lunar counterparts, form a

significant component of the Mid-Proterozoic crust and are here interpreted as
arising from lower crustal melting following the extraction of the upper crust. The
appendices provide basic information about the area, volume, age of the present
continental crust and the use of sedimentary rocks to establish crustal composition,
an approach that we favor.

Appendices

Area, thickness and density of the present continental crust

The continental crust presently occupies 41.2% of the surface area of the Earth or
2.10 × 108 km2; 71.3% or 1.50 × 108 km2 lies above sea level. There are at least ten
major continental blocks and four submerged microcontinents. The mean elevation
of the continental crust above present sea level is only 125m, but the elevation of the
area above the shelf/slope break (the 200m isobath) is 690m. Crustal thickness
varies between 10 and 80 km from an average of 41 km [36]. The thickness
correlates with the size of the continental block and the age of the last tectonic
event. The crustal volume is 7.35 × 109 km3. This estimate includes the volumes of
the submerged continental masses but depends on the value adopted for crustal
thickness and has an error of ±5%.
Archean terrains tend to have thinner crust, with crustal thicknesses between 27

and 40 km while Proterozoic crust is about 40–55 km thick, with higher P-wave
velocities (up to 7 km/s) at the base [37]. This does not seem to be due to greater
erosion of the earlier terrains.
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The major seismic discontinuity at the Mohorovicic Discontinuity or Moho, where
compressional wave velocities (Vp) rise from about 7 to about 8 km/s is convention-
ally taken as the base of the crust. However, theMoho is sometimes not sharp andmay
be absent. The crust can be defined as material with Vp < 7.8 km/s or Vs < 4.3 km/s.
These seismic velocities are consistent with densities less than 3.1 g/cm3. Probable
interlayering of mantle material, underplating by basalt and the presence of sub-
lithospheric mantle keels are additional complications for the base of the crust.
The discontinuous Conrad Discontinuity sometimes separates upper and lower

crust at a depth of 10–20 km, although super-deep drill holes rarely identify
discontinuities based on interpretations of the geophysical data.
Estimates of the density of the crust range from 2.7 to 2.9 g/cm3. The great

geological complexity of the crust and the uncertain nature of the lower crust
make this calculation difficult. The mass of the continental crust is 2.06 × 1025 g
(±7%) for an average density of 2.8 g/cm3. The continental crust forms 0.54% of the
mass of the crust–mantle system and only 0.35% of the mass of the whole Earth
from this calculation.

Age of the continental crust

One of the great contrasts between the oceanic and continental crust is the great
antiquity of the latter. However, the mean age of the continents, although important
for geochemical and geophysical models, is difficult to estimate. The most reliable
estimates are based on the Sm–Nd isotope system as this seems to be among the
least prone of the several radiogenic systems to resetting during metamorphism.
Its most important characteristic is that it dates the separation of Sm from Nd at the
time of formation of the crust from the mantle. The Nd model age of crustal igneous
rocks is thus thought to reflect the time of their derivation from the mantle. Those of
sedimentary rocks in general give the average time of formation of the various
sources of the sediments rather than the age of deposition. This assumes that Sm and
Nd are not fractionated during sedimentation or diagenesis.
This simple view is complicated by a number of processes that may later change

(usually decrease) the Sm/Nd ratio or underestimate the importance of older crustal
rocks. Various processes such as intra-crustal melting, metamorphic resetting and
assimilation of older material tend to decrease the Sm/Nd ratio and so complicate
this simple picture. Although intra-crustal melting events lead to further fractiona-
tion of Sm and Nd, this generally follows crust formation within 100–200Myr and
so has a comparatively minor effect on dating processes that operate over much of
the history of the Earth.
Estimates of the average crustal age based on the Nd isotope system thus usually

represent aminimum [38], so the average age of continental crust, based on the Sm/Nd
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system, is about 2.0Gyr [39]. An age of about 2.4Gyr for the continental crust is
obtained if about 60% of the crust was in place by 2.7Gyr, a model that we favor here.

Sedimentary rocks as crustal samples

The upper continental crust is heterogeneous in detail with changes in composition
occurring sometimes on scales of meters while geological maps display complexity
at all scales. How can this bewildering mixture of rock types be sampled to yield a
bulk composition? Although this has led to a perception that solving this problem is
very difficult or perhaps impossible, the processes of erosion and sedimentation
have simplified this task. The history of the crust is to a major extent preserved in the
record in the sedimentary rocks. Just as the fossils entombed in the rocks have
enabled us to understand the evolution of life and to establish the sequence of
geological periods, so the sediments themselves also record the chemical and
isotopic evolution of their crustal sources.
The first suggestion that sedimentary processes might homogenize the diversity

of compositions observed in the crust seems to be due to Goldschmidt [40]. His
prediction has proven robust with respect to fine-grained clastic sedimentary rock.
Elements such as the REE are very insoluble and thus have a short residence time in
the oceans. They are thus transferred rapidly from the upper crust exposed to
weathering into the sedimentary record. This is shown clearly by the uniform
REE patterns in sedimentary rocks in the Post-Archean crust (Table 11.2).
Many other less-soluble elements such as Y, Sc and Th are little affected by the

processes of erosion and sedimentation so that their abundances in shales and
sandstones reflect those of their source. Extremely insoluble elements such as Zr,
Hf and Sn are concentrated in minerals such as zircon and cassiterite in sandstones.
Anomalous REE patterns with cerium anomalies or severe LREE depletion may
form in unusual sedimentary environments but these effects are rare [41].
In sedimentary rocks, REE occur in the clay and silt fraction as well as in

accessory minerals such as zircon, monazite and apatite. There is no correlation
with individual clay minerals in which some fraction of the REE may be present as
micro-inclusions of trace-element-rich accessory minerals such as apatite. Lower
concentrations of REE occur in the sand fractions. Carbonates and coarse-grained
sedimentary rocks typically have REE patterns essentially parallel (Eu/Eu*,
LaN/YbN) to those of shales, but with lower total abundances than shales.
Fractionation of heavy minerals such as zircon and monazite during sedimentary

transport can affect REE patterns particularly in clastic sediments (e.g. quartzites) that
have low concentrations of the REE. Thus the presence of monazite in Archean
metaquartzites from the Western Gneiss Terrain, Australia causes an enrichment in
light REE. Mostly such minerals are rarely concentrated in amounts to cause
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significant or even visible effects on the REE patterns. Thus the resistant mineral
zircon, typically enriched in heavy REE, affects the bulk rock patterns only when
zircon constitutes more than about 0.06% (or Zr abundances exceed about 300 ppm)
Thus 100 ppm of Zr present as zircon, enriched in HREE, adds only 0.25 times
chondritic levels of Yb to patterns that typically contain 10–15 times chondritic levels.
Diagenesis may also affect the REE patterns. However, newly formed diagenetic

minerals mostly just redistribute the REE without significant transport. During
erosion and sedimentation, Ce3+ may be oxidized to Ce4+. It then separates as an
insoluble phosphate in seawater. The depletion or enrichment of Eu from the other
REE, due to its reduction to Eu2+, does not occur in surficial environments, where
Eu is present as the trivalent ion. Thus the enrichment or depletion of Eu records a
previous signature of crystal fractionation and removal of Eu by plagioclase.
Finally it should be noted that the sedimentary record is intrinsically cannibalistic

and, on average, 70% of most sedimentary rocks are derived from the erosion of pre-
existing sedimentary rocks. This recycling has a strong buffering effect on the
ability of the sedimentary record to record changes in upper-crustal composition
and only major changes are likely to be observed [42].
Pleistocene loess covers about 10% of the land surface and provides yet another

sampling of the exposed upper crust. Loess originates by wind transport from glacial
outwash, mostly during cold dry climatic intervals. Silt-sized rock flour is produced
by glacial erosion and so samples essentially unweathered upper-crustal material.
Uniform REE patterns, similar to PAAS, ES and NASC, although sometimes diluted
by carbonate or quartz, are seen in samples of loess fromChina, Europe, New Zealand
and North America [43]. Thus these widely scattered loess deposits provide another
sample of the composition of the upper crust. Their derivation from unweathered crust
demonstrates that any effects of sedimentary processes during sedimentation for the
insoluble elements are overshadowed by upper-crustal provenance.
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12

Composition and evolution of the continental crust

It is difficult to calculate what the composition of the crust of the Earth is
in any reliable way

(Harold Urey) [1]

The composition of the upper part of the continental crust is well established,
but it is so enriched in incompatible elements and the heat-producing elements
K, U and Th in particular, that it cannot be representative of the entire crust.
Unfortunately the inaccessible and largely unknown nature of the lower conti-
nental crust makes it more difficult to determine the overall crustal composition
so that elements of model-dependency enter the discussion. Because the crust is a
significant reservoir for many elements, understanding its overall chemical com-
position is of fundamental importance to geochemistry as these data place con-
straints on the basic processes of crustal growth, differentiation and evolution of the
mantle.
Because of these restrictions, indirect evidence from the geophysical disciplines

(e.g. heat flow, seismology) has to be employed mostly to obtain the bulk composi-
tion of the continental crust. So in contrast to upper crustal abundances where there
is a consensus, the chemical composition of the bulk crust is much more contro-
versial, with recent models covering a broad range from basalt through to dacite [2]
(Fig. 12.1).
However, compositions at both extremes encounter a variety of problems

that are difficult to reconcile with known crustal characteristics. In our opinion,
the combination of constraints imposed by the upper crustal composition, heat
flow and geochemistry yields reliable compositions for the bulk crust. We
regard these as inherently more reliable than attempts to calculate bulk crustal
compositions from geological assumptions. The latter are based inevitably on
local areas, from debatable exposures of lower crustal material or from ex-
trapolations from the seismological structure of the crust to its overall chemical
composition.
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12.1 Heat flow constraints

Continental heat flow data provide important information on bulk crustal models.
The average heat flow from the continents remains as one of the few independent
constraints on all models of crustal composition because of the limits it places on the
abundances of the heat-producing elements (K, U and Th). These are so strongly
enriched in the upper crust that if these concentrations were typical of the whole
crust, they would demand that the entire complement of these elements in the Earth
be present in the continental crust [3].
Continental heat flow may be divided into three major components

i. Heat derived from radioactive decay within the crust (so-called crustal heat) and thus
providing a measure of the average levels of heat-producing elements (K, Th, U) by
assuming K/U = 104 and Th/U = 3.8. The average heat flow from stabilized continental
crust is well established at 48 ± 1mW/m2 [4].

Low-K calc-alkaline v olcanic rocks

Andesite

Ocean island
basalt

High-K andesite

Andesite
Dacite

Basaltic
andesite

Basalt

W

RF
RG

CM WT

S

Taylor & McLennan

Tectonic models

Other models

SiO2 (wt%)
48 50 52 54 56 58 60 62 64 66

0.0

0.5

1.0

1.5

2.0

2.5

3.0

K
2O

 (
w

t%
)

Fig. 12.1 Various models for the bulk composition of the continental crust
superimposed on the K2O–SiO2 classification of subduction-zone volcanic rocks,
comparedwith our estimate – see Taylor andMcLennan (1985, 1995) and Table 11.3.
CM = Christensen and Mooney (1995); RF = Rudnick and Fountain (1995);
RG = Rudnick and Gao (2003); S = Shaw et al. (1986); W = Wedepohl (1995);
WT = Weaver and Tarney (1984). See Note 49 for full references.
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ii. Heat derived from the mantle beneath the continents (the so-called reduced heat
flow). This component of heat may also vary as a function of crustal age and be
influenced by mantle convection regimes. The best estimates of mantle contri-
bution of overall heat flow are in the range of 10–18mW/m2 with an average of
14 ± 3mW/m2.

iii. Heat derived from various processes associated with orogenic activity (the so-called
tectonothermal heat). This component decays on timescales of several hundred million
years following the last tectonothermal event [5].

The crucial point is that crustal compositionmodels that predict crustal radiogenic
contributions to heat flow greater than 38mW/m2 (48 ± 1 minus 14 ± 3mW/m2) are
inconsistent with the global heat flow data [6] (Fig. 12.2).
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12.2 Composition of the bulk crust

The bulk composition of the continental crust has been examined in exhaustive
detail by us in our 1985 book and in several subsequent review papers [7]. Rather
than repeat these discussions, here we summarize our conclusions that suggest the
overall composition of the continental crust is similar to that of the arc-derived
igneous rock, andesite. We base this concept on the following considerations.
Firstly the well-documented upper crust is derived from the lower crust dominantly

by intra-crustal melting. It is so enriched in potassium, uranium and thorium and
many incompatible elements so that it can only represent 25–30% of the total crust.
Poisson’s ratio and such reliable samples as are available, from xenoliths and exposed
granulite terrains, indicate a basic composition for the lower crust. Heat flow data also
require substantially lower concentrations of heat-producing elements with depth.
By the Late Archean, at least 60–70% of the crust was emplaced. The overall

composition of the Archean upper crust is recorded in the compositions of Archean
sediments (Chapter 10). That crust was composed effectively of similar amounts of
basalt and Na-rich granites (tonalite–trondhjemite–granodiorite or TTG) and their
extrusive equivalents. The average of these diverse compositions mimics that
of andesite as is shown by REE patterns preserved in Archean sedimentary rocks
(Fig 10.2).
However, during the Archean, only minor intra-crustal differentiation occurred,

with few intrusions of the K-rich granites that now typify the Post-Archean crust.
Thus the concentration of heat-producing elements in the Archean upper crust is
much less than that of the present upper crust. This rarity of intra-crustal melting
means that the composition of the exposed crust was close to that of the bulk crust.
This situation contrasts with the Post-Archean crust in which such intra-crustal
melting was ubiquitous. This produced an upper crust dominated by K-rich granites,
also rich in incompatible elements and with a characteristic depletion in europium.
This process has led ultimately to the present structure of a granitic upper and a basic
lower crust.
An interesting conclusion is that the bulk compositions of both the Archean and

Post-Archean crusts, although formed by different processes, are broadly similar
(although the Archean crust was higher in nickel, cobalt and chromium derived from
the basaltic component). Both the basic and felsic components of the Archean crust
were derived from the mantle in the Archean. In contrast, andesites derived more
indirectly from the mantle via subduction-zone volcanism have been the main
source of new continental material during the Proterozoic and Phanerozoic. The
difference in the upper crusts between the Archean and later times lies mainly in the
amount of differentiation within the crust. This was minimal in the Archean, became
more common in the Late Archean and was dominant in the Post-Archean crust.
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The present crust is estimated to be a 60/40 mixture of the Archean bimodal and
the Post-Archean andesitic compositions. The contribution of higher Ni, Co, Cr and
Mg# from the Archean component in the crust, leading to the values for these
elements exceeding those currently supplied by andesites, is sometimes raised as a
difficulty with the andesite model. The concentrations of 1.1% K, 4.2 ppm Th and
1.1 ppm U produce a crustal contribution to heat flow of 29mW/m2; this allows for
an average mantle contribution of about 18–20mW/m2. In Tables 11.3. and 11.4 our
crustal abundances are given for the total continental crust and for the Archean
continental crust with revisions from our previous estimates highlighted (Fig. 12.3).

12.3 The andesite model

The bulk composition of the continental crust from this assessment is close to that of
andesite, a major product from subduction-zone volcanism. This similarity has led
to the concept of continental growth by this process, the “Andesite Model”, as a
viable candidate for the generation of continental crust, although only following the
Archean–Proterozoic transition [8].
However, the upper 10 km or so of the present continental crust has the average

composition of granodiorite that originates by melting within the crust. Two deci-
sive facts inform us of such an origin for the upper crust: the experimental studies on
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the origin of granites; and the ubiquitous depletion in europium that is retained
in residual phases (such as plagioclase) in the lower crust [9]. The upper crust is thus
characterized by an average REE pattern with a distinctive depletion in europium
(Eu/Eu* = 0.65). In our model, europium is retained in the lower crust that has
Eu/Eu* = 1.14.

12.3.1 Delamination and its problems

An apparent paradox disturbs this model of an andesitic bulk crustal composition.
It has become an article of faith among petrologists that the bulk composition of
subduction-zone volcanics, as for any magmas derived ultimately from the mantle,
should be basaltic [10]. But if island arcs are the source of continental material,
how does one produce siliceous continents from basalt? The problem has led to
the popularity of “delamination” models. In these, basalts are the fundamental
building blocks of the continents, an upper siliceous crust is produced by intra-
crustal differentiation and much of a residual dense ultrabasic lower continental
crust separates and subsides (delaminated) back into the mantle [11].
There are several problemswith such a non-observable process. There needs to be

a near-complete balance between crustal additions and subcrustal subtractions, for
we see no evidence of changing upper (or indeed bulk) crustal compositions in Post-
Archean time. Although a few localized occurrences of delamination have been
reported, no process that occurs on the required massive scale has been identified
[12]. Thus delamination of the lower crust must be a major continuing, rather than
sporadic, process. It needs to be as efficient in removing, as subduction-zone
volcanism is in adding material to the continents. These two processes are unrelated
both geographically and tectonically, but need to be coordinated in some fashion in
the delamination model. If under-crustal delamination follows the same volume and
timescales as crustal growth, unlikely coincidences are involved.
Oceanic island basalts (OIB) display chemical and isotopic signatures of ancient

subducted oceanic (HIMU) and of upper continental crust (as in the EM2 species).
Significantly, no evidence of the lower crust, such as positive Eu anomalies, appears
in mantle-derived rocks. This is surprising because if delamination has occurred on
the scale required, a mass the order of two thirds of the continental crust would have
to have subsided into the mantle and so some mantle-derived lavas might con-
fidently be expected to show lower crustal signatures. Fermi’s famous paradox
might be recast as “Where’s the europium?”
Among minor problems, buoyant lithospheric keels (Mg-rich and Fe-poor)

appear to be attached underneath cratons and so might get in the way. Finally,
there may not be a sufficient density contrast between the lower crust and the mantle
to make delamination a likely process.

306 12 Composition and evolution of the continental crust



We regard the evocative term delamination as another unfortunate example of
jargon that casts a cloak of understanding over an unobservable process. Here
we restrict the term to its entrenched usage (the removal of the basal sections of
cratons). We prefer to use the simpler words “foundering” or “sinking” to describe
the apparent loss of gabbroic cumulates in island arcs, a topic to which we now turn.

12.3.2 The formation of andesites

Andesites are a common product of subduction-zone volcanism. Although ultimately
derived from the mantle, they differ from those other common mantle melts, MORB
and OIB. Notably their derivation through differentiation from island-arc basalts
follows the famous (or infamous) “calc-alkaline” trend [13]. The significant difference
is that andesites and their relatives lack the enrichment in iron that is characteristic of
other differentiates of mantle-derived lavas. This low-Fe trend that is a characteristic
signature of wet arc-derived lavas, is due to early precipitation of Ti-rich magnetite.
This process is a consequence of the unique terrestrial environment associated

with subduction zones. As the slab carrying the oceanic crust descends into the
mantle, rising temperatures cause it to dehydrate. Large wet oxidized fluxes carry-
ing many incompatible elements infiltrate into the mantle wedge overlying the slab.
Melting in this wet oxidizing environment in the wedge occurs at low temperatures.
This leads to the early separation of magnetite and depletion of iron so that the
subsequent crystallization history of such magmas differs from that of MORB and
OIB [14]. As the magmas differentiate, sinking of gabbroic cumulates results in the
production of andesites that are erupted, mostly in spectacular fashion.
However, the genesis of andesites at subduction zones is complicated in most

regions by the presence of continental crust. So it is difficult to disentangle the
contributions of recycled crustal contributions from those coming from the mantle
and wedge. The many andesitic volcanoes that crown the Andes form the arche-
typical example [15].
In the Izu-Bonin arc in the Western Pacific, oceanic crust is subducted without

any significant contribution from the continents. It provides a “clean” example
where continental crustal material is minimal. Detailed seismic studies of the Izu-
Bonin island arc indicate that much of it has an overall andesitic composition, that
would provide suitable material to make continental crust of our bulk composition.
This andesitic composition is thought to have originated through differentiation
from basalts through the sinking or foundering of dense olivine–pyroxene cumulates.
Similar conclusions have been reached from a study of the Talkeetna arc section in
Alaska [16] (Fig. 12.4).
Foundering of dense gabbroic cumulates in subduction zones remains a currently

unobservable process but seems inherently more viable than delamination beneath
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the stable cratons and mostly avoids the problems discussed above. It receives
additional support from the interpretation of seismic data at arcs [17]. A seismic
discontinuity at a depth of 300 km attributed to sinking of eclogite appears under
many island arcs but is rarely observed under cratons. It is clear that the discontinuity
is concentrated beneath arcs, rather than under continents. The only two occurrences
that have been detected beneath cratons may be residual from earlier subduction
episodes. These data certainly provide no evidence for the ubiquitous delamination
beneath cratons as required by other models of the continental crust.
Such foundering of basal sections of island arcs greatly alleviates the requirement

for the necessity of delaminating the lower continental crust, more or less com-
pletely, long after its formation; and for significant amounts of ultramafic cumulate
to be present in the sub-continental lithospheric mantle. If the foundering of
cumulates occurs in the arc, the ultramafic cumulates sink as a consequence of the
subduction process itself.
Accordingly the Andesite Model has been revived [18]. This model overcomes

the basaltic nature of arcs by proposing that the removal of cumulate residues occurs
in the arc, rather than at the base of the continental crust. The resulting arc material,
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now of andesitic composition, is added to the continents in line with the Lyellian
doctrine of currently observable processes [19].
Can arc-related volcanism supply enough material, not only to grow the conti-

nents, but also to balance that removed by erosion and lost to the oceans or subduc-
tion zones? A linear growth rate for the continents requires an addition of over 1 km3

per year which is about the same as a popular estimate of the net magma flux from
arcs [20]. However this does not allow for losses through erosion that are also about
this value. So if these estimates are correct, the continents might be shrinking with
time [21]. However, the contribution from arc volcanism based on surface studies
seems to have been seriously underestimated. Sea-floor mapping has revealed that
arc volcanism is much more extensive than that which is so dramatically obvious
above sea level. The amount of arc volcanism is now revealed to be between three
and six times more voluminous than the earlier estimates [22]. The consequence is
that the magmatic flux from arcs is adequate to sustain continental growth.

12.3.3 Granites and granites

The origin of granites continues to arouse controversy. The arguments over whether
they originated as magmas or through the alteration of pre-existing rocks by
assorted fluids (or “granitization”) continued through the first half of the twentieth
century. These debates were resolved in favor of the former view by experimental
work [23] that demonstrated an origin through intra-crustal melting for the K-rich
granites that now typify the Post-Archean upper continental crust. These granites all
show REE patterns with a rather uniform depletion in europium, indicating equili-
bration with plagioclase, stable only at crustal depths on Earth. A clear distinction
was established from the older Na-rich granites (the TTG suite) that originated at
mantle depths and that dominate the Archean crust. Their steep REE patterns,
showing no depletion in europium, indicate equilibration of the melt with garnet,
generally stable only at depths greater than 30 km.
However, the K-rich granites, typical of the present upper crust, display a subtle

variety of types, that initially were labeled as I and S types of granite [24]. These
showed differences reflecting derivation from or interaction with “igneous” (I) or
“sedimentary” (S) source rocks. The popularity of this classification led to further
subdivisions so that an alphabet soup of granite types soon arose.
A serious debate has turned on the origin of the I and S types [24, 25]. Both are

similar in major and trace element compositions. The S type have elevated 87Sr/86Sr,
K/Na ratios and ∂18O values, characteristics of interaction with sedimentary rocks
so that their origin by intra-crustal melting is not seriously disputed. Although the
I type show a wider spread in composition, their average compositions and REE
patterns can scarcely be distinguished from those of the S-type suite and their
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overall composition is also typical of the granites that dominate the upper crust
(Fig. 12.5). However I-type granites tend to have lower 87Sr/86Sr, K/Na ratios and
∂18O values compared to S-type, indicative of an “igneous” signature.
These rocks are sometimes considered to be residues from melting (so-called

“restites”) or alternatively have been derived from basalts. While the S type reflect
interaction with material that has been exposed to sedimentary processes, I-type
granites reflect the overall andesitic composition of the unfractionated crust and
accordingly signatures of this source, such as low 87Sr/86Sr, K/Na ratios and ∂18O
values are to be expected.
However, behind this debate lurks a larger question: the very nature of the growth

of the continents themselves. Is the crust and the granites it contains ultimately
derived from basalt, that itself is directly derived from the mantle? So is basalt
the parent of the I-type granites or mainly the source of heating of lower crustal
material? Much of the debate turns on a question of scale and perspective and is
typical of many geological dilemmas. It also suffers from the classic problem of
looking at the end product and trying to deduce the pathway. Identification of minor
components with mantle signatures within the I-type granites does not constitute
evidence for deriving the crust solely from mantle basalt via Bowen-type differ-
entiation. Such a process would require huge amounts of intermediate lithologies in
the differentiation process leading from basalt to granite.
In our opinion, granites result from lower crustal melting, perhaps induced

by basaltic underplating which adds little directly to their overall volume or bulk
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composition. If the heat source is from the underplating of basaltic magma, incor-
poration of minor amounts of this material can explain some of the isotopic
signatures in the granites noted above, as well as hafnium and oxygen isotope
mantle signatures in zircons [25].
Thus the I-type composition is similar to S-type (identical REE patterns with

europium depletion) but with variable admixtures of basaltic components and their
derivatives; therefore we can rule out derivation of the continental crust from the
mantle in a one-step process. If granites were derived by such a direct process, this
might result in the development of granitic crusts wherever basalt eruptions are
common, so that granites might abound on Venus, the Moon and Mars or even at
mid-ocean ridges. Instead we favor the model in which the continental crust is
derived in a multistage process, unique to the Earth as described above. This process
of remelting within the “andesitic” crust produces the upper granitic crust and the
more basic lower crust.

12.4 Alternatives: basaltic compositions

One class of crustal models proposes that the continental crust grows predominantly
by basaltic volcanism. This is driven in part by models that suggest that the principal
product of island-arc volcanism is basaltic in composition. Others suppose that
mantle plumes or accreted oceanic plateaus are the main source [26]. However
continents of basaltic composition, even if relatively enriched in incompatible
elements such as ocean island basalts, encounter at least two difficulties. The funda-
mental problem is that it is necessary to produce the observed granodioritic upper
crust that comprises between about one-quarter and one-third of the entire crust.
So basaltic crustal models require a complementary ultramafic composition for the
lower crust to balance the granodioritic composition of the upper crust. But no
evidence appears for a lower crust of overall ultramafic composition from seismol-
ogy, xenoliths or from the debatable exposures [27].
A second problem is that the level of continental heat flow is too low to match the

observed values in a crust of overall basaltic composition. If continents were built
from OIB, the most favorable case, they would have maximum K2O contents of
0.5–0.7%. A more likely MORB-dominated composition would contain only about
0.3% K2O. Such compositions do not provide enough potassium to account for that
observed in the upper crust and predict a present-day crustal radioactive contri-
bution to heat flow of less than about 15mW/m2, far below the observed value.
These difficulties are generally recognized by most proponents of such models

and are solved by proposing additional (but unspecified) sources of potassium
or loss of ultramafic residues back into the mantle by delamination or subduction
erosion [28].
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Basaltic underplating at convergent margins and magmatism and underplating
associated with mantle plumes may also add material to continents, but the scale of
such processes is uncertain [29]. Lower crustal xenoliths provide some evidence of
underplating; but such processes reflect inherently random samples, as are all the
interpretations based on xenoliths. Therefore these are not relevant to our problem
of arriving at a bulk crustal composition [30].
In summary, the amount of material added to continents through intra-plate

mantle plumes and oceanic plateaus probably amounts only to a few percent [31].

12.5 Alternatives: felsic compositions

Many bulk crustal composition models use a variety of constraints from seismic
velocity profiles and geochemistry of deep crustal cross-sections and lower crustal
xenoliths. These are dependent on the vagaries of surface exposures and the
anecdotal evidence from xenoliths and so suffer from sampling uncertainties [32].
Although there is considerable variability among these models in detail as might

be expected, they are all similar in that they predict bulk crustal compositions that
are significantly more felsic than average andesite. Estimates such as those of Shaw,
Wedepohl, Rudnick, Gao, Condie and others (Fig. 12. 2) are usually biased toward
upper crustal compositions due to reliance on local areas as shown in Table 11.1.
Only the data provided from the widespread sampling by sedimentary rocks or the
huge continent-wide sampling by the USSR are likely to provide a useful average.
At the extreme, some of these models predict a crustal radiogenic component of heat
flow that is in excess of overall average continental heat flow. Their compositions
also contain concentrations for many elements in excess of their bulk Earth abun-
dances. We have used the heat flow data to argue that crustal composition models
with K2O greater than about 1.6% (and appropriate corresponding thorium and
uranium abundances) cannot be reconciled with the current state of knowledge
of average continental heat flow. This is because they predict continental heat flow
in excess of 48 ± 1mW/m2 [33].
Accordingly, all of the relatively felsic crustal models encounter difficulties and

at best can only be considered to be representative of local regions of the crust. They
mostly appear to be overweighted towards the more readily accessible upper crust
with its high concentrations of incompatible elements, a well-known trap in esti-
mating the composition of the bulk crust [34] (Fig. 12.6).
Most workers appear to agree that primary melts derived from the mantle are

dominated by basaltic compositions. Accordingly, to overcome this problem, felsic
models for the crust typically predict that a lower crust of ultramafic–mafic compo-
sition must be returned to the mantle subsequent to crust formation by processes
such as delamination of the lower crust or subduction erosion [35, 36]. However,
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such lower crustal material has not been identified in samples from the mantle,
despite the chemical and isotopic evidence both of recycled oceanic and upper
continental crust that appears in OIB, as discussed above.

12.6 Crustal growth and its episodic nature

The standard model, already adopted in our 1985 book, is that the crust grew
throughout geological time mostly through major episodic pulses [37]. No subse-
quent evidence has appeared to change this model except in minor detail (Fig. 12.7).
The alternative steady-state model of crustal growth proposes that the crust

formed “at the beginning” and has been recycled through the mantle so that new
additions are balanced by losses. This view of an early “granitic” crust has been
discussed extensively in Chapters 9 (Hadean) and 10 (Archean) [38] and we find
no evidence to support it.
The REE evidence records a major change in the sedimentary record around the

Archean–Proterozoic boundary (c. 2500Myr) as does the oxygen isotope record
in zircons [39]. This episodic growth of the crust must be due to as yet little-
understood intermittent periods of major production of magma in the mantle.
It raises the question whether the resurfacing of Venus 750Myr ago was another
such example.

12.6.1 The freeboard constraint

The widespread occurrence of flat-lying Proterozoic sediments on cratons shows
that sea level has not varied relative to the continents by more than about 1 km for
the past two billion years. This fact, referred to as the “freeboard constraint”,
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indicates that the relative volumes of oceans and continents have been broadly
similar over that period [40]. The observation is relevant as far back as the Early
Proterozoic, halfway through the geological record but does not extend into the
Archean as the sedimentary record in theArchean is too incomplete tomake freeboard
a restriction on crustal volume [40].
The freeboard constraint indicates that most crustal growth was completed by the

Late Archean and that additions to the continents since the Early Proterozoic have
been minor. Those models that require the amount of crust present at 2.5Gyr to be
under 50% and that call for significant crustal growth at 2.1–1.8Gyr do not meet the
freeboard constraint. The confusion is in part due to interpreting easily accessible
granitic intrusions in the upper crust as additions to the crust rather than being the
products of intra-crustal differentiation.

12.6.2 Recycling

While the geological, geochronological and geochemical evidence supports a model
for the episodic growth of the continental crust through geological time, with a major
increase in the Late Archean, howmuch recycling of the continental crust does occur?
In the modern subduction zones, a few percent of upper crustal sediments have
been recycled into the mantle as shown by evidence from 10Be and Pb isotopes.
The amount of sediment available for subduction is less than 1.6 × 1015 g/yr (about
0.5 km3/yr). How much of the sediment cover reaches the mantle or is scraped off
in the forearc remains unclear. Signatures of recycled sediment in OIB such as the
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EM2 example at Samoa, are rare. These amounts do not seem sufficient to support
models of a steady-state crustal mass, continuously recycled through the mantle such
as that proposed most famously by Armstrong [41]. The buffering effects of canni-
balistic sedimentary recycling and the efficient mixing during sedimentation doubt-
less conceal variations in the rate of continental growth and perhaps in upper crustal
composition. Probably for these reasons, a period of growth around 1800Myr ago is
not distinguishable in the geochemical record in sedimentary rocks [42].
So in summary, the growth of the continental crust appears to have proceeded in

an episodic fashion throughout geological time. The period of crustal growth during
the Late Archean was by far the most important single episode in Earth history,
followed by that at about 2.0–1.7Gyr.

12.6.3 Continental break-up and assembly

Although somewhat peripheral to our main thesis, this topic warrants mention.
At the present time, the continents are fragmented but periodically they unite to
form supercontinents [43]. Such events occurred during the Late Paleozoic (Pangea;
0.3Gyr), Late Proterozoic (0.9Gyr), possibly at about 1.8Gyr (for North America/
Baltica at least) and perhaps during the Late Archean (c. 2.7Gyr) [44]. The apparent
periodicity of crust-forming events during the Post Archean may be related to these
supercontinental cycles. These episodes that occurred around 2.9–2.7, 2.0–1.7,
1.3–1.1 and 0.5–0.3Gyr correlate with supercontinental assembly phases. At these
times, subduction should increase with enhanced arc volcanism. The collisions
between continents in these episodes would promote crustal thickening, granulite
facies metamorphism and continental underplating.
The causes of continental break-up are much debated [45]. Large-scale igneous

provinces are associated, for example, with the opening of the Atlantic Ocean.
These include, from south to north, the Parana and Etendeka flood basalts, about
120Myr old, the large igneous province, 200Myr old, on the US East Coast and the
Greenland–British tertiary province that formed 56Myr ago [46]. Are such vast
outpourings of basaltic lavas that accompany such break-ups, the cause of the split
or only a consequence of decompression melting of the mantle following the rifting
of the crust [47]?
What role, if any, do deep mantle plumes play? Perhaps by doming the crust, they

might initiate splitting. But there are perhaps differences between cold and hot
rifts. In cold rifting, the continental rift is “stretched like gum” eventually forming a
new oceanic spreading center. In contrast, massive volcanism from mantle plumes
causes hot rifts in which very large volumes of lavas are extruded [48]. So mantle
plumes may provide a trigger in the shape of additional heat that boosts the splitting
and break-up of the continents.

12.6 Crustal growth and its episodic nature 315



Synopsis

The bulk composition of the crust is an important geochemical parameter because
it contains a sizeable fraction of the whole Earth budget for many incompatible
elements (Fig. 1.6). However, in contrast to the upper crust, the composition of the
bulk crust remains model-dependent and controversial. We employ the constraints
from heat flow and seismic data, both of which indicate a basic lower crust as well as
the established incompatible-element-rich upper crustal composition, that is derived
from intra-crustal melting, to arrive at a bulk crustal composition. This is close to
that of andesite. Critical components are 1.1% K, 4.2 ppm Th and 1.1 ppm U.
We conclude that the Archean (Chapter 10) and Post-Archean bulk crusts

(Chapter 11), although formed by different processes, are broadly similar in com-
position. The most important differences lie in the amount of intra-crustal differ-
entiation that leads to distinct upper crustal compositions. This process was rare
during the Archean but became dominant in Post-Archean time.
We examine the “Andesite Model” for Post-Archean crustal growth and the

formation of andesites in subduction zones, particularly in intra-oceanic arcs where
continental crustal contamination is minimal. In the subduction-zone environment,
the crucial component is water. This allows for magnetite crystallization and for the
iron-depleted calc-alkaline trend to develop, that contrasts with the iron-enriched
MORB andOIB compositions. Sinking or foundering of basic material in subduction
zones is probably required to produce the andesitic compositions in the upper regions
of arcs. We conclude that andesites form the major contribution to crustal growth
during Post-Archean time.
The familiar granites originate within the crust. The origin of the upper crustal

granites, including the I and S types, is assessed, and we conclude that both arise
through intra-crustal melting, sometimes assisted by basaltic underplating that may
impart some mantle signatures.
The many alternative bulk crustal compositions that have been proposed, ranging

from basaltic through to granitic, fail either to meet heat flow constraints or result
in concentrations of incompatible elements that exceed the limitations imposed
by the bulk Earth composition or both. Delamination of the lower crust, a process
required for the more felsic models, encounters several problems. The wholly
unrelated processes of addition of andesites at subduction zones and the removal
of the lower crust need to balance, in order to maintain a uniform crustal composi-
tion over Post-Archean time, while low-density keels lie under the continents.
The crust grew in an episodic manner from about 3800Myr, initially through

basaltic and TTG-suite production, with a major increase in the Late Archean. This
resulted in 60–70% of the crust being in place by the end of the Archean consistent
with the “freeboard” constraint. Recycling of the crust back into the mantle is too
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limited in volume to support constant volume models for the crust. There is much
break-up and reassembly of the cratons, episodically forming supercontinents, that
may correlate with episodes of crustal growth.
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13

Crusts on minor bodies

Where observation is concerned, chance favors only the prepared mind
(Louis Pasteur) [1]

13.1 Minor bodies in the Solar System

Apart from the major planets, a host of minor bodies are also in orbit around the Sun
or around the planets. However, no commonly agreed definitions can be found for
the bodies that formed by a variety of stochastic processes in the nebula.
Furthermore the extra-solar planetary systems mostly do not resemble our own.
This has led to sharp debates over what does or does not constitute a planet (Chapter 1,
Ref. 2) and the matter has been resolved by adding qualifiers. So the Solar System
consists of eight major planets, each one distinct and a huge variety of objects that
include the rocky bodies that inhabit the asteroid belt, the satellites of the major
planets and the multitude of small icy bodies in the Edgeworth–Kuiper Belt that are
usually referred to as Trans-Neptunian Objects or TNOs [2] that possibly represent
material from the primordial solar nebula. Perhaps the most interesting observation
about the small bodies is that there is little uniformity. Dave Stevenson has noted
that “the four giant planets exhibit a startling diversity of satellite systems” [3] while
Brad Smith has remarked that “the sense of novelty would probably not have been
greater if we had explored a different Solar System” [4].
Minor bodies are typically composed of various mixtures of the ice and rock

components of the original nebula. Gases are strongly depleted. The asteroids,
inner nebular objects sunwards of the “snow line” (Chapter 1), are dominated
by rock. Only in the outer portions of the asteroid belt does water and some
carbonaceous material appear as in the carbonaceous chondrites. The analyses of
most meteorites inform us that the rock component is depleted, as are the inner
planets, in volatile elements, although except in rare cases (e.g. the angrites), the
depletion is mostly less than that observed in the terrestrial planets. The result
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is that there is much variation in meteorite, asteroid and rocky planetary
compositions.
While the formation of the asteroids is related to high-energy events in the inner

nebula, different conditions apply further out. Beyond the snow line, ices become
stable so that the satellites of the giant planets (excluding the special case of Io),
TNOs and Centaurs are composed of variable amounts of rock and ices.
We have various levels of information on the nature of the surfaces of the minor

bodies. We are reasonably informed about the nature of the asteroid belt from the
study of meteorites that are mostly derived therefrom. We likely have samples that
originated from the asteroid 4 Vesta, while spacecraft have visited the surfaces of
Eros and Itokawa. We are informed in much detail about the Galilean satellites of
Jupiter. There are increasing data from Titan and the smaller satellites of Saturn such
as Enceladus while there is a more hazy conception of the nature of the surface of
Triton. Thus we are beginning to get insights into the processes that led to the origin
and evolution of the asteroids and TNOs, both of which are refugees from the
formation of the Solar System, as well as of the satellites of the giant planets.
The composition of the rocky asteroids has been affected, along with other inner

nebular objects, by the early depletion of the volatile elements. Has this extended
to the rocky component in the icy satellites? The processes that resulted in the
depletion of volatile elements in the inner nebula seem unlikely to be operating at
Jupiter at or beyond the snow line. So in the absence of definitive evidence, the
assumption is made that the rocky component of the satellites of the giant planets
and the TNOs is solar, that is equivalent to CI carbonaceous chondrites. A caveat is
that collisions may induce fractionation, both between the ice and rock fractions
(as may have happened with the Pluto–Charon pair and other TNOs) and within the
rocky component.
As the temperature decreases further from the Sun, other ices appear such as

ammonia, nitrogen and methane. The most significant geological effect of ammonia
hydrates is to allowmelting to occur at low temperatures. The H2O–NH3 system has
a peritectic point (at 35% NH3) at 173K, with a density close to that of water ice.
Such temperatures are readily reached by heating in the larger satellites, either
tidally or by radioactivity. These ammonia–water liquids (density 0.946 g/cm3

at 175K) will easily rise to the surface of satellites whose typical densities are
around 1.3 g/cm3. Landforms resembling volcanic lava flows on Earth may appear,
caused by semi-crystallized flows of ammonia–water mixtures that have erupted
through the satellite crusts [5]. But many of these interpretations depend on uncertain
radar or photogeological data so caution is needed.
Here we avoid the temptation to conduct a guided tour of the minor bodies of the

Solar System and concentrate instead on the best understood examples of the crusts
that have been formed on smaller bodies. These include the asteroid 4 Vesta and
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those of the Galilean satellites of Jupiter. We conclude with some comments on the
surfaces of Titan and Triton.
However, a subtle distinction arises between Vesta (and other differentiated

asteroids) and the Galilean satellites that relates to their formation and differentia-
tion. Vesta is a type example of bodies in the inner Solar System that underwent
melting and differentiation induced by short-lived radioactivity and accretional
heating. The formation of the well-studied satellites of Jupiter offers an interesting
contrast. They appear to have accreted at lower temperatures without initially
undergoing melting and differentiation. So they grew in an environment very
different to the hierarchical accretion of the terrestrial planets where sufficient
energy to cause melting was supplied by impacts. Callisto, that is the extreme
example, must have formed from rock and ice components without being heated
sufficiently to cause early melting of ice.

13.2 Observational problems

The difficulties of observing the surfaces of remote small bodies have presented
planetary scientists with many continuing problems, reinforcing the view that the
surface of the Earth is not the best starting point from which to try to interpret
the surfaces of satellites and asteroids, let alone those of other planets. Apart
from photography from spacecraft, much of the information about the surfaces
of the smaller bodies comes from studies of the reflectance spectra in the visible
(> 0.5 micrometers [microns], hereafter µm) and near infrared (1–4 µm). These data
provide information about the mineralogy of the surface but also reflect the effects
of the solar wind, sputtering and micrometeorite bombardment of airless surfaces [6].
However there are some limitations of this technique. Only the upper few micro-

meters or the “very” surface are probed. Although water ice, with its characteristic
absorption bands around 1.5, 2.0 and 3.0 µm, is expected to be a significant compo-
nent of the surfaces of small bodies in the outer regions of the asteroid belt, it is often
surprisingly difficult to detect.
There are various reasons. Melting induced by impacts, radioactivity or tidal

flexing may result in an ice-rich crust, but impacts or sputtering may also ablate ices,
leaving a darker surface of more refractory components or organic compounds.
Larger impacts may penetrate beneath such surfaces to add clean ice to an older
surface. Great complexity is to be expected.
The attempts to use reflectance spectroscopy to understand the surfaces of

asteroids form an interesting story. At first the application of this technique appeared
to be a relatively straightforward task. Meteorites were known to originate from
the asteroid belt, so that it was a matter of comparing the laboratory spectra of
ground-up meteorites with those obtained telescopically from asteroidal surfaces.
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This approach was reinforced by the apparent success in identifying Vesta as the
source of the eucritic class of basaltic meteorites, something that persuaded the
asteroidal community that this was an approach that might be applied to the rest of
the asteroids.
However, nature is subtle and a paradox soon arose. The eucrites are a compara-

tively rare class of meteorites. The most abundant meteorites to fall on the surface of
the Earth are the H, L and LL classes of stony meteorites or chondrites, so common
that they are referred to as the “ordinary chondrites” or OC. Orbital calculations of
meteorites photographed during atmospheric entry and that were subsequently
recovered pointed to their origin from within the main asteroid belt.
The identification of their parent bodies by comparing laboratory with asteroidal

spectra, apparently successful in the case of the eucrites, proved elusive for the
abundant chondrites. Despite extensive searches, no unequivocal candidate parent
asteroids appeared among the thousands of possibilities. Although the abundant
S-type asteroids, that dominate the inner part of the main asteroid belt, appeared
to contain the appropriate mineralogy (metal, olivine, low-Ca pyroxene), the absorp-
tion bands in the asteroidal spectra, compared with the laboratory spectra from
ground-up meteorite samples, were much weaker and redder. Clearly the processes
operating on the pulverized surfaces of asteroids were more complex than simply
grinding up rocks. Similar effects were observed when spectra from returned samples
of the lunar regolith were compared with ground-up lunar rocks [7] (Fig 13.1). This
was initially attributed to the formation of dark glass agglutinates by melting from
impacts of meteorites into the lunar soils.

13.2.1 Nanophase iron

Renewed study of the lunar regolith revealed that it was not so much the production
of glass agglutinates but the coating of grains with microscopic metallic iron
particles that was the cause of the spectral changes. This so-called “nanophase
iron” (npFe°) that is mostly between 4 and 30 nm in size, is formed by reduction due
to sputtering and micrometeorite impacts followed by deposition from a vapor
phase onto grain surfaces [8].
Thus the observed spectra of S-type asteroids are likely due to “space weathering”

of ordinary chondrites and the paradox seems to have been solved, a cautionary tale
that is worth relating at some length. As Clark Chapman has noted “we remain
chastened in our expectations of the robustness of remote-sensing techniques
applied to unreachable, or rarely reachable, objects in space. But when we rely on
theory, imperfectly relevant laboratory simulations and indirect inference to deter-
mine the compositions of solid-surfaced solar system bodies, we must be wary that
we could well be led astray” [8].
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13.2.2 Eros and Itokawa

Some light has been shed on the problem of space weathering by the Near Earth
Asteroid Rendezvous (NEAR)–Shoemaker mission to the peanut-shaped 433 Eros.
This Mars-crossing Amor asteroid (13 × 13 × 33 km with a density of 2.67 g/cm3)
is the second largest of the near-Earth asteroids. The spacecraft carried X-ray
and gamma-ray detectors and multispectral/near-infrared spectrometers and spent
nearly a year orbiting the asteroid before landing on Eros [9] (Fig. 13.2).
Although Eros probably has the composition of an ordinary chondrite, the data

from the NEAR Shoemaker mission were inconclusive. The Cr/Fe, Mn/Fe and
Ni/Fe ratios match those of L or LL chondrites, but the problem is that the measured
sulfur content is only about half that of ordinary chondrites. This led to TimMcCoy
and others to question “the basic assumption that the regolith of Eros is indicative of
the composition of the underlying bedrock” [10].
A touch-down on the 400m S-type asteroid 25143 Itokawa was achieved by the

Hayabusa spacecraft in 2005. It is unclear whether the mission, due to return in
2010, managed to collect samples. Itokawa is a Mars-crossing Apollo asteroid with
a density of 1.95 g/cm3. It is a loose rubble pile, covered with unconsolidated fine
gravel. This tiny asteroid has a composition similar to that of LL chondrites and the
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Fig. 13.1 Reflectance spectra scaled to unity at 560 nm showing the steeper higher
wavelength spectrum of lunarmare (FeO15.8%) and highland soils (Fe 4.2%) caused
by “space weathering” compared to that of chips of mare basalt rock sample 10003
(FeO 19.8%). Adapted from Pieters, C. et al. (2000) MPS 35, p. 1102, Fig. 1.
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Hayabusa spacecraft revealed that the surface is olivine-rich (70–80%), the other
major mineral being pyroxene [11].

13.3 Vesta, a differentiated asteroid

4 Vesta is the third largest of the asteroids and is of particular interest as it
differentiated, a process that occurred soon after Tzero. It thus forms a scale model
of a terrestrial planet with a probable metallic core, an ultramafic mantle and a
basaltic crust estimated to be around 10 km in thickness [12].
As revealed by reflectance spectroscopy, the surface is basaltic but with some

regions richer in pyroxene and olivine. These are interpreted as regions where the
mantle has been exposed by cratering. The surface indeed is heavily cratered: the
south pole area is occupied by an enormous central peak crater, 460 km in diameter
and 13 km deep formed by the impact of a 40 km diameter asteroid estimated to
have occurred about 1Gyr ago. This crater is close to the diameter of the asteroid
and exposes ultramafic mantle rocks as well as providing a fresh regolith over much
of Vesta. The impact produced many 10 km size fragments. As if riding on a
conveyor belt, they are slowly drifting in the asteroid belt toward the 3/1 orbital
resonance with Jupiter at 2.50 AU. It is probable that fragments produced by this
impact that have reached that location are the source (the near-Earth “Vestoids”) of
the meteorites that are delivered to the Earth [13].

Fig. 13.2 The NEAR landing site on Eros. NASA PIA 03143.
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The consequence of all these observations is that Vesta is generally considered
to be the ultimate source of the HED (howardite–eucrite–diogenite) class of
meteorites. These include the eucrites, that are basalts, the diogenites (mostly
orthopyroxene cumulates) that are derived from deeper in the mantle and the
howardites that are brecciated mixtures of both [14]. Gabbroic eucrites with
cumulate textures are thought to represent lower crustal samples, from a depth
of around 8–10 km, while the basaltic, or non-cumulate eucrites are derived from
lava flows at the surface.
The most interesting feature of Vesta, in the context of this study, is that the

formation of an ultrabasic mantle and basaltic crust occurred on this planetesimal
within a few million years of the earliest dates in the Solar System (4567Myr) [15].

13.3.1 Evolution of Vesta

Vesta accumulated from dry planetesimals that were depleted in volatile elements.
The asteroid melted during accretion or shortly afterwards, probably from heating
due to 26Al and 60Fe perhaps assisted by impacts [16]. This interesting asteroid has
preserved a differentiated crust over the history of the Solar System. Not unexpect-
edly, many models have been proposed to account for the petrogenetic evolution of
Vesta without any consensus being reached. Several alternatives are current but
effectively reduce to two [17].
The first proposes that the eucrites are partial melts from a mantle (sometimes

assumed to be CI chondritic although here interpreted as depleted in volatile and
siderophile elements). This requires that following melting, a metallic core formed
that strongly depleted themantle in siderophile elements and themantle crystallized,
forming cumulates. Partial melting of this mantle (possibly induced by heating from
26Al) produced a 10 km thick secondary crust of basalt, at about 4560Myr (the date
from the oldest Pb–Pb ages of the eucrites) within a few Myr of Tzero. Basaltic
volcanism then ceased, but the mantle and lower crust remained hot (>800 °C) for
over 100Myr. This model is in accord with conventional thinking, but requires that
the differentiation of Vesta and subsequent partial melting occurred on very short
timescales, within a few (< 5) million years of Tzero. Derivation by partial melting
from the mantle is supported by the similarities between eucrites and lunar basalts
(next section).
The other suggestion, first proposed by Brian Mason in 1962 [17] is that the

eucrites are melts from an incompletely crystallized magma ocean, formed from the
squeezing out of the eucrite fluid [18]. Major element compositions are expected to
be similar in either model but residual melts would be expected to be more strongly
enriched in incompatible elements, analogous to KREEP on the Moon. But no
consensus has yet been reached.
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Vesta is thus a type example of a differentiated planetesimal. There have been
many claims for bodies thought to be analogues for conditions on the early Earth
and Mars. Thus both Venus and Io are sometimes thought to represent such
scenarios. However, the basaltic crust of Vesta may be a closer analogue for the
earliest crust on Mars or on the Earth than the continuously heated crust of Io, or the
present crust of Venus.

13.3.2 Eucrites and the Moon

The chemical composition of the basaltic eucrites bears a close resemblance to that
of the low-Ti mare basalts from the Moon and this points to a similar evolution,
despite a wide difference in their ages. This resemblance extends to high chromium
abundances and to a similar depletion in siderophile and volatile elements. Thus the
K/U ratios of the eucrites overlap the low values recorded both in the Moon and
the angrite class of meteorites, of which Angra dos Res is the most famous example.
So one asteroid at least underwent a sequence of volatile and siderophile element
depletion that resembles that of the Moon. Such processes producing dry volatile-
element-depleted “igneous” planetesimals (such as the Moon-forming Theia) that
eventually accreted to form the terrestrial planets, may have been common in the
inner nebula.

13.4 The Galilean satellites

The four major satellites of Jupiter are rightly famous for their diversity of crustal
types that range from the volcanoes and mountains of the innermost, Io (the most
volcanically active body in the Solar System), to the icy heavily cratered surface of
the outermost, Callisto [19].
The Galilean satellites display a regular decrease in density outwards from the

planet, with the proportion of water ice relative to rock in the bodies steadily
increasing with distance [20]. The composition of the rock fraction remains
unknown. Although it has been suggested that the composition of Io is best matched
by L or LL chondrites, it seems more likely that the rock fraction composition is
close to CI as discussed above.
The formation and differentiation of the Galilean satellites forms an interesting

contrast to processes in the inner nebula that are dominated by hierarchical accretion
with planetary-scale melting due to large impacts. The regular jovian satellites and
those of the other giant planets, are generally thought to have formed in a nebula disk
around Jupiter and are often referred to as a “miniature solar system”. But like most
facile comparisons, the analogy is not close and their formation did not resemble the
hierarchical accretion of planetesimals, accompanied by impact-induced melting, that
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characterized the formation of the terrestrial planets. Instead, their accretion under
cooler conditions recalls earlier models of planetary formation.
This difference is most dramatically shown by Callisto. It is only partly differ-

entiated and must have accreted at relatively low temperatures without the ice
fraction undergoing melting. Large impacts during accretion are thus unlikely and
many of the large craters (e.g. Valhalla) are most likely due to later cometary
impacts. The current model for the formation of the Galilean, and by inference,
the other giant-planet satellite systems, calls for slow accretion of small (1m) rock
and ice particles in a late “gas-starved” circum-jovian nebula [21]. The temperature
gradient from Jupiter controlled the ice/rock ratios, so that Io accreted rock only.
Differentiation occurs through a combination of heating by later tidal resonances
and long-lived radioactivity.

13.5 The extraordinary crust of Io

Io is differentiated. “Jupiter’s moon, Io is a body replete with amazing geologic
features, such as giant lava flows, high lava fountains, and tall mountains” [22]. The
moment of inertia value is consistent with the presence of an iron core with a radius
about 550 km or with an Fe–FeS core with a radius of about 900 km, that is overlain
by a silicate mantle [23]. No impact craters have been observed and the surface is
less than one million years old. There is substantial relief on Io. On a body about the
size of the Moon, there are calderas 2 km deep and over 100 plateaus and mountains
up to 17 km high. Five terrain types have been recognized. Layered plains, probably
constructed of lava, lava flows of diverse colors and albedos, high mountains and
“diffuse deposits” of material deposited from the volcanic plumes, present us with a
bizarre landscape. No ice is present.

13.5.1 Volcanic activity

The surface of Io, as revealed by several close fly-bys of the Galileo spacecraft, is
exotic. Hundreds of volcanic craters and calderas cover the surface of Io on a body
that is only 1.5% that of the mass of the Earth. Over 60 volcanic centers are active on
timescales from months to years. The giant plumes are probably driven by SO2.
These are up to 150–550 km in diameter and extend to 350 km high. They are long-
lived on timescales of years. However new plumes also appear so that the surface is
continually active.
Two types seem to be present: large “Pele-type” plumes that may reach 350 km

seem to be driven by direct gas emission; the smaller “Prometheus-type” plumes
that reach around 80 km seem to be due to remobilization of surface sulfur.
Although a veneer of sulfur and sulfur compounds coats the surface, these probably
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form only a surficial coating on the lavas although some of the brighter areas may be
lava flows of sulfur. However, the crust is mostly silicate, that alone has sufficient
strength to support the rugged topography. The color of the surface is yellow with
orange tints. Resurfacing rates are high, probably around 1 cm/yr. Even with the
uncertainty of this estimate, several hundred cubic kilometers of lava per year are
likely erupted, that is over an order of magnitude more than lava production on
the Earth, on a body a little larger than the Moon. The heat flow of Io, a property
difficult to calculate, appears to be about 2.2 ± 0.9W/m2, a value that is about
200 times greater than could be supplied by radiogenic heating [24].
Apart from the surficial coating of sulfur, there are three contenders for the silicate

volcanism on Io: basaltic lavas, ultramafic lavas similar to the komatiite lavas of the
Archean on Earth, or some type of refractory residual material from which the alkali
elements, iron and perhaps silicon have been depleted during the > 4Gyr exposure
of Io to the tidal embrace of Jupiter.
The ubiquitous coating of sulfur compounds makes it difficult to observe spectral

features due to silicate. The lava temperatures appear to be between 1100 and
1500K so that the lavas are basaltic or doubtfully ultrabasic [25]. Although ortho-
pyroxene has been reported, suggestive of a high Mg content, the spectra are just as
good a match for the Vesta basalts [26] so that the lavas are most likely basaltic on
the basis of the temperature measurements, fluidity of the lava flows and landforms.
The suggestion that the lavas are some kind of “ceramic” residue is more

easily dismissed. Although the partial vapor pressure of Fe, FeO and other
components may exceed the ambient pressure of Io, it does not seem easy to
lose these elements even from a body the size of Io. Much of the iron is in the
core, for which there is excellent evidence [27]. After 4000Myr of volcanic
activity, the surface of Io remains coated with volatile sulfur, while a cloud of
potassium and sodium ions around Io appears to have been maintained over this
period. So it is not easy to lose elements as volatile as sulfur even from small
bodies, something that must give pause to suggestions of volatile loss by such
processes in the early Solar System [28].
Io orbits within six Jupiter radii of the giant and is subject to heating due to tidal

stresses. The heat source for the widespread volcanic activity is tidal dissipation
caused both by the orbital eccentricity combined with resonances with Europa and
Ganymede. Europa is in a 2/1 resonance with Io while the orbit of Ganymede is in a
2/1 resonance with Europa. The effect of these resonances is to maintain the
eccentricity of the satellite orbits against the tidal torques from Jupiter, that would
circularize them [29].
Paterae are a form of volcanic caldera much larger than elsewhere and unique to

Io. They are common, numbering about 50, are irregular in shape and have
scalloped edges. The diameter of the paterae on Io average 41 km but they range
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to over 200 km in diameter. Often filled with lava flows, they do not contain shields
or other volcanic constructional forms. However the paterae appear to be volcanic in
origin. There is no resemblance to craters or basins produced by impacts nor do the
paterae resemble the lunar maria [22].

13.5.2 Mountains

The mountains on Io are several kilometers high, with the highest reaching an
altitude of 17 km, exceeding the height of Mt. Everest on the Earth. These moun-
tains, however, are not volcanic but like Everest, owe their height to tectonic forces.
No lavas issue from their summits although some are extruded from the bounding
faults. There is a marked global anti-correlation between the distribution of these
mountains and the volcanoes [30]. Their distribution is restricted to lower latitudes
and does not extend to the poles where the heat flow is expected to be about an order
of magnitude lower than at the equator [31] (Fig. 13.3).
No strong tectonic lineations are observed and the mountains mostly appear to be

isolated uplifted and tilted crustal blocks, mimicking the Basin and Range Province
in the western United States [32].

13.5.3 Nature of the crust

The basic question for this work is the nature of the crust. Probably it is between 20
and 30 km thick. Most of the mountains are steep sided and appear to be undergoing
collapse. So we have a picture of a crust of fault blocks undergoing rapid growth and

Fig. 13.3 Fault-block mountains on Io. The mountain just left of center is 4 km
high. Area of view 210 × 110 km. NASA PIA 02520.
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destruction on timescales of less than onemillion years, a figure consistent both with
the observed youth of the surface and theoretical calculations [32].
The internal heat of Io is mostly dissipated by the volcanic conduits. Without this

“heat-piping”, the only crust that could be sustained on Io would be a thin crust, one
or two kilometers thick, of cooled lava. It is the localization of heat loss through the
volcanoes that enables a thicker crust to be built of lava flows and other volcanic
deposits of low conductivity, enabling a cool crust about 20 or 30 km in thickness to
accumulate. Heat loss through this crust by conduction is slow so the crust remains
cool.
The tectonic processes responsible for such a landscape are conjectural, but a

possible mechanism may be related to the rapid resurfacing of the satellite. As
material is piled on top, this has a blanketing effect. Only the base is strongly heated,
while the top continues to be loaded, pushing the colder material downwards. This
continuing burial of older crustal material by the extremely rapid resurfacing rate
leads to sinking with resulting development of compressive stresses, due to the
shrinking radius of the layers. Heating at the base exacerbates these stresses. So
faulting and the rise of tilted fault blocks occurs in this highly unstable situation.
This combination of downward compression and thermal expansion of the lower-
most crust seems adequate to account for this unstable block-faulted landscape and
is consistent with the anti-correlation observed between mountains and volcanoes
on Io [32].
Models for the development of the crust of Io thus envisage continuing burial and

sinking of the crust back into the mantle, so recycling the crust [33]. Indeed
recycling of crustal material is demanded by the rates of volcanic activity that
must involve the entire mantle of Io on brief timescales. But the evidence for the
composition of the lavas, based on temperature, nature of the flows and landforms
suggests that they are basalts. Such compositions are traditionally formed by partial
melting, but such a process should rapidly deplete the mantle of Io in the lower
temperature components. Repeated recycling would result in a granitic crust and an
ultrabasic mantle, something that might be confidently predicted from terrestrial
experience. This has not happened on Io.
A model where the sinking basaltic crust is remelted and remixed to begin the

basaltic cycle all over again seems likely. Although a completely molten mantle
seems unlikely, a semi-molten magma ocean is generally assumed [33]. So the
intuitive expectations from terrestrial experience of granites or refractory residues
are overwhelmed by the enormous heat production on this Moon-sized body.
This is the only example of crust-to-mantle recycling other than on the Earth.

Is this an analogue for conditions in the Hadean or Early Archean on the Earth?
Probably not. Even if, as seems likely, there was an early terrestrial magma ocean
that resulted from accretion of planetesimals, or from the Moon-forming collision,
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the energy source was not maintained. The surface of a terrestrial or lunar magma
ocean, even if stirred by impacts, would be passive compared to the ongoing chaos
on Io as there is no ongoing deep high-energy source provided on Io by the tidal
stresses.

13.6 The thick icy crust of Europa

Europa probably has an Fe or FeS core that is overlain by a silicate mantle covered
by a water ocean somewhere between 80 and 170 km thick with a frozen crust. The
thickness of the water-ice crust probably exceeds 10 km, a figure based on crater
morphology [34]. A crust this thick makes any exchange difficult between the
underlying ocean and the surface.
The relief on the surface of Europa can reach 600m. The satellite is crossed with

fractures and is very lightly cratered, (Fig. 13.4) with only 28 primary craters with
diameter greater than 4 km.
The age of the surface is probably about 60Myr although there are wide varia-

tions in estimates among crater-counters. Tyre, a multiring structure 44 km in
diameter with continuous ejecta extending out to about 100 km, is the largest impact
feature. The crater morphology is distinctive. Craters are much shallower than those
on Ganymede or Callisto, due to the impact of projectiles into a target that is weak at

Fig. 13.4 Chaotic surface at Conamara Chaos on Europa showing tilted and
rotated fault blocks due to recent break-up and movement of pre-existing icy
crust. Area shown is 30 × 50 km. NASA PIA 01403.
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depth (an icy crust overlying an ocean). However, the impacts appear to have been
into a solid icy crust, rather than into a thin icy shell [35].
Because the surface of Europa is so young, with a sparse population of large

craters, this has revealed a disturbing fact. Most (95%) of the 17 000 small craters on
the surface are secondaries from the few large primary craters. This brings into
serious question the use of small craters to date planetary surfaces and is partly
responsible for the variety of ages in the literature for this and other surfaces [36].
The orbit of Europa is in a 2/1 resonance with Io, a fact that keeps Europa in an

eccentric orbit. Tidal heating from this participation in tidal resonances has supplied
sufficient energy to keep the ocean liquid beneath the icy crust. Resurfacing of
the crust must also occur due to tidal stresses. Moderate tidal heating not only keeps
the ocean liquid, but probably causes melting at the base of the icy crust, inducing
resurfacing and local faulting [37]. Possibly there are submarine hot springs on
the ocean floor. This has led to the further speculation that thermophilic bacteria
might live there, but the thick water-ice crust presents some serious difficulties in
investigating this at the present time.

13.7 Two crusts on Ganymede

Ganymede has an Fe or FeS core about 820–900 km thick and the satellite has a
strong magnetic field. The core is covered by a silicate mantle that in turn is overlain
by a water-ice shell 890–920 km thick (about 50% of total mass) [38]. This shell
possibly contains an ocean overlain by an icy crust, that is about 170 km thick.
Although its neighbor, Callisto, is similar in composition to Ganymede, the surface
terrains of these two bodies show striking differences that have always excited
interest.
In contrast to the young smooth surface of Europa and the ancient heavily

cratered surface of Callisto, the surface of Ganymede is divided into two distinct
regions that indicate two distinct periods of crustal formation (Fig. 13.5). There is
a dark heavily cratered older (perhaps 3.7–4.0Gyr) terrain, that covers about 34%
of the surface. This is rifted and intruded by a lower albedo, grooved terrain,
covering 66% of the surface. This younger terrain is perhaps as old as 3.1–3.7Gyr
but possibly as young as 1Gyr. This brighter terrain is strongly affected, on scales
down to tens of meters, by tectonic forces that have destroyed crater rims. The
resurfacing is so widespread that both tidal and convective forces must be involved.
The older crust is thought to be a relic from an earlier differentiation of Ganymede

but when this occurred is problematical as the evidence from Callisto suggests cool
accretion. The second younger period of planetary activity (differentiation?) was
caused by the satellite passing through orbital resonances with Io and Europa [39]
possibly assisted by radiogenic heating from the long-lived isotopes in the rocky
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fraction. Extensional tectonics seem to have played a major role on Ganymede and
the satellite may have expanded in diameter by up to 1%. Melting of high-pressure
phases of ice deep in the mantle that expanded as the liquid crystallized in the lower-
pressure surface regions may be one cause. The older crust appears to have been
split with the intrusion of the lighter younger crust so that the satellite has been
partly resurfaced.
The absence of flow fronts and other signs of “ice” volcanism has led to models

in which fracturing and extension of an older crust revealed the underlying bright
terrain, resulting in a sort of tectonic resurfacing. However the low-lying smooth
terrains appear to be of uniform altitude, suggesting that an equipotential surface has
been flooded.
Tectonic extension is of course responsible for the initial production of the grabens.

The younger bright smooth terrains are 100–1000m lower than the older terrains and
appear to have formed by flooding of the shallow troughs. This model suggests that
the grabens were flooded with low-viscosity water-ice “lavas” that accounts for the
absence of volcanic features such as flow fronts [40]. In broader terms of crustal
formation, this process is reminiscent of the flooding of the low-lying impact basins
on the Moon with the low-viscosity iron-rich lunar basaltic lavas.

13.8 Callisto, an ancient crust

Themoment of inertia value suggests that Callisto has a partly differentiated internal
structure possibly with a rocky core, surrounded by a mixed rock–ice mantle and an
icy outlying shell possibly up to 350 km thick [41]. The satellite is incompletely

Fig. 13.5 The contrast between the dark and light terrains on Ganymede. The
ancient dark terrain on the left is Nicholson Regio. The young bright terrain on the
right is Harpagia Sulcus. Area shown is 97 × 213 km. NASA PIA 02577.
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differentiated with a 20–40% separation of ice from rock, consistent with a
relatively cool accretion and a slow differentiation. Callisto has a heavily cratered,
ancient low-albedo surface without large-scale tectonic features and forms a great
contrast to the other Galilean satellites, particularly to its neighbor, Ganymede, but
“the geology of Callisto … upon close examination reveals unexpected charm”

[42].
Unlike the other Galilean satellites, Callisto has not subsequently undergone

significant heating from tidal stresses due to participation in orbital resonances;
such differentiation that has occurred is likely due to heating from long-lived
radiogenic isotopes in the rock component. There is no sign of any resurfacing
due to cryovolcanism.
However this somewhat ignored satellite has produced the usual set of sur-

prises. At a scale of a few kilometers, a heavily cratered landscape presents itself
but at a resolution of tens of meters, a bizarre landscape appears (Fig. 13.6). Major
erosion of the cratered landscape has produced a field of isolated knobs, with
intervening regions of debris removed from the crater walls. These resemble
terrestrial rock glaciers or dry rock avalanches, possibly caused by sublimation
as the surface is too cold for ice to deform plastically [43]. Whatever the process,
massive mass wasting of the cratered landscape with lateral spreading of debris
has occurred on a scale not seen on the other Galilean satellites [41]. Although
degraded craters are common elsewhere, they mostly result from the impacts of
smaller projectiles.

13.9 Sand dunes on Titan

The nature of the surface of Titan [44], that is the largest satellite of Saturn, has
been much resolved by the Cassini mission and the successful landing of the
Huygens probe [45]. The landing site was flat, solid and composed of water ice,
dampened with methane. At first glance the surface resembled a basaltic martian
plain. But the pebbles were centimeter-size water ice, eroded by methane floods
[46]. The pebbles were coated with organic “goo” while the surface was mushy,
like wet sand (probably ice grains wetted with methane) or a mix of fine-grained
ice, methane and various phytochemical compounds resulting in a wet tar and clay
mix [47].
The overall view of the landscape revealed a strangely familiar scene, that accord-

ing to one observer, was like viewing England from a balloon [48]. Elevated rough
areas have been dissected by stream valleys, with dark floors resulting from washed-
in organic material. Dark low-lying regions on which the Huygens probe landed
are also solid. River-like channels, 50–100m deep, are cut into the brighter areas,
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apparently eroded by rains of methane, perhaps under “monsoonal” conditions or by
flash floods (Fig. 13.7).
So in the distant reaches of the Solar System, Titan is aping both Earth processes

and landscapes, surely an argument for inclusion in this book.
Radar observations from Cassini have shed more light. Icy “lava flows” appear as

well as icy “volcanic” calderas and an extensive lava dome, Ganesha Macula that is
180 km wide and has young channels and flow features.

Fig. 13.6 (Top) Heavily cratered terrain on Callisto, antipodal to the Valhalla
impact basin. Resolution is 330m. NASA PIA 2593. (Bottom) Degraded terrain
on Callisto south of the Asgard impact basin. The original cratered surface has been
eroded or ablated to form isolated knobs, about 60–100 meters high. NASA PIA
03455.
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Small lakes (1–30 km in size) where organic compounds have pooled are
observed and may form reservoirs for the methane present in the atmosphere. The
gas needs to be renewed continually as it is destroyed by solar ultraviolet radiation.
Titan thus appears to possess a meteorology dominated by a gas–liquid–solid cycle
of methane in contrast to the water cycle on the Earth.
However, the surface may be mostly dry. Linear dune systems, similar to large-

scale linear dune systems on Earth (e.g. the Namibia Sand Sea and Kalahari Desert
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Fig. 13.7 The surface of Titan with named features, showing the contrast between
the higher eroded regions and the darker low-lying regions. The origin of the
names, mostly from mythology, can be found in Owen, T. C. et al. (2006) Titan:
Nomenclature system and the very first names for one more world. LPSC
XXXVII, Abst. 1082. NASA PIA 07753.
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in Africa and the Great Sandy Desert in Australia) have been observed in the
equatorial regions of Titan. These, observed with a resolution of 300m, are east–
west oriented, with a spacing of one or two kilometers and lengths of tens of
kilometers. Their presence implies processes to produce sand-sized particles, a
lack of surface fluids and wind velocities of 0.5m/s. These vast dune fields of
dark, organic particles may indeed form a more permanent reservoir than the lakes
for the organic compounds in the atmosphere [49].
Although the dense Titan atmosphere will prevent the formation of small

craters, a very few large impact craters in the expected 20–100 km range have
been identified. Both the 450 km basin (Menrva) and an 80 km crater (Sinlap)
discovered so far have been subjected to infilling. The paucity of impact craters
means that the surface is very young and must be being resurfaced probably as
the result of cryovolcanism [50]. The large size of Titan and the high rock content
may provide enough internally generated radiogenic heat to promote water–
ammonia-ice volcanic activity.

13.10 Nitrogen ice on Triton

Triton, the single large satellite of Neptune, is differentiated with a metallic core,
600 km in radius, surrounded by a silicate mantle 350 km thick and is coated with a
water-ice shell 400 km thick [51]. The surface is coated with nitrogen ice that gives
it a blue color, along with H2O, CO2, CO, CH4 and C2H6 ices [52]. This appearance
of nitrogen ice both on Triton and Pluto contrasts with the surfaces of the other icy
satellites, closer to the Sun, that are dominated by water ice. As the seasons change
and the subsolar point moves, nitrogen ice sublimes and migrates. Geyser-like
plumes that resemble terrestrial geysers, are in active eruption. Plume heights
reach 8 km before encountering an inversion layer.
There is surface relief of about 1 km. Surface features that resemble lava flows,

presumably composed of water ice–ammonia mixtures, are common and bear some
resemblance to volcanic terrains on the Earth. The so-called “cantaloupe” terrain is
probably the result of diapirism. Other regions resemble calderas [53]. Early heavily
cratered terrains are absent. Impact craters are uncommon (the largest is Mazomba,
27 km in diameter). Thus the surface seems comparatively young (a few hundred
Myr) [54]. Any early crustal history was probably destroyed by heating during the
capture of Triton by Neptune [55]. Following this event, Triton probably remained
hot enough for several hundredMyr to erase the early cratering record, so accounting
for its youthful appearance (Fig. 13.8).
Some spectroscopic data exist for Pluto and Charon [56], but otherwise little is

known about the crusts of bodies in the Edgeworth–Kuiper Belt that is the source of
short-period comets and the Centaurs. The total population of TNOs is perhaps
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50 000. Many appear to have satellites and at least one, Eris, 3100 km in diameter, is
larger than Pluto [57]. However, the total mass in the Edgeworth–Kuiper Belt is
probably only about four Pluto-masses or about 0.01 Earth-masses, contrary to
earlier estimates that much larger masses were present [58].

Synopsis

Amajor problem in studying the remote crusts of the minor bodies is observational.
The use of remote-sensing techniques, particularly the interpretation of reflectance
spectra, has been enhanced by the understanding of “space weathering” that is

Fig. 13.8 A computer image of the surface of Triton with Neptune in the
background, showing a depression flooded by cryovolcanism. The origin of this
“walled plain” is enigmatic, resembling neither a caldera nor a flooded impact
basin. The surface relief, exaggerated here, is about 1 km and the field of view is
about 500 km wide. NASA PIA 00344.
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mainly due to the vapor deposition of “nanophase iron” during exposure of the
surfaces to solar flares and micrometeorites.
Because we have samples, 4 Vesta provides us with the best-studied example

among the asteroids of crustal development, that occurred within a few Myr of
Tzero. It is a typical inner nebular body, forming from volatile depleted rock that
melted and differentiated into a core and mantle, forming a basaltic crust shortly
thereafter. The crustal basalts (eucrites) greatly resemble low-Ti lunar basalts but
whether they are partial melts or residual fluids remains contentious.
In great contrast, the satellites of the giant planets and Trans-Neptunian Objects

(TNOs) provide different examples of the diversity of crustal development and
some interesting contrasts with the inner Solar System. Satellite formation around
the giant planets occurred in a cooler planetary nebular environment than the
energetic hierarchical accretion of the inner planets. In detail, the satellites display
an astonishing variety of crusts, from the turbulent block-faulted and recycled
crust of Io to the inert cratered crust of Callisto. In between, Europa has an icy
crust overlying an ocean, while Ganymede exhibits two generations of crustal
development.
Despite their cool accretion from meter-size particles, which recalls older models

of planetary formation, the Galilean satellites have differentiated due to heating
from tidal resonances and from the radioactive elements in their rocky component,
that is probably of CI composition. Heating from tidal resonances provides the
continuing energy source, accounting for the youthful crusts of Io and Europa.
Titan, like Ganymede larger than Mercury, exhibits another variant, with a

youthful icy crust eroded into a terrestrial look-alike by methane monsoons.
Triton, a first cousin of Pluto, provides an example of the operation of stochastic
processes, being melted during capture and by possible radioactive heating and
so presents another youthful surface. Like the Messenger mission to Mercury, the
arrival of the NASA Pluto–Kuiper Belt mission is eagerly awaited.
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14

Reflections: the elusive patterns of planetary crusts

It is difficult to make predictions, especially about the future
(folklore) [1]

14.1 Too many variables

On commencing this study, we were hopeful of reaching some general conclusions
about the origin and evolution of crusts, at least on the terrestrial planets. However a
survey of the previous chapters reveals little that might assist one in predicting any
of the details of crustal development. Crusts of many types are present but they are
characterized by differences rather than similarities; there are more variables than
there are planets. As with most aspects of planetology, reaching general conclusions
or deriving some widely applicable principles remains elusive. Rather than the
terrestrial planetary crusts representing points on a continuum of evolutionary
style, crustal evolution is governed largely by stochastic processes that also influ-
enced the origin and evolution of the planets themselves. So there are too many
variables and too few outcomes to allow for any kind of statistical treatment, just as
the accretion of the terrestrial planets, as we have seen in Chapter 1, is essentially a
stochastic process, with outcomes impossible to predict.
Although it is possible to classify crusts on the terrestrial planets into “primary”,

“secondary” and “tertiary” (Section 1.5), this does not imply any logical or inevit-
able sequence of development. Thus both the primary anorthositic crust of theMoon
and the tertiary continental crust of the Earth are unique (Fig. 14.1). So like many
classifications, distinguishing the different types of crusts provides convenient
pigeonholes but has little predictive power [2].
What factors indeed influence crustal origin, composition and development?

Important variables appear to include planetary accretion, size, mass, composition,
volatile-element depletion, early thermal history, oxidation state, water or ice content
and, importantly, heat either from accretion or from short- or long-lived radioactivity.
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Impact history is clearly important. Even if the Moon [3] is a special case, it
provides the evidence from its pock-marked face of the validity of the planetesimal
hypothesis (the accretion of the terrestrial planets from a multitude of smaller rocky
bodies). Giant impacts may affect planetary and mantle compositions, sometimes
dramatically as in the case of Mercury and may lead to the formation of a magma
ocean, that seems to be a requirement for the production of a primary crust.
Differentiation of a molten mantle resulting from impacts will affect the subsequent
evolution and composition of secondary crusts. These comments about impact
heating apply within the inner Solar System. The formation of the Galilean satellites
occurred apparently from smaller particles in the circum-jovian nebula so that
accretionary heating from major impacts did not occur.
Is planetary mass important? Here comparisons between the Earth and Moon

are interesting, the Earth being 81 times more massive. Both were melted, particu-
larly during the Moon-forming collision. However, the Moon formed a thick crust
of anorthosite permeated by KREEP shortly following accretion, while the Earth
developed a continental crust enriched in incompatible elements only very slowly
and episodically. Smaller planets such as Mercury, Mars (and the Moon) cooled
more rapidly so that crustal evolution ceased sooner; partial melting in the mantle
shut down or, in the case of Mars dramatically diminished, thus inhibiting the
development of secondary crusts. Even trivial differences in size may be crucial.
The basalt to eclogite transition occurs at a depth of 65 km on Venus, probably too
deep to initiate subduction and so allow for crustal recycling.
Is planetary composition important? Earth and Venus are nearly the same size and

composition, but crustal development has proceeded very differently. Venus in con-
trast to the Earth, is a one-plate planet and appears to have undergone planetary-wide
resurfacing with basalt perhaps every billion years or so. Here the difference seems

Primary
crust

Secondary
crust

Tertiary
crust

Plate
Tectonics

Mercury X ? − −

Venus − X − −

Earth − X X X

Moon X X − −

Mars X X − −

Fig. 14.1 The diversity of types of crust on the terrestrial planets and the Moon.
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to lie in minor variations in the water content, recalling the aphorism “no water, no
granites, no oceans, no continents” [4]. Our assessment is that Venus accreted little
water to begin with. However, whatever that history has been, the 500 ppm water
content of the Earth, although trivial in comparison to the initial water content of the
solar nebula, was sufficient to enable recycling and remelting of the oceanic crust,
allow an asthenosphere to form and eventually to initiate the development of plate
tectonics. As the study of Venus and the Earth shows, similarity does not constitute
identity, a truism to philosophers now becoming obvious to students of planets.
Does the presence of a core or the amount of metal make a difference? Mercury

and the Moon represent extremes. Mercury has a huge metallic core but the Moon
has only a tiny one at best. Although major impacts are the cause of both these
outcomes, it appears that the amount of metal, as perhaps might be expected, has little
effect on crustal development from silicate mantles, so that both crusts may indeed
be similar.
Is heliocentric distance important? This is a frequent trap for modelers. The high

density of Mercury is particularly seductive. It is not due to proximity to the Sun, as
is often imagined, but is the accidental outcome of an impact. The Moon has a low
density for a similar reason. But Mercury and the Moon, far apart, may have similar
crusts. No trends appear for the rocky planets. Mars is less dense and contains
more volatile elements than either the Earth or Venus but both Venus andMars have
less water than the Earth. All seem due to the operation of random accretionary
events. The Galilean satellites show that the amount of ice depends on distance from
Jupiter but this trend is not repeated among the satellites of the other giant planets.
Moreover Ganymede and Callisto are close in density and hence ice/rock ratio.
However they have experienced a very different crustal evolution due to differences
in their orbital history.
The effect of heliocentric distance is shown most dramatically by the behavior of

“lavas” extruded at the surface of bodies in the Solar System even if such effects are
complicated by secondary factors. On Venus, silicate lavas flow like water, but on
the icy satellites of the outer planets, water ice produces landforms that mimic those
formed by silicate lavas on Earth. Even in this example, the surface temperature of
Venus is a consequence of a greenhouse effect that is specific to the planet; without
the atmosphere the surface temperature would be about 11 oC [5].
The development of secondary crusts also reflects both planetary origin and

evolution in significant ways (Fig. 14.2). Thus the basalts that form the lunar
maria were derived from an interior from which the primary feldspathic highland
crust was extracted, leaving behind the tell-tale signature of europium depletion.
Martian basalts were also derived from depleted mantle sources, from which an
LIL-enriched (e.g. with Th) primary crust was extracted very early, certainly
before 3.5 Gyr. The mid-ocean ridge basalts (MORB) that dominate the oceanic

354 14 Reflections



crust on the Earth reflect instead the long-term extraction of the tertiary conti-
nental crust.
Growth rates of crusts likewise show different patterns in each planet. The Moon

and Mercury (and possibly Mars) formed primary crusts. The early (pre-750Myr)
history of Venus is concealed as is that of the pre-200Myr oceanic crust of the Earth,
while the continental crust of our planet grew episodically (Fig. 14.3). The amount
of crustal differentiation likewise varies among the planets. These differences are
readily shown by their widely varying stratigraphic sequences.
This survey of the better documented smaller bodies of the Solar System reveals

the same information as that derived from the study of the terrestrial planets. A
diverse array of crusts presents itself, mostly unique to the particular body while the
asteroid Vesta provides a sobering example of just how early such differentiation of

Terrestrial
MORB (0.0 Gyr)

Martian basaltic
shergottite (0.4 Gyr)

Lunar mare
basalt (3.8 Gyr)
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Fig. 14.2 Rare earth element patterns of secondary crusts from the previously
depleted mantles of the Earth, Moon and Mars. The lunar mare basalts were
derived from a mantle from which a primary crust of anorthosite was extracted.
The pattern for terrestrial MORB reflects the long-term derivation of the tertiary
continental crust. That for the martian basalts again reflects the extraction of a
LIL-enriched primary crust prior to 3.5Gyr.
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bodies can occur. The Galilean satellites provide a different example of accretion
in a gas-starved circum-Jupiter disk under relatively cooler conditions.
Heat production remains as the ultimate cause. Primary crusts form due to

planetary-wide melting from accretional heating. The development of secondary
crusts on the inner terrestrial planets depends on internal heat production, so that partial
melting of the complex mineralogy of their silicate mantles produces the various
species of basalt. Basalts appear because iron, magnesium and calcium are abundant
elements: lavas with cerium or cesium as major constituents are not expected, here
or elsewhere. Smaller bodies go through this process more quickly than larger bodies.
However, stochastic factors, such as the amount of water, dominate any further

development and greatly influence convection styles, whether stagnant crustal
lids persist or whether recycling and plate tectonics or tertiary crusts develop. The
secular cooling of the Earth is the cause of the changes in crustal growth from the
Early Archean to the emergence of plate tectonics in the Late Archean and for
the shift in igneous compositions at the Archean–Proterozoic transition responsible
for crustal growth.
Although heat, either due to accretion, built up from radioactive decay or from

orbital resonances, is ultimately responsible, each planet, asteroid or satellite shows
some peculiarities in the developments of its crusts. Our continental crust–oceanic
crust dichotomy, temporal changes in composition and evolution and the history of
the growth of the continental crust are largely the consequences of evolving plate-
tectonic processes. Despite a persistent myth in the geological sciences of a primor-
dial world-encircling crust of granite, the continental crust has in fact grown
episodically throughout geological time, linked to the cooling of the Earth.
However, producing terrestrial continents is an inefficient process. It has taken

the Earth over 4000Myr to transform less than 0.5% of its volume into continental
crust. Within this crust of overall andesitic composition, an upper granitic crust,
totalling 0.2% of Earth volume has formed by intra-crustal melting, mostly during
the past 3000Myr. The Moon, in contrast, produced a primary crust of calcium-rich
feldspar, that constitutes nearly 9% of lunar volume, within a few million years.
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Fig. 14.3 Differing rates of crustal growth for Venus, Mars and the Earth.
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The continental crust of the Earth appears to be unique in the Solar System. In
contrast to the other terrestrial planets, the significant parameter in the Earth is
the occurrence of liquid water. Dry Mars and Venus produced differing varieties of
basalt, but the presence of water, even at a minuscule cosmochemical abundance of
only a few hundred ppm on the Earth, led to the formation of the continental crust.
Water is the ultimate driver for plate tectonics, the establishment of an astheno-
sphere and subduction that enables the basaltic oceanic crust to be recycled through
the mantle. The absence of subduction in the other rocky planets enables the barren
basaltic plains to persist while the crusts of the smaller bodies are startlingly diverse.
So the one general conclusion that can be drawn in our planetary system is that the

rocky planets commonly generate secondary basaltic crusts of diverse types due to
partial melting in the mantles that are dominated by iron–magnesium silicates. The
processes involved in the formation and evolution of these crusts are governed by
the laws of geochemistry and the abundances of the elements. These are just as
relevant on Venus or Vesta as on the Earth. But further generalizations have eluded
us and crustal development, like the origin of the planets themselves, is driven by
stochastic processes. So it should come as no surprise that their subsequent evolu-
tion, including the development of crusts, likewise follows differing paths on differ-
ent planets. An analogy can be drawn with biology.While evolution acts as a guiding
principle, it has no predictive power so that outcomes, such as ants or elephants, arise
from stochastic processes involving the interplay of the environment with genetics
and biochemistry.
Thus judging from the one example of a planetary system available for our

close inspection, one can conclude that the development of plate tectonics and the
formation of continents suitable for advanced species to live on, are indeed rare.

14.1.1 Sampling

In attempting to understand crustal development and derive crustal compositions,
a major problem is that of sampling. Geochemists have often been pre-occupied
with analytical problems in their endeavors to obtain increasingly precise data from
samples rather than the more mundane problem of their geological relevance.
Isotopic analyses of individual minerals are often difficult to place in a broader
perspective. Planetary crusts are so huge and complex so that their investigation
often recalls the parable of the blind men and the elephant. However, nature some-
times provides shortcuts. Thus we have a good understanding of our accessible
upper continental crust because we have an efficient sampling of it through the
erosion and deposition of sedimentary rocks, or less successfully from the herculean
efforts of systematic sample collection. The lack of such adequate sampling means
that the composition of the lower crust, the mantle and of the Earth itself, remain
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model-dependent. Because crusts concentrate the incompatible elements, some-
times to extreme levels, as in the continental crust of the Earth or in the lunar
highland crust, there is a tendency to overestimate their abundances in composi-
tional tables (e.g. Fig. 12.6).
When direct access to samples that can be studied in terrestrial laboratories is not

available, further difficulties arise in the interpretation of the data. These problems,
that were once so acute for theMoon, are now encountered withMercury, Venus, the
asteroids, the satellites of the giant planets and the objects in the Edgeworth–Kuiper
Belt. Even the data from increasingly sophisticated spacecraft may be difficult to
interpret, as with the Lunar surveyors, the Mars Viking and Pathfinder landers and
MER rovers on Mars or the NEAR Shoemaker mission to Eros. Instruments
designed for remote measurement are inevitably constrained in responding to
unanticipated results.
Another problem is that of extrapolation from a limited number of samples such

as occurs in our understanding of the lunar crust. Although the interpretation of the
basaltic samples returned from the maria is relatively straightforward, the highland
samples are complex breccias resulting frommultiple impacts. Individual rock units
of widely varying significance may be represented by less than gram-size pieces.
Only the correlation of remote measurements from spacecraft with the ground truth
from the returned lunar samples has enabled a general picture to emerge. The
scattered outcrops of Archean rocks on the Earth form a final example. Mostly
heavily deformed and altered through billions of years of geological processes, they
have frustrated generations of geologists attempting to construct some overview of
that remote epoch. Here we regard the averaging provided by sedimentary rocks as a
key to understanding the overall crustal composition of the Archean crust as well as
those of later times.

14.2 Earth-like planets elsewhere?

There is a surprisingly common perception that Earth-like planets will be found
in extra-solar planetary systems although exactly what is meant by “Earth-like”,
“Earth-type”, “Earth-mass”, “terrestrial” or “rocky” planets is rarely made clear.
Although the Earth is a unique planet in our system, the notion that the Earth
represents a norm from which others differ to varying degrees, seems deeply
entrenched. As George Basalla has remarked, “we are good at looking for things
like ourselves” [6]. An interesting example occurs in a discussion of the possibility
of the occurrence of “Earth-like” planets around 47 Ursa Majoris, a star that has
two gas giant planets orbiting at 2.1 and 3.7 AU. The authors state that “we assume
an Earth-like planet with plate tectonics, a crucial ingredient for our models” and
they concluded by predicting the existence of such a body [7]. This indeed seems
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to be building the answer into the question and so make their calculations self-
fulfilling. Another theoretical study is able to form Earth-mass planets in the
habitable zone, despite the prior migration of giant planets through the inner nebula.
Again the assumptions involved render their conclusions speculative rather than
testable [8].
So how likely is the appearance of a clone of the Earth? Indeed no general

principles that might be applicable to extra-solar Earth-like planets and the question
of their habitability appear from our investigation. The tale told of crustal develop-
ment in our system reiterates that obtained from a study of the formation of our
planets: random processes dominate.
Stars differ mostly in mass and form dominantly from hydrogen and helium with

a dash (from zero to a few percent) of “metals” (ices plus rock). But planets may
form from any combination of gases, ices and rock. Even within this system of three
components, there are complexities. The respective abundances of the ices (water,
methane and ammonia are the most common) may vary, while the rock component
may be that of the nebula or variously changed by processes, such as the loss of the
more volatile elements, within the nebula [9]. Information from our own system
reveals the obvious requirements for the formation of planets of metals, orbits of
low eccentricity and the avoidance of giant planet migration into the inner nebula.
The latter processes might have cannibalized the terrestrial planets, although per-
haps others might form subsequently [8].
Collisional events may change the metal-to-silicate ratios and perhaps cause

further fractionation of volatile components. The process that formed the Moon
was probably responsible both for the obliquity of our planet and for its 24 hour
rotation period, both properties affecting biological evolution. As Jacques Lascar
and co-workers have noted, without the presence of the Moon, the obliquity of the
Earth would be “chaotic with large variations reaching more than 50° in a few
million years and even, in the long term, more than 85° in the absence of the Moon”
and so “our satellite is a climate regulator for the Earth” [10].
Another effect of the giant Moon-forming collision was to remove any primitive

atmosphere from the Earth. Then the presence of the Moon raises substantial tides
in the Earth’s oceans that also stimulate biological activity. So among questions
without current answers, perhaps it is the presence of the Moon resulting from a
random event, that is partly responsible for the habitability of this planet. The Moon
is unique within the Solar System and the particular parameters of the Moon-
forming collision make its duplication elsewhere improbable.
However, making these planets in our system is not just a matter of accumulating

the rocky fraction from the primordial nebula. The inner nebula from which the
rocky planets formed was also depleted in elements whose sole common property is
volatility (Chapter 1). Ironically, this depletion, that occurred in the habitable zone
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around the Sun, included a large fraction of the biologically important elements,
such as carbon, nitrogen, phosphorus and potassium. Of course, any consideration
of extra-terrestrial biologymust remain open to the possibility that life elsewhere need
not conform to an “Earth-like template” but the Earth provides our only empirical
example for such discussion [11].
The inner nebula was also bone dry, as shown by the anhydrous nature of the

primary minerals of meteorites (olivine, pyroxene and plagioclase) so that the splash
of water for our oceans had to come in randomly from the neighborhood of Jupiter.
The operation of stochastic processes in building the terrestrial planets from differ-
entiated planetesimals has also resulted in differences from the primordial abun-
dances in the Solar System in planetary compositions even for the major elements
(e.g. magnesium and aluminium relative to silicon in the Earth).
However, when nature got around to building two similar planets, it finished up

with the Earth and Venus. These twins, unlike the earlier-formed Mars and Mercury,
are close in mass, density, bulk composition and in the abundances of the heat-
producing elements (potassium, uranium and thorium), but the geological histories
of these “twin” planets have beenwildly different aswe have seen andVenus provides
no haven for life.
Indeed a sober contemplation of our own Solar System, the only example

available for close study, reveals just how difficult it is to make planets that resemble
our own [12]. None of our planets nor their 160-odd satellites resemble one another
except in the broadest outlines [13]. “Making planets is an inherently messy
business. A growing planetary system resembles an overly energetic infant learning
to eat cereal with a spoon. Some is consumed, but much of it ends up on the floor,
walls and ceiling” as Steven Soter has remarked [14]. There is no sign of design,
intelligent or otherwise. Planetary-forming processes in our system seem to be
essentially accidental and the repetition of the particular sequence of events in
another system seems as unlikely as multiple wins in a lottery. Uniqueness, it
appears, is the common property of planets.
The results of all these factors are beginning to appear among the newly dis-

covered planetary systems [15]. Our own eight vary from gas dominated (Jupiter),
through ice and rock mixes (Uranus and Neptune) to rock and metal mixes among
the terrestrial planets. Metal may dominate, as in Mercury, or rock if we include the
Moon. But even the composition of the rock component may differ, not only from
that of the original nebula, but also between the Moon, Earth and Mars, that are
successively richer in volatile elements. The other 160 assorted satellites likewise
fail to supply us with clones. None of this diversity encourages us to derive general
principles for forming crusts. In summary, “the difficulty of producing clones of our
present solar system makes (its) duplication as unlikely as finding an elephant on
Mars” [16].
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14.3 Planetary evolution and plate tectonics

To these problems of building planets are added those associated with their sub-
sequent evolution, including the development of diverse crusts. In our study we find
confirmation that the subsequent evolution of planets, most readily displayed by the
development of crusts, likewise follows stochastic paths, often driven in different
directions through minor differences in composition or mass. Amongst other differ-
ences, Venus and for that matter no other body in our system except the Earth,
display any evidence of the operation of plate tectonics. It is a common error to
suppose that rocky planets will inevitably develop plate tectonics [7]. But the
existence of such a tectonic process depends on fine-tuning. Several requirements
need to be met such as the formation of a weak asthenosphere, due to the presence of
hydrous silicate melts below 100 km or so in the mantle, on which the plates can
slide. This in turn depends on the abundance of water in the mantle (a few hundred
ppm) coupled with a solubility minimum of water in aluminous orthopyroxene
at below 100 km that allows hydrous melts to develop [17]. In the absence of such
fine details (a mantle with aluminous orthopyroxene) the Earth might have devel-
oped a “stagnant lid” regime with a single plate.
However, apart from water, bulk planetary composition also influences mantle

mineralogy and so the possibility of the development of an asthenosphere. Planetary
size decides mantle pressures that constrain the conversion of crustal compositions
to denser phases, as in the terrestrial basalt–eclogite transition that provides the slab-
pull that drives our plate-tectonic system. Variations in planetary size, mineral
composition or water content might inhibit or prevent the development of the
whole process.
A combination of these factors results in plate tectonics, that is unique to the Earth

in our Solar System. This process has the useful property both of building continents
and of forming ore deposits useful for advanced civilizations and so enabling this
discussion to take place. Indeed habitable planets that develop technical civiliza-
tions need a variety of exotic elements such as Ag, Au, Cu, Mo, Pb, REE, Sn, Wand
Zn. The concentration of these elements into ore deposits here is accomplished
mostly by the operation of plate tectonics and the evolution of continents [18].
One such process for recycling and for concentrating rare elements on the Earth is

hydrothermal activity beneath volcanoes, that occurs mostly in the vicinity of
subduction zones. However, even this does not guarantee the formation of ore
deposits. As any economic geologist will testify, it is only rarely that geological
parameters conspire to precipitate the metal-rich fluids in sufficient quantity to form
ore deposits suitable for mining. However, the long continuation of these accidental
processes for over 3Gyr has developed a continental crust rich in mineral deposits
that have enabled the development of our complex technology [19].
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This is in stark contrast to the basaltic crusts of Venus and Mars. A civilization
developed on such planets might well have some difficulty in discovering the
periodic table of the chemical elements. So the evolution of the continental crust
through the operation of plate tectonics must be added to the many other parameters
that have resulted in forming this habitable planet.
The problem of forming planets and crusts elsewhere would seem to depend on

the repetition in detail of the essentially accidental processes of planetary accretion
and subsequent geological evolution that have characterized the formation of planets
in our Solar System. As it is very difficult here to form a clone of the Earth, it would
not seem easy to make Earth-like habitable planets elsewhere. One must recall the
difference between necessary and sufficient conditions for the emergence of life.
Much more is needed than metals, orbits of low eccentricity within the habitable
zone, water and even plate tectonics. None of the results from our study of the Solar
System offer grounds for supposing that clones of the Earth exist elsewhere. Such
accidental outcomes make questions of purpose or design irrelevant. When the
biological and paleontological evidence of evolution is added to the evidence from
the physical evolution of the Solar System that we have discussed here, the odds
against finding examples of intelligent life forms on Earth-like planets elsewhere
appear insuperable.
The concept that Earth-like planets (sensu stricto) are rare is not a conclusion that

one might wish for, but like much in science, this is what can be read from the
observations. Or, as Hervré Fayé, writing in 1885, put it more elegantly “Nature has
had to form a great number of worlds for that one habitable milieu to be produced…
by a fortunate concourse of favorable circumstances” [20].
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